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Thèse dirigée par Slimane Bekki1 et Erwan Martin2
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Resumé
Les émissions volcaniques sont une source importante de polluants atmosphériques,
notamment le soufre. Le soufre volcanique est oxydé et forme des aérosols sulfatés
secondaires qui diffusent le rayonnement solaire incident, influençant significativement
le climat, comme l’illustre le refroidissement global de la surface observé après de
très grandes éruptions volcaniques. Les émissions de soufre volcanique dans la
troposphère ne peuvent influencer le climat qu’ à une échelle limitée, principalement
à l’échelle locale et régionale. Néanmoins, les sulfates volcaniques troposphériques
sont importants pour les dépôts acides et ont des effets néfastes sur la santé humaine.
De grandes incertitudes subsistent en ce qui concerne le cycle troposphérique du
soufre volcanique, en particulier son oxydation et sa conversion en aérosols sulfatés
dans les panaches volcaniques. De plus, des observations récentes montrent que les
panaches volcaniques peuvent aussi contenir de grandes quantités d’halogènes réactifs
qui détruisent l’ozone et affectent le budget des oxydants atmosphériques. Jusqu’à
présent, le rôle des halogènes volcaniques dans la chimie du panache volcanique (y
compris l’oxydation du soufre) a tendance à être ignoré.

Le but de ce travail est d’étudier l’oxydation du soufre dans une large gamme
de panaches volcaniques et l’influence des halogènes volcaniques sur la chimie du
panache. Parallèlement, il explore également la manière dont la composition isotopique
en oxygène du sulfate volcanique, à savoir l’excès de 17O (∆17O), peut servir de
traceurs des processus d’oxydation et les contraintes qu’elle peut fournir sur les voies
d’oxydation du soufre. Contrairement à la plupart des sulfates troposphériques, les
sulfates recueillis sur les cendres volcaniques d’origine troposphériques ont tendance
à être caractérisés par un manque ou absence danomalie isotopique (∆17O). Cette
caractéristique inhabituelle indique que le soufre volcanique peut être sujet à une
dynamique d’oxydation particulière. Dans ce travail, le traitement du soufre volcanique
est étudié à l’aide d’un modèle de boı̂te photochimique (CiTTyCAT), qui contient des
descriptions de la chimie hétérogène du soufre et des halogènes sur des phases riches
en eau liquide et des aérosols sulfatés. Le schéma chimique est couplé à un schéma
de transfert d’isotopes de l’oxygène, permettant de suivre l’évolution du ∆17O du sulfate
volcanique

Les résultats de modélisation suggèrent qu’en présence de gouttelettes d’eau et
de cendres, l’oxydation du soufre dans les panaches volcaniques est principalement
due à l’oxydation en phase aqueuse par O2 catalysée par les ions de métaux de
transition (TMI). Les émissions d’halogènes favorisent davantage la dominance de
O2 /TMI en induisant des événements d’appauvrissement d’ozone (ODE) et en rendant
l’oxydation aqueuse par H2O2 et celle gazeuse par OH encore moins significatives. Il
en résulte un sulfate volcanique avec de faibles valeurs de ∆17O. En l’absence de
gouttelettes d’eau, la chimie du panache est en grande partie déterminée par la chimie
hétérogène sur les aérosols primaires sulfatés. Les oxydants dominants du soufre dans
ces panaches volcaniques sont le OH et le H2O2; leurs contributions respectives à
l’oxydation dépendent de la charge en halogènes volcaniques. Le taux d’oxydation du
soufre est fortement réduit par rapport aux panaches volcaniques contenant des gout-
telettes d’eau. Les valeurs de ∆17O des sulfates produits en l’absence des gouttelettes
deau sont élevées, contrairement aux mesures isotopiques des sulfates recueillis sur
les cendres volcaniques tropoériques. Les résultats démontrent que les isotopes de
l’oxygène dans les sulfates fournissent de fortes contraintes sur le bilan chimique du
soufre dans les panaches volcaniques et sur le rôle des halogènes volcaniques.
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Abstract
Volcanic emissions are an important source of atmospheric pollutants, notably sulphur.
Volcanic sulphur is oxidised and forms secondary sulphate aerosols which backscatter
incoming solar radiation towards space, thus influencing significantly the climate, as
observed during global surface cooling occurring after very large volcanic eruptions.
Volcanic sulphur emissions in the troposphere can only influence the climate on a
limited scale, mostly on local and regional extents. Nonetheless, tropospheric volcanic
sulphates are important for acid deposition, for sulphur pollution events, vog formation,
and hazardous effects on human health. Large uncertainties are still pertaining to the
tropospheric cycle of volcanic sulphur, in particular its oxidation and conversion into
sulphate aerosols within volcanic plumes. In addition, recent observations show that
volcanic plumes can also contain large amounts of reactive halogens that destroy ozone
and affect the budget of atmospheric oxidants. So far, the role of volcanic halogens in
volcanic plume chemistry tends to be ignored.

The purpose of the present work is to investigate sulphur oxidation taking place
within a wide range of volcanic plumes and the influence of volcanic halogens on plume
chemistry. In parallel, it also explores the way the oxygen isotopic composition of
volcanic sulphate, namely the 17O-excess (∆17O), can serve as tracers of oxidation
processes, hence providing constraints on sulphur oxidation pathways. In contrast to
most sulphates of tropospheric origins, tropospheric volcanic sulphates collected from
volcanic ash-deposits are mostly characterised by a lack of 17O-excess (∆17O). This
unusual feature indicates that volcanic sulphur may be subject to peculiar oxidation
dynamics. In this work, volcanic sulphur processing is investigated with the aid of
a photochemical box-model (CiTTyCAT), which contains descriptions of sulphur and
halogens heterogeneous chemistry on liquid water-rich phases and sulphuric acid
aerosols. The chemical scheme is coupled to an oxygen isotope transfer scheme,
monitoring the evolution of volcanic sulphate ∆17O.

Main results from modelling suggest that, in presence of water droplets and halo-
gens, sulphur oxidation is driven by the aqueous phase oxidation by O2 catalysed
by transition metal ions (TMI). In particular, halogens emissions can induce ozone
depletion events (ODEs), making the aqueous oxidation by H2O2 and the gas phase
oxidation by OH negligible. Resulting produced sulphate have low ∆17O values, in con-
sistence with isotopic measurements on sulphate extracted from tropospheric volcanic
ash. In absence of water droplets, sulphur oxidation is largely driven by heterogeneous
chemistry on primary sulphate aerosols. Notably, ozone depletion events occur fast,
and the rate of sulphur oxidation is severely reduced. In this case, sulphur oxidation
is due to heterogeneous oxidation by OH and H2O2. It is also inversely correlated to
halogens loading, suggesting prolonged sulphur atmospheric lifetime in occurrence of
halogens activation. In volcanic plumes made of sulphate aerosols, ∆17O of produced
sulphate are high, in contrast with isotopic measurements conducted on tropospheric
volcanic ash. These results demonstrate that sulphates oxygen isotopes provide strong
constraints on the chemical budget of sulphur within volcanic plumes, and on the role of
volcanic halogens on plume chemistry.
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CHAPTER 1

Introduction

1 Background

Volcanoes have been an integral part of the Earth’s geological evolution through-
out different eras. Since the formation of the planet, a significant fraction of
atmospheric gases has originated from volcanic degassing, whereas submarine
volcanic activity has been responsible for mineral dissolution within seawater
(Oppenheimer et al., 2013). Volcanism contributes significantly, indeed, to the
essential exchange of elements from the mantle to the atmosphere and the
hydrosphere of the Earth (Robock, 2000; Gaillard et al., 2011; Kasting et al.,
2012).

In the mantle, chemical elements are stored in vast amounts below crustal
level in the form of melts and minerals. The most mobile elements are eas-
ily removed from mantle crystals during partial melting, generating magmas.
These silicate liquids (magmas) can further transfer chemical compounds to the
Earth’s surface via volcanism. Notably, during degassing magmas and lavas can
release chemical species as volatile gases. At the same time, a large part of
volcanic activity is submarine in nature (mid-oceanic ridges, representing 60-80
thousands of km of volcanic chains at the ocean floors) and therefore quite
poorly constrained (Oppenheimer et al., 2013). Via deep sea vents volcanic
activity exchanges chemicals with seawater, where biological activity started
to flourish thanks to the chemical activity of simple carbon compounds and to
warmer temperatures (possibly in proximity of hydrothermal vents) (Kelley et al.,
2002). Since volcanism is also linked to the evolution of primordial oceans, the
impacts of volcanic activity on the history of the Earth, or its ongoing influence on
the atmosphere and climate, should not be downplayed (Mather, 2008; Duggen
et al., 2009; Ayris and Delmelle, 2012a).
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Nowadays it is rather challenging to quantify the actual impacts of volcanic
emissions. Because of the complex mix of volcanic gases, the chemistry occur-
ring in volcanic plumes is expected to be very complicated and different from
the chemistry of the the background atmosphere (Mather, 2008). In addition,
the mix of hazardous events and hostile conditions generally found in proxim-
ity of volcanic vents makes it difficult to experimentally probe the atmospheric
chemistry associated with the release of volcanic gases. As a consequence, the
degree of knowledge pertaining to the physico-chemical transformations in the
atmosphere, and ultimately the fate of volcanic emissions, is still fairly limited.

A deeper understanding of the climatic impacts of volcanic activity has been
maturing during the last decades, especially through the multiple investigations
conducted after the eruption of Mount Pinatubo in 1991 (McCormick et al.,
1995; Robock, 2013). At the same time, there are still large uncertainties
on the extensive impacts on the atmosphere of present day emissions, or of
eruptions from the past. The Intergovernmental Panel on Climate Change
(IPCC) recognises that explosive volcanic events provide significant amounts of
chemically active gases and particles to the atmosphere (Stocker et al., 2013).
It is, therefore, recognised that violent explosive eruptions have had transient
effects on global climate, and that certainly massive eruptions have acted as
drivers for precedent climatic shifts. Nowadays, however, many trace gases
emitted in the atmosphere are of anthropogenic origin. Consequently, in an
atmosphere so highly perturbed by human activities it is rather difficult to discern
the present imprint of volcanic emissions.

In the past, most of the scientific investigations on the impacts of volcanic
activity on the atmosphere and climate have focused on the fate of volcanic
emissions in the stratosphere, whereas their fate in the troposphere has been
slightly overlooked. Nowadays there is growing evidence showing that passive
volcanic degassing and small eruptions can influence on a large scale the
budgets of tropospheric sulphate aerosol (Textor et al., 2004; Mather, 2008). At
the same time, tropospheric volcanic emissions can also impact the life of human
beings, since they can be a significant source of sulphur pollutants (Mather et al.,
2003). Volcanic gases, indeed, can induce hazardous health effects that can
influence lives of populations living in proximity of volcanic systems (Durand
and Grattan, 2001; Longo, 2013). Finally, injection of ashes and tephra in the
atmosphere as a result of explosive events can have larger economic impacts
by significantly altering air traffic (Oxford Economics, 2010; Mazzocchi et al.,
2010), crops yield and vegetation (Ayris and Delmelle, 2012b).

In order to assess the tropospheric impacts of volcanism it is necessary to
understand the physico-chemical processes driving the atmospheric fate of vol-
canic emissions. Notably, further investigations are needed to constrain the fate
of sulphur and halogen compounds, which are released in high concentrations
during both explosive eruptions and degassing activity. In particular, sulphur
emissions are of crucial interest to the regulation of the Earth’s system, since
they can induce several effects on the atmosphere, having also an influence
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on climate. It is becoming clearer that volcanic activity and injection of large
amounts of sulphur in the atmosphere have multiple effects on climate, both
on global and regional scales. There are several sources of information on
the chemistry of volcanic plumes, typically measurements and models (Mather
et al., 2003; von Glasow, 2010). Modelling, especially, can provide an use-
ful tool for the study of atmospheric reactions undergoing in volcanic plumes
(Roberts et al., 2009; Bobrowski and Platt, 2007; von Glasow and Crutzen,
2013). Computational models, indeed, enable to trace the expected of atmo-
spheric physico-chemical processing which are difficult to probe experimentally.
Meanwhile, fractionation of stable isotopes can provide significant clues to the
determination of the atmospheric pathways of species oxidation (Harris et al.,
2012b,c). Consequently, a chemical model providing isotopic compositions of its
atmospheric species has the potential to be better validated.

2 Volcanic emissions

Within the extent of global natural emissions, volcanic activity is responsible for
the injection of considerable amounts of sulphur in the atmosphere (Robock,
2000; Stevenson et al., 2003a). Before industrial times, volcanoes could ac-
counted for 20 to 47 % of the natural sulphur annual flux to the atmosphere
(Andres and Kasgnoc, 1998; Stocker et al., 2013). Nowadays, however, most
atmospheric sulphur emissions are dominated by anthropogenic activity. Since
the advent of the industrial revolution volcanic contribution to the annual sulphur
flux of the atmosphere corresponds to roughly 10% of total atmospheric sulphur
emissions (Stevenson et al., 2003a), with anthropogenic emissions being the
bulk of the atmospheric sulphur flux and accounting for 70% of total sulphur
emissions (Smith et al., 2011). On the other hand, because of the relatively
remote locations and altitudes of most volcanoes, volcanic sulphur remains still
the biggest source of sulphates in the middle and high troposphere (Chin and
Jacob, 1996; Stevenson et al., 2003a).

Volcanoes cycle between different stages of activity, mostly divided among
effusive and erupting stages. Generally, erupting phases or events alternate
with passive degassing periods, although time intervals between different stages
might be rather long. To make an example for different styles of degassing,
nowadays it is possible to observe:

• explosive and effusive eruptions for Mayon in the Philippines and Acate-
nango in Guatemala;

• persistent degassing for Mt. Erebus in Antarctica and Masaya in Nicaragua.

The main gases injected in the atmosphere via volcanic activity are H2O
and CO2, followed by lower but significant concentrations of SO2, H2S, various
halogen species (Br, Cl and F compounds), and mercury (Hg) (Textor et al.,
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Specie vol, % Mt·year−1

H2O 50-90 -
CO2 1-40 75
SO2 1-25 1.5-50
H2S 1-10 1-2.8
COS 10−4-10−2 0.006-0.1
CS2 10−4-10−2 0.007-0.096
HCl 1-10 0.4-11
HBr - 0.0078-0.1
HF < 10−3 0.06-6

Table 1.1: The table shows budget estimations for gas species released by
volcanic activity. The relaticve fluxes have been computated using a general
circulation model (AGCM). Credits: (Textor et al., 2004).

2004). The mean composition of volcanic emissions and the respective atmo-
spheric annual mass fluxes are summarised in Table:1.1. Chemical speciation of
volcanic gases emissions is not the same for different volcanic systems (Textor
et al., 2004). The geodynamics leading to magma production determine the
composition of volatiles and minerals entrapped in magmas, and volcanic gases
speciation depends highly on the geological processes responsible for magma
production. Notably, melts chemical composition depends largely on volcanoes
location among the tectonic plates of the planet, in particular regarding halogen
versus sulphur contents of magmas and emissions. As example, the geology
of subducting plates can be significantly influenced by oceanic fluids. For in-
stance, during oceanic crust generation and evolution, hydrated halogens-rich
minerals form because hydrothermal activity induces hydration of the oceanic
lithosphere. As fluids are gradually released from the subducting lithospere
(subduction fluids), they are transferred to the overlying mantle wedge which
gets hydrated (formation of hydrated and halogen rich minerals). The interaction
between fluids and the mantle (metasomatism) leads to a decrease in melting
temperature for the mantle wedge, hence generating magmas as a result of
the partial melting of the mantle. At this stage, all mobile elements, such as
halogens, are transferred to magmas, which might finally rise up to the planet
surface. As a result, magma composition of volcanoes along volcanic arcs
(chain of volcanoes typical of subduction zones) is highly enriched in halogens,
notably because of the entrapment of sea-water during subduction (Straub and
Layne, 2003; Aiuppa et al., 2009).

From an atmospheric perspective, sulphur species are the volcanic gases
responsible for most of the climatic impacts linked to volcanic emissions (Robock,
2000). In particular, sulphur atmospheric emissions lead to formation of con-
siderable amounts of sulphate aerosols which can absorb and scatter solar
radiation, hence affecting radiative properties of the atmosphere (Haywood and
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Boucher, 2000; Carslaw et al., 2009). The two main mechanisms leading to sul-
phate aerosols formation are gas to particle conversion of precursor compounds
(mainly SO2, H2S and OCS), and condensation of sulphate and solids directly
emitted from volcanic vents (Allen et al., 2002).

Sulphur is oxidised in the atmosphere via multiple reaction channels via
both aqueous phase and gas phase reactions. The atmospheric oxidation of
SO2 is responsible for the production of secondary sulphates, which can easily
condense to form new sulphate aerosols thanks to their large hygroscopicity
(Seinfeld and Pandis, 2016). As a consequence, there is much interest in
understanding and in assessing the fate and magnitude of volcanic sulphur
emissions, with the purpose to size volcanic sulphate production for different
volcanic systems.

In addition to sulphur, volcanic emissions contain other reactive gases which
can undergo multi-phase chemistry in the troposphere, notably halogens (e.g.
chlorine, bromine, iodine). Halogens can be converted into radicals in the gas
phase, leading for instance to ozone depletion events (Roberts et al., 2009; von
Glasow, 2010; Vance et al., 2010; Boichu et al., 2011), which might influence
sulphur oxidation in volcanic plumes (Cadoux et al., 2015). Therefore, because
of their atmospheric reactivity the potential impact of halogens on the chemistry
of volcanic plumes should not be underestimated.

2.1 Volcanic sulphur degassing

Persistent degassing is the largest source if volcanic gases into the atmo-
sphere, notably volcanic sulphur. Time averaged results from modelling simula-
tions somewhat estimate a large flux of volcanic sulphur to the atmosphere, of
about 14 Tg · year−1 (Graf et al., 1997). On the other hand spectrometer data
(COSPEC) measurements suggest an annual volcanic sulphur flux to the atmo-
sphere of of roughly 10.5 Tg · year−1. The contribution of sporadically explosive
eruptions to the total volcanic sulphur budget is significantly low compared
to persistent degassing, accounting for only 1% of annual volcanic emissions
(Andres and Kasgnoc, 1998).

It is worth noticing, however, the disproportion between volcanic sulphur
emissions to the atmosphere (i.e. ≈10% of total sulphur emissions), and the
contribution of volcanic sulphate to the total atmospheric sulphate burden. Global
models, indeed, suggest that volcanic sulphate aerosols contribute for as high
as 18% to the total column of sulphate in the atmosphere (Chin et al., 1996).
It is estimated that volcanic sulphate aerosols could be more easily produced
in the atmosphere (Graf et al., 1997), and that since most volcanic emissions
are released in the free troposphere where deposition processes are inhibited
compared to the boundary layer, volcanic sulphate has a longer atmospheric
residence time (Stevenson et al., 2003a). Therefore, persistent degassing
constitutes an important source of sulphur in the free atmosphere (Mather,
2008).
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The main sulphur compounds among volcanic emissions are respectively
SO2 and H2S (Textor et al., 2004). The ratio of H2S/SO2 is defined as the redox
ratio, a parameter proportional to multiple thermodynamical variables, such
as: temperature, oxygen fugacity, pressure and water mole fraction of melts.
Generally, the redox ratio increases with pressure, lower temperatures and lower
oxygen fugacity (Wallace, 2001; Oppenheimer et al., 2013). As a consequence,
depending on the stage of eruption and of magma release, the SO2/H2S ratio
can also change over single eruptive events.

In silica melts the prevailing sulphur species are S2 – and SO2 –
4 , which

differentiate in the gas phase through a complex mix of redox reactions. As a
result, the ratio of sulphide and sulphate minerals in volcanic melts can be used
to estimate the ratio of sulphur gases that might be released in the gas phase
(Oppenheimer et al., 2013). Experimental measurements indicate that large
amounts of SO2 are frequently emitted in relation to high temperature volcanic
emissions, while large H2S concentrations are an indicator of hydrothermal
contribution to volcanic gases generation, being also related to low temperature
vents degassing (Oppenheimer et al., 2013).

Primary and secondary sulphate emissions

Most of volcanic sulphates are formed in the gas phase as a consequence of
SO2 processing in the atmosphere. However, multiple gas phase reactions can
occur within the time gases are released from the crater rim and the time they
reach the volcanic vent.

At such elevated temperatures (≈ 600-1000◦C) a portion of sulphur trace
gases can be oxidised to form H2SO4 (Gerlach, 2004; Roberts et al., 2009; von
Glasow, 2010), producing sulphate particles that can be emitted directly from
volcanic vents. These highly acidic sulphate aerosols can constitute the bulk
of volcanic aerosol emissions in proximity of volcanic vents (Allen et al., 2002),
and they are defined as ”primary sulphates” (Mather et al., 2004a,b). From
the moment the plume is released in the atmosphere, in-plume heterogeneous
chemistry can be activated, inducing sustained SO2 oxidation in the plume.
Sulphate produced by in-plume chemical processing is defined as ”secondary
sulphate”, and it constitutes the bulk of volcanic sulphates aerosols measured far
from volcanic sites. In proximity of volcanic vents, indeed, H2SO4/SO2 ratios are
rather low and within the order of 1% (Allen et al., 2002; Mather et al., 2004a,b).
The small amount of sulphate emitted at the vent confirms that most of in-plume
sulphates should be formed away from volcanic vents by SO2 processing in
the atmosphere. In plumes from passive degassing sulphate concentrations
follow diurnal variations, which are most likely caused via SO2 oxidation by
OH and H2O2 during daytime (Kroll et al., 2015). Notably, if primary sulphates
were the major source of volcanic sulphates, the concentration of sulphates in
the plume would otherwise remain constant. Since most of volcanic sulphates
are produced once the plume is released by the vent, it is rather crucial to
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Figure 1.1: Volcanic systems develop at different locations among the tectonic
plates. Common examples are: Kuril Islands for island arc volcanoes, Kilauea
for hotspot shield volcanoes, Cerro Negro for continental arc volcanoes, and
Erta’ Ale for continental rift volcanoes. Credits: USGS c©.

understand how environmental conditions promotes the production of sulphates
at different plume conditions. SO2 processing is therefore, fundamental for
volcanic sulphate formation.

2.2 Halogen degassing and solid particles emissions

Halogens emissions

The most abundant halogen species among volcanic emissions are respec-
tively: HCl, HF and HBr (Martin et al., 2006; Aiuppa, 2009; Aiuppa et al., 2009).
Bromine and chlorine compounds constitute the bulk of volcanic halogen emis-
sions, and they both have significant impacts on the chemistry of the atmo-
sphere (Parrella et al., 2012; Saiz-Lopez and von Glasow, 2012; von Glasow
and Crutzen, 2013). Recently, multiple studies have been suggesting that the
tropospheric impacts of volcanic halogen emissions could have been overlooked
(Aiuppa et al., 2005a; Grellier et al., 2014; Simpson et al., 2015). In recent
years, indeed, detection of bromine oxide (BrO) in aged volcanic plumes (e.g.
30 minutes after plume ejection) has confirmed that reactive Br compounds are
commonly emitted within volcanic plumes (Bobrowski and Platt, 2007; Bobrowski
et al., 2007), and that quick destruction of ozone can occur during the first stages
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of plume diffusion in the troposphere (Vance et al., 2010; Boichu et al., 2011).
Observed ozone depletion events (ODEs) confirm that volcanic bromine species
react quickly in the gas-phase (Bobrowski et al., 2003; Oppenheimer et al.,
2006) through heterogeneous phase reactions and a combination of halogen
and nitrogen catalytic cycles (von Glasow, 2010).

It has been suggested that in some extent volcanic halogen emissions could
account as a major source of BrO in the free troposphere, hence impacting
significantly the chemical composition of the atmosphere above the boundary
layer (Oppenheimer et al., 2013). Injection of chemically active species in the
free troposphere (or close to the tropopause) is particularly significant at polar
latitudes, where halogen species can accumulate in winter to finally promote
massive ozone destruction in spring (Vance et al., 2010; Saiz-Lopez and von
Glasow, 2012). Radical reactions promoted by halogens species photolysis can
also induce ozone holes in the upper troposphere as observed in occurrence of
the Kasatochi eruption of 2008 (Theys et al., 2009).

The halogen content of volcanic gases, however, varies considerably on the
composition of melts, and on the location of volcanic systems along the plates
of the crust. As release of halogen species from magma controls the input of
ozone depleting species into the atmosphere (Gerlach, 2004; Pyle and Mather,
2009), different volcanic settings can potentially have different impact on the
atmosphere because of the halogen content of their emissions. The different
kind of volcanic settings of the planet are shown in Fig.:1.1 in function to location
on the tectonic plates of the Earth. Halogen rich magmas are usually found in
volcanic arcs (Pyle and Mather, 2009; Aiuppa et al., 2009), while continental rift
and hotspot volcanoes are usually characterised by low contents of halogens
and by high percentages of sulphur emissions. On the other hand, plumes
degassing from rift and hotspot volcanoes tend to have rather low halogen
loadings (Aiuppa et al., 2009; Pyle and Mather, 2009).

Solid particles emissions

The composition of magma is also crucial to the style of eruption, since its volatile
content promotes the production of more or less viscous melts. Magma viscosity
is a function of the silica content, responsible for more or less polymerized
”structures” of melts. Multiple parameters can affect magma viscosity and
polymerization, notably volatile content, the amount of crystals and temperature.
Generally, magma generated by partial melting of the mantle is basaltic in
composition ( 50wt.% SiO2). This magma tends to evolve chemically through
different processes (fractional crystallisation, crustal contamination/assimilation,
magma mixing, etc.), and during its differentiation (chemical evolution), it tends
to become more and more SiO2-rich, with contents up to 75wt.% (rhyolitic
composition) for highly differentiated magmas. During most virulent eruptions,
less fragmented magma gas release is combined to injection of solid particles
and other solids in the form of ash, lapilli and bombs.
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These solid substrates are potentially important for in-plume chemistry, since
they provide reactive surfaces for heterogeneous reactions. Notably, during
explosive events large quantities of water and coarse particles are emitted. Solid
particles, notably ash, can be scavenged by hydrometeors, providing a reactive
substrate for aqueous phase chemistry (Tabazadeh and Turco, 1993). During
explosive eruptions characterised by high quantities of ash, the heterogeneous
uptake can become a significant pathway of SO2 oxidation in erupting plumes
(Mather et al., 2003). On the other hand, in volcanic plumes without condensing
water, also suspended particles and sulphate aerosols can provide reactive
surfaces for the oxidation of volcanic SO2 (Eatough et al., 1994; Langmann,
2014). It has been observed, indeed, that during effusive eruptions and passive
degassing some fine silicate particles can also be released from the surface
of magma from bubble breaking, and that some primary sulphate aerosols are
released directly at the vent. Besides, compared to explosive eruptions very few
solid particles are detected in plumes emitted during passive degassing (Martin
et al., 2006), which are mostly ash-free. A schematic representation of the main
processes linked to volcanic activity is reported in Fig.:1.2.

Volcanic ash and rocks contains iron rich minerals, composed in different
compositions by Fe(II) and Fe(III) among their crystal structures (Rose et al.,
2006). The total amount of Fe released in solid particles accounts between 1-12
wt% of the total mass of the solid phase. Notably, in magmatic rocks between
1-10 wt% of total solid mass is composed by FeO, while Fe2O3 can reach values
as high as 0.5-3 wt% (Rose and Durant, 2009). The most common solid material
ejected during explosive eruptions is glass, which is followed by a mixture of
various minerals (e.g. hematite, magnetite). In volcanic ashes heavy metals are
commonly found as rock particles of different sizes (Rose et al., 2006; Mather
et al., 2012), as well as metallic and mineral dust. In particular, these small
solid particles may provide reactive surfaces for heterogeneous reactions to
occur (Davidovits et al., 2006; Cwiertny et al., 2008; Langmann, 2014). As a
result, during explosive eruptions multiphase chemistry occurring within volcanic
liquid phases could be rather significant, potentially promoting conversion of
halogens into halogen radicals (von Glasow and Crutzen, 2013), and enhancing
SO2 processing.

3 Climatic and environmental impacts of volcanism

Volcanic emissions provide a significant amount of natural atmospheric pollu-
tants climate forcers (Robock, 2000; LeGrande et al., 2010), inducing different
atmospheric responses, as summarised in Fig.:1.3. The chemistry and the com-
position of the atmosphere is affected by the release of concentrated volcanic
plume, in particular because of the release of large amounts of SO2.

The oxidation of volcanic sulphur bearing gases leads to the formation of
sulphate aerosols, which can perturb the radiative forcing of the planet (Stocker
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Figure 1.2: A simplified representation of an ash-rich explosive eruption, of
degassing activity and the most common volcanic hazards. The figure illustrates
different stages of explosive eruptions, including ash release from erupting
clouds and degassing from fumaroles. In the panel in the lower left corner,
volcanic melts are schematically classified by their silica content. Credits: USGS.

et al., 2013) via interaction with incoming solar radiation. The climatic impacts
of subaerial volcanism on the atmosphere, however, highly depends on the
extent of degassed material, on the nature of the eruption, and on the altitude or
release of the plume. An useful scale of comparison for eruptive activity is the
Volcanic Explosive Index (VEI), which classifies eruption events accounting for:
the height of eruption columns, the mass of material ejected during the eruption,
and the duration of the event (Newhall and Self, 1982).

The altitude reached by volcanic plumes within the atmosphere is a partic-
ularly sensitive parameter, inducing very different climatic and environmental
feedbacks on planetary atmospheric chemistry and physics. It is possible to
distinguish two main classes of climatic responses, respectively summoned by:
stratospheric and tropospheric climatic impacts (Robock, 2000). In addition to
altitude, also latitude plays a role for climatic aftermaths of volcanic eruptions.
Volcanic plumes reaching the atmosphere at high latitudes induce climatic im-
pacts at hemispherical scales, while volcanic eruptions occurring at tropical
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Figure 1.3: Schematic representation of the main climatic feedbacks due to
volcanic degassing, adaptation from Robock et al., 2000. Atmospheric impacts
are represented for both tropospheric and stratospheric emissions.

latitudes can induce effects on global extents. The different climatic impacts are
mostly related to atmospheric circulation, and to volcanic emissions diffusion
around the globe.

3.1 Stratospheric impacts

Explosive eruptions resulting in the release of a plume within the stratosphere
are defined as stratospheric eruptions. These events lead to atmospheric
responses that have global impacts on the climate of the planet, since they
can release large amounts of tephra and reactive gases above the tropopause
where aerosols residence lifetime is long. These eruptive events occur rather
sporadically and they are defined as Plinian eruptions. The main aftermath
of plinian eruptions is the perturbation of the aerosol load of the stratosphere,
leading to stratospheric ozone depletion and climatic effects due to optical
properties of aerosols, therefore the interaction with incoming solar radiation
(Robock, 2013). Aerosols, indeed, absorb and scatter incoming sunlight and
therefore they prevent solar radiation to reach the lower layers of the atmosphere.
The most pervasive atmospheric responses due to plinian eruptions are due to
changes in the radiative properties of the atmosphere, resulting in a net warming
effect for the stratosphere and in a net cooling effect for the troposphere.

In 1991 the eruption of Mt. Pinatubo resulted in an opportunity to study
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Figure 1.4: The figure shows the evolution of the optical thickness of the strato-
sphere as a function of time and aerosol load before and after the eruption of
June 15th, 1991. The optical thickness is measured in units of nm. The images
have been recorded through the SAGE satellite. Credits: (McCormick et al.,
1995).

atmospheric responses to large volcanic eruptions, and to the release of volcanic
gases in the upper atmosphere. Mt. Pinatubo plume reached an altitude of about
40 km within the stratosphere, releasing 17-20 Tg of SO2 into the stratosphere,
while producing via multiple-phase chemistry almost 30 Tg of sulphate aerosols.
The SO2 rich volcanic cloud circumnavigated the planet within 22 days from the
eruption (McCormick et al., 1995), and after 38 days most of SO2 had already
been converted to stratospheric sulphate aerosols. Within three months from the
eruption a thin layer of sulphate aerosols had covered the entire planet, lasting
for as long as three years within the stratosphere.

Thanks to satellite measurements, for the first time in the modern era it
was possible to observe the development of a stratospheric volcanic plume
in the atmosphere, together with sulphate aerosols formation and diffusion at
high altitudes. Notably, Mt. Pinatubo eruption enabled to directly observe the
impact of volcanic aerosols on the radiative forcing of the planet, in relation to
the changes in optical properties of the upper atmosphere. For instance, in
Fig.:1.4 the temporal evolution of the optical thickness of the stratosphere as
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Figure 1.5: Average temperature anomalies (K) recorded during the first months
of 1993. Credits: (Robock, 2002).

observed by the Stratospheric Aerosol and Gas Experiment (SAGE) satellite
is reported for both pre- and after-eruption months. High concentrations of
sulphate aerosols enhanced the albedo of the planet by about 5% (Minnis
et al., 1993a), and atmospheric perturbations were felt on a global scale for
about 2 years after the eruption. At the peak of stratospheric volcanic aerosols
concentration, the radiative forcing of the planet was estimated at about -3
W ·m−2 as a consequence of the higher albedo of the stratosphere (Stenchikov
et al., 1998). The injection of high quantities of SO2 during eruption induced
also a depletion in stratospheric O3, which was about 6% lower than the mean
atmospheric concentrations measured before the eruption. Destruction of ozone
occurred in conjunction to production of high levels of HONO2 (Koike et al.,
1994), indicating that heterogeneous chemistry involving halogen radicals, NOx,
and ozone might had effectively been taking place.

After the eruption different climatic feedbacks were observed throughout the
planet, and mean temperatures dropped of about 0.5◦C between the summer of
1991 and the end of 1993 (Robock, 2002). At the same time, global precipitations
were lowered in intensity, and anomalous temperature patterns were recorded in
the Northern Hemisphere (NH) during the couple of winters and summers that
followed the eruption (Robock, 2013). The map in Fig.:1.5 shows the average
temperature records observed during the early months of 1993. Between
1991 and 1993, the average winter temperatures of the NH were enhanced
of roughly 2-3 degrees over Northern Europe and Northern America. While
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on the other hand, summer temperatures were below seasonal averages over
the same regions for a couple of years following the event. These temperature
patterns have also been reported in historical records that followed the eruption
of Mt. Tambora in 1815 (Veale and Endfield, 2016), suggesting that these
climate feedbacks can commonly occur after the occurrence of massive plinian
eruptions at tropical latitudes. The same patterns have been observed also in
the case of the massive Samalas eruption in 1257 (Gao et al., 2008; Stoffel
et al., 2015; Luterbacher and Pfister, 2015).

3.2 Tropospheric impacts

Compared to stratospheric eruptions, tropospheric volcanic eruptions induce
climatic responses that have less evident repercussions on the atmosphere and
regional climate. For instance, tropospheric emissions have climatic impacts
limited to regional scales, besides having multiple environmental effects on
surrounding volcanic regions, affecting notably vegetation and air quality.

The main volcanic compounds that can appreciably impact the chemistry
of the troposphere are halogens, nitrogen and sulphur compounds. In their
radical forms, halogens can deplete atmospheric ozone entrained in volcanic
plumes, and their emissions are of particular interest for in-plume chemical
reactions. Since in order to promote the destruction of ozone halogens need
to be in radical form, halogens emissions have to be processed via multiphase
chemistry (i.e. heterogeneous chemistry) in order to become chemically reactive.
The detection of high concentrations of BrO in multiple volcanic plumes suggest
that in-plume chemistry might follow similar chemical mechanisms to the ones
observed during bromine explosion events occurring at polar latitudes in spring
(Bobrowski et al., 2003; Oppenheimer et al., 2006). High levels of BrO within
a plume, indeed, suggest heterogeneous chemistry on sulphate aerosols, and
possibly ash, should be taking place (von Glasow, 2010).

Recent modelling studies suggest that some nitrogen chemistry can undergo
in plumes, notably to promote the mobilization and photochemistry of reactive
halogens in the young plume (Roberts et al., 2009, 2012). This hypothesis is con-
firmed by observations, which report the unexpected presence of HONO2 and
HO2NO2 within some volcanic plumes (Oppenheimer et al., 2010). Generally,
these compounds are generated by anthropogenic activity, but, in proximity of
volcanic vents and in remote areas, local sources of NO2 and NO must to be ac-
counted. In volcanic vents the only available nitrogen compound is atmospheric
N2, indicating that the only source in-situ for reactive nitrogen is its chemical
fixation. Initially, from the moment of degassing at crater rim to gas ejection from
the vent, the temperature is high and atmospheric nitrogen could be converted
into more reactive forms in the gas phase. Eventually, reactive nitrogen (NOx )
produced in the hot-phase could drive halogens mobilization in the young plume.
The production of biologically active nitrogen via chemical fixation is of particular
interest. Notably, NOx can form nitrate, which has enhanced fertilizing activity
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for plants. Overall, nitrogen fixation within the hot phase could have positive
effects on vegetation which might benefit from high rates of nitrate production in
proximity of volcanic areas (Huebert et al., 1999; Oppenheimer et al., 2013).

Sulphur compounds constitute a high percentage of volcanic gas emissions,
and in plumes without condensing water, lower rates of SO2 oxidation results in
its longer lifetime (Kroll et al., 2015). As SO2 has longer lifetimes, volcanic emis-
sions can affect the life of communities living in proximity of volcanic areas when
plumes are advected in the atmosphere. Volcanic regions are mostly located at
the tropics and they are rather fertile lands. Therefore, a significant portion of
the global population lives in proximity of active volcanoes. It is estimated that,
indeed, around 455 millions people (9% of the world population) live close to
historically active volcanic systems (Peterson, 1988; Small and Naumann, 2001).
High concentrations of aerosols as a result of volcanic sulphur conversion can
further promote heterogeneous chemistry and particles condensation. There-
fore, an increase in chemical processing of anthropogenic gases associated
with volcanic aerosols can lead to major pollution events. Generally, sulphate
aerosols and overexposure to high concentrations of SO2 can induce cardiovas-
cular diseases (Longo et al., 2008; Longo, 2013), while high concentrations of
sulphates can also induce the formation of ”vog” (volcanic smog) and pollution
events in urban areas. For instance, Southern Italy is frequently exposed to
high percentages of SO2 and sulphate aerosols, due to frequent degassing of
Mt. Etna (Graf et al., 1998), and the air quality of Mexico City is also frequently
influenced by emissions from the Popocatpétl volcano (Raga et al., 1999; de Foy
et al., 2009). In Hawai’i, Kilauea’a contributes significantly to the formation of
pollution events in Hawai’i due to vog (Longo, 2013), as illustrated in Fig.:1.6.
Therefore, volcanic sulphur processing in urban areas can account as a severe
health issue.

Other environmental impacts of volcanic tropospheric activity are related to
volcanic gases deposition. As volcanic emissions deposit on the ground through
dry and wet deposition, acidic species such as H2SO4, HONO2, or HF, are
carried to soils and on the surface of plants and buildings. The adsorption of
acids into the ground can modify mineralogy and the pH of soils, while chemical
burning can occur in presence of significant depositions of acids on plants leaves
(Delmelle et al., 2001; Delmelle, 2003). Besides, deposition of ash and minerals
can also have positive effects on land plantations, since ash brings new minerals
into the soil. In addition volcanic ash deposition on the surface of oceans can
enhance the concentrations of biologically active Fe(II) concentrations. Resulting
silica dissolution releases high concentrations of Fe, which further stimulates
phytoplankton growing and blooms (Langmann, 2014).

Since tropospheric volcanic activity have multiple effects on the environment,
it is difficult to understand the real aftermaths of tropospheric emissions. A
first step would be to constrain the chemical budgets of volcanic sulphate, and
to better understand how different plume conditions affect volcanic sulphate
production. While it is challenging to measure the evolution of volcanic gases in
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Figure 1.6: Top image: a view from space of the island of Hawai’i, May 13th,
2009; a dense layer of vog is covering the island, impacting the air quality in
Honolulu and major urban sites. The emissions from the Halema’uma’u crater,
the Pu’u ’O’o crater and the lava entering the ocean are the major sources of
reactive volcanic volatiles. Bottom image: a view from space of the Hawaiian
Archipelago, December 9th, 2009; volcanic emissions induce extensive vog
production that extends for miles along the island arc. Credits: NASA, 2009.
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plumes, modelling simulations can help to probe the fate of volcanic gases as
they are released into the troposphere. Notably, sulphate aerosols are produced
in gas and liquid phase by a limited number of reactions, producing characteristic
isotopic signatures in secondary sulphates. Since, isotopic fractionations provide
significant constraints on the relative importance of each SO2 oxidation pathway,
observable isotopic fractionations for O isotopes can untangle in-plume reaction
dynamics for volcanic SO2 oxidation.

4 Isotopic fractionations and volcanic activity

4.1 Isotopic fractionations

Stable isotopes are powerful tools to the interpretation of budgets and processing
of chemical compounds in the atmosphere. Notably the isotopic composition of
atmospheric species can be used as a tracer to detect chemical transformation
in the atmosphere. Chemical reactions can generate, indeed, peculiar isotopic
distributions, depending on the physical and chemical environment of chemical
compounds.

Molecules having the same elemental composition and structure but different
isotopic compositions are defined as isotopologues. Variations in the relative
abundances of stable isotopes can be produced via a combination of chemical
and physical processes defined as isotopic fractionations. Notably, stable iso-
topes partitioning between substances and physical phases depends in large
part on the different masses of isotopically substituted molecules. The different
mass of isotopologues, indeed, has an impact on molecular stabilization via
quantum mechanical effects. As a result, isotopologues are characterised by
different chemical reaction rates for the same chemical process. Besides, since
chemical reactivity of molecules is mostly governed by their electronic struc-
ture, isotopologues tend to undergo the same chemical reactions, consequently
inducing isotopic fractionations.

In nature, oxygen can be found with three stable isotopes, repartitioned
as: 16O (99.86%), 17O (0.0375%) and 18O (0.1995%). Sulphur on the other
hand has four natural isotopes, repartitioned as: 32S (95.02%), 33S (0.75%),
34S (4.21%) and 36S (0.02%). The isotopic ratio of a sample is described
through the delta notation (δx), and it is expressed in units permil (h). Isotopic
compositions are defined through the comparison of samples isotopic ratios
to those of international standards (Rstd), such as the Vienna Standard Mean
Ocean Water (VSMOW) (Coplen, 1994) for oxygen, and the Vienna Canyon
Diablo Troilite (VCDT) for sulphur (Ding et al., 2001). The δnX of a compound
is defined as: Where nR represents the ratio of isotopic abundances of one

δnX(h) =

(
nRx

nRstd
− 1

)
(1.1)
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specific element, as illustrated in the following example for oxygen isotopes:

17R =
17O
16O

(1.2)

It is possible to define a fractionation rate for a reaction by comparing the isotopic
ratios of products and reactants. Fractionation rates are defined by the kinetic
fractionation factor (αx):

αn =
nRproducts

nRreactants
(1.3)

Oxygen isotopic fractionations by physical or chemical processes, mostly,
induce a change of the 17O/16O ratio which is commonly half the magnitude of
the respective change in the 18O/16O ratio. Isotopic fractionations respecting
this relationship are defined as Mass Dependent Fractionations (MDF), and they
are typically divided in: equilibrium fractionations and kinetic isotope effects
(KIE). The first class of isotopic fractionations originates from exchange of
isotopes between different species, different phases, or between molecules of
the same species. These isotopic fractionations do not arise from net chemical
reactions, and they are mostly temperature dependent (Young et al., 2002).
Typical examples of equilibrium fractionations are the 18O exchange between
H2O and CaCO3, and the enrichment of 18O observed for liquid water during the
evaporation of water vapour. The second class of isotopic fractionations results
primarily from chemical reactions. Kinetic isotope effects are formed, indeed,
because of specific differences in chemical reactions rates for isotopologues of
a given species. On a general level, lighter isotopologues have greater kinetic
energy and they move faster than heavier isotopologues. At the same time,
heavier molecules are energetically more stable and they need more energy to
undergo the same reaction. Atomic bonds formed by heavier isotopes require,
indeed, more energy to be broken, hence lighter isotopologues participate to
chemical reactions at a slightly faster pace. KIE are particularly useful, since
resulting isotopic fractionations can be used as tracers for atmospheric reactions.
A typical example of a KIE is the atmospheric reaction of 13CH4 and 12CH4 with
OH.

There is a third less common class of isotopic fractionations, which does not
depend directly on kinetic or mass dependent effects of isotopologues. These
isotopic fractionations are defined as Mass-Independent Fractionations (MIF),
and they are generated either by photochemistry, or by transfer of anomalous iso-
topes from other chemical species (Thiemens, 2006). Notably, photochemistry
contributes significantly to the generation of atmospheric MIF, such in the case
of oxygen isotopes in ozone, and of sulphur isotopes in sulphate produced in
the stratosphere. MIFs are quantitatively defined by ∆nX (Coplen, 2011), which
represents the deviations from the terrestrial fractionation line (TFL) describing
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mass-dependent isotopic distributions. Oxygen MIF are defined by the ∆17O
notation as illustrated in Eq.: 1.4, while sulphur MIFs are defined by two different
variables ∆33S and ∆36S, as shown in Eq.: 1.4-1.6.

∆17O(h) = δ17O−
[(

1 + δ18O
)0.52 − 1

]
(1.4)

∆33S(h) = δ33S−
[(

1 + δ34S
)0.515 − 1

]
(1.5)

∆36S(h) = δ36S−
[(

1 + δ34S
)1.90 − 1

]
(1.6)

Ozone is a key reactant in the atmosphere, and it has one of the largest
known O-MIF (also referred as oxygen isotopic anomaly). It is characterised by
equal enrichments in 17O and 18O. Ozone is also one of the only atmospheric
trace gases generated with an intrinsic O-MIF, not inherited from other molecules
via atmospheric reactions (Johnston and Thiemens, 1997; Thiemens, 2006).
The large isotopic anomaly of ozone originates from differences in stabilization
energies during recombination reaction of O2 and O. Heavier ozone isotopo-
logues are energetically favourable, inducing the isotopic enrichment commonly
observed in the molecule (Marcus, 2013).

The mean isotopic signature of tropospheric ozone is around 25.0 h (Hei-
denreich III et al., 1986; Johnston and Thiemens, 1997; Vicars and Savarino,
2014). However, the isotopic distribution within the molecular structure is
not stochastic, and heavier isotopologues are concentrated at terminal sites
(Janssen and Tuzson, 2006; Bhattacharya et al., 2008; Marcus, 2013). Experi-
mental measurements suggest that oxygen atoms at the edges of the molecule
are characterised by ∆17O≈40h (Vicars and Savarino, 2014). In addition, they
suggest that ozone terminal atoms are most likely involved in 90% of its chemical
reactions (Savarino et al., 2007). Consequently, it is possible to define a reactive
isotopic signature for ozone (∆17 O (O3*)), encompassing isotopic distributions
within the molecular structure, and preferential terminal sites reactivity. Consider-
ing the mean isotopic composition of the bulk molecule, the isotopic anomaly of
reactive ozone can be estimated (Savarino et al., 2008). For the mean isotopic
value of 25.0 h of the bulk molecule, ∆17O (O3*) equals 36.0 h.

As shown in Fig.:1.7, isotopic fractionations are observed in each major
oxygen bearing specie. The larger the isotopic anomaly carried by atmospheric
molecules, the bigger is the deviation from isotopic compositions of terrestrial
samples (i.e. TFL). O-MIF of atmospheric oxidants are inherited directly or
indirectly from ozone and its photochemical reactions (Lyons, 2001). Since
during chemical reactions the isotopic anomaly of atmospheric oxidants can be
transferred to their reaction products, oxygen MIF (O-MIF) can be used as an
efficient tracker for oxidation of atmospheric chemical compound (Lyons, 2001).

Contrary to O-MIF, there are large uncertainties on the origins of S-MIF in
atmospheric sulphates, since multiple mechanisms have been proposed for
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Figure 1.7: The upper figure shows the relation between δ17O and δ18O in atmo-
spheric ozone. The lower figure depicts O-MIF of oxygen bearing atmospheric
species; deviations from the terrestrial fractionation line (TFL) represent the
magnitude of ∆17O. Credits: (Thiemens, 2006).
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its production. Laboratory studies have been able to reproduce S-MIF from
both reduced and oxidized sulphur compounds via high energy UV radiation
(Farquhar, 2000). These results suggest that anomalous fractionations are
generated by different photochemical processes, notably depending on the
wavelength of the radiation interacting with sulphur compounds. The main
photochemical reactions involved in the production of S-MIF are: photooxidation
of SO2 (220 < λ < 320 nm), photoexcitation of SO2 (240 < λ < 350 nm) and
SO2 photolysis (λ < 220 nm) (Pavlov et al., 2005; Lyons, 2007; Ono et al., 2013;
Whitehill et al., 2013, 2015; Ono, 2017).

Mass independent fractionations can be conserved in reaction products,
especially in chemically stable compounds such as sulphates and nitrates.
Notably, these species can be found in solid rocks and geological sediments from
ancient eras, providing a geological record for the atmospheric processing of
sulphur and nitrogen in the past. For instance isotopic fractionations from ancient
sediments can give informations on the evolution of the oxidative properties
of the atmosphere within different geological eras (Bao, 2015).Therefore, S-
MIF and O-MIF store useful informations also for paleoclimate reconstructions.
Sulphur deposits older than 2.45 Gyr have significant S-MIF which disappears
with the advent of the Proterozoic era (Farquhar, 2000), as shown in Fig.:1.8.
Model simulations suggest that low concentrations of atmospheric ozone should
be responsible for the generation of S-MIF (Claire et al., 2014). As high values
of S-MIF are observed in sulphate deposits from the Archean and the early
Proterozoic, it has been suggested that throughout these eras sulphate might
have been produced in absence of ozone, possibly in a reducing atmosphere.
As most of atmospheric ozone is formed from O2, S-MIF values similar to the
ones found in Archean geological records should have been formed in oxygen
poor atmosphere (e.g. <10−5 of present day concentrations) (Pavlov and
Kasting, 2002). The formation of S-MIF depends, indeed, on the exposure of
sulphur compounds to highly energetic UV radiation, which is prevented by high
concentrations of atmospheric ozone, hence O2.

Nowadays, ∆33S of atmospheric sulphate tends towards zero for sulphates
produced at low altitudes below the ozone layer, hence for tropospheric produced
sulphate (Ono, 2017). However, in the stratosphere S-MIF remains a good
tracker for probing processing of sulphur trace gases for altitudes above the
ozone layer (Thiemens, 2006; Whitehill and Ono, 2012; Whitehill et al., 2013,
2015).

4.2 Isotopic composition of atmospheric sulphates

Oxygen MIF provides crucial insight on the contribution of single SO2 oxidation
pathways during sulphate production. Notably, because sulphate O-MIF is
inherited from atmospheric oxidants during SO2 oxidation. In the troposphere
sulphate can be generated, indeed, by the reactions of SO2 with OH in the
gas phase, and by H2O2, O3, O2 /TMI, HOX (X = Br, Cl) and NO2 in the liquid
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Figure 1.8: The upper figure shows the relation between δ34S and δ33S in
terrestrial sulphur. Deviations from the TFL represent the magnitude of S-MIF.
The lower plot shows the change in ∆33S reported in sulphides and sulphates
collected from sediment rocks formed before and after the Archean era. Devia-
tions from the terrestrial fractionation line (TFL) disappear at the advent of the
Proterozoic era. Credits: (Farquhar and Wing, 2003).
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phase (Savarino et al., 2000; Harris et al., 2012b,c, 2013; He et al., 2014; Chen
et al., 2017). The isotopic composition of the oxidants of atmospheric SO2 are
relatively well known, and, therefore, the contribution of different SO2 oxidation
channels from the final O-MIF of sulphate can be possibly inferred.

Atmospheric OH is produced by the reaction of O1(D) with water vapour. For
mean tropospheric conditions the hydroxil radical does not carry O-MIF, and as
a result tropospheric sulphates produced in the gas phase are characterised by
∆17O of about 0 h (Savarino et al., 2000). Atmospheric H2O2 has a ∆17O of
about 1.50-2.00 h (Savarino and Thiemens, 1999a,b), generating sulphates
with O-MIF of 0.87 h. Tropospheric O2 molecules have a small negative ∆17O
of about -0.34 h (Young et al., 2002, 2014; Martin et al., 2014), and they
generate sulphates with O-MIF equal to -0.09 h (considered MD since within
the error limit of experimental measurements). Atmospheric HOX is supposed to
have a high ∆17O, since its oxygen atom is directly inherited by ozone. However,
because of the oxidation mechanism involved during sulphur oxidation it is
suggested that produced sulphates carry ∆17O≈0h (see chapter 3 and 5).
Atmospheric O3 has ∆17O(O*3) of about 36h, producing sulphate with O-MIF
of about 9h. Finally, the oxygen isotopic composition of NO2 depends on its
formation pathways, and it is highly dependent on environmental conditions.
However, since most NOx is produced in presence of ozone, NO2 shoukd carry
positive O-MIF, producing sulphates with positive O-MIF.

Overall, tropospheric sulphates have ∆17O around 1-2 h (Lee and Thiemens,
2001; Patris et al., 2007). However, since sulphate can be generated at different
chemical conditions within the troposphere, they carry different O-MIF depend-
ing on the peculiar environment where they have been produced. Sulphates
from sea salt aerosols (SSA) are characterised by high positive ∆17O between
1.0 and 7.3 h (Alexander et al., 2005, 2012). The high alkaline environment, in-
deed, promotes the SO2 heterogeneous oxidation via O3, which is the dominant
pathway of sulphate formation in the marine environment. Besides recent inves-
tigations suggest also significant contribution of HOX in the marine boundary
layer (MBL), contributing to production of up to 30% of total sulphate produced
above oceans (Chen et al., 2016, 2017).

Recent measurements and model simulations suggest the SO2 oxidation
catalysed by TMI could be the main pathway of sulphate production in clouds and
in tropospheric aerosols (Alexander et al., 2009; Harris, 2013; Harris et al., 2014).
Notably, it has been suggested that this sulphur oxidation channel might be
particularly dominant in polluted environments, where the presence of dust and
Fe(III) is enhanced by human activity (Han et al., 2016). Besides, anthropogenic
sulphates are commonly characterised by O-MIF in the range of 1-2 h, which
is in contrast to MDF fractionations formed during SO2 oxidation by O2 /TMI.
Recently, it has been observed that in large urban areas the SO2 oxidation led by
NO2 could also contribute significantly to sulphate production (He et al., 2014),
potentially justifying high O-MIF values observed on anthropogenic sulphates.

Different kind of informations can be gained by δ34S of sulphate aerosols,
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mostly regarding SO2 emission sources. Sulphate δ34S is mostly representative
of kinetic or equilibrium isotopic effects involved duringSO2 production and
atmospheric release. For instance, marine biogenic SO2 has a δ34S in the range
of 14-22 h (Rees and Holt, 1991), while anthropogenic SO2 is characterised by
δ34S fractionations within of -5 and 7 h (Krouse and Grinenko, 1991; Nielsen
et al., 1991). Since δ34S variations observed during SO2 oxidation (Harris et al.,
2012a,b,c) have to be specified for very constrained sources, it is rather difficult
to use this variable for assessing tropospheric processing of SO2.

4.3 Isotopic fractionations in volcanic sulphates

It is possible to distinguish sulphates generated during stratospheric eruptions,
from those produced during tropospheric volcanic activity. Different MIFs are
generated, indeed, by the processing of volcanic SO2 in the troposphere and
in the stratosphere, because of radically different environmental and chemical
conditions. Notably, large differences in S-MIF and O-MIF are observed between
volcanic sulphates generated in the troposphere or in the stratosphere.

Sulphur isotopes fractionations

Nowadays, S-MIF production is limited to the stratosphere, since high UV radia-
tion is needed for the activation of sulphur photochemical reactions (Ono, 2017).
Consequently, only sulphates from Plinian eruptions can display significant S-
MIF, because of direct injection of the plume into the stratosphere (Savarino
et al., 2003b; Baroni et al., 2008). During the last 15 years, useful informations
have been gained from volcanic sulphates generated during Plinian eruptions
and collected from ice cores in Antarctica. In particular, S-MIF presence has
brought some informations on how SO2 can be chemically processed in the
stratosphere. ∆33S for stratospheric volcanic sulphates of a same ice sample
follow a temporal evolution along the depth of the sampled fragment, varying
from an initial positive value of about +1 h (deep-ice sulphates), to a final
fractionation of -1 h (shallow-ice sulphates) (Savarino et al., 2003a; Baroni
et al., 2007, 2008). The activation of different photochemical reactions, SO2

self-shielding, and fractional isotopic distillation (i.e. Rayleigh’s distillation) are
all responsible for the observed temporal trends. Remarkably, ∆33S can provide
informations on the activation of different SO2 photochemical oxidation channels
in the stratosphere at different stages after plume release, hence providing
also some informations on chemical lifetime of volcanic SO2 and photochemical
reaction rates.

S-MIFs are not the only sulphur isotopic fractionations that have been mea-
sured in volcanic gases. Notably, δ34S fractionations are formed during SO2

degassing. This sulphur MDF has potential application to the assessment of
magmatic SO2 degassing fluxes to the atmosphere; it is, indeed, peculiar to
melts chemical speciation and degassing processes (Oppenheimer et al., 2013).
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Figure 1.9: Fractionations in sulphur volcanic gases (SO2 + H2S) for different
volcanic systems. The measurements were made combining fumarole and
plume samples. Fractionations are compared to δ34S of mid-ocean ridge basalt
(MORB). Credits: (Oppenheimer et al., 2013).

The variables influencing the extent of δ34S in volcanic gases are: the rate of sul-
phur degassing from melts, the compositional ratio SO2 –

4 /S2 – of the magma, the
ratio of SO2/H2S in the gas phase (proportional to the oxygen fugacity of gases
and on the water content of melts) and the temperature of magma (Mandeville
et al., 2009; De Moor et al., 2010; Oppenheimer et al., 2013).

Different δ34S fractionations are observed for arc and plume volcanoes,
and they are mostly linked to different speciation of sulphur trace gases, silica
content and mineralization in melts of different systems. The table in Fig.:1.9
summarises the experimental fractionation observed in volcanic sulphur gases
for different volcanic systems. Plume and rift volcanic gases are characterised
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by low δ34S, and the average fractionation is between -2.8 and 3.5 h. On the
contrary, volcanic sulphur volatiles from arc-volcanoes tend to be enriched in
heavy sulphur isotopes; the average δ34S is within 2.2 and 13.5 h. An important
contribution to δ34S is the geological origin of the sulphur of volcanic systems.
Melts from arc-volcanoes are more enriched by sea water subducted directly
into the mantle, which contributes significantly to the sulphur budget of melts
(Oppenheimer et al., 2013). Since the isotopic fractionation of sea sulphate has
δ34S equal to 21 h, island arc volcanoes tend to be enriched in heavy sulphur
isotopes (Alt et al., 1993). However, at the current state of knowledge it is difficult
to apply volcanic δ34S to the study of sulphur cycling within the mantle, and
SO2 degassing. Further investigations are, indeed, needed before being able
to asses volcanic sulphur fluxes from degassing via MDF observed in volcanic
sulphur volatiles. As a result, together with S-MIF, this parameter will be not
further investigated during this study, also because the main purpose of this
work is the investigation of volcanic SO2 oxidation in the troposphere.

Oxygen isotopes fractionations

The stratosphere is characterised by low temperatures and dry conditions.
Notably, liquid water cannot form because of immediate sublimation of ice
crystals due to low pressure and temperatures (Seinfeld and Pandis, 2016).
Volcanic SO2 reaching the stratosphere cannot be oxidised in the aqueous
phase, since water is mostly present as water vapour. Accordingly, in the
stratosphere SO2 is mostly oxidised by the gas phase reaction with OH (Bekki,
1995; Savarino et al., 2003a), and by a combination of photochemical reactions
(Ono, 2017). Notably, OH is formed in the stratosphere with a very large
∆17O(OH), since the rate of isotopic exchange with water vapour is very low
due to the extremely dry conditions. Modelling experiments suggest that OH
formed in the stratosphere should carry a ∆17O(OH) with value between 2-45 h
(Lyons, 2001; Alexander et al., 2002), which is inherited by produced sulphate.
Consequently, stratospheric volcanic sulphates are characterised by a large
positive O-MIF, inherited from OH (Savarino et al., 2003a).

In the troposphere SO2 can be oxidised via multiple reactions, notably in the
aqueous phase. It is suggested, indeed, that most tropospheric SO2 is oxidised
via heterogeneous reactions in the liquid phase of atmospheric hydrometeros
(Stevenson et al., 2003a; Berglen et al., 2004; Park et al., 2004; Alexander
et al., 2009). Notably, during SO2 oxidation sulphate with positive O-MIF are
generated if SO2 oxidation by O3 and H2O2 are dominant, while sulphate with
mass-dependent O-MIF are formed if SO2 oxidation by O2 /TMI, HOX or OH
prevail (Savarino et al., 2000; Alexander et al., 2009). In contrast to stratospheric
volcanic sulphates, those produced in the troposphere do not carry significant
positive O-MIF. On the contrary, tropospheric volcanic sulphates collected from
volcanic ash-deposits are characterised by a ∆17O ≈ 0.0±0.1h (Bao et al.,
2003; Martin et al., 2014; Martin, 2018), independently to location in the globe.
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This is also observed for volcanic sulphate collected very far from volcanic vents,
in regions where secondary sulphate is expected to vastly dominate.

The lack of O-MIF in tropospheric volcanic sulphate is rather fascinating,
since it suggests that SO2 oxidation within tropospheric volcanic plumes follow
peculiar reaction pathways, as for SO2 oxidation on sea-salt aerosols, or on
mineral dust and clouds (Alexander et al., 2005; Harris et al., 2012a,b,c). Within
a volcanic plume there are, indeed, radically different chemical conditions if
compared to the mean tropospheric composition. Notably, the combination of
large SO2 and halogens concentrations generate an extremely intricate chemi-
cal environment. Moreover, halogens chemistry should radically alter in-plume
oxidants concentrations, since halogen radicals can destroy ozone via auto-
catalytic reactions (Bobrowski and Platt, 2007; Roberts et al., 2009; von Glasow
and Crutzen, 2013). For instance, halogens radicals might drastically reduce O3

and OH concentrations within a plume, altering its oxidative conditions over the
long run. At the same time, halogens are commonly thought to be washed out by
in-plume particles and water droplets, and therefore halogens activation might
not occur within water rich volcanic plumes. Mass dependent isotopic fraction-
ations suggest a dominant contribution by SO2 oxidation pathways producing
mass-dependent sulphates, notably OH, O2 /TMI, or possibly HOX.

5 Objectives and study outline

Nowadays, it is still highly uncertain how tropospheric sulphate is generated
within tropospheric plumes, since in-plume chemistry is very intrigued and com-
plex. There is very little insight on volcanic sulphur oxidation in the troposphere
because few investigations have focused on chemical processing of volcanic
SO2, in function of different volcanic emission scenarios.

The purpose of the present box-modelling study is to explore in detail the
oxidation and fate of volcanic sulphur in tropospheric volcanic plumes. The
final goal is to understand to what extent the chemical environment of a dense
volcanic plume may affect sulphur dynamics and pathways of oxidation. Another
purpose is to unveil the impact of halogens on in-plume chemistry, depending to
different plume conditions. Notably, halogens reactivity influences tropospheric
oxidants concentrations, and potentially volcanic sulphur oxidation and its tro-
pospheric lifetime. In addition, also particles liquid phase, and water content
might vary enormously within different plumes. The study is performed using
a photochemical box-model, monitoring sulphate oxygen isotopic composition.
Modelled sulphate O-MIF are used to validate model results from this work, and
they are compared to oxygen isotopic compositions of tropospheric volcanic
sulphates from volcanic ash-deposits from present and historical tropospheric
eruptions (Bao et al., 2003; Martin et al., 2014; Martin, 2018).
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Outline

To pursue this investigation CiTTyCAT has been enriched by a detailed sulphur
heterogeneous chemistry scheme, describing SO2 oxidation within cloud water
droplets and within the liquid phase of volcanic sulphate aerosols (primary
sulphates). The chemical scheme has been implemented also by an halogens
heterogeneous chemical module, describing halogens heterogeneous reactions
in plumes water droplets or sulphate aerosols. Finally, the chemical scheme
is coupled to an oxygen isotopes transfer scheme, describing the evolution of
O-MIF in produced and deposited sulphates. This work is structured as follows:

• The second chapter describes the modelling framework of CiTTyCAT, and
the main physical and chemical processes added to the model to describe
heterogeneous chemistry within water droplets or sulphate aerosols. In
more details, the chapter focuses on heterogeneous chemistry, which is
implemented differently depending on the composition of the liquid phase
of volcanic plumes particles. Finally, the second chapter also describes
the new oxygen isotopes transfer scheme added to the main framework of
the model to describe O-MIF formation in tropospheric sulphates.

• The third chapter describes how the new version of CiTTyCAT has been
applied to treat sulphur and halogens heterogeneous chemistry. In par-
ticular, there is a thorough description of: mass-transfer fluxes between
gas phase and in-plume particles, volcanic gases partitioning between
liquid and gas phases, pH evolution within cloud droplets, sulphur aqueous
equilibria and dissociation, sulphur oxidation (within water droplets and
concentrated sulphuric acid), and halogens heterogeneous chemistry.

• The fourth chapter includes a first application of the model. This study
focuses on volcanic sulphur oxidation dynamics within a volcanic cloud
in presence of high concentrations of SO2, water and ash. Notably, the
O2 /TMI, OH and H2O2 pathways relative importances are explored for dif-
ferent plume scenarios, within a range of plausible conditions for volcanic
plumes. The modelled O-MIF are finally compared to the oxygen isotopic
signatures measured on volcanic sulphates from tropospheric volcanic
ash-deposits.

• The fifth chapter describes a second application of the model. The
second investigation focuses on volcanic SO2 oxidation in presence of
halogens. In addition, this time the model investigates also SO2 oxidation
and relative sulphate isotopic signatures formed within sulphate aerosols,
in absence of cloud water droplets. The aim of this second investigation
is to determine the influence of volcanic halogens on in-plume oxidants
concentrations, hence on sulphur oxidation dynamics. Notably, this time
also the SO2 oxidation reaction by HOX (HOX = HOCl + HOBr) is added
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to the possible pathways of volcanic sulphate production. Halogens role
on SO2 oxidation is explored for different plume scenarios, notably with
regards to halogens and sulphur loadings. Finally, the modelled isotopic
signatures are compared to the oxygen isotopic signatures measured
experimentally on sulphates from tropospheric volcanic ash-deposits.

• The sixth chapter collects the main outcomes of this work, and it suggest
further perspective of investigation, or eventually model application.
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CHAPTER 2

Modelling

“Everything should be made as simple as possible, but not simpler”

A. Einstein

1 Introduction

There are several approaches that can be used to study phenomena and
their impacts. Typically, investigations can be conducted through laboratory
experiments, observations and/or numerical modelling. The object of this study is
the sulphur oxidation in volcanic plumes. Volcanic plumes are rather constrained
unusual settings where the concentrations of emitted species and aerosols
are high, creating a chemical environment very different from the surrounding
(background) atmospheric conditions. Note that term “plume” here refers not only
to dense plumes coming out of the volcanic emission source (e.g. crater) but also
to volcanic clouds, i.e. air masses perturbed by volcanic emissions, advected by
the winds and appearing totally detached from the emission sources.

The chosen approach to conduct this research is numerical modelling. A
numerical model is a virtual simulator of reality. The design of a model and
model experiments is highly dependent on the aspect of the question that is
tackled and on the computing resources available. The main focus here is on
the chemical environments of volcanic plumes, and on the physical-chemical
processing and fate of chemically active sulphur and halogen species. For
this reason, the dynamics of the plume are more or less ignored, or more
precisely they are treated in a highly simplified. Without the high computing
costs associated with model representations of dynamics, the chemistry scheme
can be very detailed in the photochemical model. As it will be illustrated in the
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later, a detailed description of chemistry including isotopes was needed to gain
an accurate representation of the evolution of volcanic emissions.

Photochemical box-models are used to describe the evolution of chemical
species concentrations in an air mass under the action of physical and chemical
processes. These numerical tools simulate efficiently the effect of atmospheric
chemical processes using chemical kinetics data. Because of their low computa-
tional costs, it is possible to describe the overall chemistry in a very detailed way,
notably heterogeneous chemical processes resulting from the presence of liquid
phases (sulphate aerosols, cloud droplets). Another advantage of box-models
is that they allow to study the chemistry in atmospheric environments which
are difficult to probe through direct measurements. For instance, it is difficult to
carry out in-situ measurements in dangerous environments, or to make remote
(often optical) measurements in optically dense plumes. In addition, key reactive
short-lived species such as radicals are still very difficult to observe. Models
simulate what is difficult or not possible to measure. Overall, photochemical box
models appear to be efficient, cheap and simple tools for exploring the chem-
istry of volcanic plumes, without the risks and hazards linked to atmospheric
measurements.

There are also downsides to the use of box models. The box-model is used
here to simulate the average chemical composition of volcanic plumes. It is not
adapted to resolve the specific chemical evolution of air masses composing
the volcanic plume, i.e. the 3-D distribution of the plume chemical composition.
In summary, the chemical heterogeneity of a volcanic plume is ignored. In
addition, compared to more complex atmospheric models, a box-model is not
adapted to investigate atmospheric processes whose effects extend on large
spatio-temporal scales. In order to follow the evolution of chemicals at regional
scales it is, indeed, necessary to couple photochemical schemes to transport
schemes. One modelling framework to couple chemistry and dynamics is the
Eulerian framework whose model grid is more or less regular and fixed. The re-
sulting models are called Eulerian chemistry-transport models. Another possible
approach is to advect chemical box models along multiple trajectories, as it is
done in Lagrangian models. In principle the most accurate comparison of model
simulations to specific experimental measurements is done by coupling the
simulation of physico-chemical and transport processes. However, the first step
is to explore the chemistry involved during the processing of volcanic emissions
of chemically active species. The photochemical box-model used for this study
is called CiTTyCAT. It is used to investigate volcanic sulphur chemistry and
relative isotopic transfer during production of sulphates in the troposphere. CiT-
TyCAT is a well-established model which can accurately describe tropospheric
photochemistry and atmospheric mixing (Evans et al., 2000; Real et al., 2007).
Obviously, model results will need to be evaluated against experimental data.

In general, assessing the processing and ultimate fate of atmospheric
species requires closing its budget which involves the quantification of both
the burden and the fluxes (that is, source/sink rates) associated with the different
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processes acting on the chemical species, such as emissions, chemical reac-
tions, transport and deposition. Conventional methods rely mostly on models that
are evaluated and constrained with atmospheric concentration measurements,
because there is no direct means of measuring chemical fluxes associated
with individual reactions (Morin et al., 2008). This represents a necessary but
incomplete validation of models. In contrast, the measurement of isotopic com-
position of atmospheric species provides direct insights into the nature and
importance of individual chemical fluxes (Brenninkmeijer et al., 2003). There-
fore, physico-chemical models containing also a description of isotopes can
be better evaluated and constrained using not only atmospheric concentration
measurements but also isotopic measurements

The current chapter describes the development of the model and descrip-
tions of physico-chemical processes. The processes implemented in CiTTyCAT
are: mass transfer, aqueous chemistry of sulphur and halogens in cloud droplets,
heterogeneous chemistry (i.e. reactive uptake) on sulphate aerosols, and an
isotopic transfer scheme for sulphate production. The following section de-
scribes the heterogeneous chemistry framework used in the case of either water
droplets, or sulphate aerosols. The third section deals with the overall sulphur
chemistry scheme in the gas and aqueous phases. The final section illustrates
how isotopic mass balance equations are implemented in the model to simulate
the transfer of O-MIF from atmospheric oxidants to the sulphur oxidation end-
product, sulphate. This new version of the model is then applied to investigate
the fate of volcanic sulphur and the results are presented in the next chapters.

2 Mass-balance equations and kinetics of reaction

The evolution of atmospheric concentrations is described by mass balance
equations and reaction kinetics. Mass conservation is expressed through the
so-called continuity equation. Atmospheric processes treated in the model are:
emissions, photochemical and chemical reactions (in the gas and liquid phases),
mixing with background air, and mass loss due to deposition to the Earth’s
surface.

The continuity equation describes the production and destruction of species,
as defined in Eq.:2.1.

d[C]i
dt

=
∑
j

Pj −
∑
m

Lm −Di −Mi (2.1)
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where: [C]i, concentration of i
Pj , production rate via channel j
Lm, loss rate via channel m
Di, deposition rate of specie i
Mi, mixing rate of i with background air

Chemical reactions

Production and loss terms are defined by reaction rates, which are the product of
reaction constants (k) and reactants concentration. In the chemical scheme, the
temporal evolution of compounds is treated via differential equations (Eq.:2.2).
Continuity equations are numerically integrated by CiTTyCAT equation solver.

d[C]i
dt

=
∑
j

k(p,j) · [A] · [B]−
∑
m

k(l,m) · [C]i · [D] (2.2)

where: k(p,j), reaction constant for the production via channel j
[A], [B], [D], concentration of species A,B,D involved during

production or loss of Ci

k(l,m), reaction constant for loss process of Ci

via channel m

Reaction rates are estimated depending on the value of reaction rate con-
stants. Arrhenius equations introduce reaction rates variability with temperature,
hence reaction constants temperature dependence:

kb(T ) = A ·
(
T

300

)−n
· exp

(
−Ea

RT

)
(2.3)

where: A, pre-exponential factor of the Arrhenius equation,
proportional to specific collisional properties of the molecule

n exponential term describing temperature dependence of the
pre-exponential factor (−1 < n < +1, but mostly n = 0)

T , temperature of the system
Ea, activation energy for the reaction
R, universal gas constant

Termolecular reactions depend on the collision of three molecules to undergo
gas-phase reactions. In CiTTyCAT, termolecular rate constants are reduced to
effective second-rate constants, following Troe’s formulation, as shown:
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kt(T, [M ]) =

(
k0(T ) · [M ]

1 + k0(T ) · [M ]/k∞(T )

)
· F (1+[log10(k0(T )·[M ]/k∞(T ))]2)

−1

(2.4)

where: k0(T ), low-pressure limit rate constant
k∞(T ) high-pressure limit rate constant
[M ], atmospheric density
F , constant with 0.6 value

Photolysis rates are evaluated using the Fast-J code (Wild et al., 2000).
Tropospheric photolysis reactions are calculated considering the presence of
clouds and mean tropospheric aerosol loading. The Fast-J algorithm optimizes
computational time by selecting seven specific wavelengths at which it evaluates
photolytic intensity (Ī(λk)). Wavelengths are selected within the range of 289-
850 nm; these values represent the center of radiation bins for which weighted
solar fluxes are calculated. Weighted solar fluxes are then used to evaluate
photolysis constant (ji), as illustrated:

Bin (nm) 1 2 3 4 5 6 7
BEGIN

λk,7 289.00 298.25 307.45 312.45 320.30 345.00 412.45
END

λk,7 298.25 307.45 312.45 320.30 345.00 412.45 850.00
AVERAGE

< λ > 294.00 303.00 310.00 316.00 333.00 380.00 574.00

ji =
∑
k

σ̄i(λk, T )·φ̄i(λk, T )·Ī(λk)·∆λk (2.5)

where: σ̄i, average cross-section of specie i in wavelength bin k
φ̄i, average quantum yield of specie i for wavelength bin k
Ī(λk), actinic flux per wavelength bin
∆λk, wavelength bin

Deposition

Deposition is treated as a first-order process and it is applied only to species
dissolved in cloud water droplets or contained in aerosols. Deposition rate
coefficients (kd) are assumed to be proportional to the mean lifetime of cloud
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droplets or sulphate aerosols either in the free troposphere or in the boundary
layer. Deposition rates are defined as:

Di = −k(d,i) · [C]i (2.6)

where: Di, flux of deposition
k(d,i) deposition constant of i, dependent on species average lifetime
[C]i, atmospheric concentration of i

Mixing

Mixing with background atmosphere is expressed by a sample first-order pro-
cess. It is parametrised by a simple linear relaxation scheme, resulting in an
exponential decay of plume concentrations towards background concentrations.
Box dilution due to mixing is expressed as:

Mi = Kmix · ([C]i − [C]i,bck) (2.7)

where: M(i), mixing flux
Kmix, mixing rate
[C]i, concentration of specie i in the box
[C]i,bck, concentration of specie i in background atmosphere

Mixing rates reflect the magnitude of turbulence of the system. The higher
the value of Kmix the higher is mass exchange with outside atmosphere.

3 Heterogeneous phase chemistry

Interactions between gas-phase molecules and liquids play an important role in
the atmosphere, where liquid phase interactions are involved into a wide range
of processes, such as: acid deposition, haze events, ozone depletion events,
aerosols formation and regional climate.

In the atmosphere, the condensed phase can constitute a small volume
compared to the gas phase. However, collisions between particles and atmo-
spheric gases are rapid and they can occur on a large scale. For example in
tropospheric clouds, where water droplets have an average radius of about 5
µm, the collision time is around 1 second. Considering an average 10−7 cloud
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droplet-to-gas volume ratio, potential liquid phase interaction can significantly
alter chemical processing of atmospheric gases if gas uptake is promoted (Davi-
dovits et al., 2006). The initial uptake into atmospheric condensed phases is
just one in a series of multiple steps involved in heterogeneous processing of
chemical species. Following gas-particle collisions, liquid phase reactions can
lead, indeed, to production of new chemical species, that can be released or
further react in the condensed phase. Therefore, heterogeneous processes
constitute a crucial step for atmospheric processing of chemical species.

The kinetics of gas-liquid interactions are difficult to asses both theoretically
and experimentally. Analytical parametrization of all the steps involved in hetero-
geneous phase reactions is, indeed, rather complex. A theoretical framework
that is widely used in atmospheric studies is the formulation of gas uptake. This
model allows to decouple and incorporate most of the factors affecting gas-liquid
interactions. The overall net gas-uptake is described by the uptake coefficient
(γi). The net maximum flux of species i to the condensed phase is parametrised
by Ji(tot) (molecules · cm−2s−1), expressed as:

Ji(tot) =
γi · νi

4
· [Ci] (2.8)

where: [Ci], is the concentration in the gas phase of i
νi, average molecular speed of i

In this mass-transport formulation γi expresses the general probability that
a molecule enters into the condensed phase. In this scenario the γi is only
limited by the accommodation of i into the liquid phase. However, for most
atmospheric gases, the uptake coefficient into the condensed phase is not
a constant parameter. It varies with time and especially with the change in
the chemical composition of the condensed phase and the air. γ, indeed,
encompasses multiple processes that influence the uptake of trace gases into
the liquid phase, respectively: molecular diffusion in the gas phase, transfer
through the gas-liquid interface, diffusion in the liquid bulk phase, liquid chemical
reactions and all the saturation effects (Davidovits et al., 2006; Ammann et al.,
2013). A schematic representation of the major processes affecting gas-particle
interactions is shown in Fig.:2.1. All these interactions are highly influenced by
the physico-chemical composition of gas and liquid phases.

In this new version of CiTTyCAT heterogeneous chemistry has been imple-
mented differently for water droplets and atmospheric particles. Less informa-
tions are available for liquid phase reactions and equilibria in the condensed
phase of atmospheric aerosols. Therefore, it is difficult to separately describe the
single contributions involved during the uptake of chemical species on aerosols.
However, the reactive uptake resistance model incorporates effects that can-
not be easily included into the analytical formulation of aerosols liquid phase
chemical equilibria.
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Figure 2.1: Visualization of main physical and chemical processes involved
during the interactions of atmospheric gases and particles. Credits: (Davidovits
et al., 2006).

Based on these premises, in this new version of CiTTyCAT aqueous phase
chemistry is explicitly included (i.e. mass-transfers, aqueous chemical equilibria,
aqueous chemical rates), while heterogeneous phase chemistry on the surface
or within other atmospheric particles is treated implicitly via reactive uptake
coefficients (γr). The latter includes all major contributions to uptake into a
single variable.

3.1 Water droplets

The processes involved in the heterogeneous chemistry of cloud droplets are
treated explicitly considering respectively the net mass flux to the liquid phase,
and chemical reactions and equilibria within the aqueous phase.

Mass-transfer

When the species is dissolving in the droplets, one can assume thermodynamical
equilibrium between the aqueous concentration of i in the sublayer and the
gas phase concentration just above the liquid surface. This equilibrium is
determined by the Henry’s law coefficient of the species, included in the model
via [Ci]s evaluation. In absence of significant liquid and gas phase limitations to
uptake, the maximum gas-to-droplets flux (Ji(tot)) is limited by the rate at which
molecules cross the interface between gas and liquid phase. This parameter
described by the accommodation coefficient (αi):

αi =
Nabs

Ncls
(2.9)
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where: Nabs, number of gas molecules absorbed by the condensed phase
Ncls, number of gas molecule collisions with condensed phase

If the flux is limited by the accommodation at the surface, the kinetic regime
flux to a single droplet of radius Rp is given by:

JK(i) = πR2
pνiαi · ([Ci]− [Ci]s) (2.10)

Considering:
[Ci]s = pi ·Hi (2.11)

where: αi, accommodation coefficient of species i onto liquid substrate
Rp, particle radius
[Ci]s, concentration of specie i just above above the liquid surface
pi, partial pressure of i
Hi, Henry’s law coefficient of i

This flux approximation is valid only under kinetic regime, where the freepath
of gas molecules is above the size of atmospheric particles. At these conditions,
the rate of molecular dissolution is limited by the rate of kinetic collision. In
most cases the rate of dissolution is governed by boundary conditions (e.g.
competition between continuum and kinetic regimes), which are converged into
the transition regime formulation.

The transition regime approach evaluates mass-transfer fluxes (J(i)) through
a more complex formulation, which matches the shift from kinetic to continuum
regimes of dissolution depending on the size of atmospheric particles and on the
thermodynamic properties of the system. Assuming r as the boundary reactive
radius, ∆ as the boundary distance from the surface of atmospheric particles,
and Rp as the effective radius of particles, it is possible to define spatial regions
and particle sizes at which continuum or kinetic regimes better constrain the
rates of molecular dissolution. This approach is also defined as flux matching,
and it assumes that: continuum theory applies to the region where the radius
of atmospheric particles match r ≥ ∆ +Rp, while kinetic regime applies to the
region where Rp ≤ r ≤ ∆ + Rp. Therefore, assuming a ∆ in the order of the
freepath of trace gases, it is possible to switch from continuum to kinetic regimes
depending on the conditions of gas-particle interactions. A schematic represen-
tation of the three different regimes of gas-particle interactions is represented in
Fig.:2.2.

In order to parametrize the influence of temperature and pressure, mass
fluxes are expressed in function of the Knudesen’s number (Kn), a dimension-
less parameter. The former variable represents the probability of encounter
between molecules and suspended aqueous particles. Depending on the size
of atmospheric particles with respect the mean molecular free path of i (λi), a
correction factor is introduced to cover from the kinetic to the continuum regime
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Figure 2.2: A schematic representation of the three main mass-transfer regimes
for gas to liquid dissolution of atmospheric compounds into atmosphric particles.

(Seinfeld and Pandis, 2016). In our case, the expression for the transition regime
correction factor is taken from Dahneke (Dahneke, 1983). Assuming that ∆ = λi,
Dair as the diffusion coefficient of gas species in air, and the theoretical ratio
between JK(i) and JC(i) (Seinfeld and Pandis, 2016), the final flux to a single
droplet can be derived:

JK(i)

JC(i)
=

αi · νi
4 ·Dair

·Rp (2.12)

J(i)

JC(i)
=

1 +Kn

1 + 2Kn(1 +Kn)/αi
(2.13)

J(i)

JK(i)
=
JC(i)

JK(i)
·
J(i)

JC(i)
=

4Dair

αiνiRp
· 1 +Kn

1 + 2Kn(1 +Kn)/αi
(2.14)

J(i) = πR2
pνiαi ·

4Dair

Rpνiαi
· 1 +Kn

1 + 2Kn(1 +Kn)/αi
· ([Ci]− [Ci]s) (2.15)

J(i) = 4πRpDair ·
1 +Kn

1 + 2Kn(1 +Kn)/αi
· ([Ci]− [Ci]s) (2.16)

where:

Kn =
λi
Rp

=
2 ·Dair

νi ·Rp
(2.17)

λi =
2 ·Dair

νi
(2.18)
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Note here that for Kn →∞:

J(i)

JC(i)
→ αi

2Kn
(2.19)

While for Kn → 0:
J(i)

JC(i)
→ 1 (2.20)

Aqueous phase reactions

Since the model CiTTyCAT resolves continuity equations for species with gas-
phase concentration units, liquid phase concentrations in cloud water droplets
(e.g. M) and rate constants have to be expressed into gas-phase units in the
code in order to be treated by chemistry solver (Seinfeld and Pandis, 2016).
Liquid phase reaction rates are converted to equivalent gas phase reaction rates
considering the liquid water content (LWC) of the box. The LWC has different
values depending on different cloud typologies, typically: mean saturated clouds
(0.1 gm−3), water-rich cumulus clouds (0.5-1 gm−3), and cumulonimbus clouds
(1-2 gm−3) (Laj et al., 1997; Rosenfeld and Lensky, 1998; Pruppacher et al.,
1998; Korolev et al., 2007; Carey et al., 2008).

Units have been converted to treat liquid phase rates in a gas-like fashion,
via the following expression:

Ri(Ms−1) = ki,l · [Ci](l)[A](l) (2.21)

K l−g
j =

k(i,l) · 103

NA · wl
(2.22)

R′i = K l−g
j · [Cj ]

l−g[A]l−g (2.23)

where: Na, Avogadro’s number
wl, liquid water mixing ratio (wl = 10−6 · LWC)
LWC, liquid water content (liquid water suspended in 1 m−3 of

air, gm−3)
[Ci]l−g, gas phase equivalent concentration of liquid species

Therefore, the LWC can play a crucial role in aqueous oxidation of chemical
species, since it controls the extent of aqueous phase chemical rates. In this
version of CiTTyCAT droplet radius is fixed, therefore, LWC controls also droplets
concentration.
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3.2 Sulphate aerosols

Reactive uptake

The uptake of atmospheric gases into sulphate aerosols is parametrised via a
resistance model. This representation is based on an electrical circuit analog,
where each process influencing the uptake is described as a resistance term.
The overall uptake into liquid phase is decoupled into different resistances that
can be combined in series or parallel to define the total rate of uptake. This new
definition of the uptake coefficient includes all the heterogeneous processes into
a single variable, defined by the reactive uptake coefficient (γr). The reactive
uptake replaces γi in Eq.:2.8 to describe the overall net uptake of i in the liquid
phase.

In the uptake resistor model gas-particle heterogeneous processes de-
scribed in Fig.:2.1 are typically split in gas, surface and resistances to uptake.
The γr takes the following form:

1

γr
=

1

Γd,i
+

1

αi
+

1

Γb,i + Γsol,i
(2.24)

where: Γd,i, gas-phase resistance to uptake
αi, surface resistance to uptake (accommodation coefficient)
Γb,i, resistance to uptake due to liquid phase reactions
Γsol,i, resistance to uptake due to liquid solubility

The first term in the right side of the equation represents the resistance to
the uptake due to gas-phase diffusion (Γd,i), and it is expressed as:

1

Γd,i
=

0.75 + 0.238Kn

Kn(1 +Kn)
(2.25)

The value of αi is usually given, and it is typically obtained by laboratory
experiments. It is a molecular parameter that changes within different condensed
phases (e.g. water droplet or sulphate aerosols).

When surface reactions are absent, the resistance due to solubility and
liquid reactions are represented by two parallel resistances. The uptake co-
efficient evolves with time depending on solvation and liquid diffusion limits.
Liquid saturation depends on the time of exposure of the liquid to gas species.
Longer exposures induce saturation of the liquid phase and an enhancement of
the resistance to uptake. The resistance due to saturation/solubility (Γsol,i) is
expressed as:
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1

Γsol,i
=

4HiRT

νi

√
τπ

Dl,i
(2.26)

where: Hi, Henry’s law coefficient of of i
R, ideal gas constant
τ , particle exposure time to trace gases
Dl,i, liquid phase diffusion of species i

If chemical reactions are occurring in the liquid phase the resistance to
uptake is lowered. The final resistance to uptake due to liquid phase reactions
(Γb,i) is expressed as:

1

Γb,i
=

4HiRT

νi

√
Dl,i · k′ (2.27)

where: k′, first order constant of liquid phase reaction

When liquid phase reactions are second order, they are converted to the
equivalent pseudo-first order reactions. The reaction constant is expressed as
k′ = k” · [Y ], where [Y ] is the concentration of the chemical species in excess
in the liquid phase. However, if liquid phase reactions are faster than liquid
diffusion in the gas phase, Γb,i is expressed as a function of the reacto-diffusive
length (l, cm):

l =

√
Dl,i

k′
(2.28)

1

Γb,i
=

4HiRT

νi
·
√
Dl,i · k′b · [coth(Rp/l)− (l/Rp)] (2.29)

For atmospheric particles (e.g. aerosols small droplets), indeed, l can be in
the order or even larger than the size of suspended particles, and the reacto-
diffusive length introduces a dimensional constraint for which the volume of
the particle limits the rate of uptake of gases. If l > Rp the reactant can fill,
indeed, the entire liquid phase and the uptake becomes limited by the volume of
particles (Davidovits et al., 2006). A schematic representation of gas-particle
interactions implemented in CiTTyCAT for water droplets and sulphate aerosols
during this work is illustrated in Fig.:2.3.
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Figure 2.3: A schematic representation of gas-particle interactions implemented
in CiTTyCAT.
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4 Modelling O-MIF transfer

Ozone is a key chemical reactive species of the troposphere. Its isotopic anomaly
is intrinsically generated (through photolysis and recombination reactions) in-
stead of being inherited by isotopes transfer like for most atmospheric species
(Marcus, 2013). Other oxygen-bearing species in the atmosphere can gain
excess-17O by transfer of this ozone anomaly via reactions with ozone itself,
reactions with species that have already inherited the ozone anomaly, or via
anomalous kinetic isotopic effect (Roeckmann, 1998; Lyons, 2001; Michalski
et al., 2003).

Transfer of O-MIF among atmospheric species is process-specific and can
be used as a signature to trace the chemistry of species as they react with
specific oxidants. Once the isotopic anomalies of the oxidants are characterised,
the resulting ∆17 O of an end-oxidation product is simply a linear combination of
the isotopic signatures of all the oxidation channels weighted by their respective
contributions, to the total production of the end-oxidation products. A fraction of
the initial anomaly can be transferred from reactants to products during chemical
reactions, resulting in process specific isotopic signatures. Therefore, once the
number of oxygen atoms which are transferred from initial reactants during the
oxidation is assessed, final isotopic compositions provide direct insights into
the nature and importance of individual oxidation fluxes (Savarino et al., 2007;
Morin et al., 2008; Martin et al., 2014).

In order to follow ∆17O evolution of reaction products, isotopic transfer
schemes are embedded into continuity equations. A new variable, the Anomaly
Product, is defined by the product of mass equations and O-MIF transfers.
Following mass-balance production and loss terms, the new isotopic mass-
balance equation becomes:

d

dt

(
[C] ·∆17O(C)

)
=
∑
i

(
Pi ·∆17Oi(C)

)
−

∑
j

Lj

 ·∆17O(C) (2.30)

Considering that no other isotopic anomaly is introduced in the system, and
that short term variations of ∆17O are negligible, the O-MIF of a given species is
equal to the ∆17O induced by the combination of its different chemical sources,
weighted on relative strength of single reaction transfer rates. The system,
indeed, is assumed to be in a steady state. Therefore, if the system is in steady
state, the final isotopic anomaly obeys Eq.:2.31:

∆17O(C) =

∑
i

(
Pi ·∆17Oi(C)

)∑
i Pi(C)

(2.31)

In this new version of CiTTyCAT, the anomaly product is directly evaluated
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by an external integration module implemented in the model. This approach
does not affect significantly the results.

Solving the continuity equation

CiTTyCAT builds continuity equations through a chemical scheme compiler,
DELOAD. The differential equations describing the evolution of chemical con-
centrations are resolved via a numerical integrator of differential stiff equation,
SVODE (Evans et al., 2000). The structure of DELOAD does not allow to define
an anomaly product hat could be integrated by the numerical integrator while
being separated from the chemical scheme. Therefore, the temporal evolution
of the anomaly product, hence O-MIF, is integrated via an external module that
does not interfere with mass-balance continuity equations processed by SVODE.
By doing so the chemical and the isotopic transfer schemes are totally separated
and independent.

An accurate method to estimate precise solutions of ordinary differential
equations is the 4th Runge-Kutta method (4th-RKM). This numerical method
estimates the evolution of numerical variables, by using the projections of its
derivatives at mid-points of integration. Considering the differential equation:

dy(t)

dt
= y′(t) = f(y(t), t) (2.32)

If initial conditions y(t0) = y0 are known, the following assumptions are true:

k1 = f(y(t0), t0) (2.33)

k2 = f

(
y(t0) + k1

h

2
, t0 +

h

2

)
(2.34)

k3 = f

(
y(t0) + k2

h

2
, t0 +

h

2

)
(2.35)

k4 = f (y(t0) + k3h, t0 + h) (2.36)

y(t0 + h) = y(t0) +

(
1

6
k1 +

1

3
k2 +

1

3
k3 +

1

6
k4

)
· h (2.37)

where: y(t0), initial y value
h, time step
k1, slope of the function at t0
k2, slope of the function half way through time step (evaluated
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using slope k1)
k3, slope of the function half way through time step (evaluated

using slope k2)
k4, slope of the function as computed at full temporal step

(evaluated using slope k3)

Final isotopic compositions are calculated considering that integration ac-
curacies of the 4th-RKM do not deviate significantly from the ones of SVODE.
As a result, CiTTyCAT integrates chemical concentrations, and the 4th-RKM
estimates the temporal evolution of the anomaly product. The isotopic composi-
tion ∆17O(C) found on reaction products is therefore obtained by the ratio of the
4th-RKM AP with the concentration calculated by CiTTyCAT:

∆17O(C)f (t) =
[C]RKM (t)

[C]CTC(t)
·∆17O(C)RKM (t) (2.38)

[C]CTC(t) = [C]RKM (t) (2.39)

∆17O(C)f (t) ≈ ∆17O(C)RKM (t) (2.40)

where: [C]RKM (t), [C] evaluated via 4th-RKM at time t

[C]CTC(t), [C] calculated by CiTTyCAT at time t

∆17O(C)RKM (t), O-MIF evaluated via 4th-RKM at time t

Once isotopic signatures of single channels of reaction are known, the
fraction of isotopic anomaly transferred by each pathway could be assessed.

The isotopic-chemical module implemented in this new version of CiTTy-
CAT can be used to assess the isotopic composition of those chemical species
whose oxygen isotopic signatures are constrained. Such is the case for ex-
ample of tropospheric nitrates or sulphates. Throughout this study this new
isotopes-chemical scheme is applied to sulphur heterogeneous chemistry of
the troposphere. The aim is to reproduce observed isotopic signatures of vol-
canic sulphate, in order to assess the dominant sulphur oxidation pathways in
tropospheric volcanic plumes.
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CHAPTER 3

Application to volcanic plumes

CiTTyCAT is a well-established photochemical box model, which can accurately
portray tropospheric photochemistry and atmospheric mixing. Previous versions
of CiTTyCAT had included a very detailed description of the gas-phase tropo-
spheric chemistry of key atmospheric chemical species. The model has been
successfully used, indeed, to investigate the origin of polluted layer over the
North Atlantic, and to infer information concerning the photochemical and physi-
cal processing of non methane hydrocarbons in the troposphere (Methven et al.,
2006; Real et al., 2007; Arnold et al., 2007). CiTTyCAT has been also previously
adapted to study atmospheric chemistry and nitrogen heterogeneous reactions
in polar regions. Notably, implementation of the model chemical scheme with
an isotopic transfer scheme accounting for∆17O production in nitrates has also
proven successful in depicting seasonal isotopic composition of reactive nitrogen
in polar regions (Morin et al., 2008).

CiTTyCAT older versions, however, miss a detailed chemical scheme cover-
ing multi-phase sulphur and halogen chemistry in the troposphere. Heteroge-
neous reactions occurring within water droplets and on sulphate aerosols are
fundamental to evaluate chemical processing of volcanic emissions. Volcanic
plumes are, indeed, rather constrained unusual settings where the concentra-
tions of emitted species and aerosols are high. Notably, sulphur and halogens
emissions create a chemical environment very different from the surrounding
background atmosphere. In order to be able to use CiTTyCAT to probe volcanic
plumes chemistry, the model had to be extended to include sulphur and halogens
liquid and gas chemistry. As a matter of fact, the chemical scheme incorporated
in previous version of the model had resulted too simplified for the purpose of
this work. Based on theoretical framework displayed in the previous chapter, a
new version of CiTTyCAT has been developed to include a detailed description
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of sulphur and halogens chemistry. Notably, mass-transfer of chemical species,
sulphur liquid chemistry (i.e. both within water droplets and sulphate aerosols),
and halogens multi-phase reactions and radical cycles have been extensively
implemented.

Atmospheric sulphur is oxidised to produce sulphate in both liquid and
gas phases. Modelling simulations suggest that most tropospheric sulphur is
oxidised in the liquid phase of aerosols and clouds(Chin and Jacob, 1996; Chin
et al., 2000; Berglen et al., 2004). Experimental observations provide also
extensive evidence that aqueous phase chemistry and heterogeneous reactions
on reactive surfaces, such as iron dust, are among the main tropospheric
sulphate sources (Harris, 2013; Harris et al., 2014; He et al., 2014; Han et al.,
2016). As a result, there is significant interest related to the determination of
aqueous and heterogeneous sulphate production channels.

Within volcanic emissions H2O compose the bulk of gas emissions, consti-
tuting up to 90% of gaseous emissions in certain plumes (Textor et al., 2004;
Oppenheimer et al., 2013). During explosive eruptions, presence of silicate
mineral ash provides a reactive surface for heterogeneous reactions and for
water to condense in volcanic plumes (Langmann, 2014). In condensing vol-
canic plumes, volcanic SO2 might then be processed in both gas and liquid
phases, because of high concentration of water and solid particles. Besides,
during passive degassing volcanic water vapour might not reach saturation
concentration, and just a fraction can be absorbed on primary particles within
the plume. Among in-plume particles emitted at the vent primary sulphate are
enough hygroscopic to attract water and form aqueous sulphate aerosols. In
this scenario volcanic SO2 can still be oxidised within non-condensing volcanic
plumes either via heterogeneous reactions on sulphate aerosols, or by OH in
the gas phase.

It is worth noticing that SO2 oxidation within condensing and non-condensing
volcanic plumes can be quiet different. Therefore, one could question if the
nature of the condensed phase could control SO2 lifetime and transport, while si-
multaneously governing in-plume sulphate production pathways, hence different
volcanic SO2 processing in the troposphere over the long term. Isotopic com-
position of sulphate can provide informations on the origins and processing of
SO2 within volcanic plumes, becoming a constraint for budget and composition
of volcanic sulphur emissions. Single channels of SO2 oxidation are therefore
explored within different plume scenarios. The corresponding isotopic signa-
tures are then modelled via isotopic-transfer scheme to pinpoint SO2 in-plume
chemical processing within different scenarios.

This chapter focuses on reactions and physico-chemical processes that have
been added to account for sulphur and halogens gas and liquid phase chemistry.
The new extended chemical scheme have also been coupled to a new oxygen
isotope scheme, that has enabled to monitor the transfer of oxygen isotopes
during sulphur oxidation. The aim of this chapter is to describe in more details
the heterogeneous reactions and the isotope transfer schemes that have been
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applied to investigate volcanic sulphate production and isotopic composition.
In more details, two different versions of CiTTyCAT have been developed to
simulate either condensing volcanic plumes or non-condensing volcanic plumes.
Notably, the condensed phase within the two models are different, and so are
the physico-chemical schemes that have to be implemented. The first version
of the model involves heterogeneous chemistry in water droplets (condensing
volcanic plume), while the second version treats heterogeneous chemistry in
sulphate aerosols (non-condensing volcanic plume). The first section of the
chapter elucidates sulphur chemistry and sulphate production respectively in
gas phase, water droplets, and in the bulk phase of sulphate aerosols. The
second section describes halogen multiphase chemistry in water droplets and in
the bulk phase of sulphate aerosols. The third and last section illustrates how
sulphur oxidation reactions have been merged to the isotopic transfer scheme
to track the isotopic composition of volcanic sulphates.

1 Sulphur chemistry

1.1 Gas phase oxidation of SO2

The main SO2 oxidation channel in the gas phase is the reaction with the hydroxil
radical (Calvert et al., 1978). Almost 20% of tropospheric sulphate is generated
by the reaction between SO2 and OH (Tanaka et al., 1994; Berglen et al., 2004).
Consequently, this pathway of sulphate production is still a major contributor to
the budget of atmospheric sulphate.

OH production depends mostly on photodissociation of atmospheric ozone
in presence of water. O3 photolysis produces a singlet excited oxygen atom
(O1(D)), a highly reactive species which can relax only by colliding with other
atmospheric molecules (quenching). Within the time O1(D) reaches its relaxed
state the encounter with a water molecule results in OH radicals production
(Seinfeld and Pandis, 2016).

a · O3 + hν −−→ O + O2

b · O3 + hν −−→ O1(D) + O2

O1(D) + M −−→ O + M
O1(D) + H2O −−→ 2 OH

Atmospheric OH is produced in higher quantities during daytime hours while
there are no significant channels of production during night-time hours, because
of the lack of UV radiation.

In the atmosphere, sulphate production in the gas phase is initiated by the
termolecular reaction between OH radicals and SO2, followed by a series of
multiple gas phase reactions:
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SO2 + OH + M k1−−→ HOSO2 + M k1 = 3.2 · 10−12cm3mol−1s−1

HOSO2 + O2
k2−−→ SO3 + HO2 k2 = 4.3 · 10−13cm3mol−1s−1

SO3 + H2O k3−−→ H2SO4 k3 = 1.2 · 10−15cm3mol−1s−1

The first reaction is the limiting step to sulphate production, since it involves
the contribution of three molecules to let the chemical reaction to take place.
Eventually gaseous sulphate is produced by the reaction between SO3 and
H2O.

1.2 Aqueous phase oxidation of SO2

Gas SO2 is mildly soluble in water, and it undergoes multiple dissociations
to produce SO2(aq.), HSO–

3 and SO2 –
3 . Dissociation of sulphur compounds is

driven by liquid phase pH, so does sulphate production. In the model SO2

compounds are grouped as follows in the S(IV) family:

[S(IV)] = [SO2](g) + [SO2](aq.) + [HSO−3 ] + [SO2−
3 ] (3.1)

Aqueous S(IV) species are partitioned in the liquid phase at different ratios
depending on the following pH dependent equilibria:

SO2(g) + H2O −−⇀↽−− SO2(aq.)

SO2(aq.)
Ka1−−⇀↽−− HSO–

3 + H3O+

HSO–
3

Ka2−−⇀↽−− SO2 –
3 + H3O+

Where:

Ka1 =
[H+][HSO−3 ]

[SO2]aq.
(3.2)

Ka2 =
[H+][SO2−

3 ]

[HSO−3 ]
(3.3)

SO2 solubility depends on the pH of solution, and on the rate of S(IV)
oxidation in the liquid phase. Gas-liquid partitioning is controlled by an effective
Henry’s law coefficient (H∗SO2

), which links effective SO2 dissolution to aqueous
phase equilibria:

HSO2 =
CSO2

pSO2

(3.4)

H∗SO2
= HSO2 ·

(
1 +

Ka1

[H+]
+
Ka1 ·Ka2

[H+]2

)
(3.5)
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where: Ka1, first dissociation equilibrium constant for S(IV)
Ka2, second dissociation equilibrium constant for S(IV)
[H+], concentration of hydrogen ions in water phase

Considering pH, H∗SO2
, and water phase equilibria, S(IV) aqueous phase

concentrations are evaluated iteratively as:

[SO2](aq.) = H∗SO2
· pSO2 (3.6)

[HSO−3 ] =
Ka1 · [SO2](aq.)

[H+]
=
Ka1H

∗
SO2

pSO2

[H+]
(3.7)

[SO2−
3 ] =

Ka2 · [HSO−3 ]

[H+]
=
Ka1Ka2H

∗
SO2

pSO2

[H+]
(3.8)

Relative abundances of S(IV) aqueous compounds depending on pH are illus-
trated in Fig.:3.1.

Not only SO2, but also sulphate can dissociate in aqueous solution to gener-
ate HSO–

4 and SO2 –
4 . The first dissociation is virtually immediate and complete,

and it is generally assumed that sulphate dissociates completely to HSO–
4 in the

aqueous phase (Seinfeld and Pandis, 2016):

Figure 3.1: Partitioning of aqueous SO2 depending on pH of liquid solution. Rel-
ative abundances are implemented depending on aqueous phase dissociation
equilibria.
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H2SO4
Ks1−−→ HSO–

4 + H3O+

HSO–
4

Ks2−−⇀↽−− SO2 –
4 + H3O+

Where:

Ks2 =
[H+][SO2−

4 ]

[HSO−4 ]
(3.9)

In the model gaseous sulphate and sulphate aqueous species are grouped
in the S(VI) family:

[S(VI)] = [H2O4](g)] + [HSO−4 ] + [SO2−
4 ] (3.10)

In aqueous solution oxidation mechanisms are not the same for all aqueous
S(IV) compounds, therefore sulphate production can also be controlled by pH.
Certain oxidation reactions can only occur within specific pH ranges, because
dissolved atmospheric oxidants react at different rates with different aqueous
compounds from the S(IV) family (Seinfeld and Pandis, 2016).

Sulphate, halogens and nitric acid are the main acidic compounds which
can be found in in the aqueous phases of volcanic plumes (Textor et al., 2004;
Gerlach, 2004; Oppenheimer et al., 2013). Therefore, in this new version of
CiTTyCAT, the pH of water droplets is evaluated iteratively at each timestep
considering liquid phase concentrations of: HSO–

3 , SO2 –
3 , HSO–

4 , SO–
4 , Br– ,

Cl– and NO–
3 . The balance equation describing pH evolution becomes:

[H+] = [HSO−3 ]+2 ·[SO2−
3 ]+[HSO−4 ]+2 ·[SO−4 ]+[Br−]+[Cl−]+[NO−3 ] (3.11)

Henry’s law coefficients

In the liquid phase of particles suspended in volcanic plumes, multiple gas
species can dissolve in the liquid phase. Notably, dissolved O3, H2O2, and HOX
(HOX = HOBr + HOCl) can react with S(IV) to produce S(VI).

Dissolution rates are governed by Henry’s law coefficients, or by effective
Henry’s law coefficients. Species gas-liquid partitioning depends on tempera-
ture, as Henry’s law coefficient are not constant parameters. The temperature
dependence of Henry’s law coefficients is given by the Van’t Hoff equation:

Hi(T1) = H0
i · exp

[
−∆Hi

R
·
(

1

T1
− 1

T0

)]
(3.12)

And:
Cdiss
i (T ) = Hi(T ) · pi (3.13)
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where: H0
i , Henry’s law coefficient for i at standard conditions

∆Hi, enthalpy for solution
R, ideal gas constant
Cdiss
i , concentration of i dissolved in the liquid phase

pi, partial pressure of i in the gas phase

Table 3.1: Henry’s law coefficients and physical parameters used during water
droplets (WD) simulations.

Specie H0 (M) ∆Hi/R (K) αi

sulphur dioxide
SO2 1.24 3100. 1.1·10−1

ozone
O3 9.40·10−3 2300. 1.0·10−2

hydrogen peroxide
H2O2 7.45·104 7000. 1.8·10−1

hydrochloric acid
HCl 19.0 600. 6.4·10−2

chlorine
Cl2 9.30·10−2 2300. 5.1·10−5

hypochlorous acid
HOCl 6.60·102 5900. 6.0·10−2

hydrobromic acid
HBr 25.0 370. 6.8·10−2

bromine
Br2 7.60·10−1 3720. 3.0·10−2

hypobromous acid
HOBr 1.32·103 5900. 6.0·10−1

bromine monochloride
BrCl 9.40·10−1 5600. 3.3·10−1

nitric acid
HONO2 2.10·105 8700. 5.4·10−2

sulphuric acid
H2SO4 ∞ 6.5·10−1

Henry’s law coefficient’s used for WD are from R. Sander’s tabulations for water as a
solvent (Sander, 2015). Accommodation coefficients are implemented for water particles
and from JPL’s evaluations (Sander et al., 2006).

Henry’s law coefficients for the main atmospheric soluble species integrated
in the new chemical scheme are summarised in Table:3.1. Reported values are
typical for water as a condensed phase and they have been taken from JPL’s
datasheet (Sander, 2015).

It is important to stress out that in this new version of CiTTyCAT liquid phase
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diffusion is considered instantaneous within the liquid phase. It is assumed,
indeed, that S(IV) and other species concentrations are uniform within the liquid
phase. As a consequence, aqueous reaction rates are considered uniform
throughout water droplets.

1.3 Sulphate production in water droplets

Following the aqueous phase chemistry scheme recently implemented in CiTTy-
CAT, each S(IV) aqueous oxidation rate is expressed as:

−
(
d[S(IV)]

dt

)
j

= K l−g
j · [S(IV)]l−g[Cj ]

l−g (3.14)

where: K l−g
j , j aqueous rate constant of reaction in gas-

phase equivalent (conversion into gas-phase units)
[S(IV)]l−g, S(IV) gas-phase equivalent aqueous concentration
[Cj ]

l−g, oxidant gas-phase equivalent aqueous concentration

This new version of CiTTyCAT describes explicitly not only the exchanges of
soluble species of interest between gas phase and cloud droplets (e.g. S(IV), O3,
H2O2, SO2, HOX and H2SO4), but also aqueous chemistry. Notably, sulphate
production reactions are implemented for each S(IV) aqueous species.

Aqueous S(IV) oxidation by dissolved O3

SO2(aq.) + O3
k0−−→ S(VI) + O2

HSO–
3 + O3

k1−−→ S(VI) + O2

SO2 –
3 + O3

k2−−→ S(VI) + O2

−d[S(IV)]

dt
=
(
k0[SO2(aq.)] + k1[HSO−3 ] + k1[SO2−

3 ]
)
· [O3] (3.15)

where: k0 = 2.4·104·M−1s−1; k1 = 3.7·105·M−1s−1; k2 = 1.5·109·M−1s−1

Ozone can dissolve in water solutions and it reacts with each compound from
the S(IV) family (Seinfeld and Pandis, 2016). S(VI) oxidation via O3 reaction is
crucial at pH above 5, such for cloud droplets and sea-salt aerosols (SSA) in
the marine boundary layer (MBL) (Alexander et al., 2005, 2012). At alkaline pH
the oxidation rate can grow up to four orders of magnitude, hence the reaction
can account as a major sulphate production channel. This reaction, however, is
self-limiting, since S(VI) production enhances acidity in aqueous solutions, thus
slowing down the overall oxidation rate.

At average atmospheric conditions atmospheric hydrometeors pH is around
3 - 6 (Faloona, 2009), and S(IV) is mostly found as HSO–

3 . In volcanic clouds,
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however, dissolution of halogens halides and sulphate in plume water droplets
can induce a rather acidic pH (e.g. below 4) (Langmann, 2014). It is therefore
expected that S(IV) by O3 would not compete significantly with other sulphur
aqueous oxidation pathways in volcanic plumes.

Aqueous S(IV) oxidation by dissolved H2O2

HSO–
3 + H2O2

K−−⇀↽−− SO2OOH– + H2O

SO2OOH– + H+ kH2O2−−−→ + S(VI)

−d[S(IV)]

dt
=
kH2O2 [H+][H2O2][HSO−3 ]

1 +K[H+]
(3.16)

where: kH2O2 = 7.5·107·M−2s−1; K = 13·M−1

At atmospheric pH, the most competitive sulphate production channel is
the reaction of HSO–

3 with dissolved H2O2. The reaction is very fast and S(IV)
rarely coexist with H2O2 in the aqueous phase, thus being commonly depleted
from the core of tropospheric clouds (Zuo and Hoigne, 1993; Laj et al., 1997).
Atmospheric H2O2 is generally formed as a byproduct of the HOx cycle, or
by anthropogenic activity, and it in remote areas H2O2 is found at 0.5 ppbv
concentrations (Herrmann et al., 2000).

Because of relatively low pH values in in volcanic cloud droplets, it is ex-
pected that H2O2 would contribute significantly to S(VI) production. Besides,
S(IV) partitioning shifts towards SO2(aq.) as acidity increases in the aqueous
phase. Therefore, enhanced S(VI) production might inhibit S(IV) reaction with
H2O2 over the long run.

Aqueous S(IV) oxidation by dissolved O2 catalysed by Iron and Manganese

S(IV) +
1

2
O2

TMI−−→ S(VI) TMI = Fe(III) + Mn(II)

−d[S(IV)]

dt
= 750 · [Mn(II)] · [S(IV)] + 2600 · [Fe(III)] · [S(IV)]+

+1.0 · 1010 · [Mn(II)] · [Fe(III)] · [S(IV)]
(3.17)

In the aqueous phase, transition metal ions (TMI) can catalyse the oxidation
of S(IV) by dissolved O2. Iron acts as an efficient oxidation catalyst when in the
ferric state (Fe(III)), while manganese has catalytic effects in the Mn(II) oxidation
state. In atmospheric droplets Fe(III) is present at concentrations around 0.3-2.0
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µM (Seinfeld and Pandis, 2016), while Mn(II) is generally found at concentrations
around 0.1·[Fe(III)]. In water solutions, interaction within metals generate a
synergistic effect that enhances the S(IV) oxidation by O2 (Brandt et al., 1994;
Brandt and van Eldik, 1995). The pseudo first-order constant of reaction is
proportional to concentrations of both iron and manganese, as illustrated above
in Eq.:3.17

Growing evidence suggests that this SO2 oxidation channel contributes
largely to the budget of atmospheric sulphate, especially when high concentra-
tions of TMI can be reached in solution (Harris et al., 2012c; Harris, 2013; He
et al., 2014; Han et al., 2016). During explosive eruptions coarse material can
be emitted in the form of ash. Because of enhanced acidity and of magmatic
mineral composition, significant amounts of Fe(III) can be released from the solid
phase (Langmann, 2014). It is therefore expected that this oxidation channel
might contribute significantly to S(VI) in-plume production.

Aqueous S(IV) oxidation by dissolved HOX

SO2 –
3 + HOX

k(SO2 –
3 ,X)−−−−−→ XSO–

3 + OH–

XSO–
3 + OH– −−→ SO2 –

4 + X– + 2 H+

HSO–
3 + HOX

k(HSO –
3 ,X)−−−−−→ XSO–

3 + H2O
XSO–

3 + H2O −−→ SO2 –
4 + X– + 2 H+

−d[S(IV)]

dt
= k(HSO−3 ,X)[HSO−3 ][HOX] + k(SO2−

3 ,X)[SO2−
3 ][HOX] (3.18)

where: k(HSO−3 ,Cl), 7.6· 108M−1s−1 (Fogelman et al., 1989)
k(HSO−3 ,Br), 3.2· 108M−1s−1 (Liu and Margerum, 2001)
k(SO2−

3 ,Cl), 7.6· 108M−1s−1 (Fogelman et al., 1989)
k(SO2−

3 ,Br), 5.0· 109M−1s−1 (Troy and Margerum, 1991)

There is growing evidence that in the marine boundary layer (MBL) and on
sea salt aerosols (SSA), the reaction between S(IV) and HOX can promote S(VI)
production (Vogt et al., 1996; Von Glasow et al., 2002b; Chen et al., 2016). At
alkaline pH typical of aerosols and clouds of the MBL (Faloona, 2009), the HOX
(HOX = HOBr + HOCl) oxidation pathway might account for as much as 33-50%
of total sulphate produced (Chen et al., 2016). On a global scale the oxidation
of S(IV) operated by hypohalous acids (HOX) contributes at lower extents, and
model simulations and isotopic constraints suggest, indeed, that these reactions
might account for 8% of global sulphate production (Chen et al., 2017). The
reaction is initialised by the nucleophilic attack of S(IV) on HOX. It follows a

58



quick hydrolysis of the reaction product, hence S(VI) formation. There are some
uncertainties regarding reaction rate constants, and single contribution of HOX
species to S(IV) oxidation. Notably, there is a lack of informations concerning
HSO–

3 oxidation by HOCl. As a consequence, in the new version of CiTTyCAT
it is assumed that k(HSO−3 ,Cl) has the same value as k(SO2−

3 ,Cl) (Schmidt et al.,
2016; Chen et al., 2016). This assumption does not to significantly affect the
overall S(IV) oxidation rate.

Halogens are commonly emitted in volcanic plumes together with sulphur
(Textor et al., 2004; Mather et al., 2006). HOX can be produced in volcanic
plumes as a result of halogens heterogeneous chemistry (see Chapter 5 for
detailed halogens chemistry). No studies on SO2 oxidation in volcanic clouds
and plumes have been conducted so far, and there are little informations on the
impact of halogen chemistry during the oxidation of volcanic SO2 in the tropo-
sphere. However, it is expected that S(IV) oxidation by HOX might contribute
significantly to S(VI) production because of the high halogens concentrations
within volcanic plumes.

1.4 Heterogeneous oxidation of SO2: reactive uptake

Concentrated sulphuric acid solutions (sulphate aerosols) constitute the con-
densed phase of non-condensing volcanic plumes from passive degassing
(Mather et al., 2003). When relative humidity is above 40%, sulphate particles
are composed by a mixture of liquid water and sulphate (Ammann et al., 2013).
However, liquid phase pH can be incredibly low reaching values around 0 (Allen
et al., 2002). In liquid phase, at pH values below 3 SO2 oxidation can still occur
via the reactions with O2 /TMI and H2O2. Besides, chemical reactions within
sulphate aerosols are difficult to parametrise because of lack of informations
regarding the reaction mechanisms occurring in sulphur acid. Consequently,
chemical reactions occurring in sulphate aerosols are implemented via the reac-
tive uptake formulation. It is the case for both halogens and sulphur species. In
particular, SO2 oxidation is also modelled via reactive uptake of SO2.

In sulphate aerosols, high acidity influences the chemical environment of
the solution. The overall chemical activity of sulphate aerosols solutions does
not dependent only on the chemical activity of liquid water (αH2O). Notably,
S(IV) reaction rate constants need to be corrected to account for the chemical
activity of hydrogen ions (a+H ). This parameter is extrapolated from sulphate
aerosols mass composition (wt, %) (DeMore et al., 1997; Sander et al., 2006),
as following illustrated:

a+H = eh (3.19)
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Where:

h = 60.51− 0.095 · wt+ 0.0077 · wt2 − 1.61× 10−5 · wt3−

(1.76 + 2.52× 10−4 · wt2) · T 0.5 +
(−805.89 + 253.05 · wt0.076)

T 0.5

(3.20)

And:

αH2O =
pH2O

poH2O

(3.21)

where: poH2O
, saturation water vapour pressure (mbar)

pH2O, partial pressure of water (mbar)

At low pH S(IV) is present in solution as SO2(aq.) and to a smaller extent
as HSO–

3 . In order to investigate the contribution of S(IV) oxidation by O3,
H2O2, HOX, the respective reaction constants (kox.) are corrected to account for
sulphuric acid chemical activity (Rattigan et al., 2000), as following illustrated:

k
′
O3

= k0(O3) ·
Ka1 · αH2O

a+H
(3.22)

k
′
H2O2

= kH2O2 ·
Ka1 · αH2O

a+H
(3.23)

k
′
HOX = kHOX+HSO−3

· Ka1 · αH2O

a+H
(3.24)

Where Ka1 represents the first S(IV) dissociation constant. The new reaction
constants are used to estimate single SO2 uptake coefficients. Values used to
evaluate SO2 reactive uptakes are summarised in Table:3.3. The total SO2 net
uptake on sulphate aerosols is evaluated considering liquid phase reactions as
parallel resistances:

1

γtot
=

1

Γd
+

1

α
+

1

Γ(b,tot)
(3.25)

Where:

1

Γ(b,tot)
=

1∑
i Γ(b,i)

=
1

Γ(b,H2O2) + Γ(b,HOX) + Γ(b,O3) + Γ(b,O2)
(3.26)

Recall that in the resistor model the bulk phase resistance to uptake Γb,i is
expressed as a function of the reacto-diffusive length (l, cm) and species Henry’s
law coefficients:
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l =

√
Dl,i

k′ox.
(3.27)

1

Γ(b,i)
=

4HiRT

νi
·
√
Dl,i · k′ox. · [coth(Rp/l)− (l/Rp)] (3.28)

Preliminary estimations in our case show that the major resistance to reactive
uptake of SO2 originates from processes in the bulk phase of sulphate aerosols
(see Table:5.2). Therefore, it is possible to approximate the net reactive uptake
coefficient to:

γtot ≈
∑
i

Γ(b,i) (3.29)

Table 3.2: Major resistances evaluated for single SO2 reactive uptake channels
in the resistor model

Aqueous reaction
1

Γd

1

αSO2

1

Γ(b,i)

SO2 + O3 15 106 8.4×1019

SO2 + H2O2 15 106 1.5×1016

SO2 + O2 /TMI 15 106 3.1×1020

SO2 + HOX 15 106 5.3×1029

Table 3.3: Henry’s law coefficients and physical parameters used during sulphate
aerosols (SA) simulations.

Specie αi H (M) kox.
hydrogen peroxide K = 13 M−1

H2O2 8.0×10−4 see Ref. 7.5 ·107M−2s−1

hypobromous acid
HOBr 0.05 see Ref. 7.6· 108M−1s−1

hypochlorous acid
HOCl 0.06 see Ref. 3.2· 108M−1s−1

ozone
O3 1.47×10−6 see Ref. 2.4·104M−1s−1

oxygen
O2 see Eq.:3.17

The values for Henry’s law coefficient and accommodation coefficients for SA simulations
are taken from JPL’s datasheets (DeMore et al., 1997; Sander et al., 2006).
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It follows that the total rate of uptake can be split into single uptake channels γj ,
that represent the respective rates of SO2 oxidation in the liquid phase:

fj =
Γ(b,j)∑
i Γ(b,i)

(3.30)

γj ≈ γtot · fj (3.31)

Finally, single rates of SO2 uptake can be defined as:

−
(
d[SO2]

dt

)
j

= γtot · fj ·
νSO2

4
· S · [SO2] (3.32)

Where S is the surface area density of the considered condensed phase (the
condensed phase surface area per unit volume of air), and νSO2 represents
the average molecular speed of SO2 in the gas phase. The final single SO2

uptake rates are used to assess the contribution of different heterogeneous
SO2 oxidation reactions within non-condensing volcanic plumes, hence O-MIF
transfer to sulphate during SO2 heterogeneous oxidation.

2 Halogen chemistry

Halogen chemistry is enhanced in presence of atmospheric particles, which
promote mobilization of hydrogen halides from the liquid phase. Halogens
mobilisation from liquid phase leads to the production of highly reactive radical
species, which induce ozone destruction (Vance et al., 2010; Boichu et al., 2011;
von Glasow and Crutzen, 2013).

There is growing evidence that halogen heterogeneous reactions in vol-
canic plumes follow similar reaction mechanisms as the ones observed during
bromine explosion events over sea-salt lakes. Notably, detection of BrO in
multiple volcanic plumes suggests that HBr is transformed to reactive bromine
via heterogeneous reactions on the surface of sulphate aerosols (Bobrowski
and Platt, 2007; Bobrowski et al., 2007; Roberts et al., 2009; von Glasow and
Crutzen, 2013; Jourdain et al., 2016).

In this new version of CiTTyCAT the major halogens heterogeneous reactions
are included in the chemical scheme (see Chapter 5 for a detailed description of
halogens heterogeneous chemistry). Besides, compared to sulphur chemistry
less data are available on halogen liquid phase reactions, and therefore it is
rather challenging to explicitly model heterogeneous chemistry. There is, indeed,
a lack of understanding on liquid phase reaction and reaction mechanisms
and therefore, more investigations are still needed. Nonetheless, halogens
heterogeneous reactions can be integrated in chemical models via reactive
uptake coefficients measured during laboratory experiments. These variables
commonly have different values depending on the composition of the liquid
phase and on the temperature of the system. Notably, extreme pH of sulphate
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aerosols and temperatures below water freezing point have an influence on
reactive uptake rates. Therefore, the same reactive uptake values should not
be used for sulphate aerosols and water droplets when possible. However, in
CiTTyCAT some reactive uptake values for SA have also been used for acidic
water droplets, because of the lack of experimental data. This assumption is
fairly valid for halogens-rich water phases, where excess of X– (X– = Cl– + Br– )
should promote the uptake reactions. Net reactive uptakes for halogen reactions
implemented in this new version of CiTTyCAT are summarized in Table:3.4.

Some halogens can partition between water and gas phase, and their
Henry’s law coefficient are known. Therefore, in the condensing volcanic sce-
nario halogens Henry’s equilibria are accounted for some species of interest
(i.e. HOBr, HOCl, HCl, HBr, Br2, Cl2, BrCl). In this case, partitioning between
gas and aqueous phases of halogens species are explicitly modelled via mass-
transfer fluxes. On the contrary, in the non-condensing plume scenario, only
S(VI) transfer from the gas phase is accounted. It is assumed, therefore, that
other heterogeneous chemistry reaction products would be released immediately
in the gas phase, due to the extreme acidity within sulphate aerosols.

Within halogens heterogeneous reactions, dihalogens production (i.e. Br2,
BrCl and Cl2) is fundamental for halogens mobilization from the liquid phase.
Notably, Br2 is less soluble than BrCl and Cl2, and its release in the gas phase is
fundamental to development of ”bromine explosion events”. In the liquid phase
dihalogens undergo multi-step equilibrium reactions, which commonly promote
formation of Br2 over BrCl for [Br– ]/[Cl– ] aqueous ratios above 7.2×10−5 (Ger-
lach, 2004; Roberts et al., 2009; Grellier et al., 2014). The main aqueous
reactions regulating halogens production in aqueous phase are:

BrCl + Br– −−⇀↽−− Br2Cl–

Br2Cl– −−→ Br2 + Cl–

In the water droplet scenario the model takes into account explicitly for the
multi-step equilibrium between Br2, BrCl, Br– , and Cl– , since aqueous Br2 and
BrCl are explicitly modelled. However, the multi-step equilibrium between Br2,
BrCl, Br– , and Cl– , has to be parametrised differently for the non-condensing
plume scenario. BrCl and Br2 production are estimated via introduction of a
branching ratio for HOBr uptake into sulphate aerosols (Roberts et al., 2009;
Jourdain et al., 2016). The production terms are computed as follows:

Reaction γi

HOBr + Cl–
(aq.) + H+ −−→ BrCl + H2O 0.2 · [BrClaq.]

[BrClaq.] + [Br2,aq.]

HOBr + Br–
(aq.) + H+ −−→ Br2 + H2O 0.2 · [Br2,aq.]

[BrClaq.] + [Br2,aq.]
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Table 3.4: Values of γi used during water droplets (WD) and sulphate aerosols
(SA) simulations (Sander et al., 2006).

Reaction γi (SA) γi (WD)
HOCl + Br–

(aq.) + H+ −−→ Cl2(aq.) + H2O 0.002 =
HOBr + Cl–

(aq.) + H+ −−→ BrCl(aq.) + H2O 0.2 · [BrCl]aq.

[BrCl]aq. + [Br2]aq.
=

HOBr + Br–
(aq.) + H+ −−→ Br2(aq.) + H2O 0.2 · [Br2]aq.

[BrCl]aq. + [Br2]aq.
=

BrONO2 + H2O −−→ HOBr(aq.) + HNO3(aq.) 0.8 3· 10−2

ClONO2 + H2O −−→ HOCl(aq.) + HNO3(aq.) - 2.5· 10−2

N2O5 + H2O −−→ 2 HNO3(aq.) 0.03 =

3 Modelling O-MIF transfer to S(VI)

Oxygen MIF in tropospheric S(VI) originates mostly from isotopic anomalies
transferred by O3 and H2O2. Based on the number of oxygen atoms which
are transferred from reactants to sulphate, a fraction of the initial anomaly is
conserved in the final product (Savarino and Thiemens, 1999b,a; Savarino et al.,
2000).

In order to predict final values of ∆17O(S(VI)), it is necessary to evaluate
single sulphate production rates and the corresponding fraction of isotopic
anomaly transferred during the oxidation. The S(IV) chemical continuity equation
is coupled to an isotopic mass-balance scheme to create a new continuity
equation, which can follow both chemical and isotopic evolution of sulphate. A
new variable defined as anomaly product (AP) is created by merging S(VI)
concentration with the corresponding isotopic anomaly evolving in relation to
sulphate production. In order to evaluate the evolution of the anomaly product
single isotopic transfer rates are coupled to the respective sulphate production
channels.

For the condensing plume scenario the new continuity equation for the
anomaly product is expressed as:

d

dt
[S(VI)] ·∆17O(S(VI)) = kOH [SO2][OH] ·∆17O(S(VI))OH+

+
∑
i

K l−g
eq,i · [S(IV)][Ox.]l−gi ·∆17O(S(VI))i−

−Mx ·∆17O(S(VI))−D ·∆17O(S(VI))

(3.33)

In the non-condensing plume scenario the rates of sulphate production
are evaluated via uptake coefficients, and the final continuity equation for the
anomaly product is expressed as:
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d

dt
[S(VI)] ·∆17O(S(VI)) = kOH [SO2][OH] ·∆17O(S(VI))OH+

+
∑
i

γr(i) · [SO2] ·∆17O(S(VI))i −Mx ·∆17O(S(VI))−

−D ·∆17O(S(VI))

(3.34)

3.1 Isotopic mass-balance equations for S(IV) oxidation

The value of oxygen isotopic anomaly (O-MIF) in produced sulphate depends on
the relative importance of individual SO2 oxidation pathways, and their respective
transfer of O-MIF (∆17O(S(VI))j). In order to use isotopic sulphate 17O-excess to
constrain individual SO2 oxidation pathways, it is first necessary to characterise
the specific ∆17O transferred to sulphate by each channel of SO2 oxidation.
These estimation are conducted via isotopic mass-balance equations.

In this work, it is assumed that both volcanic SO2 and water do not carrying
initial O-MIF. Nowadays, measurements regarding the isotopic composition of
basaltic lavas suggest no significant ∆17O, ∆33S and ∆36S for magmatic SO2,
hence possibly for degassing SO2 (Eiler, 2001; Bindeman et al., 2007). At the
same time, atmospheric H2O and SO2 do not carry O-MIF (Holt et al., 1981;
Uemura et al., 2010). Following water vapour release from the plume and quick
reactions in volcanic vents, it is assumed that volcanic SO2 and H2O would have
the same isotopic composition of their tropospheric counterparts. As a result, it
is assumed that O-MIF found in sulphates originates only from the transmission
of isotopic anomaly during aforementioned reactions of sulphur oxidation.

Oxidation by ozone

The few isotopic measurements of tropospheric ozone indicate values of ∆17O
(O3,bulk) ranging from 20 to 40 h with a mean value of about 25 h (Krankowsky
et al., 1995; Johnston and Thiemens, 1997; Thiemens, 2006; Vicars and
Savarino, 2014). The location of oxygen isotopes within the structure of ozone
is not uniform and heavier isotopes are mostly located at the extremities of the
molecule (Janssen, 2005; Bhattacharya et al., 2008). Indeed, molecules that
have asymmetrical geometrical structures, and bearing heavier oxygen isotopes
on terminal sites, are more energetically stable than their symmetric counter-
parts (Marcus, 2013). This enrichment in heavy oxygen isotopes at terminal
locations of ozone is confirmed by laboratory measurements (Bhattacharya
et al., 2008). The characteristic structure of molecular ozone is illustrated in
Fig.:3.2.

Ozone does not always react with other molecules via terminal oxygen atoms,
although this reaction mechanism is energetically favourable since it requires the
breaking of only one molecular bond. During the oxidation of reactive nitrogen
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Figure 3.2: Geometrical structure of molecular ozone. Statistical thermodynam-
ics and experimentalp measurements suggest that heavier oxygen isotopes are
mostly confined at termial locations.

leading to production of atmospheric nitrate, most of the oxygen atoms involved
in the reaction are from terminal sites (Savarino et al., 2008). Multiple studies
found a similar selective reactivity indeed, as during photochemical reactions
or for reactions of ozone on solid substrates (Sheppard and Walker, 1983;
Bhattacharya et al., 2008). Considering the mean bulk O-MIF and terminal
isotopic enrichments, a mean reactive ozone O-MIF (∆17O (O*3)) of 36 h has
been derived (Bhattacharya et al., 2008; Savarino et al., 2008). This value is
used throughout this study, since it is in accordance with parametrizations used
in previous successful model simulations (Michalski et al., 2003; Alexander et al.,
2002; Morin et al., 2007; Alexander et al., 2009; Morin et al., 2011).

The value of O-MIF in sulphates generated during the aqueous oxidation by
ozone is determined by identifying the origins of each oxygen atom in sulphate
during the reaction of oxidation. Since ozone transfers only one oxygen atom
during the reaction, the equation describing the transfer of O-MIF to sulphate
during oxidation by ozone is:

∆17O(S(VI))O3+SO2 =
1

2
·∆17O(SO2) +

1

4
·∆17O(H2O) +

1

4
·∆17O(O3

∗)

(3.35)
This equation can be simplified because the O-MIF anomalies in SO2 and

H2O are negligible:

∆17O(S(VI))O3+SO2 =
1

4
·∆17O(O3

∗) (3.36)

Therefore, the isotopic anomaly in atmospheric sulphates produced in the
model during the oxidation of dissolved SO2 through O3 is ∆17O (S(VI))O3+SO2

= 9 h (Morin et al., 2007, 2011).

Oxidation by hydroxyl radical

Tropospheric OH radicals are not thought to carry O-MIF anomaly because
the exchange of oxygen atoms with water vapour is so fast that it erases any
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inherited isotopic anomaly in OH. Recall, that tropospheric H2O does not carry
any O-MIF because the tropospheric H2O cycle is entirely controlled by physical
processes (condensation, evaporation) and not by chemical processes involving
ozone. As a result, the O-MIF signature in OH radicals is expected to be null
(∆17O (OH) = 0.0 h) (Morin et al., 2011). However, when the humidity and
hence H2O levels are very low (e.g. upper troposphere), the rate of isotopic
exchange between OH radicals and H2O molecules decreases so much that
freshly produced OH radicals may have time to react with other molecules before
losing their isotopic anomaly by isotopic exchange with H2O (Morin et al., 2007).
Under those conditions, when the OH loss reactions and cycling compete with
the isotopic exchange with H2O, some of the initial O-MIF originating from ozone
is still present in reacting OH. It is also possible for OH destruction channels to
compete with the oxygen isotopic exchange with H2O, notably when OH reacting
species concentrations is highly enhanced. This may be the case in volcanic
plumes, when SO2 levels are so high that the SO2 + OH reaction might become
the dominant OH chemical reaction rate instead of the isotopic exchange with
H2O.

In order to account for this possibility, instead of assuming a null O-MIF for
OH, the O-MIF in the steady-state OH (∆17O (OH)) is calculated explicitly using
the approach developed by Morin et al. (Morin et al., 2007). ∆17O (OH) is
simply derived from the competing balance between the O-MIF erasing isotopic
exchange and the total OH loss, typically the reactions with CO and CH4 in the
troposphere. Since sulphur and halogens rich volcanic plumes and clouds are
considered in this study, the reaction between OH and SO2, and the between
OH and HCl are also taken into account.

Considering all the transfers of oxygen atoms, the isotopic mass-balance
equation for the OH pathway can be expressed as:

∆17O(S(VI))OH+SO2 =
1

2
·∆17O(SO2) +

1

4
·∆17O(OH) +

1

4
·∆17O(H2O)

(3.37)
Since tropospheric H2O and volcanic SO2 are not thought to carry any O-MIF,

the equation can be simplified:

∆17O(S(VI))OH+SO2 =
1

4
·∆17O(OH) (3.38)

The O-MIF of OH can be derived using the following equation

∆17O(OH) = x ·∆17O(OH∗prod.) (3.39)

with
∆17O(OH∗prod.) =

1

2
·∆17O(O∗3) (3.40)

and
x =

D

D + k∗OH+H2O
· [H2O]

(3.41)

67



D = kOH+CO · [CO] + kOH+CH4 · [CH4] + kOH+SO2 · [SO2] + kOH+HCl · [HCl]
(3.42)

In this approach x represents the competition between the O-MIF erasing
effect of isotopic exchange and the O-MIF retaining effect of OH chemical
loss; only important loss reactions for tropospheric OH are considered here.
∆17O(OH*prod.) is the O-MIF of the OH radical freshly produced, and it is assumed
that OH is mostly formed by the photolysis of ozone followed by the reaction of
O1(D) with H2O.

The O-MIF in OH (∆17O(OH)) is determined by this x factor. If OH chemical
loss is much faster than the isotopic exchange, ∆17O(OH) = 0.5 ·∆17O(O*3)
(i.e. x = 1). If chemical loss is much slower than the isotopic exchange,
∆17O(OH) ≈ 0h (i.e. x� 1).

Oxidation by hydrogen peroxide

In the troposphere, H2O2 can quickly dissolve into liquid water phases (Seinfeld
and Pandis, 2016). In a volcanic plume, these phases can be either water
droplets or water condensed on solid particles, typically on ash particles. Once
in the aqueous phase, H2O2 oxidizes SO2 by nucleophilic displacement, and its
two oxygen atoms are transmitted to the produced sulphate molecule (McArdle
and Hoffmann, 1983; Brandt and van Eldik, 1995).

The isotopic balance for the oxidation by H2O2 in the liquid phase is:

∆17O(S(VI))H2O2+SO2 =
1

2
·∆17O(SO2) +

1

2
·∆17O(H2O2) (3.43)

Since volcanic SO2 is thought to carry no significant O-MIF, the final O-MIF
transfer can be simplified:

∆17O(S(VI))H2O2+SO2 =
1

2
·∆17O(H2O2) (3.44)

Isotopic measurements of ∆17O of tropospheric H2O2 range between 1.30
and 2.20 h with a mean O-MIF of 1.70 h (Savarino and Thiemens, 1999b,a;
Alexander et al., 2012). Using this mean value, sulphate produced by the H2O2

oxidation is assumed to carry a ∆17O(S(VI))H2O2+SO2 = 0.87 h (Savarino et al.,
2000).

Oxidation by O2 /TMI

Isotopic measurements of atmospheric O2 indicate that its O-MIF anomaly is
rather small (Luz et al., 1999; Barkan and Luz, 2003). Kinetic isotope frac-
tionation associated to the Dole effect (Dole, 1936) and stratospheric influx
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of O2 generates a slightly negative O-MIF in tropospheric O2. As theoretical
investigations suggest, a slight depletion of 17O is indeed found in tropospheric
O2, which is accompanied by a slightly negative O-MIF (Barkan and Luz, 2003).
Theoretical calculations predict ∆17O (O2) as low as -0.344 h (Pack et al.,
2007) or even, more recently, -0.410 h for tropospheric O2 (Young et al., 2014).
Other theoretical calculations suggest a ∆17O (O2) between 0.141 and -0.305
h (Young et al., 2002).

In this work is assumed that ∆17O (O2) is equal to -0.340 h (Miller, 2002).
This value is chosen because it gives a reasonably good agreement between
isotopic measurements (Martin, 2018) and models (Miller, 2002; Young et al.,
2002; Pack et al., 2007). In addition, it has to be kept in mind that there are large
uncertainties associated with the exact reaction mechanism of SO2 oxidation
catalysed by TMI. Consequently, in this study it is assumed that only one oxygen
atom is transmitted from O2 to sulphate during SO2 oxidation (Brandt and van
Eldik, 1995; Herrmann et al., 2000).

With these assumptions, the isotopic mass-balance equation for SO2 oxida-
tion by O2/TMI is given by:

∆17O(S(VI))O2+SO2 =
3

4
·∆17O(S(IV)) +

1

4
·∆17O(O2) (3.45)

Since volcanic SO2 is thought to carry no significant O-MIF, it is possible
to assume that initial S(IV) species do not carry any O-MIF. Consequently, the
isotopic signature associated to this oxidation pathway can be simplified:

∆17O(S(VI))O2+SO2 =
1

4
·∆17O(O2) (3.46)

∆17O (O2) being taken as -0.34 h (see above), sulphate produced through
this pathway carries a O-MIF (∆17O(S(VI))O2+SO2) almost null, of about -0.09
h (Savarino et al., 2000).

Oxidation by HOX

Atmospheric HOX is formed as a byproduct of multiple reactions involved in
halogen heterogeneous chemistry (see Table:3.4, and Chapter 5). The reaction
of S(IV) with HOX is initialised by the nucleophilic attack of S(IV) species to
the respect of aqueous hypohalous acids (Vogt et al., 1996; Von Glasow et al.,
2002b). The reaction is followed by fast hydrolysis of XSO3

– , hence production
of S(VI). No measurements regarding ∆17O(HOX) have been conducted so far,
but it has been suggested that the new oxygen atom transferred to S(VI) during
the reaction originates from water (Fogelman et al., 1989; Troy and Margerum,
1991; Chen et al., 2016). Consequently, a potential O-MIF carried by HOX would
not affect eventually the final signature of produced S(VI). For this channel of
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oxidation the balance equation for ∆17O(S(VI))HOX+S(IV) takes the following
form:

∆17O(S(VI))HOX+S(IV) =
1

2
·∆17O(SO2) +

1

2
·∆17O(H2O) (3.47)

Since it is assumed that volcanic SO2 and H2O do no carry significant O-MIF,
the final isotopic signature of sulphates generated via this channel of oxidation
is:

∆17O(S(VI))HOX+S(IV) = 0 (3.48)

It is then expected that sulphates generated via oxidation of S(IV) by HOX do
not carry oxygen isotopic anomaly (Chen et al., 2016).

3.2 Solving the continuity equation

Once the isotopic mass-balance equations have been defined, the O-MIF of
produced sulphate and its evolution are monitored via the external integration
module of the anomaly product (see Chapter 2). The fraction of isotopic anomaly
transferred by single sulphate production channels is equal for sulphate aerosol
chemistry and water droplets. It is assumed, indeed, that in both scenarios S(IV)
oxidation follows the same oxidation mechanisms. Considering the external
integration of the anomaly product via 4th-RKM, ∆17O(S(VI))t is evaluated by
Eq.:3.49-3.51:

∆17O(S(VI))f (t) =
[S(VI)]RKM (t)

[S(VI)]CTC(t)
·∆17O(S(VI))RKM (t) (3.49)

[S(VI)]CTC(t) = [S(VI)]RKM (t) (3.50)

∆17O(S(VI))f (t) ≈ ∆17O(S(VI))RKM (t) (3.51)

where: [S(VI)]RKM (t), [S(VI)] evaluated via 4th-RKM at time t

[S(VI)]CTC(t), [S(VI)] calculated by CiTTyCAT at time t

∆17O(S(VI))RKM (t), O-MIF evaluated via 4th-RKM at time t

Note, that the anomaly product integration is implemented separately from
the chemical scheme. As a result, the isotopic transfer scheme does not affect
the chemical scheme added to CiTTyCAT for halogens and sulphur chemistry.
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CHAPTER 4

Photochemical box-modelling of volcanic SO2 oxidation:
isotopic constraints
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Abstract: The photochemical box-model CiTTyCAT is used to analyse the absence
of oxygen mass-independent anomalies (O-MIF) in volcanic sulphates produced in
the troposphere. An aqueous sulphur oxidation module is implemented in the model
and coupled to an oxygen isotopic scheme describing the transfer of O-MIF during the
oxidation of SO2 by OH in the gas-phase, and by H2O2, O3 and O2 catalysed by TMI
in the liquid phase. Multiple model simulations are performed in order to explore the
relative importance of the various oxidation pathways for a range of plausible conditions
in volcanic plumes. Note that the chemical conditions prevailing in dense volcanic
plumes are radically different from those prevailing in the surrounding background air.

The first salient finding is that, according to model calculations, OH is expected
to carry a very significant O-MIF in sulphur-rich volcanic plumes and, hence, that the
volcanic sulphate produced in the gas phase would have a very significant positive
isotopic enrichment. The second finding is that, although H2O2 is a major oxidant of
SO2 throughout the troposphere, it is very rapidly consumed in sulphur-rich volcanic
plumes. As a result, H2O2 is found to be a minor oxidant for volcanic SO2. According to
the simulations, oxidation of SO2 by O3 is negligible because volcanic aqueous phases
are too acidic. The model predictions of minor or negligible sulphur oxidation by H2O2

and O3, two oxidants carrying large O-MIF, are consistent with the absence of O-MIF
seen in most isotopic measurements of volcanic tropospheric sulphate. The third finding
is that oxidation by O2 /TMI in volcanic plumes could be very substantial and, in some
cases, dominant, notably because the rates of SO2 oxidation by OH, H2O2, and O3 are
vastly reduced in a volcanic plume compared to the background air. Only cases where
sulphur oxidation by O2 /TMI is very dominant can explain the isotopic composition of
volcanic tropospheric sulphate.
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1 Introduction

Volcanic activity is one of the major natural forcers of the Earths climate, as
volcanic emissions alter the chemical composition and radiative properties of
the atmosphere, at local, regional and even global scales (Stocker et al., 2013;
Langmann, 2014). Beyond their environmental impacts, sulphuric acid aerosols
have adverse effects on human health since they are linked to cardiovascular
and respiratory diseases (Pope III, 2002; World Health Organization, 2009).
Moreover, sulphate aerosols can lead to acid rain causing damage to vegetation
and to urban infrastructures. Over the last decades, our understanding of
volcanic emissions in the atmosphere have greatly improved, thanks to satellite
and field measurements, and to more sophisticated physical-chemical models
(Robock, 2000; Bobrowski et al., 2003; Mather et al., 2003; Textor et al., 2004;
Roberts et al., 2009; von Glasow, 2010; Roberts et al., 2012, 2014). The main
gases emitted to the atmosphere by volcanic activity are respectively H2O, CO2,
SO2, H2S, and halogen species, such as HCl, HBr and HF (Textor et al., 2004;
Rose et al., 2006; Oppenheimer et al., 2013). In addition, measurements at
crater rims of volcanoes suggest also direct emissions of small amounts of
sulphate aerosols (Allen et al., 2002; De Moor et al., 2013).

Among all the compounds emitted, volcanic sulphur gases, and in particular
SO2, are considered to be the most effective in affecting climate. Climatic
perturbations from volcanic emissions are principally caused by conversion of
sulphur gases into sulphate aerosols, which can then interact with solar and
terrestrial radiation via scattering and absorption (Stocker et al., 2013). Once
injected into the troposphere, volcanic SO2 is converted in few days typically
to H2SO4 by a range of gas-phase and liquid-phase reactions taking place in
volcanic plumes and clouds (Chin and Jacob, 1996; Stevenson et al., 2003a).
In the atmosphere, depending on the oxidation pathway, H2SO4 is produced
either in the gas phase or liquid phase. When generated in the gas-phase,
volcanic H2SO4 condenses very rapidly onto pre-existing particles, or it may
even form very small sulphate particles by nucleation. In the boundary layer,
sulphate aerosols have a residence time much shorter than a week because of
the fast wet and dry depositions. However, at higher altitudes, such as in the free
troposphere, removal is much slower; consequently, volcanic sulphate aerosols
can have a much longer residence time of up to a few weeks (Stevenson et al.,
2003b,a; Kristiansen et al., 2016). In addition, the residence time of volcanic
aerosols in the stratosphere can reach lifetimes of about a year (Thomason, L.
and Peter, 2006).

Nowadays, anthropogenic SO2 emissions outweigh those from natural
sources (Smith et al., 2011). Volcanic quiescent degassing and eruptions
is an important natural source of SO2, notably to the free troposphere (Bates
et al., 1992; Graf et al., 1998). Volcanic emissions release about 10-13 Tg · y−1
of SO2 to the atmosphere (Andres and Kasgnoc, 1998) and contribute to up
to 10% to total sulphur emissions to the atmosphere (Stevenson et al., 2003a).
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Remarkably, volcanic emissions also have a bigger impact on the tropospheric
aerosol burden than other sulphur sources (Graf et al., 1998) because volcanoes
tend to emit SO2 at higher altitudes than most other surface sulphur emissions,
where the lifetime is longer.

Most of the tropospheric sulphate is generated in the liquid phase (Alexan-
der et al., 2009) via oxidation of aqueous SO2 by dissolved oxidants of the
atmosphere, such as H2O2, O3, O2 catalysed by transition metal ions (Fe(III)
and Mn(II)) and, possibly HOBr and HOCl (Vogt et al., 1996; Von Glasow et al.,
2002b; Stevenson et al., 2003a; Berglen et al., 2004; Park et al., 2004; Alexander
et al., 2009; von Glasow and Crutzen, 2013; Chen et al., 2016). Note that the
importance of the halogen oxidation pathway remains unclear. A significant
amount of tropospheric H2SO4 is formed in the gas phase via the termolecular
reaction between SO2 and hydroxyl radicals (OH) (Calvert et al., 1978). In
presence of liquid water and for typical pH values of atmospheric water droplets
( 3.0 ¡ pH ¡ 5.6), SO2 is quickly oxidized by dissolved H2O2, and the two species
rarely coexist in liquid phases (Gervat et al., 1988; Chandler et al., 1988; Daum
et al., 1990; Zuo and Hoigne, 1993; Laj et al., 1997). At acidic pH values, syner-
gism among transition metal ions (TMI) enhances the rate of SO2 oxidation by
dissolved O2 (Brandt et al., 1994; Brandt and van Eldik, 1995), which can thus
compete with the other SO2 oxidation channels. Particular attention has been
paid recently to this heterogeneous oxidation pathway, since its contribution
could have been underestimated in previous budget assessments of sulphate
production in the troposphere (Alexander et al., 2009; Goto et al., 2011; Harris
et al., 2013). During eruptive events, volcanoes emit large quantities of ash
and coarse material rich in iron-minerals (mainly glass, and in lesser extents
magnetite and hematite), which can easily dissolve in water because of the high
acidity reached in volcanic cloud droplets and aerosols (Ayris and Delmelle,
2012a; Hoshyaripour et al., 2015; Maters et al., 2016). As a consequence,
the O2 /TMI heterogeneous oxidation reaction may be more significant than
previously thought.

Quantifying the importance of the different SO2 oxidation pathways is chal-
lenging. It requires the quantification of, among other things, the rates of the
different oxidation processes. Conventional methods rely mostly on models that
are evaluated and constrained with atmospheric concentration measurements
of oxidants, because there is no direct means of measuring chemical fluxes
associated with individual reactions (Morin et al., 2008). Simultaneous measure-
ments of SO2 oxidants in both the gas- and liquid phases in the atmosphere,
let alone specifically in a volcanic plume, would be experimentally challenging.
Alternative approaches need to be considered to reduce the uncertainty in the
relative contributions from the different oxidation pathways. Isotopic approaches
can provide such constraints (Brenninkmeijer et al., 2003; Thiemens, 2006).
Isotopic ratios, indeed, provide direct insights into the nature and importance of
individual oxidation fluxes (Savarino et al., 2007; Morin et al., 2008; Martin et al.,
2014).
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Thanks to peculiar distribution of isotopes among its three oxygen atoms,
ozone and its chemistry provides a useful tool of investigation for atmospheric
processes using isotopic signatures. Ozone bears a very significant non-mass
dependent (also called mass-independent) isotopic fractionation, which is due
to its formation mechanism (Heidenreich III et al., 1986; Krankowsky et al.,
1995; Marcus, 2013). Since oxygen atoms in tropospheric oxygen-bearing
species sometimes originate directly or indirectly from ozone via multiple photo-
chemical reactions, a variety of atmospheric species carry anomalous isotopic
mass-independent fractionations (MIFs) (Thiemens, 2006). For oxygen-bearing
species, the anomalous oxygen MIF (∆17O, O-MIF) is calculated with respect to
a reference standard:

∆17O = δ17O− 0.52× δ18O (4.1)

Where δ17 O and δ18 O represent deviations to the reference standard isotopic
ratios (Rstd):

Rx =
xO
16O

x = 17; 18 (4.2)

And:
δxO =

Rx

Rstd
− 1 (4.3)

Ozone is a key chemical reactive species of the troposphere. Its isotopic
anomaly is intrinsically generated (through photolysis and recombination reac-
tions) instead of being inherited by isotopes transfer like for most atmospheric
species (Marcus, 2013). Other oxygen-bearing species in the atmosphere can
gain excess-17O by transfer of this ozone anomaly via reactions with ozone itself,
reactions with species that have already inherited the ozone anomaly or via
anomalous kinetic isotopic effect (Roeckmann, 1998; Lyons, 2001; Michalski
et al., 2003). As a consequence, transfer of oxygen MIF among atmospheric
species is process-specific and can be used as a signature to trace the chemistry
of species as they react with specific oxidants. Once the isotopic anomalies of
the oxidants are characterised, the resulting ∆17 O of an end-oxidation product
is simply a linear combination of the isotopic signatures of all the oxidation
channels weighted by their respective contributions, to the total production of the
end-oxidation products. During the last decade, there has been an increasing
number of studies that have used O-MIF oxygen anomalies in oxidation prod-
ucts to constrain oxidation channels, often coupling isotopic measurements and
photochemical isotopic modelling (Michalski et al., 2003; Alexander et al., 2005;
Morin et al., 2008; Gromov et al., 2010; Michalski and Xu, 2010).

The isotopic signature in sulphates generated in the troposphere, the so-
called secondary sulphate (by opposition to sulphate directly emitted in the
atmosphere, the so-called primary sulphate) reflects the competition within dif-
ferent oxidation channels. In the liquid phase, sulphate oxygen MIF is produced
during sulphur oxidation by transfer of isotopic anomalies from ozone and H2O2,
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whereas sulphate with O-MIF very close to 0 h is produced in the liquid phase
via O2 /TMI oxidation (i.e. -0.08 h). Mass-dependent (MIF anomaly = 0 h)
sulphate is generally produced via OH oxidation in the gas-phase (Savarino and
Thiemens, 1999b,a; Savarino et al., 2000; Martin et al., 2014).

Most present-day tropospheric sulphates have O-MIF anomalies (∆17O) of
the order of 1 h typically (Lee et al., 2001; Lee and Thiemens, 2001). However,
there is some variability. For instance, O-MIF of sulphate aerosols generated
in marine environments are higher compared to isotopic anomalies found in
continental sulphates (Alexander et al., 2005). Very significant ∆17O have
also been found in volcanic sulphates collected from ash deposits dating back
to the Miocene and the Oligocene, whose values reach 3.5 - 5.8 h. These
peculiar isotopic anomalies have been linked to a different oxidative state of
the atmosphere at that time (Bao et al., 2000, 2003). Tropospheric volcanic
sulphates of the present era distinguish themselves from other tropospheric
sulphates by having a ∆17O often close to 0 (within the measurement error
of about 0.1h). This feature is found all over the world in sulphates collected
from volcanic ashes of small and medium-size tropospheric explosive eruptions,
independently from location, or geology of ash-deposits (Bao et al., 2003;
Bindeman et al., 2007; Martin et al., 2014) (see Table:4.1). Notably, this is often
the case for volcanic sulphate extracted from ash-deposits which are found very
far from volcanoes, where secondary sulphate is expected to dominate. The only
exception is volcanic sulphates in ice cores originating from very large volcanic
eruptions. This sulphate had formed and transited through the stratosphere
(Savarino et al., 2003a; Baroni et al., 2007).

The question is why tropospheric volcanic sulphate from volcanic ash-
deposits does not appear to carry some isotopic O-MIF as for other types
of tropospheric sulphates. One might expect that part of sulphate produced by
tropospheric oxidation of volcanic SO2 to carry some MIF isotopic anomaly be-
cause the dominant SO2 oxidants in the troposphere are thought to be species
carrying O-MIFs (O3 and H2O2) with some contribution from O2 /TMI (Martin
et al., 2014). An important difference between volcanic sulphur and most other
sources of sulphur is that it is often emitted within dense volcanic plumes whose
chemical compositions are radically different from the background air. The
purpose of the present box-modelling study is to explore in detail the oxidation
and fate of volcanic sulphur in dense volcanic clouds and the resulting isotopic
MIF signature in volcanic sulphate. The objective is to see to what extent the
chemical environment of dense volcanic plumes may affect sulphur dynamics
and pathways of oxidation and, hence, sulphate isotopic composition.The focus
here is on volcanic clouds that are rich in sulphur but poor in halogens, such in
the case of intra-plate and rifting plate volcanoes (e.g. Nyarogongo in Congo,
Ertaale in Ethiopia, Kı̄lauea in Hawai’i) (Aiuppa, 2009; Oppenheimer et al.,
2013).Volcanic eruptions with remarkable low halogens to sulphur emissions
are the Holuhraun (Bárkarbunga) eruption of 2012-2014 in Iceland (Ilyinskaya
et al., 2017; Stefánsson et al., 2017), and the Kı̄lauea eruption of 2008 in Hawaii
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(Mather et al., 2012). In particular, HCl/SO2 ratios of the order of 10−2 have
been observed for the Kı̄lauea eruption of 2008 (i.e. HCl ≈ 10-50 ppbv).

The second section of this work describes the photochemical model, includ-
ing its sulphur heterogeneous chemistry scheme and the associated oxygen
isotopic scheme. The mass balance equations used to evaluate the transfer of
MIF oxygen anomaly from ozone to volcanic sulphate via different oxidation path-
ways are also presented. The third section is devoted to the study of individual
and combined oxidation pathways and the resulting isotopic signatures in numer-
ical experiments for this work standard volcanic plume conditions. The fourth
section covers sensitivity model studies, investigating how different parameters
in volcanic plumes affect the final isotopic anomaly in sulphate. Dominant oxida-
tion pathways are identified and the ability of the model to reproduce observed
isotopic signatures of volcanic sulphate is assessed.

2 Modelling approach

The photochemical box-model used during simulation is the Cambridge Tropo-
spheric Trajectory model of Chemistry and Transport (CiTTyCAT), a photochemi-
cal box-model developed to simulate tropospheric chemistry (Evans et al., 2000;
Sander et al., 2006; Real et al., 2007; Pugh et al., 2012). It describes the stan-
dard gas-phase photochemistry accounting for: kinetics of tropospheric species
(bimolecular, termolecular, and photodissociation reactions), and deposition of
gases and particles. Photolysis reaction rates are evaluated using the Fast-J
code (Wild et al., 2000). Kinetic data are taken from JPL’s datasheets (Sander
et al., 2006). CiTTyCAT had already been used with success to constrain sea-
sonal pathways of reactive nitrogen species in the troposphere, through the
implementation of its chemical scheme with an isotopic transfer scheme account-
ing for ∆17O production in nitrates (Morin et al., 2008). We have extended the
capabilities of the model by including parameterisations of the transfer of soluble
species between liquid and gas phases, of SO2 heterogeneous chemistry, of pH
in the liquid phase and of MIF of oxygen atoms in sulphates.

2.1 General continuity equations

The model resolves differential coupled mass balance equations (continuity
equations) describing the time evolution of species concentrations in the tropo-
sphere. For given initial (e.g. initial concentrations of species) and environmental
conditions (e.g. pressure, temperature), mass balance equations are solved for
each species, accounting for production and loss as follows:

dCi

dt
= Pi − Li (4.4)

where Ci is the concentration of species i, Pi the sum of physical and chemical
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production rates for i, and Li the sum of the physical and chemical loss rates of i.

Production and loss terms are calculated using chemical reaction kinetics,
where time evolution of concentrations of chemical species depends on the
relevant rate constants (ki) and on concentrations of reactants. They also
include liquid-gas transfer and deposition. In addition, mixing of air between the
volcanic sulphur cloud and the outside background air is also accounted for. It is
parametrised by a simple linear relaxation scheme resulting in an exponential
decay of plume concentrations towards background concentrations (Methven
et al., 2006; Arnold et al., 2007).(

dCi

dt

)
mixing

= Kmix · (Ci − Ci(bck)) (4.5)

where Kmix is a first-order mixing rate coefficient representing all the processes
mixing volcanic air with the background atmosphere and C(i,bck) is the concentra-
tion of species i in the background air. Kmix is set to 0.1 day−1, a value typical
of low mixing in the free troposphere and corresponding to a characteristic
mixing timescale of 10 days (Methven et al., 2006; Arnold et al., 2007).

2.2 Liquid-gas mass transfer

Concentrations of relevant soluble species are calculated taking into account
its partition between the gas and liquid phases. The transfer in both directions
(evaporation, condensation) is dynamically computed. At each time step, rates
of transfer are defined as:

d[C(aq)]

dt
= Ji ·

(
C(i) − C(i,s)

)
(4.6)

where C(i) is gaseous concentration of species i far from liquid droplets, C(i,s)

is the gaseous concentration of species i at the surface of droplets (which is
assumed to be the equilibrium saturation vapour of i over the liquid), and Ji is
the coefficient of condensation (from gas phase to liquid droplet) for species i,
which is calculated using the Dahneke’s expression (Dahneke, 1983) to cover
mass-transfer from the continuum to the kinetic regime (see pg. 502 of Seinfeld
and Pandis, 2016).

Throughout all the model simulations, droplets are assumed to be very large,
with a radius of 5.0 µm. The sensitivity of the results to the assumed amount
of liquid phase is explored varying the concentration of water droplets (and
hence the liquid water content) instead of varying the size of droplets. It is also
possible that emitted water condenses onto ash particles. Our treatment does
not discriminate between liquid droplets and liquid phases at the surface of solid
particles.
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2.3 Gaseous and heterogeneous sulphur chemistry

The model already describes the SO2 gas-phase chemistry. Since SO2 is a
mildly soluble species undergoing acid-base equilibrium in the liquid phase, we
have added the gas-liquid transfer and the chemical reactions and equilibrium
associated with its presence in the liquid phase (see Table:4.2). The extent
of SO2 dissolution into water droplets is controlled by the pH. The oxidation of
S(IV) species (HSO3

– , SO3
2 – , SO2(aq.)) by reactions with H2O2, O3 or O2 in

the liquid phase pushes the gas-liquid partition towards dissolution of gaseous
SO2. A diagram of the sulphur chemical model is presented in Fig.:4.1. Since
the model CiTTyCAT resolves continuity equations for species with gas-phase
concentration units, liquid phase concentrations (e.g. M) and rate constants
have to be expressed into gas-phase units in the code in order to be treated by
the CiTTyCAT chemistry solver (Seinfeld and Pandis, 2016).

The species involved in the acid-base equilibriums of SO2 and H2SO4 are
often grouped together according to their oxidation state:

S(IV) = SO2(g.) + SO2(aq.) + HSO3
– + SO3

2 –

S(VI) = H2SO4(g.) + HSO4
– + SO4

2 –

In these equations, dissolved H2SO4 is assumed to be totally dissociated.
Ultimately, S(VI) in droplets ends up deposited at the Earths surface. In the
model, the amount of sulphate deposited is evaluated as a variable.

Figure 4.1: Diagram of the sulphur scheme implemented in CiTTyCAT.
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The pH of volcanic water droplets is also a prognostic variable because
sulphur species reaction rates and partitioning are pH dependent (Seinfeld and
Pandis, 2016). It is dynamically calculated considering the most significant
species dissolved in droplets:

[H+] = [HSO3
– ] + 2· [SO3

2 – ] + [HSO4
– ] + 2· [SO4

2 – ]

The main aqueous equilibrium reactions and S(IV) oxidation reactions added
to the chemical scheme are summarized in Table:4.2. The final continuity
equation for single SO2 oxidation channels can be expressed as:

−d[SO2]

dt
= kOH+SO2

· [SO2][OH] +
∑
j

(kj · [S(IV)]aq[Cj ]aq.) (4.7)

where kOH+SO2
is the rate constant of the gas-phase reaction between OH and

SO2 (Sander et al., 2006), kj the rate constant of the aqueous reaction between
SO2 and species Cj , whose concentration in the aqueous phase is expressed
as [Cj ]aq..

Similar continuity equations can easily be derived for all the sulphur species.
The continuity equation for atmospheric sulphate S(IV) can be determined by
summing all the individual continuity equations of S(IV) species:

d[S(IV)]

dt
= −kOH+SO2

· [SO2][OH]−
∑
j

(kj · [S(IV)]aq.[Cj ]aq.)−

−kd · [SO2(aq.) + HSO3
− + SO3

2−]−Kmix · ([SO2]− [SO2](bck))

(4.8)

where kj the rate constant of the aqueous reaction between oxidant Cj and
relevant [S(IV)] species (see the list of aqueous oxidation reaction in Table:4.2),
and kd is the deposition coefficient of dissolved sulphur species. Dry deposition
as such is not expected to be important in the plume itself compared to wet
deposition for our cloudy conditions. Since only wet deposition is considered,
only species dissolved in water phases such as aqueous S(IV) (SO2(aq) + HSO–

3
+ SO2 –

3 ) and S(VI) (HSO–
4 + SO2 –

4 ) species are deposited in the model. The
deposition is treated as a first order loss with kd = 2·10−6 s−1, equivalent to a
characteristic time scale of 5.7 days (Stevenson et al., 2003b).

The same approach can be used for S(VI) and deposited S(VI):

d[S(VI)]

dt
= kOH+SO2

· [SO2][OH] +
∑
j

(kj · [S(IV)]aq[Cj ]aq)−

−kd · [HSO4
− + SO4

2−]−Kmix · ([S(VI)]− [S(VI)](bck))

(4.9)

d[S(VI)dep]

dt
= kd · [HSO4

− + SO4
2−] (4.10)
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where S(VI)dep is the sulphate deposited at the surface.

d

dt
[S(VI)] ·∆17O(S(VI)) =

∑
j

[Pj ·∆17O(S(VI)prod)j ]− kd ·∆17O(S(VI))

(4.11)
where ∆17O(S(VI)) is the final isotopic anomaly observed on atmospheric sul-
phate, ∆17O(S(VI)prod.)j is the O-MIF anomaly transferred to sulphate through
the specific oxidation channel j, and Pj is the oxidation rate of channel j.
∆17O(S(VI)prod.)j is fixed for ozone, H2O2, and TMI oxidation pathways but it is
a prognostic variable for OH (see Table:4.3).

As deposited sulphate is a variable in the model (S(VI)dep), the transfer of
isotopic anomaly during deposition is also monitored following a similar equation,

d

dt
[S(VI)dep] ·∆

17O(S(VI)) = kd · [S(VI)] ·∆17O(S(VI)) (4.12)

The value of oxygen isotopic anomaly (O-MIF) in sulphate depends on
the relative importance of individual SO2 oxidation pathways (Pj) and their
respective transfer of O-MIF (∆17O(S(VI))j). Note that the continuity equations
of S(VI) and S(VI)dep isotopes tracers are integrated with a 4th order Runge-
Kutta method algorithm instead of using the CiTTyCAT chemistry solver with
the oxidation rates (i.e. Pj in 5.52) kept constant over a time step (Morin
et al., 2007, 2008). This approach allows to keep the chemistry module totally
independent from the oxygen isotopic module. The external integration tool does
not affect significantly the results. Throughout this study, it is assumed that both
SO2 and water vapour (H2O) are not carrying any initial O-MIF. The isotopic
composition of magmatic SO2, indeed, follows mass-dependent fractionations
and no significant ∆17O, ∆34S and ∆36S have been measured so far (Eiler,
2001). Measurements show that tropospheric H2O does not carry any O-MIF
(Uemura et al., 2010), and the same is found for atmospheric SO2 (Holt et al.,
1981). It is therefore assumed that the O-MIF found in sulphates only originates
from the transmission of isotopic anomaly during the aforementioned reactions
of sulphur oxidation.

In order to constrain individual SO2 oxidation pathways from isotopic infor-
mation, it is first necessary to characterise the specific O-MIFs they transfer to
sulphate using isotopic transfer equations.

Table 4.3: O-MIF signatures of S(IV) oxidation pathways in the model

Oxidant O-MIF pathway (h)
OH calculated (0 to a maximum of 4.5)
H2O2 0.87
O3 9
O2 /TMI -0.09
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Oxidation by ozone

The few isotopic measurements of tropospheric ozone indicate values of ∆17O
(O3,bulk) ranging from 20 to 40 h with a mean value of about 25 h (Krankowsky
et al., 1995; Johnston and Thiemens, 1997; Thiemens, 2006; Vicars and
Savarino, 2014). The location of oxygen isotopes within the structure of ozone
is not uniform and heavier isotopes are mostly located at the extremities of the
molecule (Janssen, 2005; Bhattacharya et al., 2008). Indeed, molecules that
have asymmetrical geometrical structures, and bearing heavier oxygen isotopes
on terminal sites, are more energetically stable than their symmetric counter-
parts (Marcus, 2013). This enrichment in heavy oxygen isotopes at terminal
locations of ozone is confirmed by laboratory measurements (Bhattacharya
et al., 2008). Ozone does not always react with other molecules via terminal
oxygen atoms, although this reaction mechanism is energetically favourable
since it requires the breaking of only one molecular bond. During the oxidation
of reactive nitrogen leading to production of atmospheric nitrate, most of the
oxygen atoms involved in the reaction are from terminal sites (Savarino et al.,
2008). Multiple studies found a similar selective reactivity indeed, as during
photochemical reactions or for reactions of ozone on solid substrates (Sheppard
and Walker, 1983; Bhattacharya et al., 2008). Considering the mean bulk O-MIF
and terminal isotopic enrichments, a mean reactive ozone O-MIF (∆17O (O*3)) of
36 h has been derived (Bhattacharya et al., 2008; Savarino et al., 2008; Morin
et al., 2007). This value is used throughout this study, since it is in accordance
with parametrizations used in previous successful model simulations (Michalski
et al., 2003; Alexander et al., 2002; Morin et al., 2007; Alexander et al., 2009;
Morin et al., 2011).

The value of O-MIF in sulphates generated during the aqueous oxidation by
ozone is determined by identifying the origins of each oxygen atom in sulphate
during the reaction of oxidation. Ozone transfers to sulphate only one oxygen
atom during aqueous sulphur oxidation, while another oxygen atom derive from
the water molecule forming aqueous S(IV). The equation describing the transfer
of O-MIF to sulphate during oxidation by ozone is:

∆17O(S(VI))O3+SO2 =
1

2
·∆17O(SO2) +

1

4
·∆17O(H2O) +

1

4
·∆17O(O3

∗)

(4.13)
This equation can be simplified because the O-MIF anomalies in SO2 and

H2O are negligible:

∆17O(S(VI))O3+SO2 =
1

4
·∆17O(O3

∗) (4.14)

Therefore, the isotopic anomaly in atmospheric sulphates produced in the
model during the oxidation of dissolved SO2 through O3 is ∆17O (S(VI))O3+SO2

= 9 h (Morin et al., 2007, 2011).
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Oxidation by hydroxyl radical

In the atmosphere, OH radicals are formed as a result of ozone photolysis in
presence of water vapour. In particular, ozone photodissociation can produce
an O1(D) radical, which react with a water molecule to produce two OH radicals.
Tropospheric OH radicals are thought not to carry O-MIF anomaly because
the exchange of oxygen atoms with water vapour is so fast that it erases any
inherited isotopic anomaly in OH. Recall that tropospheric H2O does not carry
any O-MIF because the tropospheric H2O cycle is entirely controlled by physical
processes (condensation, evaporation) and not by chemical processes involving
ozone. As a result, the O-MIF signature in OH radicals is expected be zero
(∆17O (OH) = 0.0 h) (Morin et al., 2011). However, when the humidity and
hence H2O levels are very low (e.g. upper troposphere), the rate of isotopic
exchange between OH radicals and H2O molecules decreases so much that
freshly produced OH radicals may have time to react with other molecules before
losing their isotopic anomaly by isotopic exchange with H2O (Morin et al., 2007).
Under those conditions, when the OH loss reactions and cycling compete with
the isotopic exchange with H2O, some of the initial O-MIF originating from ozone
is still present in reacting OH. It is also possible for OH loss to compete with
the H2O isotopic exchange when the rate of OH loss is highly enhanced instead
of having a reduced rate of H2O isotopic exchange. This may be the case
in volcanic plumes, when SO2 levels are so high that the SO2 + OH reaction
become the dominant chemical loss (Bekki, 1995), accelerating the OH cycling.
In order to account for this possibility, instead of assuming a null O-MIF for OH,
the O-MIF in the steady-state OH (∆17O (OH)) is calculated explicitly using
the approach developed by Morin et al. (Morin et al., 2007). ∆17O (OH) is
simply derived from the competing balance between the O-MIF erasing isotopic
exchange and the total OH loss, typically the reactions with CO and CH4 in the
troposphere. Since we consider sulphur-rich volcanic plumes and clouds, the
reaction between OH and SO2 is also taken into account.

Considering all the transfers of oxygen atoms, the isotopic mass-balance
equation for the OH pathway can be expressed as:

∆17O(S(VI))OH+SO2 =
1

2
·∆17O(SO2) +

1

4
·∆17O(OH) +

1

4
·∆17O(H2O)

(4.15)
Since tropospheric H2O and volcanic SO2 are not thought to carry any O-MIF,

the equation can be simplified:

∆17O(S(VI))OH+SO2 =
1

4
·∆17O(OH) (4.16)

The O-MIF of OH can be derived using the following equation

∆17O(OH) = x ·∆17O(OH∗prod.) (4.17)

84



with
∆17O(OH∗prod.) =

1

2
·∆17O(O∗3) (4.18)

and
x =

D

D + k∗OH+H2O
· [H2O]

(4.19)

D = kOH+CO · [CO] + kOH+CH4 · [CH4] + kOH+SO2 · [SO2] (4.20)

where k∗OH+H2O
is the rate constant for the oxygen atoms exchange reaction be-

tween OH and H2O, and kOH+CH4 and kOH+CO are the reaction rate constants
for the gas phase reaction of OH with CH4 and CO respectively.

In this approach x represents the competition between the O-MIF erasing
effect of isotopic exchange and the O-MIF retaining effect of OH chemical
loss; only important loss reactions for tropospheric OH are considered here.
∆17O(OH*prod.) is the O-MIF of the OH radical freshly produced, and it is assumed
that OH is mostly formed by the photolysis of ozone followed by the reaction of
O1(D) with H2O.

The O-MIF in OH (∆17O(OH)) is determined by this x factor. If OH chemical
loss is much faster than the isotopic exchange, ∆17O(OH) = 0.5 ·∆17O(O*3)
(i.e. x = 1). If chemical loss is much slower than the isotopic exchange,
∆17O(OH) ≈ 0h (i.e. x� 1).

Oxidation by hydrogen peroxide

In the troposphere, H2O2 can quickly dissolve into liquid water phases (Chandler
et al., 1988). In a volcanic plume, these phases can be either water droplets
or water condensed on solid particles, typically on ash particles. Once in the
aqueous phase, H2O2 oxidizes SO2 by nucleophilic displacement, and its two
oxygen atoms are transmitted to the produced sulphate molecule (McArdle and
Hoffmann, 1983; Brandt and van Eldik, 1995).

The isotopic balance for the oxidation by H2O2 in the liquid phase is:

∆17O(S(VI))H2O2+SO2 =
1

2
·∆17O(SO2) +

1

2
·∆17O(H2O2) (4.21)

Since volcanic SO2 is thought to carry no significant O-MIF, the final O-MIF
transfer can be simplified:

∆17O(S(VI))H2O2+SO2 =
1

2
·∆17O(H2O2) (4.22)

Isotopic measurements of ∆17O of tropospheric H2O2 range between 1.30
and 2.20 h with a mean O-MIF of 1.70 h (Savarino and Thiemens, 1999b,a).
Using this mean value, sulphate produced by the H2O2 oxidation is assumed to
carry a ∆17O(S(VI))H2O2+SO2 = 0.87 h (Savarino et al., 2000).
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Oxidation by O2 /TMI

Isotopic measurements of atmospheric O2 indicate that its O-MIF anomaly is
rather small (Luz et al., 1999; Barkan and Luz, 2003). Kinetic isotope frac-
tionation associated to the Dole effect (Dole, 1936) and stratospheric influx
of O2 generates a slightly negative O-MIF in tropospheric O2. As theoretical
investigations suggest, a slight depletion of 17O is indeed found in tropospheric
O2, which is accompanied by a slightly negative O-MIF (Barkan and Luz, 2003).
Theoretical calculations predict ∆17O (O2) as low as -0.344 h (Pack et al.,
2007) or even, more recently, -0.410 h for tropospheric O2 (Young et al., 2014).
Other theoretical calculations suggest a ∆17O (O2) between 0.141 and -0.305
h (Young et al., 2002).

We assume a ∆17O (O2) of -0.340 h (Miller, 2002). This value is chosen
because it gives a reasonably good agreement between isotopic measurements
(Martin et al., 2014) and models (Miller, 2002; Young et al., 2002; Pack et al.,
2007). In addition, it has to be kept in mind that there are large uncertainties
associated with the exact reaction mechanism of SO2 oxidation catalysed by
TMI. We assume that only one oxygen atom of O2 is transmitted to sulphate
during the SO2 oxidation (Brandt and van Eldik, 1995; Herrmann et al., 2000).

With these assumptions, the isotopic mass-balance equation for SO2 oxida-
tion by O2 /TMI is given by:

∆17O(S(VI))O2+SO2 =
3

4
·∆17O(S(IV)) +

1

4
·∆17O(O2) (4.23)

Since volcanic SO2 is thought to carry no significant O-MIF, we can assume
that initial S(IV) species do not carry any O-MIF. Consequently, the isotopic
signature associated to this oxidation pathway can be simplified:

∆17O(S(VI))O2+SO2 =
1

4
·∆17O(O2) (4.24)

∆17O (O2) being taken as -0.34 h (see above), sulphate produced through
this pathway carries a O-MIF (∆17O(S(VI))O2+SO2) almost null, of about -0.09 h
(Savarino et al., 2000). The O-MIF signatures of all the S(IV) oxidation pathways
used in the model are summarized in Table:4.3.

3 Box model set up

3.1 Standard case: initial conditions

All simulations are run for springtime conditions and start at 8.00 a.m. at tropical
latitudes (8.3◦ N). In order to reach stable chemical compositions, notably for
medium- and short-lived reactive species, the model is run for 3 days before
injecting SO2, then, the evolution of the chemical composition is followed for 7
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days. This timescale corresponds approximately to the lifetime of a plume in the
free troposphere, in occurrence of low turbulence and low wind shear (Arnold
et al., 2007).

Since most of volcanoes are situated in remote areas with their peaks close
to the free troposphere, or, at least, with volcanic plumes often ending up in the
free troposphere, the environmental conditions are chosen to be representative
of the lower free troposphere with temperature set at 283.15 K, and pressure
fixed at 640 mbar (about 3 km altitude). Since we consider cloudy conditions,
the relative humidity is set to 100%.

Furthermore, concentrations of reactive species are also set to typical levels
found in the tropical lower free troposphere: O3 = 45 ppbv and H2O2 = 0.1 ppbv.
Finally, initial SO2 is set to a mean volcanic plume concentration of 1 ppmv, a
value typical of volcanic plumes during degassing (Robock, 2000; Herrmann
et al., 2000; Wardell et al., 2004; Mather et al., 2006; Roberts et al., 2012; De
Moor et al., 2013; Voigt et al., 2014). The initial pH of the aqueous phase is
set to 4.5. It has no impact on the overall model results because the pH is
almost immediately driven by SO2 uptake and sulphur oxidation. Preliminary
simulations have shown that the initial SO2 concentration is a critical input.

Due to the large amounts of water that can be injected during explosive
eruptions, in our simulations it is assumed that volcanic water vapour is largely in
excess compared to relative humidity of the free troposphere. Moreover, due to
low temperature and pressure of the lower free troposphere, for our simulations
it is assumed that volcanic water vapour would mostly condense to produce
cloud droplets or to coat ash particles. Therefore, throughout this study relative
humidity (RH) inside volcanic plumes is set at 100%, the water saturation point
corresponding to the pressure and temperature of the background atmosphere.
The LWC (Liquid Water Content) parametrises the amount of liquid water within
plumes. High levels of LWC (Liquid Water Content) can be reached, indeed,
within volcanic plumes from explosive eruptions. Modelling simulations suggest
that LWC as high as 1.6 gm−3 could be reached at the core of water-rich
volcanic clouds condensing in the troposphere (Aiuppa et al., 2006b). It is
possible that, during the first stages of medium-size eruptions, LWC within the
plume could be at least comparable to LWC values of growing cumulus clouds.
For all the simulations LWC is set to 1.0 gm−3, a value between experimental
measurements (e.g. meteorological clouds) and modelling studies of water-rich
volcanic plumes reaching the upper troposphere (Tabazadeh and Turco, 1993;
Hoshyaripour et al., 2015). Like SO2, LWC is found to be a critical model input.

TMI concentrations in the liquid phase are set to [Fe(III)] = 0,5 µM and to
[Mn(II)] = 0,05 µM. These values are at the lower end of typical tropospheric
measurements with [Fe(III)] concentrations ranging between 0.5 and 2 µM
(Martin and Good, 1991; Parazols et al., 2006). Because of uncertainties
associated with iron dissolution in volcanic plumes, our TMI concentrations are
lower than concentrations found in dust-rich polluted conditions where [Fe(III)]
can reach concentrations of around 5 µM (Herrmann et al., 2000; Parazols et al.,
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2006). TMI concentrations follow the same relation throughout the whole study
and for each simulation [Mn(II)] = 0.1 · [Fe(III)] (Martin and Good, 1991).

3.2 Model experiments

The objective of the first set of numerical experiments is to assess the com-
petition among oxidation pathways in SO2-rich plumes/clouds for the standard
case. Three simulations (S1-S3) are run with oxidation schemes of increasing
complexity. They simulate oxidation of SO2: (S1) by OH in gas phase, (S2) by
OH in gas phase, and H2O2 and O3 in aqueous phase, and (S3) by OH in gas
phase, and H2O2, O3 and O2 /TMI in aqueous phase.

Since initial SO2 levels, LWC and TMI concentrations in volcanic plumes are
relatively uncertain and are key model inputs, the sensitivity of the results to
varying conditions within plausible ranges is also explored in additional simula-
tions. Isotopic anomaly transfers are investigated for atmospheric concentrations
stretching from passive degassing/quiescent conditions to sulphur-rich volcanic
clouds with varying levels of TMI. The intervals used for the different sensitivity
studies are summarised in Table:4.4.

The first set of sensitivity simulations is devoted to the sensitivity of results
to initial SO2 levels in the case of the S1 simulation. It is designed to explore not
only the impact of varying SO2 levels on sulphate O-MIF produced by the OH
oxidation pathway, but also on OH isotopic signature itself. Recall that the OH
isotopic signature (∆17O (OH)) is generally assumed zero in the literature (see
section 2.4.2).

It is widely recognized that SO2 is the compound emitted by volcanic activity
which causes the largest climatic impacts through its conversion into sulphate
aerosols (Graf et al., 1998; Robock, 2000; Textor et al., 2004; Langmann, 2014).
Emissions of volcanic SO2 have been measured both in proximity of volcanic
vents and in aged plumes. It is possible to constrain a range of concentrations,
considering age of plumes and distance from points of emissions. During first
stages of plume development concentrations of SO2 in the range of 10-50 ppmv
can be reached right in proximity of volcanic vents (Aiuppa et al., 2005b, 2006a;
Roberts et al., 2012), while concentrations in the range of 0.1-1 ppmv can be
found in aged plumes at longer distances from points of emissions (Delmelle,
2003; Carn et al., 2011). These results are confirmed by modelling simulations
which can constrain volcanic emissions by accounting for quick dilution after
plume ejection from the vent (Gerlach, 2004; Aiuppa et al., 2006b; Roberts
et al., 2009). Consequently, based on atmospheric simulations and on in-situ
measurements, the SO2 concentration is set to 1.0 ppmv in the standard case,
and is varied from 0.1 to 10 ppmv in the sensitivity simulations.

LWC plays a crucial role in aqueous oxidation of volcanic SO2. The range
of LWC considered has been chosen based on LWC observed for different
cloud typologies such as mean saturated clouds (0.1 gm−3), water-rich cumulus
clouds (0.5-1 gm−3), and cumulonimbus clouds (1-2 gm−3) (Laj et al., 1997;
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Rosenfeld and Lensky, 1998; Pruppacher et al., 1998; Korolev et al., 2007; Carey
et al., 2008). LWC is set to 1 gm−3 in the standard case and is varied from 0.1
to more extreme values of 2.5 gm−3 for sensitivity simulations (Tabazadeh and
Turco, 1993; Aiuppa et al., 2006b).

Aqueous concentrations of iron ([Fe(tot)] = [Fe(II)] + [Fe(III)]) can peak to
9-10 µM in the troposphere (Desboeufs et al., 1999, 2001) with [Fe(III)] con-
centrations between 2.0 µM and 5.0 µM in polluted conditions if photochemical
cycling between [Fe(II)]-[Fe(III)] is inhibited (Parazols et al., 2006). Volcanic
eruptions inject large quantities of solid material into the atmosphere in the
form of ash. As a result, volcanic plumes/clouds are characterised by high
concentrations of ash and minerals (Mather et al., 2003). Ash particles have
sizes as large as few mm and they are mainly composed of silica and crystalline
minerals of magmatic origin. Glass, olivine, magnetite, hematite and fayelite
are among the most common minerals injected during eruptions (Rose and
Durant, 2009; Langmann, 2014; Hoshyaripour et al., 2015). These minerals are
composed in different proportions by Fe(II) and Fe(III), which are entrapped in
the crystalline structure of rocks in different morphologies and compositions.
Since large quantities of water are also injected during eruptions, water can
condense on mineral particles, especially as the volcanic column reaches higher
altitudes and lower temperatures in the troposphere (Tabazadeh and Turco,
1993; Hoshyaripour et al., 2015). Once mineral particles are coated by water,
dissolution of iron from the solid mineral surface to the thin liquid water film may
take place depending on the acidity of the aqueous phase (Ayris and Delmelle,
2012a; Langmann, 2014; Maters et al., 2016). Acidic conditions (pH ¡ 2.0) due
to H2SO4 condensation or formation within the liquid phase favour the solubil-
ity of minerals containing iron and dissolution of [Fe(III)] (Solmon et al., 2009;
Ayris and Delmelle, 2012a). Up to a third of total Fe at the ash surface can
dissolve into the liquid phase coating volcanic particles (Hoshyaripour et al.,
2014) depending on rock composition and gases in the volcanic clouds. Lab-
oratory experiments on dissolution in acidic water of iron from volcanic ashes
suggest that [Fe(III)] concentrations of up to 2 µM can be reached quickly in
the liquid phase when pH reaches ∼ 2 (Maters et al., 2016). Concentrations as
high as [Fe(III)] = 3 µM could be reached if pH reaches 1 (Maters et al., 2016).
Mobilization of iron ions from ashes could be enhanced for plumes reaching
the upper troposphere and undergoing ice formation (Jeong et al., 2012; Shi
et al., 2012). High concentrations of [Fe(III)] might persist in the liquid phase
depending on the lifetime of water droplets, notably driven by evaporation and
condensation cycles (Desboeufs et al., 2001; Langmann, 2014).

Cloud properties are affected by evaporation and condensation cycles chang-
ing the pH, the size and number of droplets, while formation of insoluble salts at
the surface of ash particles entrapped in cloud droplets can affect mobilization
of ions (Ayris and Delmelle, 2012a; Langmann, 2014). Therefore, lower acidity
combined with the presence of insoluble salts may result in a reduced availability
of dissolved TMI in volcanic clouds as the volcanic cloud ages. Over the long
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term, these conditions can lead to concentration of Fe(III) in water droplets of
volcanic clouds which can be lower than typical concentrations found in tropo-
spheric clouds (Desboeufs et al., 1999, 2001). In this study, [Fe(III)] is set to
0.5 gm−3 in the standard case and is varied from 0.1 to 3 µM in the sensitivity
simulations to cover the wide range of possible [Fe(III)] concentrations.

The resulting model ∆17O(S(VI)) (i.e. from standard and sensitivity simula-
tions) are compared to sulphate O-MIF found in tropospheric volcanic sulphates
extracted from ash-deposits of small and medium-size tropospheric explosive
eruptions of the present geological era (Bindeman et al., 2007; Martin et al.,
2014; Bao, 2015), or in sulphate aerosols collected at volcanic vents, most
certainly primary sulphate (Mather et al., 2006).

Table 4.4: Ranges of SO2, LWC and TMI explored in the sensitivity studies

SO2 0.1− 10.0 ppmv
LWC 0.1− 2.5 gm−3

TMI 0.1− 3.0 µM

4 Results and discussion

4.1 Isotopic constraints on individual oxidation pathways of vol-
canic SO2

Gaseous oxidation by OH

S1 simulates the O-MIF transfer to sulphate in the absence of aqueous oxidation
for standard conditions; H2SO4 is only produced by the reaction between hy-
droxyl radicals and SO2 in the gas phase. As soon as SO2 is injected, it reacts
with OH to produce gaseous H2SO4. Fig.:4.2 shows the decay of SO2 levels
from 1.5 ppmv to 1.26 ppmv after 7 days. As expected, gas-phase concentra-
tions of other SO2 oxidants (i.e. O3 and H2O2) are not substantially affected
by the SO2 injection. Since H2SO4 is very soluble, once produced in the gas
phase, it ends up dissolved in the liquid phase where it shifts the pH towards
acidic values because of its quasi-complete dissociation.
The concentration of atmospheric sulphate (S(VI)) is driven by the gas-phase
production and deposition. Sulphate production follows a diurnal cycle because
of the diurnal production of OH. There is no significant production of S(VI) dur-
ing night-time. Fig.:4.3 shows the time evolutions of the liquid phase pH, of
the atmospheric sulphate O-MIF ( ∆17O(S(VI)) ), and of deposited sulphate
O-MIF ( ∆17O(S(VI))dep ) following the injection of SO2. The pH exhibits diurnal
variations because sulphate is only produced during daytime. After an initial
spike around +0.95 h, atmospheric sulphate O-MIF (∆17O(S(VI))) declines very
slowly to +0.9 h after 7 days. Since SO2 is only oxidized by OH, the evolution
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Figure 4.2: Evolution of the gas-phase concentrations of atmospheric species
during the S1 simulation (see text). The simulation starts at 8:00 a.m. and SO2

is injected after 3 days. During S1 simulation the concentration of injected SO2

drops from 1.5 ppmv to a final value of 1.27 ppmv.

Figure 4.3: Time evolution of ∆17O(S(VI)), and of the pH of the liquid phases
in volcanic plumes during simulations S1, following injection of SO2 in the box.
The change of pH in water droplets is also reported as a function of time.
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of ∆17O(S(VI)) reflects the evolution of the OH isotopic signature (∆17O (OH)).
Unexpectedly, it is found to be very different from zero. Usually, the exchange
of oxygen atoms with water vapour is so fast in the troposphere that it erases
any inherited isotopic anomaly in OH. However, in our standard conditions,
SO2 levels are so high that the SO2 + OH reaction become the overwhelmingly
dominant loss (Bekki, 1995), accelerating greatly the OH cycling. Under those
conditions, the OH loss is so enhanced that the reaction competes with the
isotopic exchange with H2O. Therefore OH radicals can react before their iso-
topic anomaly is entirely erased by the isotopic exchange, and they maintain a
significant positive signature. As SO2 concentration decreases slowly, the rate
of OH loss decreases and, as expected, so is ∆17O(S(VI)).

The evolution of deposited sulphate O-MIF somewhat follows the evolution
of the atmospheric sulphate O-MIF but with the time lag which is related to
the characteristic timescale of the atmospheric sulphate deposition specified
in the model (5.7 days). The final O-MIF of deposited sulphate (resulting from
the cumulative effect of sulphate deposited since the SO2 injection) is 0.92 h,
which is distinctively higher than most measurements from volcanic sulphate
sampled in volcanic ash-deposits (see Table:4.1).

Isotopic signature of OH: dependence on initial SO2

Since ∆17O(OH) is sensitive to the SO2 level, additional S1 simulations are
carried out with SO2 concentration differing by 3 orders of magnitude. Fig.:4.4
shows the time evolution of OH and sulphate O-MIF for two different initial SO2

concentrations (i.e. 1 ppbv and 1 ppmv). The upper plot shows the time evolution
of OH for the two SO2 cases. As soon as the SO2 is injected, OH concentration
drops sharply in the high SO2 case, whereas it remains unaffected in the low
SO2 case. At such high SO2 concentration, the reaction between OH and SO2

becomes the main OH loss. As a result, OH concentration and lifetime drop and
its cycling is much faster. The lower plot of Fig.:4.4 illustrates the effect on the
value of O-MIF transferred to sulphate via OH oxidation.

For 1 ppbv of initial SO2 instead of 1 ppmv, ∆17O(OH) is negligible (of
the order of 0.01 h), thus the sulphate O-MIF is quasi-zero. For 1 ppmv of
initial SO2, shortly after the injection, the sulphate produced has an isotopic
signature of 0.7 h. It then declines slowly as the SO2 concentration decays
slowly. In Eq.:4.17, the competition between OH loss channels and the isotopic
exchange with water is represented by the x ratio. In the simulation with 1
ppmv of initial SO2, ∆17O(OH) decreases from 10.8 to 7.6 h, whereas the
variation is very small in the simulation with 1 ppbv of initial SO2.These results
suggest that OH could have a positive O-MIF in volcanic sulphur-rich plumes
and clouds which is subsequently transferred to the produced sulphate. Since
most isotopic measurements indicate that O-MIF in volcanic sulphate is very
close to zero, at least within the measurement errors of about 0.1 h typically,
other oxidation pathways that are mostly mass-dependent (i.e. null O-MIF) have
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Figure 4.4: Time evolution of the O-MIF transfer from OH to H2SO4(g) at two
different initial concentrations of SO2. The light green line represents initial
concentration of S(IV) = 1 ppbv (e.g. mean troposphere); the dark green line rep-
resents an initial concentration of SO2 = 1 ppmv (e.g. volcanic plumes/clouds).
The upper figure shows concentration trends for OH during the two different
scenarios.

to contribute very significantly to the formation of volcanic sulphate. The other
known oxidation pathways of SO2 are heterogeneous.

Gaseous and heterogeneous oxidation by O3 and H2O2

The S2 simulation is the same as S1 except that it also includes the aqueous
oxidation of SO2 by H2O2 and O3. Fig.:4.5 shows evolving concentrations of
atmospheric species as oxidation takes place.

Almost as soon as SO2 is injected, the H2O2 concentration drops from about
20 ppbv to less than a pptv. At the same time, as in S1, the pH quickly drops to
less than 3 (see Fig:4.6).

Just after the injection, H2O2 is initially the overwhelmingly dominant oxidant
(Martin et al., 2014). The contribution of oxidation by O3 is almost negligible
under acidic conditions and the oxidation by OH in the gas phase is much slower
initially that aqueous oxidation by H2O2. However, as the SO2 concentration
vastly exceeds the H2O2 concentration (by 3 orders of magnitude), H2O2 is
very quickly consumed by reaction with SO2 in the liquid phase; recall for each
molecule of SO2 oxidized by H2O2, one molecule of H2O2 is consumed. The
difference in concentration between SO2 and H2O2 is such that, as soon as a
molecule of H2O2 enters the liquid phase, it is consumed. The sharp drop in
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Figure 4.5: Time evolution in the gas-phase concentrations of SO2, its tropo-
spheric oxidants and produced and deposited sulphates during S2. During S2
simulation the concentration of injected SO2 drops from 1.5 ppmv to a final value
of 1.2 ppmv.

Figure 4.6: Temporal evolution of ∆17O(S(VI)) in produced and deposited sul-
phates, and of pH during the S2 simulation.

H2O2 concentration is thus limited by H2O2 gas phase diffusion to the surface
of the liquid phase, which is followed by its quick reaction with S(IV). After
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the initial drop, the H2O2 concentration stays very low with very large diurnal
variations. The daytime concentration approaches pptv levels because the
loss to the liquid phase is balanced by gas-phase photochemical production.
After the drop in H2O2, most of the SO2 is oxidised by OH in the gas-phase.
As shown in Fig:4.6, the pH in S2 follows a trend similar to the one in S1.
The sulphate O-MIF in S2 is higher than in S1. In the first phase, sulphate is
produced with a rather high O-MIF signature because the contribution of O3 to
SO2 oxidation is significant with an initial pH set to 4.5 (i.e. as high as 50% of
SO2 is oxidised by O3 within the first hours). The O-MIF of produced sulphate
(∆17O(S(VI)PRD) peaks early on at 4 h. However, the pH drops very quickly as
more S(VI) is produced in the aqueous phase. As a result, the pH-dependent
oxidation rate by O3 decreases quickly and hence so does ∆17O(S(VI)PRD).
H2O2 is completely consumed within 15 minutes during the first timesteps, and
it does not contribute to the SO2 oxidation thereafter. The oxidation of SO2 is
dominated by OH except during the early phase. The final O-MIF in deposited
sulphate is 1.1 h, originating mostly from OH oxidation. Recall that, when OH
is generated via its main production channel, it carries an isotopic anomaly.
Under common (non-volcanic) conditions, the OH anomaly is so rapidly erased
by isotopic exchange with H2O that, when OH reacts, it carries no anomaly.
However, when SO2 levels are very high, OH might react very quickly with SO2

without having lost its anomaly by isotopic exchange. In this situation, the value
of ∆17O(OH) is determined by the competition between the SO2

+OH reaction
and the OH isotopic exchange with H2O. As SO2 concentration decays with time,
∆17O(OH) decreases because the SO2

+OH reaction slows down and becomes
less competitive with respect to the isotopic exchange (see Eq.:4.15-4.20). This
explains why ∆17O(OH) decreases from 4 h to roughly 3 h by the end of
simulation, resulting in produced sulphates with respectively O-MIF of 1 and
0.75 h. The value of O-MIF on deposited sulphates produced in this simulation
is still much higher than most O-MIF measurements in tropospheric volcanic
sulphates (see Table:4.1). In order to produce mass-dependent sulphates
without O-MIF (∆17O= 0.0±0.1h), another oxidant needs to be dominant and it
has to carry a small or null O-MIF anomaly.

Gaseous and heterogeneous oxidation by O3, H2O2 and O2/TMI

Simulation S3 includes all the major pathways of oxidation involved during
formation of sulphate in SO2-rich clouds (i.e. without significant halogens con-
centrations compared to sulphur species). Fig.:4.7 shows the evolution of the
chemical species concentrations. In S3, H2O2 is very quickly depleted just after
the SO2 injection as in S2. However, there is much less SO2 left at the end of the
run in S3 than in S2 and S1 and conversely there is more S(VI) produced in S3
than in S2 and S1. With the TMI catalysed oxidation added to the S2 chemical
scheme, heterogeneous chemistry becomes competitive with the gas-phase
oxidation by OH and lead to faster formation of S(VI). The pH is also lower
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Figure 4.7: Time evolution in the gas-phase concentrations of SO2, its tropo-
spheric oxidants and produced and deposited sulphates during S3. During S3
simulation the concentration of injected SO2 drops from 1.5 ppmv to a final value
of 1 ppmv.

Figure 4.8: Time evolution of ∆17O(S(VI)) in produced and deposited sulphates,
and of pH of the liquid phases of volcanic plumes during simulation S3.

(see Fig.:4.8), confirming that more sulphates are in aqueous solution. The final
O-MIF in deposited sulphates is about 0.3 h.
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This value is lower than the values calculated in simulations S1 and S2
and closer but still higher than the range of isotopic measurements carried
out on volcanic sulphate (see Table:4.1). This result suggests that heteroge-
neous SO2 oxidation by O2/TMI is the only pathway able to explain sulphate
isotopic measurements with the current chemical scheme. Sensitivity studies
are however needed to test the responses of the system to varying conditions
of heterogeneous oxidation. Consequently, we conduct further simulations to
probe the effects of LWC and TMI aqueous concentrations on the final MIF in
deposited sulphate and assess the robustness of the overall results.

4.2 Sensitivity studies

Influence of SO2 on sulphate O-MIF

In the first set of sensitivity simulations (Z1), the response of the system to
various concentrations of SO2 is tested for the standard conditions with all the
oxidation channels included in the model. Fig:4.9 shows the time evolution of O-
MIF in the produced sulphate for different initial SO2 concentrations. The initial
concentration of volcanic SO2 is varied from 10 ppbv to 10.0 ppmv. LWC is set to
1.0 gm−3 and [Fe(III)] = 0.5 µM. The response of the system and, in particular,
of produced sulphate O-MIF to varying SO2 levels is complex and not at all linear.
In Table:4.5 the different contributions of the oxidation pathways are reported
for different initial SO2 concentrations, in function of: O-MIF in OH, O-MIF in
deposited sulphate. The isotopic anomalies and the contribution of different
pathways of oxidation are reported for one day after sulphur injection, and for
the end of the simulations. For an initial SO2 of 10 ppbv, H2O2 is the dominant
pathway of sulphur oxidation with the OH oxidation pathway representing about
a third of the total; the final O-MIF in the deposited sulphate is 0.50 h. When the
initial SO2 concentration is increased (from 10 ppbv to 30 and then 100 ppbv),
sulphate O-MIF decreases because the H2O2 contribution to SO2 oxidation
drops whereas the OH contribution becomes dominant. The drop in the H2O2

contribution is mostly due to the increased acidity of cloud droplets at higher SO2

concentrations, resulting in much reduced uptake of SO2 combined to a much
smaller fraction of aqueous S(IV) in the form of HSO3

– , the reactant for the S(IV)
oxidation by H2O2 (McArdle and Hoffmann, 1983). Above 100 ppbv, instead of
decreasing, sulphate O-MIF increases at higher initial SO2 concentration, with
10 ppmv being the maximum SO2 concentration considered here. This inversion
in the evolution of ∆17O(S(VI)) with increasing SO2 concentration originates
from the change in ∆17O(OH). Up to 100 ppbv of SO2, ∆17O(OH) is more
or less negligible and consequently the OH oxidation produces sulphate with
insignificant O-MIF. However, at 300 ppbv of initial SO2, ∆17O(OH) is equal to
0.8 h at the start of simulation and is still greater than 0.3 h at the end of the
run. The higher SO2 concentration is, the higher ∆17O(OH) is.
At 10 ppmv of SO2, ∆17O(OH) = 11.5 h. Recall that the maximum possible
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Figure 4.9: Temporal evolution of ∆17O(S(VI))dep at different initial concentra-
tions of SO2. The dashed line represents simulation where H2O2 is the major
SO2 oxidant, straight lines are simulations for which OH is the major oxidant,
and dot lines are simulations for which O2 /TMI is the major pathway of oxidation.
The equivalent pathways contributions are summarised in Table:4.5. Other
critical parameters are set to: LWC = 1.0 gm−3 and [Fe(III)] = 0.5 µM

value of ∆17O(OH) is 18.0 h, corresponding to conditions where the rate
of the isotopic exchange is negligible compared to the rate of OH chemical
loss. Interestingly, the overall contribution of OH to the sulphur oxidation peaks
at 69% for initial SO2 equal to 300 ppbv. At higher concentrations, the OH
contribution decreases reaching 33% for the simulation with 10 ppmv of initial
SO2. At the same time, the contribution of O2/TMI oxidation (the only channel
with a negligible O-MIF signature) increases sharply becoming even dominant
(58%) for the simulation with 10 ppmv of initial SO2. Nonetheless, the very large
increase in ∆17O(OH) is the main driver of ∆17O(S(VI)) for high SO2 levels,
because the OH contribution remains important even for the simulation with 10
ppmv of initial SO2. Note that the H2O2 contribution declines all the way with
increasing initial SO2 (from 10 ppbv to 10 pmmv) which is the inverse of the
O2/TMI contribution evolution.

Overall, the model-calculated contribution of the OH pathway to volcanic
sulphur oxidation does not drop below 30% for the standard conditions con-
sidered here. As a result, the O-MIF of deposited sulphate O-MIF is expected
to depend strongly on the amount of SO2 injected, via the dependency of OH
isotopic signature on SO2 concentration. Since volcanic SO2 usually reaches
ppmv levels during the first stages of volcanic plume (Roberts et al., 2009,
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2012; Oppenheimer et al., 2013; Voigt et al., 2014), our results suggest that
volcanic sulphate should carry positive O-MIF anomalies that exceed isotopic
measurements uncertainties (≈ 0.1 h). This is not supported by atmospheric
measurements of volcanic sulphate isotopic composition which mostly lie close
to zero within measurements uncertainties. Other environmental conditions or
reaction mechanisms have to be considered to explain the lack of O-MIF in
volcanic sulphate.

Influence of LWC on sulphate O-MIF

The second set of sensitivity runs (Z2) tests the influence of the LWC amount on
model results, notably the final sulphate O-MIF. Fe(III) aqueous concentration is
fixed to 0.5 µM, and the initial concentration of SO2 is set to 1.5 ppmv. Fig:4.10
shows the evolution of ∆17O(S(VI), DEP) for varying LWC. Unlike the influence
of SO2, sulphate O-MIF is a monotonic function of LWC. The higher the LWC is,
the lower the sulphate O-MIF is. Higher values of LWC favours higher dissolu-
tion rate of SO2 in droplets and push the dynamics of oxidation towards liquid
phase reactions. Also, at high LWC, H2O2 is more quickly depleted from the
gas-phase because of faster uptake in the liquid phase. Overall, higher LWC
favours the O2/TMI oxidation pathway since lower acid concentration promotes
the dissolution of SO2 in the aqueous phase.

Figure 4.10: Temporal evolution of ∆17O(S(VI))dep at different values of liquid
water content. Other initial critical parameters are set to: [Fe(III)] = 0.5 µM and
[SO2]0 = 1.5 ppmv.
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Higher LWC does not directly affect the vapour pressure of the system,
because it is assumed that cloud droplets are formed at high water saturation.
Therefore, changes in cloud LWC do not affect the the isotopic composition of
produced OH. For the range of LWC considered here (from 0.1 to 3 gm−3), the
final O-MIF of deposited sulphate varies from 0.8 to 0.2 h.

The results show that, in volcanic clouds and plumes, sulphate O-MIF is
affected by the LWC value. However, high LWCs alone do not appear to be
sufficient to reproduce most of the isotopic measurements in volcanic sulphate.

Influence of TMI on sulphate O-MIF

The third and last set of sensitivity runs (Z3) tests the influence of TMI concentra-
tions on model results, notably the final sulphate O-MIF. Laboratory experiments
on iron mobilization from ash indicate that an average concentrations of [TMI] =
3 µM could be reached within the first hour of ash exposure to very acidic water
in the case of silica ashes (Maters et al., 2017). According to the measurements,
concentration of dissolved [Fe(III)] generally varies in the range of 0.1 to 2 µM
depending on the mineral composition (Hoshyaripour et al., 2015; Maters et al.,
2016, 2017). However, there is a lot of uncertainty on the typical concentrations
of dissolved iron mobilized in volcanic plumes. In Fig:4.11 the plot shows the
evolution of deposited sulphate O-MIF to varying concentrations of dissolved
TMI (from 0.1 to 3 µM). At relatively low concentration of dissolved Fe(III) (0.1 -

Figure 4.11: Temporal evolution of ∆17O(S(VI))dep at different concentrations of
TMI in aqueous solution. Other initial parameters were set: LWC = 1.0 gm−3

and [SO2]0 = 1.5 ppmv.
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1.0 µM), deposited sulphates are generated with high O-MIFs and a final O-MIF
greater than 0.4 h. At higher concentrations of [Fe(III)] = 2 or 3 µM, deposited
sulphate O-MIF reaches values as low as 0.25 and 0.15 h respectively. Accord-
ing to the laboratory experiments, these high Fe(III) concentrations require a pH
below pH ≤ 2, enhancing the mobilization of [Fe(III)]. In the simulations, the pH
is close to this threshold value (see Fig.:4.8).

In conclusion, the model simulations suggest that deposited sulphate with
very low O-MIF values, consistent with most isotopic measurements of vol-
canic secondary sulphate (less than 0.1 h), can only be achieved with highly
enhanced Fe(III) mobilization.

5 Conclusions

We use the tropospheric photochemical box-model CiTTyCAT to analyse why
most oxygen isotopic measurements of tropospheric volcanic sulphate indicate
that volcanic sulphates are essentially mass-dependent (i.e. O-MIF anomalies
lying close to zero within measurements uncertainties of ±0.1 h typically). This
is also observed for volcanic sulphate collected very far from volcanoes where
secondary sulphate (produced by oxidation of volcanic sulphur precursors,
mostly SO2) is expected to vastly dominate. This lack of O-MIF in volcanic
sulphate is rather intriguing because secondary sulphates originating from other
sources exhibit significant O-MIF. A major difference between volcanic sulphur
and other sources is that it is often emitted within very dense volcanic plumes
whose chemical compositions are radically different from background air. The
chemical environment of the plumes may affect the oxidation pathways and
hence sulphate isotopic composition.

A new sulphur isotopic O-MIF scheme is implemented in the model in order
to monitor the transfer of O-MIF from oxidants to sulphate during the oxidation of
volcanic SO2. A range of simulations are performed in order to explore in details
the different pathways of SO2 oxidation (gas-phase oxidation by OH and aque-
ous oxidation by O3, H2O2 and O2/TMI) and, more importantly for O-MIF, their
relative importance for a range of possible volcanic conditions. The first salient
finding is that, according to the model calculations, OH should carry a very
significant O-MIF in sulphur-rich volcanic plumes. This implies that, when vol-
canic sulphate is produced in the gas phase via SO2 oxidation by OH, its O-MIF
should have a very significant positive value. Since most isotopic measurements
of volcanic sulphate do not indicate the presence of O-MIF, the OH oxidation
pathway cannot be the dominant channel for volcanic sulphur. Nonetheless,
uncertainties on the rate constant of the isotopic exchange between OH and
H2O (Dubey et al., 1997) and, more generally, on photochemical modelling are
substantial (Ridley et al., 2017). It would be useful for this unexpected model
predictions of O-MIF in OH, and hence volcanic sulphate produced in gas phase,
to be tested in a controlled environment, ideally laboratory experiments of SO2
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oxidation with a well constrained OH chemical budged, notably the loss pro-
cesses. The second important finding from these simulations is that, although
H2O2 is a major oxidant of SO2 throughout the troposphere, it is very rapidly
consumed in sulphur-rich volcanic plumes. Since H2O2 produced within the
plume and the entrainment of H2O2 from the atmospheric background represent
also relatively weak sources, H2O2 is found to be a minor oxidant for volcanic
SO2 whatever the liquid water content. According to the simulations, oxidation
of SO2 by O3 is negligible because volcanic aqueous phases are too acidic.
The model predictions of minor or negligible sulphur oxidation by H2O2 and
O3, two oxidants carrying large O-MIF, are consistent with the lack of O-MIF
seen in isotopic measurements of volcanic tropospheric sulphate. The third
finding is that oxidation by O2/TMI in volcanic plumes could be very substantial
and, in some cases, dominant, notably because the rates of SO2 oxidation by
OH, H2O2, and O3 are vastly reduced in a volcanic plume compared to the
background air. Only cases where sulphur oxidation by O2/TMI is very domi-
nant can explain the isotopic measurements of volcanic tropospheric sulphate.
We stress that oxidation by O2/TMI is poorly constrained in model simulations
because of the lack of measurements of TMI aqueous concentrations in vol-
canic plumes. It is worth pointing out that our model results are only applicable
to cloudy volcanic plumes. Nonetheless, water clouds do not always form in
volcanic plumes, notably during passive degassing. It would be interesting to
also consider cloud-free plumes where the condensed phase is concentrated
sulphuric acid within sulphate aerosols. In particular, these particles have a
chemical reactivity radically different from water droplets.

A potentially significant limitation of the model simulations is the omission of
volcanic halogens. Indeed, volcanic halogens are known to undergo multi-phase
chemistry, resulting in ozone depletion and possibly impacting the oxidation
of volcanic SO2 (Bobrowski et al., 2003; Bobrowski and Platt, 2007; Millard
et al., 2006; Bobrowski et al., 2007; Roberts et al., 2009; von Glasow, 2010;
Roberts et al., 2014; Jourdain et al., 2016). Halogen species such as HOBr
may also directly oxidise SO2 in the aqueous phase (Chen et al., 2017), but this
oxidation pathway has not been quantified yet for volcanic plumes. Overall, the
present simulations might only be representative of degassing or eruptions with
extremely low halogen emissions, typically originating from intraplate and rift
volcanic activity. It is certainly worth exploring the potential impact of halogens
in the case of halogen-rich eruptions, notably for volcanic plumes where water
does not condense and hence only sulphate aerosols are present. Since the
heterogeneous conversion of halogen halides into radicals is known to be fast
on sulphate aerosols (Bobrowski et al., 2007; Roberts et al., 2009; von Glasow,
2010; von Glasow and Crutzen, 2013), halogens might impact significantly
the plume chemistry and the isotopic composition of secondary sulphate for
halogens rich conditions.
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CHAPTER 5

Halogens role in volcanic sulphur oxidation: photochemical
modelling and isotopic constraints

In preparation

Abstract: A photochemical box-model CiTTyCAT is used to simulate sulphur oxidation
within the core of volcanic plumes, and the resulting oxygen isotopic composition of
volcanic sulphate. The focus is on the role of halogens emitted with sulphur during
volcanic eruptions or passive degassing. The model accounts for SO2 oxidation by OH in
the gas phase, and by H2O2, O3, O2 catalysed by TMI, and HOX (HOX = HOBr + HOCl)
in the liquid phase of either water droplets and water on ash, referred here as the case of
condensing plum, or sulphate aerosols referred here as non-condensing plume. It also
describes transfer of oxygen mass-independent anomalies (O-MIF) from the oxidants to
sulphate. For condensing plumes, the first finding from the model results is that ozone
depletion events (ODEs) triggered by halogens heterogeneous chemistry may also
occur in volcanic plumes in the presence of water droplets. The presence of halogens
does not affect the hierarchy of oxidation pathways. The O2 /TMI oxidation of sulphur
remains dominant even for relatively low TMI aqueous concentrations, generating
volcanic sulphates with low O-MIF, even equal to 0 h in some cases, which are close
to most isotopic measurements of sulphates collected on volcanic ash.

For non-condensing (only sulphate aerosols) ODEs occur even at very low halogen
loading (≈50 ppbv). The rate of sulphur oxidation is much lower than for condensing
plumes, and sulphur oxidation is dominated by H2O2 on sulphate aerosols and by
OH in the gas phase, instead of O2 /TMI. The relative contributions of H2O2 and OH
is determined by halogens loading. The higher the halogens concentration is, the
higher the H2O2 contribution is. The presence of halogens does not impact much the
final sulphate O-MIF which varies between 0.8 to 1.4 h, in contrast to the lack of
O-MIF measured in sulphates on volcanic ash. The condensing and non-condensing
results suggest that the sulphate found on volcanic ash-deposits is likely to be formed
via oxidation in water-rich phases and not in the gas phase or on sulphate aerosols
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during ;passive degassing. Model calculations would certainly be tested with isotopic
measurements of volcanic sulphate aerosols in non-condensing plumes. Notably,
measurements should be conducted on aged aerosols to maximize the fraction of
secondary sulphate with respect to primary sulphate, which have essentially mass-
dependent oxygen fractionations.

1 Introduction

Volcanoes release vast amounts of particles and reactive gases into the at-
mosphere, representing a significant natural source of atmospheric pollutants
(Textor et al., 2004; Ayris and Delmelle, 2012a; Mather, 2015). When emitted
into the troposphere, the impacts are mostly limited to local and regional scales
(Robock, 2000). Volcanoes, however, are often located in remote areas and
their peaks frequently overcome the surrounding boundary layer. Consequently,
volcanic emissions can have significant influence on the free troposphere. Vol-
canic emissions into the troposphere can have multiple adverse effects, leading
to acid rain events, crop damages, or air traffic perturbations (Delmelle et al.,
2001; Delmelle, 2003; Schumann et al., 2011). Exposure to high concentrations
of volcanic sulphate particles and sulphur bearing gasses also have detrimental
effects on human health (Durand and Grattan, 2001; Longo et al., 2008; Longo,
2013). For instance, volcanic emissions have been linked to the formation of
pollution events, notably the production of ”vog” (volcanic smog) in urban areas,
as observed frequently in Mexico City and on the island of Hawai’i (Raga et al.,
1999; de Foy et al., 2009).

The most important volcanic species for the perturbation of the atmosphere
and climate is thought to be sulphur. Many observational and modelling re-
sults have demonstrated that volcanic sulphur emissions - especially to the
stratosphere - have caused major changes in atmospheric composition and
climate during present-day and past geological eras (Stocker et al., 2013). Once
oxidized to sulphate, sulphur can form aerosol particles that cool the Earth’s
surface through scattering of incoming solar radiation (LeGrande et al., 2010;
Robock, 2013; Stoffel et al., 2015; Zanchettin et al., 2016). When injected in the
stratosphere, sulphur is dispersed on an hemispheric or global scale depending
on the injection latitude, thus impacting global climate during several years
typically, as observed after the eruption of Mount Pinatubo in June 1991 (Minnis
et al., 1993b; McCormick et al., 1995; Robock, 2002). In addition, sulphate
particles in the present day stratosphere favour the destruction of ozone that
screens the Earth from harmful UV radiation (Solomon et al., 2016).

Although most atmospheric and climate studies have focused on sulphur
(with the most abundant species being SO2), volcanic emissions are a rich
cocktail composed of a mix of reactive gases, including halogens (i.e. chlorine,
bromine, iodine). Halogen species are frequently emitted in very significant
amounts, together with sulphur and H2O (Aiuppa et al., 2009; Hörmann et al.,
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2013; Carn et al., 2016). They are released at the magma surface mostly as hy-
drogen halides (HX = HCl + HBr), which are rather unreactive species. Volcanic
halogens have tended to be neglected in atmospheric and climate assessments
because it is assumed that hydrogen halides are very efficiently washed out by
particles, water droplets, and ash in volcanic plumes. However, there is growing
evidence that some hydrogen halides are converted into reactive radicals (BrO,
ClO) by high temperature chemistry within the volcanic vent (Gerlach, 2004;
Martin et al., 2006; Roberts et al., 2009), and by multi-phase chemistry within
young volcanic plumes (Oppenheimer et al., 2006, 2010; von Glasow, 2010),
a process called ”halogen activation”. Numerous detections of bromine radical
BrO in volcanic plumes have been reported (Bobrowski et al., 2003, 2007),
notably the highest halogen radical concentrations ever recorded in the atmo-
sphere (Bobrowski and Platt, 2007). Halogen radicals are generally less soluble
than HX in both aqueous phases and sulphate aerosols (Sander et al., 2006;
Sander, 2015). Consequently, HX conversion into radicals makes halogens less
likely to be washed out in the atmosphere, thus increasing their atmospheric
residence time and the spatial extent of their impacts, including the possibility of
transport to the stratosphere (Zuev et al., 2015). Since BrO is very effective at
destroying ozone in catalytic cycles, observations of high BrO concentrations in
volcanic plumes are frequently associated with ozone depletion events (ODEs)
(Millard et al., 2006; Vance et al., 2010; Boichu et al., 2011; Kelly et al., 2013).
In particular, tropospheric ODEs are relatively common features observed in
halogen-rich environments, notably over sea-salt lakes, in the polar or marine
boundary layer and more recently in tropospheric volcanic plumes (Saiz-Lopez,
2004; Stutz, 2002; Hönninger, 2004; Millard et al., 2006; Vance et al., 2010;
Kelly et al., 2013). By destroying ozone, halogen radicals also influence the
atmospheric oxidizing capacity of volcanic plumes because ozone is a major
source of hydroxyl radical OH, the dominant atmospheric oxidant (von Glasow
and Crutzen, 2013). Therefore, through their impact on ozone halogens also
influence the oxidation rate of volcanic sulphur (Jourdain et al., 2016). Finally,
there is also increasing observational evidence that present-day volcanism can
inject significant amounts of halogens directly into the stratosphere (Carn et al.,
2016; Theys et al., 2009, 2014). The potential of volcanic halogens injection
into the stratosphere to cause massive ozone depletion have recently been
highlighted (Cadoux et al., 2015; Vidal et al., 2016).

Heterogeneous chemistry is crucial in converting volcanic HX into reactive
radicals (i.e. halogens activation). Within a volcanic plume there are two
main potential sites for heterogeneous: sulphate particles and water droplets
(including water on ash particles). A small fraction of sulphur is directly emitted
from the volcanic vent as small sulphate particles (considered here as primary
sulphate), which provide immediately heterogeneous chemistry sites within very
young volcanic plumes (Allen et al., 2002; Mather et al., 2006). Meanwhile,
volcanic sulphur (i.e. mostly SO2) is slowly oxidised to sulphate (secondary
sulphate), thus increasing the sulphate aerosols loading. Many laboratory
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studies have been devoted to chemistry occurring on sulphate particles, notably
regarding halogens heterogeneous processing (Sander et al., 2006; Ammann
et al., 2013). However, there are still large uncertainties on the kinetics of
elementary reactions in the bulk phase of sulphate aerosols (sulphuric acid
solution) (Hanson et al., 1994; Davidovits et al., 2006). On the top of sulphate
particles, when large amounts of water vapour are also emitted and temperatures
are sufficiently low, water can condense to cloud droplets, either on the surface
of primary sulphate aerosols or ash particles surfaces when solid emissions
are also present. In these cases, water-rich phases can also act as sites
for heterogeneous chemistry. Aqueous chemical reactions involving sulphur
species and, to a smaller extent halogens, have been rather extensively studied
in laboratory (Sander et al., 2006). Note that the term cloud droplets is used
thereafter in a loose sense, it is meant to cover any water-rich aqueous phases,
including those at the surface of volcanic ash.

Halogens heterogeneous chemistry is complex, and not enough bromine
radicals can be formed by high-temperature gas-phase chemistry within the
hot vent compared to BrO observations (Gerlach, 2004; Roberts et al., 2009).
Continuous radical cycling and HX conversion are required to promote sustained
BrO production within volcanic plumes. The only large source of reactive bromine
in a plume is the mobilization of bromine halides from liquid phases through
heterogeneous chemistry (Saiz-Lopez and von Glasow, 2012; von Glasow and
Crutzen, 2013; Simpson et al., 2015). Sustained halogens mobilization from
condensed phase also requires HOX production (i.e. hypohalous acids, HOX
= HOBr + HOCl) in the gas phase, especially during the first minutes after
release from the vent (von Glasow, 2010). Besides its role in bromine activation,
HOX production may have additional consequences on in-plume chemistry, in
particular volcanic sulphur oxidation. When HOX concentrations are highly
enhanced compared to the background atmosphere, the oxidation of SO2 by
HOX could greatly contribute to sulphur oxidation, as observed in the marine
boundary layer (MBL) where up to 30% of sulphate may be produced via this
SO2 oxidation channel (Vogt et al., 1996; Von Glasow et al., 2002a,b). Recent
investigations suggest that even at low HOX concentrations (i.e. HOX below 1
pptv), this SO2 aqueous oxidation pathway can be significant, influencing the
oxygen isotopic composition of sulphate (Chen et al., 2016).

During the last decades, there has been an increasing number of studies
that have used isotopic composition measurements to constrain atmospheric
oxidation channels (Michalski et al., 2003; Alexander et al., 2005; Morin et al.,
2008; Gromov et al., 2010; Michalski and Xu, 2010). The triple oxygen isotope
composition (∆17O, see Eq.:) of end-oxidation products such as nitrate or sul-
phate, indeed, reflects (as the result of mass-independent isotopic fractionation
during the formation of O3) the number of oxygen atoms derived from O3 that
are involved in the oxidation of nitrogen (Michalski et al., 2003; Morin et al., 2008;
Alexander et al., 2009; Tsunogai et al., 2010, 2016; Nelson et al., 2018) or sul-
phur oxides (Savarino and Thiemens, 1999b,a; Savarino et al., 2000; Bao et al.,
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2003; Mather et al., 2006; Martin et al., 2014; Chen et al., 2016). Typically, when
atmospheric oxidants are characterised by a specific oxygen isotopic anomaly,
they can transfer part of this anomalous oxygen isotopic distribution to their
oxidation product. As a result, isotopic composition of oxidation end-products
may be used to track back specific dominant oxidants. Note that anomalous
oxygen isotopic compositions refer to oxygen atoms distributions that do not
follow the canonical ratio between oxygen isotopes. Most processes generate
isotopic fractionations that are mass-dependent . Nonetheless, some others,
like O3 formation, generate ans excess of 17O, and therefore a a non-mass
dependent fractionation (also referred as mass-independent fractionation, MIF)
are mass-dependent, and hence follow standard isotopic distributions. Mass-
dependent fractionations induce a change in 17O/16O ratios which is commonly
half the magnitude of the respective change in 18O/16O ratios. The non-mass de-
pendent isotopic anomaly (also named Mass Independent Fractionations (MIFs)
anomaly) is defined with respect to a mass-dependent reference line. The
oxygen MIF anomaly (O-MIF = ∆17 O) for its linear approximation is expressed
as:

∆17O = δ17O− 0.52× δ18O (5.1)

Where δ17 O and δ18 O are the deviations from isotopic ratios of a standard
reference (Rstd):

Rx =
xO
16O

x = 17− 18 (5.2)

And:
δxO =

Rx

Rstd
− 1 (5.3)

When a molecule of SO2 is oxidised via a specific oxidation reaction chain,
a given fraction of the oxidant-specific ∆17 O is transmitted to the produced
molecule of sulphate. Therefore, the resulting product ∆17 O value is simply a
linear combination of the oxidant-specific isotopic signatures weighted by their
respective contributions to the total sulphate production. Obviously, the specific
∆17 O signatures transmitted to sulphate by the different oxidants have all to
be known if different oxidation pathways are to be constrained simply and even
inferred in some cases.

Secondary sulphates are generally produced by oxidation of SO2 through
different pathways, and their oxygen isotopic composition reflects the competi-
tion between the different production channels. During sulphur oxidation, the
transfer of isotopic anomalies from ozone and H2O2 produces sulphates with
very significant O-MIF (∆17O 6= 0± 0.1h), whereas SO2 oxidation by OH in the
gas phase, and by O2 /TMI and HOX in the liquid phase, are thought to produce
sulphate without significant O-MIF anomalies (∆17O = 0± 0.1h) (Savarino and
Thiemens, 1999b,a; Savarino et al., 2000; Martin et al., 2014; Chen et al., 2016).
Note that the uncertainty on the ∆17 O determination on sulphate is 0.1h (Bao
et al., 2003; Martin and Bindeman, 2009).
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This value of 0.1h is typical of oxygen isotopic measurement errors. Most
sulphates collected in the troposphere have a ∆17O of about 1 h typically (Lee
et al., 2001; Lee and Thiemens, 2001), reflecting the importance of ozone and
H2O2 as sulphur oxidants. In contrast, most sulphates extracted from volcanic
ashes of historical and present eruptions are characterised by negligible O-MIFs
(∆17O ¡ 0.1h), independently from distances of volcanic ash-deposits from
the volcanic sources (5-400 km) (Bao et al., 2003; Mather et al., 2006; Martin
et al., 2014; Martin, 2018). With the exception of volcanic sulphates collected
from ice cores (i.e. formed and transported within the stratosphere, and of
tropospheric super-eruptions), it is a peculiarity that most volcanic sulphate
collected on volcanic ash-deposits, even far from volcanoes, do not carry any
O-MIFs, because most of the sulphate is expected to be secondary sulphate
produced during oxidation of volcanic SO2 by common tropospheric oxidants.

The present work is a follow-on of a detailed photochemical modelling study
on sulphur oxidation in volcanic plumes and on the implications for oxygen
isotopic compositions of volcanic sulphate (Galeazzo et al., 2018). Although a
range of conditions and scenarios were explored, the model had great difficulty
in reproducing volcanic sulphate isotopic composition measurements (i.e. a neg-
ligible O-MIF). Potentially important elements were previously neglected, notably
the presence of volcanic halogens and heterogeneous chemistry on sulphate
particles. The purpose of the present work is to address these limitations. It
aims at gauging the role of halogens in sulphur oxidation within volcanic plumes.
Some volcanic plumes contain, indeed, very high levels of halogens, which, in
some cases, can be as high as sulphur levels (Aiuppa et al., 2009; Cadoux et al.,
2015).

In the background troposphere, a combination of several oxidants is involved
in sulphur oxidation: radical OH in the gas phase, H2O2, O3, O2 catalysed by
Transition Metal Ions (TMI), and HOX in the liquid phase (Vogt et al., 1996;
Seinfeld and Pandis, 2016). In the atmosphere, SO2 can be oxidised also by
NO2, especially within fogs and in polluted conditions (Chen et al., 2016). How-
ever, volcanic cloud droplets and sulphate aerosols are too acidic and the NO2

contribution to SO2 oxidation is negligible. Due to the intensity and composition
of volcanic emissions, the chemistry of a dense volcanic plume is certainly very
different from the chemistry of the surrounding background atmosphere. There-
fore, the nature of sulphate production in terms of the mix of oxidants involved is
also expected to be very different. The implications for the isotopic composition
of volcanic secondary sulphate are analyses here. Isotopic measurements
of volcanic sulphate, indeed, are increasingly considered for inferring oxidant
contributions to volcanic sulphur oxidation. This is particularly useful for the
distant past when no oxidant measurements are available. However, note that
halogen chemistry usually tends to be ignored in this type of inference (Savarino
et al., 2000; Alexander et al., 2009; Martin et al., 2014).

The main tool of the present study is a photochemical box-model (CiTTyCat)
which already describes standard tropospheric chemistry and sulphur aqueous
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chemistry in cloud water droplets (Galeazzo et al., 2018). It also contains a
sulphur isotopic scheme tracking O-MIF anomalies during sulphur oxidation. Its
chemical scheme is here extended to include sulphur heterogeneous chemistry
on sulphate aerosols and halogen heterogeneous chemistry on both sulphate
particles and water droplets. Diverse model simulations are carried out for a
range of environmental conditions and scenarios. Model results are used to
investigate in details the chemistry of volcanic halogen-rich plumes and to eluci-
date the role of halogens in tropospheric volcanic plumes, notably during sulphur
oxidation. Model-calculated sulphate isotopic compositions are compared to
volcanic sulphate isotopic measurements, i.e. collected either in proximity of
volcanic vents or from volcanic ash deposits from past and current geological
eras (Bao et al., 2003; Mather et al., 2006; Martin et al., 2014). Results enable
to assess the constraints on sulphur oxidation brought by sulphate isotopic
measurements regarding sulphur oxidants in the presence of varying levels of
halogens.

This paper is organized as follows. The second section describes halogens
gas phase and heterogeneous chemistry operating in volcanic plumes. The third
section presents the modelling methodology adopted for the in-plume halogens
and sulphur chemistry. This section also covers the extension of the chemistry
scheme, and of the isotopic balance equations implemented in CiTTyCAT to
cover the SO2 oxidation by halogens. The fourth section presents and discusses
model results for typical (here called standard) conditions, when only specific
processes are considered (sulphate particles or cloud droplets, with or without
halogens). The focus is on analysing the role of heterogeneous chemistry and of
halogens in sulphur oxidation, and the implications for sulphate isotopic composi-
tions. The fifth section is devoted to sensitivity studies where extreme cases are
considered. They are conducted to investigate how sensitive the model results,
notably the sulphate isotopic composition, are to different in-plume parameters
(e.g. liquid water content, HX/SO2 ratios, initial SO2 concentrations, and TMI
aqueous concentration). Dominant SO2 oxidation pathways are identified for
the two main liquid phase model scenarios (cloud droplets, sulphate aerosols).
Finally, the main findings are recalled in the final section. The model ability to
reproduce observed isotopic compositions from volcanic sulphate ash-deposits
and from volcanic sulphate aerosols is also further discussed.

2 Halogen chemistry and sulphur oxidation in volcanic
plumes

2.1 Halogen chemistry

The most abundant volcanic halogen species are chlorine, fluorine and bromine,
emitted at the vent respectively as HCl, HF, and HBr (Aiuppa et al., 2009;
Oppenheimer et al., 2013). Because of its very low reactivity, fluorine is not
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involved in significant tropospheric chemistry, leaving bromine and chlorine as
the only relevant volcanic halogen species.

Bromine activation and HOBr production

Because of high temperature, a small fraction of bromine comes out of volcanic
vents in the form of BrO (Gerlach, 2004). Atmospheric HBr processing in the
plumes can lead to production of bromine radicals, notably BrO, and HOBr.
Gas-phase reaction of HBr with OH results into BrO production in a two-step
process:

HBr + OH→ Br + H2O (5.4)

Br + O3 → BrO + O2 (5.5)

The high levels of SO2 and/or HCl prevailing in the core of young volcanic plume
reduce greatly OH concentrations. Therefore, R5.4 can at best be effective at
the edges of the plume. In order to explain the sustained production of BrO
observed in volcanic plumes, even far from volcanoes (Boichu et al., 2011),
other sources of reactive bromine need to be invoked (von Glasow, 2010). In
volcanic plumes, reactive bromine can be produced via mechanisms similar to
the bromine explosion, commonly observed over sea-salt lakes and in the polar
boundary layer (von Glasow et al., 2004; Simpson et al., 2015). In the plume
core, production of reactive bromine could be initiated by gas-phase reactions
of BrO originating from the vent with hydrogen and nitrogen radicals, resulting in
the production of HOBr (R5.6) and BrONO2 (R5.7) during the first minutes from
plume release:

BrO + HO2 → HOBr + O2 (5.6)

BrO + NO2 → BrONO2 (5.7)

HOBr and BrONO2 can then react heterogeneously with condensed halide
anions (i.e. X– = Br– +Cl– ) (Martin et al., 2012), thus promoting halogens
mobilisation from liquid phases and releasing reactive bromine :

HOBr + X−(l) + H+ → BrX(l) + H2O (5.8)

BrONO2 + X−(l) + H+ → BrX(l) + HONO2 (5.9)

With X– being either Br– or Cl– .
The reactive uptakes of HOBr and BrONO2 are acid catalysed and are

promoted by low pH in sulphate aerosols and volcanic cloud droplets (Allen et al.,
2002; Mather et al., 2003; Galeazzo et al., 2018). Products of reactions R5.8 and
R5.9 are either BrCl or Br2 (i.e. BrX) with the respective yield depending on the
Br– /Cl– ratio and on aqueous-phase equilibria (Wang et al., 1994; Roberts et al.,
2009; Jourdain et al., 2016). For typical emissions of arc volcanoes (emissions
of bromine versus chlorine), Br2 formation is largely favoured to the detriment of
BrCl (Wexler and Clegg, 2002; Gerlach, 2004). It has been observed, indeed,
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that BrCl might only be preferentially formed in plumes when HBr/HCl emission
ratios are 100 to 1000 times below those of arc-mean composition (i.e. HBr/HCl
≈ 2×10−3) (Gerlach, 2004; Aiuppa et al., 2009; Roberts et al., 2009).

Both Br2 and BrCl are rather insoluble in the liquid phase, and therefore
easily released in the gas phase, where they are quickly photolyzed.

BrX(l) → BrX (5.10)

Br2 + hν → 2 Br (5.11)

BrCl + hν → Br + Cl (5.12)

Br production is of particular interest because it reacts rapidly with O3 to form
BrO (R5.5), a major ozone-destroying radical. Once HOx and NOx are depleted
from the gas-phase, BrO self-reaction becomes the limiting step in the ozone-
destruction catalytic cycle responsible for ozone depletion events in volcanic
plumes. The self-reaction gives either Br2 or Br:

BrO + BrO→ Br2 + O2 (5.13)

BrO + BrO→ 2 Br + O2 (5.14)

Finally, bromine radicals are typically de-activated via the following termination
reactions:

Br + HCHO→ HBr + HCO (5.15)

Br + HO2 → HBr + O2 (5.16)

Reactions R5.8-R5.9 are necessary to maintain high BrO levels in the young
plume core, where OH radicals cannot be produced in significant amounts due
to ozone depletion, being quickly destroyed by reactions with SO2 and HCl (von
Glasow and Crutzen, 2013).

HOBr can also oxidize SO2 within sulphate aerosols or water droplets in
volcanic plumes, contributing to volcanic sulphate production.

Chlorine activation and HOCl production

Very significant levels of OClO and ClO levels have been observed in volcanic
plumes, suggesting that efficient chlorine activation might be occurring (Lee
et al., 2005; Theys et al., 2014; Donovan et al., 2014). Note that measurements
of OClO and ClO in volcanic plumes are quite challenging because their absorp-
tion spectra overlap with those of BrO and SO2 respectively (Lee et al., 2005;
Bobrowski and Platt, 2007; Kern et al., 2009). It is difficult to distinguish between
OClO and ClO directly emitted from the volcanic vent, from those produced by
chemical processing within a very young plume.

There are several possible mechanisms of chlorine activation (conversion of
unreactive chlorine species into radicals). Within the volcanic vent, a small but
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significant quantity of ClO radicals is expected to be formed by high temperature
chemistry and released at the vent (Gerlach, 2004; Roberts et al., 2009). BrCl
production via reactions R5.8-R5.9 also leads to chlorine activation, since BrCl
is quickly photolyzed to release atomic chlorine Br (see 5.12). Once formed, Cl
reacts quickly with O3 to produce ClO:

Cl + O3 → ClO + O2 (5.17)

In the gas phase, ClO reacts with BrO, which is present at relatively high
concentrations in most plumes, to give OClO, a by-product and an indicator of
chlorine activation:

BrO + ClO→ OClO + Br (5.18)

At the same time, ClO can also react with HO2 to produce HOCl:

ClO + HO2 → HOCl + Cl (5.19)

Relatively high HOCl concentrations within the young plume might promote
an equivalent chlorine radical mechanism similar to the ”bromine explosion”
(Roberts et al., 2009). Nonetheless, despite an initial injection of chlorine
radicals within young plumes, chemistry models are still not able to reproduce
the levels of OClO and ClO observed in both young and aged plumes. This
could suggest that other reactive chlorine species are produced in the young
plume instead of HOCl, and that some chlorine activation mechanism might be
missing in models chemical schemes (Bobrowski and Platt, 2007; Roberts et al.,
2009; von Glasow, 2010). In contrast to Br, in the troposphere Cl is less reactive
towards O3, because of fast reactions with tropospheric CH4 and other organics.

Like HOBr, HOCl could also oxidize SO2 in the liquid phase, contributing
to volcanic sulphate production, especially if significant amounts of HOCl are
produced via R5.19.

Oxidation of SO2 by hypohalous acids

Gaseous SO2 dissolves in liquid phase, where it forms HSO–
3 and SO2 –

3 depend-
ing on pH. At pH<6, S(IV) partitioning is largely shifted towards SO2(aq.) and
HSO–

3 , while SO2 –
3 aqueous concentration is negligible (Seinfeld and Pandis,

2016). HOX is produced during the first stages of young plume development
via reactions R5.6 and R5.19. It can produce secondary sulphate via reactions
R5.20-R5.21 with SO2 –

3 and HSO–
3 (Fogelman et al., 1989; Troy and Margerum,

1991; Vogt et al., 1996; Von Glasow et al., 2002a,b):

SO2−
3 + HOX→ XSO−3 + OH− (5.20)

HSO−3 + HOX→ XSO−3 + H2O (5.21)

XSO−3 + H2O→ SO2−
4 + X− + 2 H+ (5.22)
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It has been suggested that the first step of reaction could be a nucleophilic attack
by S(IV) species on HOX halogen atoms (R5.20) or (R5.21) (Chen et al., 2016).
The second step is the quick XSO–

3 hydrolysis (R5.22).

3 Modelling approach

The chosen model to pursue the investigation is the Cambridge Tropospheric
Trajectory model of Chemistry and Transport (CiTTyCAT). The box model CiTTy-
CAT describes standard tropospheric gas-phase photochemistry (bimolecular,
termolecular, and photodissociation reactions), emissions and deposition (Evans
et al., 2000; Real et al., 2007; Arnold et al., 2007). The reaction rate constants
and photolysis cross-sections are taken from JPL’s datasheets (Sander et al.,
2006), and photolysis rates are evaluated via the Fast-J code (Wild et al., 2000).
The chemistry scheme has been recently extended with aqueous sulphur chem-
istry, a parametrization of water droplets acidity, and oxygen isotopes transfers
occurring during gas and liquid phase sulphate production (Galeazzo et al.,
2018).

Here, the scheme is further extended by adding SO2 oxidation by O3, H2O2,
HOX and O2 /TMI on sulphate aerosols, as well as SO2 oxidation by halogens in
both cloud water droplets and sulphate aerosols. Moreover, new reactions have
been implemented to account for halogens heterogeneous chemistry in both
sulphate aerosols and cloud water droplets. Halogens heterogeneous reactions
are generally fast. The elementary aqueous reactions that drive halogens
heterogeneous chemistry are not well characterized experimentally. Therefore,
it has been chosen to implement halogens heterogeneous chemistry, and all
heterogeneous reactions on sulphate aerosols (i.e. also SO2 oxidation), via
reactive uptake coefficients, instead of describing in detail all the elementary
reactions occurring within sulphate aerosols or cloud droplets. In contrast,
sulphur aqueous reactions occurring within cloud droplets are explicitly modelled.
Reaction rates are strongly influenced by chemical activity of water and sulphuric
acid, and, indeed, large uncertainties are still pending on chemistry within
sulphate aerosols. Throughout this study the ”condensing volcanic plume”
scenario refers to dense volcanic plumes generated by a more or less large
eruption (i.e. ash-rich condensing plume), or by passive degassing in a humid
atmosphere. In this case water constitutes the bulk of the liquid phase. On
the other hand, the ”non-condensing plume” scenario refers to volcanic plumes
from passive degassing in a dry atmosphere, and where concentrated sulphuric
acid aerosols constitute the bulk of the condensed phase. For the two plume
scenarios (i.e. condensing vs non-condensing plume) heterogeneous chemistry
is implemented through different modules.
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3.1 General continuity equations

CiTTyCAT resolves coupled differential mass balance equations (continuity
equations) describing the time evolution of atmospheric species concentrations
(Evans et al., 2000; Real et al., 2007; Arnold et al., 2007). For given compounds
concentrations and environmental conditions (e.g. pressure, temperature),
continuity equations are solved considering chemical production and loss terms,
and deposition and mixing with background air:

d[Ci]

dt
=
∑
k

Pk −
∑
j

Lj −Di −Mi (5.23)

where Ci is species i concentration in the plume, Pk the sum of gas phase
and heterogeneous chemical production channels for species i, Lj is the sum
of gas phase and heterogeneous chemical loss rates for species i, and Di

and Mi represent respectively species i deposition and mixing fluxes. The
heterogeneous chemistry terms also include mass-transfer between the gas
and condensed phases.

Deposition only applies to liquid phase species dissolved in cloud water
droplets or in sulphate aerosols. It is implemented as a first order loss process,
where rate coefficients (kd) are assumed to be proportional to the mean lifetime
of cloud droplets and sulphate aerosols in the free troposphere (Stevenson et al.,
2003b). Deposition fluxes are defined as:

Di = −kdep · [C]i (5.24)

Exchange of species between volcanic plumes and background air due to
atmospheric mixing is also accounted for. Mixing is parametrised via a simple
linear relaxation scheme, inducing an exponential decay of plume concentrations
towards background concentrations (Methven et al., 2006; Real et al., 2007;
Arnold et al., 2007):

M(i) = Kmix ·
(
[C]i − [C](i,bck)

)
(5.25)

where Kmix is a first-order mixing rate coefficient quantifying volcanic air mixing
with the background atmosphere, and C(i,bck) is the concentration of species i in
the background air. Kmix is set to 0.4 day−1, a value rather more representative
of mixing in the lower atmosphere and equivalent to a 2.5 days dilution timescale.

Mass-transfer fluxes between gas phase and condensed phase are modelled
considering trace gases non-reactive and reactive uptake into respectively water
droplets and sulphate aerosols. The general uptake rate is defined by the
following kinetic regime expression (Hanson et al., 1994):

−d[Ci]

dt
= γi ·

νi
4
· SA · [Ci] (5.26)
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where γi is species i uptake coefficient onto a specific condensed phase, νi
represents the average molecular speed of i in the gas phase, and SA is
the surface area density of the considered condensed phase (the condensed
phase surface area per unit volume of air). Molecular uptake coefficient is
not constant for most atmospheric gases, and it varies with time depending
on the chemical composition of condensed phase and air. The uptake into a
liquid particle, indeed, encompasses into a single variable multiple physical and
chemical processes, respectively: molecular diffusion in the gas phase, transfer
through the gas-liquid interface, diffusion in the liquid bulk phase, liquid chemical
reactions and all the saturation effects (Davidovits et al., 2006; Ammann et al.,
2013).

3.2 Heterogeneous chemistry of cloud droplets

Non-reactive uptake

Mass-transfer between gas phase and cloud droplets is treated separately
from aqueous chemistry. Therefore, the uptake is treated as a non-reactive
uptake. Thermodynamic equilibrium is quickly reached between gas phase
near the surface and the liquid sublayer below water droplets surface. The
maximum kinetic flux to the liquid phase is therefore proportional to an adsorption
probability expressed by the accommodation coefficient (αi), and to Henry’s law
coefficients (H).

The mass flux for a species i from gas phase to a single droplet of radius
Rp is given by the following kinetic regime expression (Davidovits et al., 2006):

JK(i) = αiπR
2
pνi · ([Ci]− [Ci]s) (5.27)

where [Ci] is the concentration of i far from the droplets, [Ci]s is the concentration
of species i at the surface of the droplets. The latter is expressed as [Ci]s =
Ci(aq.)/Hi, where Ci(aq.) is the aqueous concentration of i and Hi is the Henrys
law coefficient of i.

A correction factor is implemented into this flux expression in order to cover
from kinetic to continuum transport regimes (Seinfeld and Pandis, 2016). In
this case, the transition regime correction factor is taken from the Dahneke
expression (Dahneke, 1983), and the final flux to a single droplet is defined as:

J(i) = 4πRpDair ·
1 +Kn

1 + 2Kn(1 +Kn)/α
· ([Ci]− [Ci]s) (5.28)

where:

Kn =
λi
Rp

=
2 ·Dair

νi ·Rp
(5.29)

λi =
2 ·Dair

νi
(5.30)
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where Kn is he Knudsen’s number, a variable expressed in function of the gas
phase diffusion coefficient of i in air (Dair), and λi, the molecular mean free-path
of i.

Sulphur aqueous chemistry

Sulphur dioxide concentration into water droplets is regulated by the chemical
environment of the aqueous phase, and by sulphur aqueous chemical equilibria.
Notably, SO2 undergoes multiple dissociations in the aqueous phase, giving
HSO–

3 and SO2 –
3 . Note that to simplify sulphur chemistry description, the whole

set of sulphur species in the fourth oxidation state is grouped together to form
the S(IV) family:

[S(IV)] = [SO2] + [SO2(aq.)] + [HSO−3 ] + [SO2−
3 ] (5.31)

SO2 is mildly soluble in water and its uptake is regulated by an effective
Henry’s law coefficient (H∗i ), influenced by S(IV) partitioning and water pH. Water
acidity regulates also S(IV) oxidation rates, since different sulphur oxidation
channels are more or less effective depending on pH. Also sulphate dissociates
in aqueous solution to generate HSO–

4 and SO2 –
4 . The first dissociation is

considered to be virtually complete and instantaneous in cloud droplets, and
similarly to S(IV), sulphate species in the sixth oxidation state are grouped
together to form the S(VI) family:

[S(VI)] = [H2SO4] + [HSO−4 ] + [SO2−
4 ] (5.32)

The pH of water droplets that controls sulphate aqueous chemistry, is a
prognostic variable of the model. It is calculated dynamically by accounting for
the most significant species that can dissolve and dissociate in volcanic water
droplets:

[H+] = [HSO−3 ]+2 ·[SO2−
3 ]+[HSO−4 ]+2 ·[SO2−

4 ]+[Br−]+[Cl−]+[NO−3 ] (5.33)

Aqueous S(IV) oxidation is expressed by:

−
(
d[S(IV)]

dt

)
j

= K l−g
j · [S(IV)]l−g[Cj ]

l−g (5.34)

where K l−g
j is the gas phase equivalent (meaning conversion into gas-phase

units) of the aqueous rate constant of reaction j, [S(IV)]l−g is the gas-phase
equivalent of the S(IV) aqueous species concentration, and [Cj ]

l−g is the gas
phase equivalent of the oxidant j aqueous concentration. Together with S(IV)
aqueous phase partitioning and oxidation, the model also accounts explicitly for
dissolution of O3, H2O2, and HOX, and their aqueous reactions with S(IV). The
total sulphur oxidation reactions implemented in the model are summarised in
Table:5.1.
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Halogen aqueous chemistry

Gas-liquid equilibria of soluble halogens species between the gas phase and
the cloud droplets are also accounted for. In particular, halogens gas-liquid
partitioning driven by Henry’s law coefficients (i.e. HOBr, HOCl, HCl, HBr, Br2,
Cl2, BrCl) and halogens aqueous equilibria are included. The model also takes
into account the multi-step equilibrium between Br2, BrCl, Br– , and Cl– (Roberts
et al., 2009; Jourdain et al., 2016):

BrCl + Br− 
 Br2Cl− (5.35)

Br2Cl− 
 Br2 + Cl− (5.36)

These halogens aqueous exchange reactions (5.35-5.36) are rather relevant
since they affect the overall halogens heterogeneous chemistry, hence halogens
species uptake and mobilization from the liquid phase. In the aqueous phase,
Br2Cl– quickly dissociates via reaction 5.36 to form Br2 and Cl– (Wang et al.,
1994). This equilibrium promotes Br2 over BrCl formation for [Br– ]/[Cl– ] ratios
above 7.2×10−5 (Roberts et al., 2009; Grellier et al., 2014). Notably, Br2 is
less soluble in water than BrCl, hence its aqueous production followed by rapid
release in the gas phase favours the halogens activation chain.

3.3 Heterogeneous chemistry of sulphate aerosols

This new heterogeneous scheme implemented in CiTTyCAT deals with halo-
gens reactions and SO2 reactions on or within extremely acidic solutions of
sulphate aerosols (non-condensing plumes). A schematic representation of all
reactions implemented in the model are summarised in Fig.: 5.1. Chemistry
within concentrated sulphuric acid solutions is not well constrained in kinetic
databases. Consequently, unlike sulphur chemistry in cloud droplets, it has been
chosen to not treat separately the physical uptake and chemical equilibria in
sulphate particles. Under these conditions, the uptake coefficient in Eq.:5.26
encompasses in a single variable uptake and reactions into sulphate aerosols,
hence the coefficient becomes effectively a reactive uptake coefficient (γr). Its
formulation is based on a resistor model, where the different processes driving
the heterogeneous reaction are expressed as separate resistances in series
(Hanson et al., 1994; Davidovits et al., 2006). Notably, resistances from three
main physico-chemical processes are combined into a single impedance: the
diffusion of a species in the gas phase (Γd), its adsorption when it strikes the
particle (α, surface accommodation coefficient), and diffusion, saturation and
reaction within the liquid bulk phase (Γb). The final expression of γr becomes:

1

γr
=

1

Γd
+

1

α
+

1

Γb
(5.37)
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Where, 1/Γd is the resistance for the gas phase diffusion, 1/α is the resistance
to surface accommodation, and 1/Γb is the resistance to bulk phase processes.

The gas phase diffusion resistance is derived according to (Davidovits et al.,
2006):

1

Γd
=

0.75 + 0.238 ·Kn

Kn · (1 +Kn)
(5.38)

α is derived from the large body of laboratory experiments covering het-
erogeneous reactions on the surface of sulphuric acid solutions (Sander et al.,
2006).

The resistance to chemical retention in the bulk phase depends on diffusion
in the liquid phase, on saturation effects and on liquid phase reactivity. The
general formula for Γb is given by (Hanson et al., 1994; Davidovits et al., 2006;
Ammann et al., 2013):

1

Γ(b,i)
=

νi
4HiRT

·
√

1

D(l,i)k
′
(b,i)

(5.39)

where D(l,i) is the liquid phase diffusion coefficient of i, and k′(b,i) is the pseudo-
first order constant of liquid reaction.

Note that, when liquid reactions are second order, the bimolecular constant
of reaction is combined with the concentration of liquid species (Y ) in excess in
solution to provide the equivalent pseudo-first order constant: k′(b,i) = k′′(b,i) · [Y].
If liquid phase reactions are fast with respect to diffusion, solutes react within

Figure 5.1: A diagram representing the new heterogeneous chemistry scheme
implemented in CiTTyCAT, including: SO2 oxidation, and halogens heteroge-
neous reactions within sulphate aerosols.
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the first layers of the particle, hence being proportional to particle surface
area. However, if particles are small, molecules can quickly diffuse within the
liquid phase, and hence they cover particles diameter before reacting, thus
being dependent on the particle volume. The characteristic depth covered by
a diffusing an reacting molecule i is given by the reacto-diffusive length (li)
(Davidovits et al., 2006; Ammann et al., 2013):

li =

√
D(l,i)

k′(b,i)
(5.40)

To account for volumetric effects on molecular uptake, a factor is added to
Eq.:5.39:

1

Γ(b,i)
=

νi
4HiRT

·
√

1

D(l,i)k
′
(b,i)

· 1

[coth(Rp/li)]− (li/Rp)
(5.41)

Where Rp is the radius of the sulphate particle.
When a species is involved in multiple reactions in the liquid phase, all the

reactions contribute to the uptake coefficient. The total bulk phase resistance is
expressed by a combination of multiple parallel resistances, each representing
single chemical reactions within the liquid phase. The final expression of γr,tot
when multiple liquid reactions occur becomes:

1

γr,tot
=

1

Γd
+

1

α
+

1∑
i Γ(b,i)

(5.42)

Where
∑

i Γ(b,i) is the sum of reaction coefficients affecting species i uptake.
Within sulphate aerosols, liquid reactions between SO2 and O3, H2O2,

O2 /TMI, or HOX can occur in principle, since all species can still partition
between gas and sulphuric acid solution. Henry’s law coefficients and liquid
phase oxidation reaction rates depend on aerosol sulphate composition, notably
reaction constants depend highly on sulphuric acid activity in solution. The
values are extrapolated via empirical laboratory observations (DeMore et al.,
1997; Rattigan et al., 2000).

When Eq.:5.42 is applied to SO2 reactive uptake on sulphate aerosols, esti-
mations show that the major resistance originates from the processes occurring
in the bulk phase of sulphate aerosols (see Table:5.2), because of the extremely
low pH of solution. Therefore, the reactive uptake coefficient in Eq.:5.42 can be
approximated by:

γr,(SO2,tot) ≈
∑
i,j

Γ(b,j) (5.43)

As a result, the reactive uptake coefficient can be decomposed into several
uptake coefficients γj , each one representing single contributions to liquid
oxidation of SO2 by O3, H2O2, O2 /TMI, and HOX:

γj ≈ γr,tot · fj (5.44)
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with,

fj =
Γ(b,j)∑
i,j Γ(b,j)

(5.45)

Finally, the rate of SO2 uptake for each oxidation pathway j can be defined
as:

−
(
d[SO2]

dt

)
j

= γr,tot · fj ·
νSO2

4
SA · [SO2] (5.46)

Table 5.2: Major variables within the resistor model for the reactive uptake of
SO2 on primary sulphate aerosols of non-condensing plumes.

Aqueous reaction
1

Γd

1

αSO2

1

Γ(b,i)

SO2 + O3 15 106 8.4×1019

SO2 + H2O2 15 106 1.5×1016

SO2 + O2/TMI 15 106 3.1×1020

SO2 + HOX 15 106 5.3×1029

Halogens heterogeneous reactions implemented in the model, and the
relative uptake coefficients are summarized in Table:5.3.

Table 5.3: Values of γr used for halogens heterogeneous reactions in condensing
plumes (WD) and non-condensing plumes (SA) (Sander et al., 2006).

Reaction γi (SA) γi (WD)
HOCl + Br–

(aq.) + H+ −−→ Cl2(aq.) + H2O 0.002 =
HOBr + Cl–

(aq.) + H+ −−→ BrCl(aq.) + H2O 0.2 · [BrCl]aq.

[BrCl]aq. + [Br2]aq.
=

HOBr + Br–
(aq.) + H+ −−→ Br2(aq.) + H2O 0.2 · [Br2]aq.

[BrCl]aq. + [Br2]aq.
=

BrONO2 + H2O −−→ HOBr(aq.) + HNO3(aq.) 0.8 3· 10−2

ClONO2 + H2O −−→ HOCl(aq.) + HNO3(aq.) - 2.5· 10−2

N2O5 + H2O −−→ 2 HNO3(aq.) 0.03 =

3.4 Final continuity equations

Based on the physico-chemical framework described above for water droplets
and sulphate aerosols heterogeneous chemistry, the mass-balance equation
(also defined as continuity equation) for volcanic SO2 oxidation is expressed
differently for condensing and non-condensing plume scenarios. In addition,
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deposition of S(IV) species (S(IV) = SO2(g) + SO2(aq) + HSO–
3 + SO2 –

3 ) is ignored
in non-condensing plumes, because very little S(IV) species are dissolved in
sulphate particles due to the extreme pH of solution. Therefore, S(IV) oxidation
in sulphate aerosols is assumed to depend almost only on SO2(g), the most
important S(IV) species during sulphate production in non-condensing plumes.
In conclusion, for this scenario it is assumed that the mass-balance equation for
S(IV) oxidation is the same as the one for SO2, expressed as:

d[S(IV)]

dt
=
d[SO2]

dt
= −kOH+SO2

· [SO2][OH]−

−

∑
j

γj ·
νSO2

4
· SA · [SO2]

−Kmix ·
(
[SO2]− [SO2](bck)

) (5.47)

where [SO2] and [SO2](bck) are respectively SO2 concentration of volcanic
plumes and background atmosphere.

The S(IV) continuity equation for condensing volcanic plumes is more com-
plex, and it is expressed as:

d[S(IV)]

dt
= −kOH+SO2

· [SO2][OH]−

∑
j

K l−g
j · [S(IV)]l−gaq. [Cj ]

l−g
aq.

−
−kdep · [S(IV)]−Kmix ·

(
[S(IV)]− [S(IV)](bck)

)
(5.48)

where [S(IV)] and [S(IV)](bck) are respectively S(IV) concentrations in volcanic
plumes and in the background atmosphere.

The same approach is used to define sulphate production continuity equa-
tions, hence S(VI) production rates either in presence of sulphate aerosols
(R5.49), or in presence of water droplets (R5.50):

d[S(VI)]

dt
= kOH+SO2

· [SO2][OH] +

∑
j

γj ·
νSO2

4
· SA · [SO2]

−
−kdep · [S(VI)]−Kmix ·

(
[S(VI)]− [S(VI)](bck)

) (5.49)

d[S(VI)]

dt
= kOH+SO2

· [SO2][OH] +

∑
j

K l−g
j · [S(IV)]l−gaq. [Cj ]

l−g
aq.

−
−kdep · [S(VI)]−Kmix ·

(
[S(VI)]− [S(VI)](bck)

)
(5.50)

where [S(VI)] and [S(VI)](bck) are respectively S(VI) concentrations of volcanic
plumes and of background atmosphere.
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In both model scenarios deposited S(VI) (S(VI)dep) is a prognostic variable
of the system, and it is parametrised as:

d

dt
[S(VI)]dep = kdep · [S(VI)] (5.51)

For both plume conditions, the value of kdep is a first-order loss constant derived
from the average lifetime of sulphate in the free troposphere (Stevenson et al.,
2003a).

3.5 Tracking S(VI) oxygen isotopic signatures

Isotopic chemistry equations

Sulphate mass balance equations are limited to mass tracking of atoms, not
isotopes. As a result, they cannot monitor S(VI) and S(VI)dep evolving concen-
trations. In order to track sulphate ∆17O the continuity equations describing
sulphate production are combined to isotopic transfer equations, and a new
variable called anomaly product ([S(VI)]·∆17O(S(VI))) is introduced in the model.
Its continuity equation is given by (Morin et al., 2008, 2011; Galeazzo et al.,
2018):

d

dt

(
[S(VI)] ·∆17O(S(VI))

)
=
∑
j

[Pj ·∆17O(S(VI)prd)j ]− kdep ·∆17O(S(VI))

(5.52)
where ∆17O(S(VI)) is the O-MIF of S(VI), Pj is the S(VI) production via oxidation
pathway j, and ∆17O(S(VI)prd)j is the specific transfer of O-MIF to S(VI) during
the oxidation of S(IV) via reaction j.

As S(VI)dep is also a variable in the model, the [S(VI)dep]·∆17O(S(VI)) anomaly
product is also a prognostic variable, whose continuity equation is given by:

d

dt

(
[S(VI)dep] ·∆

17O(S(VI))
)

= kdep · [S(VI)] ·∆17O(S(VI)) (5.53)

The isotopic balance equations define the isotopic anomaly acquired by
S(VI) molecules during their production. Each reaction pathway generates,
indeed, a specific O-MIF in its produced sulphate. Peculiar signatures for each
oxidation pathway are determined by the isotopic anomalies of reactants and the
number of oxygen atoms (directly or indirectly originated by ozone) transferred to
sulphate during S(IV) oxidation. As a result, the overall sulphate isotopic compo-
sition reflects the relative contribution of different sulphate production pathways
(Pj) weighted by their specific transferred isotopic anomaly ∆17O(S(VI))j).

On top of the oxygen isotopes scheme recently implemented in CiTTyCAT for
S(IV) oxidation in cloud droplets (Galeazzo et al., 2018), the isotopic continuity
equations for S(IV) and S(VI) are modified to account for halogens chemistry,
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including SO2 oxidation by HOX on sulphate particles and cloud droplets. An
HOX isotopic balance equation is derived and the isotopic balance equation for
OH is also modified. Isotopic balance equations determine sulphate products
O-MIF considering the origins of oxygen atoms inherited by S(VI) during S(IV)
oxidation. As a result, O-MIFs of reactants involved in S(VI) production have to
be constrained precisely.

It is worth stressing that in the model the continuity equations of S(VI)
and S(VI)dep anomaly products are integrated with a 4th order Runge-Kutta
method algorithm, instead of using the CiTTyCAT chemistry solver (Morin et al.,
2008). Preliminary simulations have shown that model results are not very
significantly affected by this splitting method, with the advantage that while using
this approach the chemistry module is totally independent from the oxygen
isotopic scheme.

Oxidation by O3, H2O2, O2 /TMI, and HOX

In the first place, it is assumed that volcanic SO2 and H2O do not carry any
significant O-MIF. The oxygen isotopic composition of magmatic SO2, indeed, is
mass-dependent and no ∆17O (SO2) has been observed so far in volcanic SO2

(Eiler, 2001; Martin, 2018). To our knowledge no study covering the isotopic
composition of volcanic water emissions has been conducted. It is, therefore,
assumed that volcanic water has the same isotopic composition as atmospheric
water, and ∆17O(H2O) of about 0h (Uemura et al., 2010).

Ozone is a key atmospheric reactant, notably characterised by an intrinsic
high O-MIF generated during its formation in the atmosphere (Marcus, 2013).
Tropospheric ozone has a large ∆17O(O3, bulk) of about 25h (Vicars and
Savarino, 2014), but its isotopes distribution within the molecular structure is not
stochastic. It is suggested, indeed, that heavier oxygen isotopes are located at
its molecular extremities (Bhattacharya et al., 2008; Marcus, 2013). Assuming
that terminal atoms are generally more likely to be involved in chemical reactions,
because only one chemical bond needs to be broken, a mean reactive ozone
MIF (∆17O (O*3)) can be defined by encompassing isotopic enrichments of
terminal sites and their enhanced reactivity. In relation to typical tropospheric
ozone O-MIF, a ∆17O (O*3) of about 40h is derived (Morin et al., 2007, 2008;
Bhattacharya et al., 2008; Savarino et al., 2008; Vicars and Savarino, 2014). In
this work it has been chosen to use a value of ∆17O (O*3) equal to 36h, because
modelling simulations assuming using this value have shown good agreement
with experimental observations (Morin et al., 2008). Part of reactive ozone
isotopic anomaly can be transmitted to reaction products, including oxidants,
when molecules react with O3. For SO2 oxidation by O3 out of four S(IV) oxygen
atoms one is inherited from ozone during SO2 oxidation. Therefore, the produced
sulphate have a ∆17O (S(VI))O3+S(IV) = 9 h.

Other atmospheric oxidants inherit O-MIF directly or indirectly from atmo-
spheric ozone via photochemical reactions (Thiemens, 2006). Notably, among
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SO2 atmospheric oxidants, H2O2 carries a significant O-MIF (∆17O (H2O2)
equals to 1.75h) (Savarino and Thiemens, 1999a). While reacting with S(IV),
H2O2 transfers two oxygen atoms to S(IV) via a nucleophilic substitution, re-
sulting in a produced sulphate with ∆17O (S(VI))H2O2+S(IV) equal to 0.87h.
Atmospheric O2 is another SO2 oxidant characterised by a peculiar O-MIF equal
to -0.34 h (Young et al., 2002; Barkan and Luz, 2003). The oxidation of S(IV)
by O2 is catalysed by TMI via a chain of radical reactions. There are, however,
large uncertainties regarding the mechanism of S(IV) oxidation. Therefore, it
is assumed here that only one oxygen atom is transferred from O2 to S(IV),
resulting in produced sulphate with a ∆17O (S(VI))O2 /TMI+S(IV) ≈ −0.09h.
This value is within errors interval of experimental isotopic measurements; thus
this produced sulphate would be classified as mass-dependent in experimental
measurements.

No investigation regarding ∆17O(HOX) has been conducted so far. Nonethe-
less, any potential O-MIF carried by HOX would not affect the final isotopic
signature of S(VI), since the new oxygen atom transferred to HSO–

3 and SO2 –
3

originates from water and not from hypohalous acids (Fogelman et al., 1989; Troy
and Margerum, 1991; Chen et al., 2016). Therefore, the isotopic mass-balance
equation for HOX oxidation takes the following form:

∆17O(S(VI))HOX+S(IV) =
1

2
·∆17O(SO2) +

1

2
·∆17O(H2O) (5.54)

Assuming that no isotopic anomaly is carried by volcanic H2O and SO2, the final
isotopic balance equation is simplified to:

∆17O(S(VI))HOX+S(IV) = 0 (5.55)

In conclusion, it is expected that sulphates generated via S(IV) oxidation by HOX
would not carry an O-MIF, instead being equal to 0 h (Chen et al., 2016). A
summary of the isotopic signatures of different oxidation channels is reported in
Table:5.4.

Table 5.4: O-MIF signatures of S(IV) oxidation pathways in the model

Oxidant O-MIF pathway (h)
OH calculated (0 to a maximum of 4.5)
H2O2 0.87
O3 9
O2 /TMI -0.09
HOX 0

Oxidation by OH

Atmospheric OH is a major tropospheric oxidant, generated mostly by ozone
photochemistry, specifically by the reaction between O1(D) and H2O. OH is
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initially formed with a relatively high O-MIF because it has a 50% chance of
inheriting an oxygen atom from O3. It is generally thought that at average
tropospheric conditions the inherited isotopic anomaly is rapidly lost by the quick
O-isotopic exchange between OH and H2O, happening before the hydroxyl
radical could have reacted with other species. OH MIF is the result of the
competition between OH rates of destruction (i.e. reaction with CH4 and CO)
and the isotopic exchange with H2O. However, this competition depends on
environmental and atmospheric conditions (Dubey et al., 1997; Lyons, 2001). In
the core of volcanic plumes, large amounts of volcanic SO2 and HCl can react
with OH, thus significantly enhancing the OH destruction rate. Consequently, in
contrast to background atmospheric conditions, OH formed in volcanic plume
may conserve some of its initial O-MIF, which then would be further transmitted
to other products of its reaction. ∆17O(OH) is considered a prognostic variable
in the model, and it is evaluated by the following equation (Morin et al., 2011;
Galeazzo et al., 2018):

∆17O(OH) = x ·∆17O(OH∗prod.) (5.56)

with
∆17O(OH∗prod.) =

1

2
·∆17O(O∗3) (5.57)

and
x =

D

D + k∗OH+H2O
· [H2O]

(5.58)

D = kOH+CO · [CO] + kOH+CH4 · [CH4] + kOH+SO2 · [SO2] + kOH+HCl · [HCl]
(5.59)

The isotopic signature transmitted to sulphate via this channel of oxidation is
therefore given by (Savarino et al., 2000):

∆17O(S(VI))OH+SO2 =
1

2
·∆17O(SO2) +

1

4
·∆17O(OH) +

1

4
·∆17O(H2O)

(5.60)
Since ∆17O(H2O) and ∆17O(SO2) are thought to be negligible the equation is
finally simplified to:

∆17O(S(VI))OH+SO2 =
1

4
·∆17O(OH) (5.61)

As a result, the OH O-MIF (∆17O(OH)) can vary between 0 h and 18 h in
volcanic plumes and hence sulphate formed by OH oxidation can have an O-MIF
between 0 h and 4.5 h, depending on HCl, SO2 and water vapour levels within
the plume.

In order to illustrate how ∆17O(OH) can vary with the SO2 and HCl loadings,
OH O-MIF is plotted for standard conditions in function of the SO2 or HCl
concentration in Fig.:5.2. ∆17O(OH) is calculated for 3 different conditions.
The first two cases are rather hypothetical because one concerns a volcanic
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plume with varying sulphur levels but no halogens, and the other case concerns
a volcanic plume with varying halogen levels but no sulphur. Nonetheless,
the results give some idea about the levels of SO2 and HCl required to affect
significantly the OH O-MIF. The third case is more realistic, it is about a plume
with varying halogen levels and one ppmv of SO2.

The first two cases show that it is only when SO2 or HCl concentration is
greater than tens of ppbv that OH carries an O-MIF sufficiently high (O-MIF
> 0.4 h) to generate sulphate with an O-MIF greater than 0.1 h, the typical
error for isotopic measurement. This implies that OH loss by reaction with SO2

or HCl starts competing with the isotopic exchange with H2O around these
concentrations. The last case shows that, in the presence of a ppmv of SO2,
HCl needs to be above 50 ppbv to influence significantly OH O-MIF. Halogens
reaction with OH has to compete, indeed, with the combined OH losses due to
the isotopic exchange with H2O, and the reaction with SO2.

Figure 5.2: Variation of ∆17O(OH) in relation to initial halogens and SO2 loading
within a non-condensing plume.
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4 Box model set up

4.1 Standard initial conditions

All simulations are run for springtime conditions and start at midday at the tropics
(i.e. 115.5◦ E 8.3◦ S, Mt. Agung, Indonesia). In order to reach stable chemical
compositions, notably for medium- and short-lived reactive species, the model
is run for 3 days before injection of halogens and/or SO2 (i.e. plume injection).
The evolution of the chemical composition is then followed for 7 days, in order
to cover the evolution from highly concentrated to highly diluted plumes in the
troposphere.

Since most of large volcanoes are situated in remote areas with their peaks
often close to the free troposphere, volcanic plumes tend to end up in the free
troposphere, at relatively high altitudes. For this reason, the base model is
set at 3 km of altitude, with pressure set at 640 mbar and T set at 283.15 K.
Background concentrations of reactive species are set to typical atmospheric
levels observed in the tropical free troposphere (Wang et al., 2001; Pan et al.,
2015). In the standard conditions, initial concentrations are set to: O3 = 35
ppbv and H2O2 = 0.1 ppbv (Herrmann et al., 2000). Within water droplets and
sulphate aerosols, it is assumed that TMI concentrations are correlated with
each other, i.e. that [Mn(II)] = 0.1 · [Fe(III)], as observed in tropospheric aerosols
and atmospheric hydrometeors (Seinfeld and Pandis, 2016).

Typical halogens emissions within volcanic plumes are not well characterised,
because they vary from one volcanic system to another, and even between
different phases of the same erupting event. Modelling and field observations
suggest typical HCl/SO2 ratios of about 0.5, and mean HBr/HCl ratios of about
2×10−3 (Gerlach, 2004; Aiuppa et al., 2005a; Aiuppa, 2009). These initial
ratios (HCl/SO2, HBr/HCl) are used in almost all simulations when halogens are
injected, except when sensitivity to SO2 or halogens loading is explored. To
account for the extreme variability in halogens levels, sensibility simulations are
finally performed.

In both condensing (water droplets) and non-condensing (sulphate aerosols)
plume standard simulations SO2 concentration is set to 1.5 ppmv, a value
commonly observed at the proximity of volcanic vents during passive degassing
(Robock, 2000; Rose et al., 2006; Mather et al., 2006; Roberts et al., 2012; De
Moor et al., 2013; Voigt et al., 2014).

Specific input parameters: condensing volcanic plumes

In all condensing plume simulations, volcanic water is assumed to condense
either forming water droplets, or coating ash particles. It constitutes the bulk
of the liquid phase, quantified by the liquid water content (LWC). At standard
conditions the LWC is set to 0.3 gm−3, a value commonly observed for tropo-
spheric clouds (Korolev et al., 2007; Carey et al., 2008). It is assumed that water
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droplets have a fixed radius of 5 µm. The droplets concentration is then derived
from the specific LWC. The initial pH of the aqueous phase is set to 4.5, but it
has no impact on the overall model results, since water droplets pH is almost
immediately driven by SO2, HBr and HCl uptake, and by S(IV) oxidation.

Large uncertainties are pertaining to iron release from volcanic ashes in
aqueous phase (Hoshyaripour et al., 2015; Maters et al., 2016). Standard TMI
concentrations are set to values corresponding to the lower range of tropo-
spheric conditions (Herrmann et al., 2000; Parazols et al., 2006), but to the
mean range of model calculations regarding iron release within volcanic plumes
(Hoshyaripour et al., 2015). At standard conditions, TMI concentrations in water
droplets are set to: [Fe(III)] = 0,5 µM, and hence [Mn(II)] = 0,05 µM.

Specific input parameters: non-condensing volcanic plumes

The radius of primary volcanic sulphate aerosols is fixed at 0.5 µm in the
accumulation mode, while aerosols concentration is fixed at 1000 particles per
cm3 of air. Both values are chosen in relation to atmospheric observations of
primary sulphate emissions at volcanic vents (Mather et al., 2003).

In non-condensing volcanic plumes, the liquid phase is composed of sul-
phuric acid, since water vapour pressure does not reach saturation. The relative
humidity (RH) is specified and the sulphate aerosol composition (i.e. sulphuric
acid weight percentage, wt) is calculated from RH, temperature, and pressure
(DeMore et al., 1997). The aerosol composition is a critical factor for gas-liquid
partitioning of species and also for the chemistry operating within the liquid.
During non-condensing plume simulations, RH is set to 45%, a rather average
value observed during volcanic plumes degassing (Mather et al., 2006; Kroll
et al., 2015).

Because of the absence of ash in non-condensing plumes from passive
degassing, it is assumed that iron is not released in significant amounts from
magma bubbles burst (Mather et al., 2003). As a result, aerosols TMI concentra-
tion is set to 0.001 µM, the lowest iron mobilization value suggested by volcanic
plumes model simulations (Hoshyaripour et al., 2015).

4.2 Model experiments

Standard simulations

The objective of the first set of numerical experiments is to assess the competi-
tion among SO2 oxidants in presence or absence of halogens. Six simulations
(C1-C3, and N1-N3) are run with oxidation schemes of increasing complexity for
both condensing (Cn) and non-condensing volcanic plumes (Nn). The different
cases of SO2 oxidation considered in the simulations are oxidation by: only OH
in gas phase (C1; N1), OH in gas phase, and H2O2, O3 and O2 /TMI in liquid
phase (C2; N2), and by OH in gas phase, and H2O2, O3, O2 /TMI and HOX
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in liquid phase (C3; N3). C1, N1, C2 and N2 do not have halogens, whereas
C3 and N3 correspond to halogens injection. The standard simulations are
designed to explore the effect of different processes for standard conditions.

Sensitivity simulations

Initial SO2 levels, LWC, TMI and halogen concentrations are key model inputs,
but they are subjected to large uncertainties and variability. The sensitivity of
the results to input conditions varying within plausible ranges is explored in
additional simulations. O-MIF transfers are investigated for an array of initial
concentrations ranging from highly diluted to dense volcanic plumes. In the case
of condensing plumes, the sensitivity to varying levels of TMI is also explored.
On the other hand, preliminary simulations have shown that, within the range
of plausible TMI concentrations, TMI catalysed oxidation is negligible in non-
condensing plumes. Simulations S1, S2 and S3 explore model responses for
condensing plumes, while Z1 and Z2 simulations investigate the sensitivity of
non-condensing plumes.

The first set of sensitivity simulations (S1-Z1) is devoted to the sensitivity
to initial SO2 concentration, which is varied from 0.05 to 5 ppmv. The idea is
to consider a range of values representative of a variety of observed volcanic
plumes (Aiuppa et al., 2005b, 2006b; Carn et al., 2011; Roberts et al., 2012).
Initial halogens concentrations are fixed during the S1 set, they do not vary with
the SO2 initial concentrations.

The second set of sensitivity simulations (S3) investigates the sensitivity of
condensing plumes to LWC. Large amounts of water, indeed, can be injected
by volcanoes, hence various kinds of plume can develop. The chosen values
are selected to represent different cloud typologies: from light mean saturated
clouds (0.1-0.5 gm−3), to water-rich cumulonimbus clouds (1-2 gm−3) (Laj
et al., 1997; Rosenfeld and Lensky, 1998; Pruppacher et al., 1998; Korolev et al.,
2007; Carey et al., 2008).

The third of sensitivity studies (S4) explores the sensitivity to TMI concentra-
tions within condensing volcanic plumes. It is supposed to cover the possible
range of TMI aqueous concentrations resulting from mineral dissolution. Volcanic
eruptions can inject large quantities of mineral solid material in the form of ash,
commonly composed of minerals with different proportions of Fe(II) and Fe(III)
within their crystalline structure (Rose and Durant, 2009; Langmann, 2014).
Depending on ash content and plume chemical composition, TMI concentrations
vary within volcanic aqueous phases (Hoshyaripour et al., 2015). Fe(III) mobi-
lization depends on ash composition and water acidity, since low pH promotes
dissolution of iron minerals (Maters et al., 2016). However, the extent to which
halogen halides and sulphate can promote iron dissolution is rather uncertain.
During S4, [Fe(III)] varies from 0.1 to 2 µM, based on model simulations and
laboratory experiments on iron release from volcanic ash (Hoshyaripour et al.,
2015; Maters et al., 2016).
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The last set of sensitivity studies (Z2) concerns the sensitivity of non-
condensing plumes chemistry to the initial halogens loading. The amounts
of halogens emitted vary greatly from one volcanic system to another, and major
differences are observed between rift and arc volcanoes (Aiuppa et al., 2009).
Intraplate systems (e.g. rift and hotspot volcanic systems) are characterised,
indeed, by HBr/SO2 emission ratios of the order of 10−5, while arc volcanic
systems exhibit HBr/SO2 ratios as high as 10−2 (Aiuppa, 2009; Aiuppa et al.,
2009; Mather et al., 2012). At the same time, HCl/SO2 ratios up to 1 have been
observed in halogen-rich plumes of arc volcanoes (Aiuppa et al., 2005a; Witt
et al., 2008). Consequently, for the Z2 set, the HX/SO2 ratio varies from 0.01 to
0.8, while keeping initial SO2 at 1 ppmv.

A summary of all simulations, and relative specific conditions, is reported in
Table:5.5.

5 Results and discussion

5.1 Isotopic constraints on S(IV) oxidation: condensing volcanic
plumes (water droplets)

Standard simulations

The first simulation (C1, only OH oxidation) investigates O-MIF transfer to
sulphate for standard conditions in the absence of heterogeneous chemistry
(S(VI) produced only by SO2 reaction with hydroxyl radicals). Fig.:5.3 shows
the evolution of SO2, O3, H2O2, and S(VI) concentrations during the run. SO2

concentration drops from 1.5 ppmv to 0.06 ppmv 7 days after injection. At the
end of the run, total atmospheric S(VI) is around 0.09 ppmv, and deposited
sulphate is 0.05 ppmv. Most of the SO2 in the plume is lost through mixing with
the background atmosphere. Keep in mind that the mixing description is crude,
and that the main focus here is sulphur oxidation within the volcanic plume and
the resulting isotopic composition on sulphate.
Since SO2 is only oxidised by OH, the S(VI) production follows a diurnal cycle. In
Fig.:5.6-5.7 the O-MIF of atmospheric (∆17O(S(VI)prd)) and deposited sulphates
in C1 are compared to the isotopic signatures modelled during the following
simulations C2 and C3. Within the first minutes from plume injection sulphate
with very positive O-MIF is formed, the maximum isotopic anomaly reached
by S(IV) during the first day is of about 1.4 h. As the plume dilutes through
mixing with the background atmosphere, the initial isotopic signature of OH
decreases because SO2 concentration drops due to mixing and gas-phase
oxidation. Consequently, over the long run, ∆17O(S(VI)prd) decreases.

Simulation C2 has the same initial conditions of C1, except that now the
chemical scheme also includes the aqueous oxidation of S(IV) by H2O2, O3 and
O2 /TMI. Fig.:5.4 shows the evolution of the chemical species concentrations
as S(IV) oxidation occurs in both gas and aqueous phases. Within 7 days from
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Figure 5.3: Gas-phase concentrations of atmospheric species during the C1
simulation (condensing plume, see text). The simulation starts at 0:00 p.m., and
SO2 is injected after 3 days.

Figure 5.4: Gas-phase concentrations time evolution for SO2, its tropospheric ox-
idants and produced and deposited sulphates during C2 (see text); no halogens
are released within the plume.
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Figure 5.5: Gas-phase concentrations time evolution for SO2, its tropospheric
oxidants and produced and deposited sulphates during simulation C3, and in
presence of halogens emissions.

injection, SO2 concentration drops from 1.5 ppmv to 0.05 ppmv, while total
produced S(VI) is around 0.12 ppmv and deposited sulphate reaches 0.06 ppmv.
Following SO2 injection, H2O2 is immediately depleted from the plume, reaching
concentrations below pptv levels. Significant amounts of H2O2 are reformed
again after 4 days during day time. Sulphate production follows a diurnal cycle,
indicating that OH and H2O2 still contribute largely to S(IV) oxidation. Once
again, mixing with background air and S(IV) deposition are the main SO2 losses
within the plume. In Fig.:5.6-5.7 the isotopic composition of atmospheric and
deposited sulphates from C2 are compared to C1 and C3. Initially, sulphate
with high O-MIF around 0.75 h is produced in the plume. Within the first
night, ∆17O(S(VI)prd) decreases to 0.6 h, increasing progressively to 0.8 h
by the second day. Eventually, sulphate isotopic anomaly decreases steadily
throughout the simulation, reaching a final value of 0.55 h by the end of the
run; the final O-MIF of deposited sulphate is around 0.7 h. Decrease in O-MIF
observed during the first night is due to major O2 /TMI contribution to S(IV)
oxidation. As the pH of the water phase decreases due to S(VI) production,
less S(VI) dissolves into the liquid phase, and S(IV) oxidation is significantly
driven by reaction with OH from the third day. By the time OH becomes a main
pathway of in-plume oxidation ∆17O(OH) is significantly lowered due to SO2

mixing, S(IV) deposition and in-plume reactions. Overall, in presence of 0.5 µM
of TMI and in absence of halogens, H2O2 and OH contribute the most to S(VI)
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Figure 5.6: Time evolution of ∆17O(S(VI)) in produced sulphates during con-
densing volcanic plumes simulations C1 (only OH ox.), C2 (OH + HET, without
halogens) and C3 (OH + HET + halogens).

Figure 5.7: Time evolution of ∆17O(S(VI)) in deposited sulphates during con-
densing volcanic plumes simulations C1 (only OH ox.), C2 (OH + HET, without
halogens) and C3 (OH + HET + halogens).
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production, thus resulting in a ∆17O(S(VI)dep) of about 0.7 h.
Simulation C3 is the same of C2 but it includes all the major pathways of

oxidation, including S(IV) aqueous reactions with HOX. Fig:.5.5 shows main
species concentrations as halogens are also added to the chemical scheme. By
the end of the simulation SO2 concentration drops from 1.5 ppmv to 0.09 ppmv,
while atmospheric S(VI) is around 0.02 ppmv and deposited sulphate is about
0.01 ppmv. Once again most of initial SO2 is lost due to washing out and mixing
with background atmosphere. However, remarkably less S(VI) is produced
compared to C1 and C2 simulations. Furthermore, now S(VI) production does
not follow a diurnal cycle, indicating that OH and H2O2 are not major sulphur
oxidants in the C3 simulation. After halogens injection, the O3 concentration
drops dramatically due to injection of radical bromine and activation of HBr. A
first ODE (ozone depletion event) is observed within half an hour from plume
release during daytime. O3 reaches less than ppbv levels when the plume
is very concentrated in the first day. Following the first ODE, the production
of hydrogen radicals results in massive drops in OH and H2O2 levels. OH is
reformed in significant amounts only after 5 days from plume injection, and
H2O2 concentration recovers to pptv levels only after 3.5 days. HO2 depletion
from the gas-phase does not allow accumulation of HOX over the long run, and
it remains below pptv levels throughout the C3 simulation. As a result, HOX
(HOX = HOCl + HOBr) is found in extremely low concentrations in both aqueous
and gas phases. Following halogens injection, BrO/SO2 ratio keeps increasing
during the first minutes of plume development, reaching a maximum value of
about 2.0 × 10−4 after 30 minutes. Throughout the C3 simulation, BrO/SO2

ratio fluctuates significantly following a diurnal cycle. The ratio remains within
the range of observations (Bobrowski et al., 2003; Oppenheimer et al., 2006;
Bobrowski and Platt, 2007; Bobrowski et al., 2007).

In Fig.:5.6-5.7 the isotopic composition of atmospheric and deposited sul-
phates of simulation C3 are compared to those of C1-C2. Atmospheric sulphate
carries an O-MIF of about 0.2h during the first minutes of simulation. Within the
first 24 hours from plume injection, the isotopic anomaly drops to about 0.05h.
By the end of the simulation ∆17O(S(VI)dep) is equal to about 0.08h. The low
∆17O(S(VI)prd) value indicates that sulphate production is predominantly driven
by aqueous phase oxidation pathways that produce sulphate with ∆17O≈0h.
Within 30 minutes from plume injection very small HOX concentrations are
formed in the plume, since HOx species are massively depleted. The only S(IV)
oxidation channel which does not exhibit diurnal variation and independent of
the levels of HOx species and HOX concentrations is the O2 /TMI pathway. It is
responsible for most of the sulphate production in the C3 simulation.

Since the results might be sensitive to a number of assumed model inputs
several sensitivity studies are carried to assess the robustness of the results
and conclusions. The most critical model inputs are the amounts of halogens
injected, the assumed TMI concentrations and LWC.
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Influence of SO2 initial concentration

The first set of sensitivity studies (S1) is devoted to the sensitivity to the three
different assumed SO2 initial concentrations (SO2(0)). Initial SO2 varies within
0.05 - 5 ppmv. In set S1 set of simulations the initial HX concentration is fixed at
0.75 ppmv, the standard halogens concentration during C3.

In Fig.:5.8, the evolution of ∆17O(S(VI)dep) is reported for three SO2 con-
centration scenarios.

For SO2(0) equal to 0.05 ppmv, deposited S(VI) carries an O-MIF of about 0.5
- 0.6 h for most of the simulation, with a final ∆17O(S(VI)dep) value of 0.65 h.
In contrast to C3, the ODE is very small in S1 and ozone does not fall below 1
ppbv, remaining mainly around 10-20 ppbv during most of the run. In simulation
S1 SO2 levels are 20 times lower than the ones in simulation C3, and as a result,
the concentration of hydrogen species (HO2, OH and H2O2) does not decline
much. Substantial levels of HO2 prevents the build-up of BrO concentration. Any
BrO available reacts quickly with HO2 to produce HOBr, which is responsible for
16% of S(IV) oxidation within the first 30 minutes. The relatively high levels of
HO2 favours the production of HOBr instead of BrONO2. Since, per molecule
HOBr is less effective than BrONO2 at cycling bromine in the aqueous phase
(see Table:5.3), little BrO production, hence ozone destruction, occur. Overall,
S(IV) oxidation by H2O2 is the dominant S(IV) oxidation pathway, followed by
the O2 /TMI oxidation channel.

Figure 5.8: Temporal evolution of ∆17O(S(VI)dep) at different values of [SO2]0
in condensing plumes. Other initial critical parameters are set to: [Fe(III)] = 0.5
µM, LWC = 0.3 gm−3, [HX]0 = 0.5 ppmv.
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For SO2(0) equal to 0.5 ppmv, an ODE appears within the first half an hour
from plume injection. Deposited sulphate carries an O-MIF of about 0.16 h
throughout the simulation. Following plume injection, H2O2 is quickly depleted
from the aqueous phase because of reaction with S(IV). H2O2 is not reformed
because of hydrogen species depletion related to the ODE. During the first
couple of hours following halogens and sulphur release, some of S(IV) is oxidised
by H2O2, explaining the high ∆17O(S(VI)prd) observed initially. Overall, like in
previous simulations S(IV) oxidation by OH does not significantly contribute to
S(VI) production, and by the time the first ODE occurs, O2 /TMI has become the
main S(IV) oxidation channel.

For the last simulation (SO2(0) = 5 ppmv), an ODE is also formed within
half an hour. Deposited sulphate carries an O-MIF of about 0.12 h the first
day, 0.05h by the third day, and it ends at 0.04 h. After plume injection, OH
is very quickly depleted from the gas phase because of high SO2 and HCl
concentrations. H2O2 levels drop also very quickly because it is consumed by
S(IV) oxidation, and its production is suppressed by the extremely low levels of
HO2 triggered by the ODE. Consequently, S(IV) oxidation by O2 /TMI becomes
and remains the overwhelming S(IV) oxidation pathway, responsible for the very
low O-MIF in sulphate.

The results from this set of sensitivity studies suggest that the only way to
produce S(VI) with large O-MIF in condensing volcanic plumes is to start with
low SO2 levels compared to the halogens levels. SO2 level is a key parameter
because it controls HOx and HOBr concentrations, hence halogens mobilization
from the liquid phase. For low SO2 concentrations, HO2 react with BrO to
generate HOBr, which reacts with S(IV) in the liquid phase, preventing the build-
up of significant levels of BrO and hence ozone destruction. In contrast, when
high SO2 concentrations are within the plume, HOx levels are depleted due to the
consumption of H2O2 in the aqueous phase. In this case, halogens mobilization
form the liquid phase is promoted via reaction 5.9, resulting in massive ODEs.
In this scenario, O2 /TMI becomes the main S(IV) oxidation pathway, and the
isotopic composition falls within the range of observed tropospheric volcanic
sulphate O-MIF. Halogens to sulphur ratios seems critical for sulphur oxidation
pathways and sulphate O-MIF.

Influence of LWC concentration

The second set of sensitivity studies (S2) is devoted to response of the system
to changing LWC in condensing volcanic clouds. Fig.:5.9 shows the evolution of
∆17O(S(VI)dep) for three different LWC value (0.2 -0.5-1-2 gm−3). Recall that for
these simulations SO2(0) equals 1.5 ppmv, and HX initial concentration is fixed
at 0.75 ppmv. In all four simulations an ODE is observed within half an hour
from plume injection.

When LWC is set to 0.2 gm−3, initially ∆17O(S(VI)dep) reaches an O-MIF
of about 0.25 h. Within a day from injection, O-MIF of deposited sulphate
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Figure 5.9: Temporal evolution of ∆17O(S(VI)dep) at different values of liquid
water content in condensing plumes. Other initial critical parameters are set to:
[Fe(III)] = 0.5 µM, [SO2]0 = 1.5 ppmv, [HX]0 = 0.75 ppmv.

declines to roughly 0.15h, which is also the final ∆17O(S(VI)dep) value. The
initial positive O-MIF is linked to the major contribution of OH oxidation to S(VI)
production during the first phase of the plume evolution. Smaller concentration
and volume density of water droplets leads to lower pH in the aqueous phase. As
a result, less SO2 can dissolve in water droplets because of the pH dependency
of the SO2 effective Henry’s law coefficient. The contribution of OH oxidation
increases at the expense of aqueous oxidation. As the first ODE occurs, S(VI)
production is driven by O2 /TMI, and to a smaller extent by OH as ozone and
HOx levels recover slightly during daytime after few days.

When LWC is set to 0.5 gm−3, ∆17O(S(VI)dep) remains positive although
below 0.1 h throughout all the simulation. Within a day from injection, the
deposited sulphate O-MIF is close to 0 h, and the final ∆17O(S(VI)dep) is about
0.01 h. During this simulation, at least 90% of the sulphate is produced by
the S(IV) oxidation by O2 /TMI. Because of its reaction with S(IV), H2O2 is
immediately depleted, and the contribution of HOX oxidation is not significant,
except during the first minutes after plume release.

At LWC equal to 1 gm−3, ∆17O(S(VI)dep) stabilizes quickly around 0 h
throughout the run. Overall, S(IV) reaction with O2 /TMI highly dominates S(VI)
production and more sulphate is produced within the plume because of the
higher rate of SO2 dissolution. At LWC equal to 2 gm−3, the final ∆17O(S(VI)dep)
is around -0.05 h. Under these conditions, S(IV) oxidation by O2 /TMI accounts
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for 98% of total S(VI) production. H2O2 and OH contribute at significantly
lower extents to sulphate production. Overall, HOX does not contribute to S(IV)
oxidation in the aqueous phase.

Results from this set of sensitivity simulations suggest that LWC does not
particularly affect S(IV) oxidation dynamics within the aqueous phase, where
the O2 /TMI oxidation pathway dominates S(VI) production. Plume LWC has a
small impact on initial competition between aqueous and gas phase pathways
of oxidation during the first day. The LWC controls, indeed, the pH, hence the
SO2 dissolution rate and the associated H2O2 consumption via S(IV) oxidation.
In all these simulations, sulphates have O-MIFs below 0.3 h initially, and mostly
within the 0.0±0.1 h range by the end. These results suggest that as long as
the LWC is greater than 0.3 gm−3, the sulphate O-MIF falls within the range
of observed tropospheric volcanic sulphate measurements. They confirm also
that negative O-MIF signatures can only point out towards an overwhelmingly
dominant O2 /TMI oxidation pathway.

Influence of TMI concentration

The last set of sensitivity studies (S3) covers the responses to TMI aqueous
concentrations. Note that, throughout these simulations initial SO2 and HX
concentrations, and LWC are fixed to standard case values (simulation C3).
In all these simulations, an ODE occurs after 30 minutes from plume release.
Fig.:5.10 presents the evolution of ∆17O(S(VI)dep) for different TMI concentra-
tions (0.1-0.5-1-2 µM).

For TMI equal to 0.1 µM, deposited sulphate reaches an O-MIF of about
0.32 h within the first hours from injection. After a day it stabilizes around 0.28
h, then it rises slightly to 0.31 h by the end of the run. Interestingly, during
the first 12 hours of simulation, HOX contribution to S(IV) oxidation is significant;
HOX oxidises more S(IV) than H2O2, which is quickly depleted due to its rapid
reaction with S(IV). Overall, O2 /TMI contribution to sulphate production is high
throughout the simulation, and by the end of the run 50% of S(VI) has been
produced via this reaction pathway. The remaining S(VI) is mostly generated via
H2O2 oxidation during daytime, and to a lower extent by HOX and OH.

For 0.5 µM of TMI, the O-MIF in deposited sulphate initially decreases
towards 0.15 h. The O-MIF stabilizes, however, around 0.07 h within a day
from plume injection; the final ∆17O(S(VI)dep) is 0.08 h. There is a small initial
HOX contribution to S(VI) production, but from the second day the O2 /TMI
reaction is largely the main S(VI) oxidant. Overall, the O2 /TMI represents 83%
of the S(IV) oxidation by the end of the simulation.

For 1 µM of TMI, the O-MIF in deposited sulphates remains within 0.06 and
0.02 h throughout the run. By the end of the simulation 90% of S(VI) has been
produced by O2 /TMI, and the remaining 10% by even contributions of H2O2 and
OH.

For 2 µM of TMI, the O-MIF in deposited sulphates remains within 0 and
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-0.03 h throughout the simulation. The final ∆17O(S(VI)dep) is at -0.02 h. S(IV)
oxidation is almost completely driven by O2 /TMI. OH, H2O2 and HOX oxidants
contribute to only 6% of sulphate production.

In summary, results from these simulations indicate that when TMI concen-
tration is higher than than 0.5 µM, O2 /TMI oxidation vastly dominates sulphur
oxidation, resulting in deposited sulphate with an O-MIF mostly within 0 and 0.1
h, which is agreement with observed measurements. However, when TMI con-
centration drops below 0.5 µM, sulphate can have a significant positive anomaly
well above ± 0.1 h. For instance, for 0.1 µM of TMI only half of the sulphate is
produced via the O2 /TMI pathway. Within the range of TMI considered here, the
concentration of TMI does not have any effect on the level of ozone destruction
by halogens. Moreover, sulphur oxidation by HOX is very minor if not negligible.
The results suggest that the negative O-MIF measured in volcanic sulphate from
volcanic ash-deposits in some cases might be indicative of the dominance of
the O2 /TMI oxidation pathway, and implicitly of significant iron dissolution in
the aqueous phase. Nonetheless, more investigations are needed to assess in
more details the role of iron dissolution from volcanic ash. Physico-chemical
processing of suspended ash particles can vary, indeed, depending on multiple
factors, such as ash mineral composition and aqueous phase evaporation and
condensation cycles. In particular, transport to the upper troposphere, hence low
temperatures, can promote major iron dissolution (Jeong et al., 2012; Langmann,

Figure 5.10: Temporal evolution of ∆17O(S(VI)dep) at different values of TMI in
the aqueous phase of condensing plumes. Other initial critical parameters are
set to: LWC = 0.3 gm−3, [SO2]0 = 1.5 ppmv, [HX]0 = 0.75 ppmv.
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2014). Eventually, sulphate isotopic composition found on ashes collected far
from points of emission may also reflect particles processing within the upper
troposphere.

5.2 Non-condensing volcanic plumes (sulphate aerosols)

Standard simulations

Simulations N1-N3 have the same chemical schemes and model inputs (e.g.
initial concentrations) as those of simulations C1-C3, except that this time
sulphuric acid aerosols the bulk of the liquid phase. Remember that for N1, N2
and N3 simulations, volcanic particles are composed by sulphate aerosols, and
note that SO2 heterogeneous reactions are now modelled via reactive uptake
coefficients. The only difference between C1 and N1 is that the transfer of
species between the gas phase and the liquid phase, and the aqueous equilibria
are simulated in C1 (but without aqueous oxidation), whereas only gas-phase
chemistry is accounted for in N1.

Fig.:5.11 and Fig.:5.12 show the time evolution of SO2, O3, H2O2, and S(VI)
concentrations for N1, and N2 respectively. In simulation N1 no heterogeneous
chemistry is accounted for and halogens are absent from the plume. Simulation
N2 does include heterogeneous chemistry (see Table:5.5) but halogens are
absent. In both simulations, SO2 is depleted from 1.5 ppmv to 0.06 ppmv,
deposited S(VI) and atmospheric S(VI) both reach roughly 0.06 ppmv, with S(VI)
production exhibiting a diurnal cycle. By the end of the simulations, only 1 ppbv
more of S(VI) is produced in N2 compared to N1, out of a total of about 120
and 130 ppbv of sulphate respectively. The heterogeneous SO2 oxidation by O3,
H2O2, and O2 /TMI on sulphuric acid aerosols has a totally negligible contribution
to sulphur oxidation in N2. The only noticeable effect is the small H2O2 depletion
during the first 2 days of simulation N2 compared to N1. This result contrasts
significantly with the difference between C1 and C2, where H2O2 drops to less
than pptv in C2 because of its fast consumption during reaction with S(IV) in
the aqueous phase. Fig.:5.14 and 5.15 show the temporal evolution of the
O-MIFs of atmospheric and deposited S(VI) for N1 and N2. As expected, there
are no significant differences in ∆17O(S(VI)prd) and ∆17O(S(VI)dep) between
N1 and N2. In both runs the sulphate produced initial carries a large O-MIF
(peaking at ≈2.35h), which then declines to about 1.2 h at the end of N1 and
N2. However, as SO2 concentration decays, ∆17O(OH) decreases following the
relationship in Eq.:5.60. Since in both the runs the main oxidant of SO2 is OH,
sulphates O-MIF decrease accordingly.

In simulation N3, halogens are also injected together with the plume. The
evolution of SO2, O3, H2O2, and S(VI) in N3 are shown in Fig.:5.13; SO2

decreases from 1.5 to 0.09 ppmv during the N3 simulation. The most remarkable
difference between N3 and the other standard simulations (C1, C2, C3, N1 and
N2) is that very little sulphate is produced in N3 . Only 1.9 ppbv of sulphate
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Figure 5.11: Temporal evolution of gas-phase concentrations of atmospheric
species in presence of primary sulphate aerosols during the N1 simulation
(non-condensing plume, see text). The simulation starts at 0:00 p.m., and SO2

is injected after 3 days.

Figure 5.12: Gas-phase concentrations of atmospheric species in presence of
primary sulphate aerosols during the N2 simulation (non-condensing plume, see
text); no halogens are released within the plume after 3 days.
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Figure 5.13: Gas-phase concentrations of atmospheric species in presence of
primary sulphate aerosols during the N3 simulation (non-condensing plume, see
text). Halogens are released within the plume, after 3 days from the start of the
run.

(composed by 0.95 ppbv of both deposited and atmospheric sulphate) are
produced compared to at least 120 ppbv of other standard simulations. Also, in
contrast to other runs, in N3 about half of the sulphate is produced within the first
hour. In the Nn standard simulations, the oxidation of SO2 by heterogeneous
pathways is very slow. Initially, the only significant oxidation pathway is the
oxidation by OH in the gas phase. The first ODE develops after ≈15 min. in
N3. It is triggered by the efficient bromine cycling on sulphuric aerosols and the
associated ozone destruction. Ozone levels drop to roughly 0.01 ppbv after half
an hour, shutting down the production of HOx , notably OH, and hence sulphur
oxidation by OH in N3. Before the O3 levels drop too much, some SO2 oxidation
by OH occurs, ant it is responsible for half of the sulphate produced in N3. O3

level recovers a bit after 2 days, reaching ≈ 4-5 ppbv during daytime. After a
couple of days, O3 has recovered sufficiently to generate significant OH and
restart sulphur oxidation by OH. During the first day, H2O2 decreases slowly to
0.1 ppbv, and it is not reformed at appreciable concentrations throughout the
N3 run. As a result of O3 destruction, the photochemical production of H2O2

becomes negligible. The only source of H2O2 is mixing with the background
air. This mixing flux is sufficient to maintain reasonable levels of H2O2 (≈0.2
ppbv), that are much higher than the ones in C2 and C3 simulations, where
the very fast SO2 oxidation in water droplets consume immediately H2O2. This
very slow oxidation of SO2 by H2O2 on sulphuric acid aerosols is responsible
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of about half of the very small amounts of sulphate produced during N3. The
low HO2 concentration inhibits HOX production in the gas phase, resulting in
very low HOX concentration throughout N3. BrO/SO2 ratios reach values of
about 6× 10−4 within 5-10 minutes from plume release, in good agreement with
BrO/SO2 observations in volcanic plumes from passive degassing (Bobrowski
et al., 2003; Oppenheimer et al., 2006; Bobrowski and Platt, 2007; Bobrowski
et al., 2007).

Fig.:5.14 and 5.15 show the evolution of O-MIF in atmospheric and de-
posited sulphate in N3 along with those of simulations N1 and N2. Atmospheric
sulphate produced initially in N3 carries an O-MIF of about 1.5 h. The initial
O-MIF is slightly lower in N3 than in N1 and N2 drops because of the very
reduced OH level in N3 and a much higher fraction of S(IV) oxidised by H2O2.

The isotopic O-MIF transferred to sulphate by H2O2 is, indeed, lower than the
one by OH in volcanic sulphur rich plumes (Galeazzo et al., 2018); ∆17O(OH)
varies from 11.2 h at the start of the run to 1.7h at the end of N3. After a couple
of days, the light ozone recovery is sufficient for OH to be again the dominant
oxidation pathway in N3. However, by that time, SO2 level has declined, and
hence, the ∆17O(OH) decreases, producing sulphate with a lower O-MIF than
in the first hours. By the end of the simulation, atmospheric sulphate carries
an O-MIF of 0.97h. The final O-MIF on deposited sulphate is ≈ 1.1h. at the
end of the simulation, 59% of S(VI) is produced via SO2 oxidation by H2O2 on
aerosols, and the remaining 41% is generated via oxidation by OH in the gas
phase.

Results from these simulations indicate that H2O2 and OH are major SO2

oxidants in non-condensing volcanic plumes. Contrary to water droplets simula-
tions, the oxidation of SO2 on sulphuric acid is very slow. Consequently, unlike
for water droplets, H2O2 is not quickly consumed by heterogeneous chemistry,
because of the low H2O2 and SO2 solubilities in highly concentrated sulphuric
acid solutions. During daytime, halogens cause ODEs because of fast bromine
activation on sulphate aerosols. However, because of HOx suppression from
ODE and consumption by fast halogens heterogeneous reactions, HOX cannot
accumulate in appreciable concentrations in the gas phase, and it does not
contribute significantly to S(VI) production. Overall O-MIF of atmospheric sul-
phate is relatively high and close to 1h, suggesting that sulphates formed in
volcanic plumes during passive degassing should have an O-MIF very close
to values measured for anthropogenic sulphates (Lee et al., 2001; Lee and
Thiemens, 2001). In the same way as for condensing plumes, sensitivity studies
are conducted in order to assess the variability of results to key input parameters
and explore the ability of the model to reproduce measured O-MIF in sulphate.

Influence of initial SO2 concentration

The first set of sensitivity studies (Z1) is about the sensitivity to initial SO2

concentrations [SO2]0, and in particular, the effect on ∆17O(OH) and sulphate
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Figure 5.14: Time evolution of ∆17O(S(VI)) in produced sulphates during non-
condensing volcanic plumes simulations N1 (only OH ox.), N2 (OH + HET,
without halogens) and N3 (OH + HET + halogens).

Figure 5.15: Time evolution of ∆17O(S(VI)) in deposited sulphates during NON-
condensing volcanic plumes simulations N1 (only OH ox.), N2 (OH + HET,
without halogens) and N3 (OH + HET + halogens).
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O-MIF. The initial halogen concentration ([HX]0) is fixed at 0.5 ppmv, the standard
simulation value (N3), only [SO2]0 is changed.

First of all, whatever the initial SO2 concentration (0.05, 0.5, 5 ppmv), the
ODE forms within an hour from plume injection. Therefore, the initial SO2 loading
does not appear to influence significantly the formation of ODE, obviously as
long as sufficient primary sulphate aerosols are present in the volcanic plume
for bromine activation. Fig.:5.16 shows the evolution of ∆17O(S(VI)dep) for the
three different initial SO2 concentrations.

For the low SO2 loading case ([SO2]0 = 0.05 ppmv), deposited sulphate
initially carries an O-MIF of about 1.1 h. During this initial phase (the first
half an hour when the ODE starts forming), OH is not yet completely depleted
by the ODE and both OH and H2O2 contributes to SO2 oxidation. The initial
sulphate O-MIF reflects both contributions with an O-MIF of 0.87 h for sulphate
generated by H2O2 oxidation and an O-MIF of about 2 h for sulphate generated
by OH oxidation. After this initial phase, sulphate O-MIF decreases from its
1.1 h peak to about 1 h during the first day. The ODE is fully developed
after an hour and causes the OH concentration to drop drastically since O3 is
the source of OH. As a result, H2O2 becomes the dominant oxidant after an
hour. H2O2 generates sulphate with an O-MIF which is much lower than the
O-MIF generated by OH oxidation. With the addition of the low O-MIF sulphate
generated by H2O2 oxidation, the deposited sulphate O-MIF decreases during
the first day. However, at the same time, the H2O2 concentration also decrease

Figure 5.16: Temporal evolution of ∆17O(S(VI)dep) at different values of [SO2]0
in non-condensing plumes.
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gradually because H2O2 is slowly consumed when it oxidizes SO2 on sulphate
aerosols. The H2O2 concentration declines to 0.3 ppbv by the third day. This
decrease in H2O2 concentration is much weaker than in the corresponding
standard simulation (N3) where H2O2 drops quickly to pptv level; since the
initial SO2 loading in N3 is 20 times higher than in this first Z1 simulation, the
consumption of H2O2 by its heterogeneous reaction with SO2 is much faster
in N3 than in the first Z1 simulation. After the first day, the ODE weakens with
the decrease in the halogen concentration from the plume dilution mixing and
the influx of O3 from the surrounding background atmosphere. As O3 starts
to recover, the OH concentration starts also to recover, resulting in increasing
amounts of SO2 being oxidised by OH. After the first day, OH becomes the
dominant oxidant. The deposited sulphate O-MIF carries on decreasing during
the rest of the simulation, to a final value of 0.75 h. This value is well below
the characteristic O-MIF (0.87 h) for sulphate generated by H2O2 oxidation.
This is consistent with the dominance of the OH oxidation and the fact that
its isotopic signature is lower the isotopic signature of H2O2 oxidation when
the SO2 concentration is very low. During that period, the O-MIF (∆17O(OH))
decreases during the entire simulation from an initial peak value, exceeding
5 h, to about 2 h after a day, producing a sulphate with an O-MIF of 0.5
h (∆17O(S(VI))OH+SO2 = 1/4 · ∆17O(OH), see Eq.:5.61). This decline in
∆17O(OH) is related to the decrease in SO2 and HX concentrations from the
plume dilution. Note that the initial SO2 concentration is already very low (0.05
ppmv) in this first Z1 simulation. The lower the SO2 and HX concentrations are,
the lower the ∆17O(OH) is (see Eq.:5.56-5.58). After the first day, the sulphate
added to the pre-existing deposited sulphate carries a decreasing O-MIF and
consequently ∆17O(S(VI)dep) decreases steadily. Overall, by the end of the
simulation, 31% of S(VI) is formed via H2O2 oxidation and the remaining 69% is
formed via OH oxidation.

For [SO2]0 = 0.5 ppmv, the initial sulphate carries a peak O-MIF of about
1.3h. As in the previous Z1 simulation ([SO2]0 = 0.5 ppmv), OH is the main SO2

oxidant during the first hour and hence determines the sulphate O-MIF. The initial
∆17O(S(VI)dep) is higher than the initial value in the previous simulation because
the SO2 concentration is an order of magnitude larger and therefore ∆17O(OH)
is higher. After this initial phase, sulphate O-MIF decreases sharply to 1.1 h
during the first day. The H2O2 concentration is low during this period because of
the ODE and the relatively high SO2 concentration. H2O2 oxidation becomes
dominant during the first day and adds sulphate with a low O-MIF (0.87 h) to
the deposited sulphate, causing the sharp decrease in ∆17O(S(VI)dep). After
this drop, sulphate O-MIF carries on declining but much more slowly, towards
a final value of 0.95 h. This corresponds to a phase where OH oxidation
dominates again. Again, the pendulum swings away from H2O2 oxidation and
towards OH oxidation because the H2O2 concentration decreases strongly due
its consumption by reaction with SO2, and OH concentration increases due
to ozone recovering slowly after the first ODE. The sulphate generated has a

150



higher O-MIF than in the first Z1 simulation because the SO2 concentration is
much higher and hence so is ∆17O(OH). By the end of the run 49% of S(VI) is
formed by H2O2 and the remaining 51% is formed by SO2 reaction with OH.

For [SO2]0 = 5 ppmv, deposited sulphate carries an initial O-MIF of 1.25 h
which is lower than the initial value for the [SO2]0 = 0.5 ppmv case. Although
the initial OH O-MIF is the highest in this case (∆17O(OH)=XX), the SO2 con-
centration is so high that the reaction between OH and SO2 becomes the main
OH loss, depleting very severely OH (Bekki, 1995). Under those conditions, in
contrast to the previous Z1 simulations, H2O2 contributes very substantially to
SO2 oxidation even during the initial phase, generating some sulphate with low
O-MIF compared to sulphate generated by OH oxidation. This explains the lower
peak in sulphate O-MIF compared to the case of [SO2]0 = 0.5 ppmv. After this
initial peak, the isotopic anomaly in deposited sulphate decreases to about 1.15
h during the first day reflecting the increasing contribution of H2O2 to SO2 oxi-
dation. Indeed, after 1 hour, the OH concentration drops dramatically under the
combined effect of the ODE and the high SO2 concentration. associated with the
ODE. After the first day, contrary to the first two Z1 simulations, ∆17O(S(VI)dep)
increases steadily till the end of the simulation, reaching a final value of about
1.4 h after 7 days. This increase has several origins. First, H2O2 concentra-
tion decreases much more than in the previous Z1 simulations, to about 0.05
ppbv by the second day, enhancing mechanically the OH contribution to SO2

oxidation. Second, as in the previous simulations, ozone recovers gently after
a day, enhancing the OH concentration and its contribution to SO2 oxidation.
Third, and more importantly, the ∆17O(OH) is much higher than in the first Z1
simulations because of the extremely high SO2 concentration. For instance, the
initial OH O-MIF is 14.5 h for [SO2]0 = 5 ppmv whereas it is 7.6 and 5.1 h for
[SO2]0 = 0.5 and 0.05 ppmv respectively. Therefore, the sulphate generated
by OH oxidation carries a much higher O-MIF, resulting in a steady increase in
∆17O(S(VI)dep) during the simulation instead of a decrease in the first two Z1
simulations. By the end of the run 56% of S(VI) is formed via H2O2 oxidation
and the remaining 44% is formed via OH oxidation.

The results from this set of sensitivity studies suggest that the volcanic
sulphate O-MIF is affected by the value of the initial SO2 loading in the volcanic
plume. When the sulphur loading increases, the relative contribution of H2O2

to sulphur oxidation declines at the expense of OH oxidation contribution. At
the same time, the O-MIF of the sulphate generated by OH oxidation increases
strongly with increasing sulphur loading. As a result, the final O-MIF of deposited
sulphate increases with increasing sulphur loading. Overall, the SO2 loading
does not have a major impact on the sulphate O-MIF since the final deposited
sulphate O-MIF varies between about 0.8 and 1.4 h for a 2 orders of magnitude
change in the initial SO2 loading. This range of sulphate O-MIF values is not at
all consistent with most O-MIF measurements in sulphate collected on volcanic
ash.

151



Influence of initial halogens concentration

The second set of sensitivity studies (Z2) is about the sensitivity to the initial
halogen loading. The purpose is to investigate the effect of varying the initial
halogens concentration ([HX]0) on ∆17O(OH) and sulphate O-MIF, in particular
in relation to the formation of ODE which is catalysed by halogen radicals. In
all the Z2 simulations, [SO2]0 is fixed at 1 ppmv, the value corresponding to the
standard simulation (N3). [HX]0 is changed progressively from 0 to 0.8 ppmv,
giving an initial halogen-to-sulphur [HX]0/[SO2]0 varying from 0 to 0.8.

Fig.:5.17 shows the evolution of ∆17O(S(VI)dep) for 6 different initial [HX]0
(0, 0.05, 0.1, 0.2, 0.4, 0.8 ppmv). The simulation with no halogens ([HX]0=0)
corresponds to the Z2 simulation. Deposited sulphate O-MIF peaks initially
at about 1.9 h and then declines continuously to 1.24 h at the end of the
run. As expected, in the absence of halogens, there is no ODE. Without ozone
depletion, OH is the dominant oxidant and the sulphate O-MIF produced at
a given time reflects the OH O-MIF, modulo a factor 4 (see Eq.:5.61). Since
the SO2 concentration decays with time, the OH O-MIF decreases. Therefore,
sulphate with decreasing O-MIF is continuously added to the deposited sulphate,
resulting in a decline in deposited sulphate O-MIF.

For [HX]0 = 0.05 ppmv, an ODE develops within 2-3 hours from halogens
injection. Even a halogen loading as low as 50 pbbv is sufficient to generate
an ODE initially. Nonetheless, the rate of the ODE formation, the extent of the
ozone depletion and its persistence are stronger at higher halogen loadings.

Figure 5.17: Temporal evolution of ∆17O(S(VI)dep) at different values of [HX]0 in
non-condensing plumes.
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Deposited sulphate initially carries an O-MIF of about 1.95 h, which is
close to the initial value found in the no-halogen simulation (1.9 h). Since
OH is the dominant oxidant during the initial phase, this indicates that a 50
ppbv halogen loading is not sufficient to affect significantly the OH O-MIF in the
presence of a high SO2 concentration (see Fig.:5.2). By the time the ODE is fully
developed (after the initial phase of 3 hours), the OH concentration drops and
H2O2 oxidation becomes dominant during the first day. This oxidation pathway
generates sulphate with an O-MIF (0.87h) which is lower than the O-MIF in
sulphate generated by OH oxidation initially. However, the amount of sulphate
produced by H2O2 oxidation is very low compared to the sulphate produced
during the initial phase (i.e. before the formation of the first full ODE). As a result,
the addition of this sulphate carrying a lower O-MIF during this period affects
weakly the O-MIF of the deposited sulphate which was produced during the
initial phase. Deposited sulphate O-MIF decreases only very slightly during the
first day. By the beginning of the second day, O3 and hence OH concentrations
start to recover strongly, making the OH oxidation dominant again. By that
time, however, ∆17O(OH) has decreased from its early peak value, generating
sulphate with an O-MIF of about 0.6 h (see Eq.:5.56-5.58). This decline in
∆17O(OH) is related to decreasing SO2 and HX concentrations (i.e. 0.2 and
0.01 ppmv respectively), mostly driven by the plume dilution. The effect of
declining ∆17O(OH) on deposited sulphate O-MIF is moderate. Indeed, the rate
of sulphate production drops continuously because the SO2 concentration keeps
decreasing. As a result, the amount of sulphate produced with a low O-MIF
during the second half of the simulation is much smaller than the amount of
sulphate produced with a high O-MIF during the first half. In fine, the large O-MIF
of the sulphate produced and deposited during the first few days is not strongly
diluted by the sulphate produced afterwards as shown by the slow decline in
∆17O(S(VI)dep). The final O-MIF is about 1.75 h. By the end of the run, 13% of
the sulphate is produced by H2O2 oxidation and the remaining 87% by OH.

The evolution of ∆17O(S(VI)dep) in the [HX]0 = 0.1 ppmv simulation is similar
to the one in the first Z2 simulation ([HX]0 = 0.05 ppmv). The first ODE occurs
a bit more quickly, within about an hour from plume injection. This causes a
drop in the OH concentration and H2O2 becoming the main oxidant. While H2O2

oxidizes SO2, it is consumed and its concentration decreases. After 2 days OH
becomes again the main oxidant. As in the first Z2 simulation, a large amount
of sulphate is produced by OH oxidation before the formation of the first ODE.
However, the ODE develops faster than in the first simulation, resulting in a
lower amount of sulphate produced during the initial phase (dominated by OH
oxidation). Therefore, the sulphate produced with lower O-MIF after the initial
phase impacts a bit more the deposited sulphate O-MIF. As a result, the decline
in deposited sulphate O-MIF is a bit steeper with a final value of 1.72 h instead
of almost 1.77 h in the first simulation. Overall, 19% of S(VI) is formed by SO2

oxidation via H2O2, and the remaining 81% by SO2 oxidation via OH.
For [HX]0 = 0.2 ppmv, deposited sulphate initially carries a high O-MIF of
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about 1.95 h, similar to the previous Z2 simulations. The first ODE occurs
faster, within half an hour from plume injection. After half an hour, following the
drop in O3 and OH concentrations, H2O2 becomes the main oxidant for about
2 days. This period of dominance of the H2O2 oxidation is longer than in the
first Z2 simulations because the ozone depletion lasts longer at higher halogen
loading. The decline in deposited sulphate O-MIF following the formation of
the first ODE is much steeper than in the previous Z2 simulations because less
sulphate with high O-MIF is produced via OH oxidation during the initial phase
lasting only half an hour. Therefore, the sulphate produced with lower O-MIF
after this initial phase impacts more strongly the deposited sulphate O-MIF as
indicated by the steeper decline in deposited sulphate O-MIF during the first
2 days. Thereafter, with a weakening of the ODE and the decrease in H2O2

concentration from its consumption by its SO2 oxidation, OH is produced again
in significant amounts and becomes the main oxidant. During the last phase,
the OH O-MIF is low (i.e. ∆17O(OH)≈ 0.7h) because of the dilution-driven
decline in SO2 and HCl concentrations. However, less sulphate is produced in
this phase than the first 2 days of the simulation. Therefore, the decrease in
deposited sulphate O-MIF is relatively limited with final O-MIF of about 1.33 h.
Overall, 42% of S(VI) is formed by SO2 oxidation via H2O2 and the remaining
58% is formed by SO2 oxidation via OH.

The evolutions of ∆17O(S(VI)dep) in the [HX]0 = 0.4 ppmv and [HX]0 = 0.8
ppmv simulations are very similar. The initial peak in deposited sulphate O-
MIF (∆17O(S(VI)dep) = 1.4 h) is distinctly lower than in the low halogen Z2
simulations. The first ODE forms within the first 20 minutes for the [HX]0 =
0.4 ppmv simulation and within the first 15 minutes for the [HX]0 = 0.8 ppmv
simulation. Although the initial OH O-MIF is a bit higher than in the low halogen
Z2 simulations, the ozone destruction is so fast that the H2O2 oxidation is
still very significant compared to OH oxidation during the initial phase in the
high halogen Z2 simulations, resulting in a lower peak value in sulphate O-
MIF. The OH O-MIF in the [HX]0 = 0.8 ppmv simulation is slightly higher than
in the [HX]0 = 0.4 ppmv simulation. However, with respect to the impact on
deposited sulphate O-MIF, it is compensated by a faster and stronger ozone
destruction in the [HX]0 = 0.8 ppmv simulation and hence a lower contribution of
OH to sulphate production in the [HX]0 = 0.8 ppmv simulation. When they are
compared to the low halogen Z2 simulations, the amounts of sulphate produced
during the initial phase are small, making ∆17O(S(VI)dep) more sensitive to the
subsequent decline in the O-MIF of produced sulphate. In both simulations,
H2O2 becomes quickly the overwhelmingly dominant oxidant and ∆17O(S(VI)dep)
decreases quite sharply to 1.1h after a day. By that time, in the [HX]0 = 0.4
ppmv simulation, a bit less than half of deposited sulphate has been produced by
H2O2 oxidation, while the remaining amount has been produced by OH oxidation.
In the [HX]0 = 0.8 ppmv simulation, slightly more than half of the sulphate has
been produced by H2O2 oxidation. After 2-3 days, the ODE weakens and, as the
OH concentrations increases, the OHoxidation dominates again. However, the
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sulphate then produced carries a low O-MIF, because OH O-MIF has dropped
with the dilution-driven decreases in SO2 and HCl concentrations. As a result,
the O-MIF on deposited sulphate is not significantly affected by the newly
sulphate after a couple of days, resulting in a final O-MIF value of about 1.1h.
Overall, in the [HX]0 = 0.4 ppmv simulation, 51% of S(VI) is formed by H2O2

oxidation and the remaining 49% by OH oxidation. In the case of the [HX]0 = 0.8
ppmv simulation, 56% of S(VI) is formed by H2O2 oxidation and the remaining
44% is formed by OH oxidation.

The results from this set of sensitivity simulations for non-condensing vol-
canic plumes suggest that even relatively small halogen loadings induce ODEs.
Obviously, the speed of formation, amplitude and duration of the OH drop de-
pend on the initial halogen loading. The ODE is fully developed within 2-3 hr
after the injection for the lowest halogen loading considered here (0.05 ppmv)
and within 15-20 mn for the highest halogen loading (0.4-0.8 ppmv). The ODE
generates a drastic drop in the OH concentration. As a result, the contribution of
OH oxidation also drops and the H2O2 contribution becomes dominant. After 1
to 3 days after the volcanic injection, the OH oxidation becomes again dominant
because the ODE has weakened and H2O2 concentration has dropped. The net
effect of increasing the halogen loading is to increase the relative contribution
of H2O2 to sulphur oxidation because the extent and duration of the drop in
OH oxidation depends the magnitude and duration of the ODE. The higher
the halogen loading is, the stronger is the ODE. The sulphate O-MIF is also
affected by the initial halogen loading. The O-MIF of the sulphate generated
by OH oxidation increases with increasing halogen loading via the effect of HCl
concentration on OH O-MIF. However, the net effect of the halogen loading on
sulphate O-MIF is dominated by its influence on the relative contributions of OH
and H2O2 to sulphur oxidation. When the halogen loading increases, the relative
contribution of H2O2 to sulphur oxidation increases. As for the Z1 sensitivity
simulations (varying the initial sulphur loading), the halogen loading does not
have a major impact on the sulphate O-MIF since the final deposited sulphate
O-MIF varies between about 1.0 and 1.4 h for a change in halogen loading
going from no halogen to a halogen-to-sulphur ratio close to 1. This range of
sulphate O-MIF values is not at all consistent with most O-MIF measurements
in tropospheric volcanic sulphate extracted from volcanic ash.

6 Summary and concluding remarks

We use the tropospheric photochemical box-model CiTTyCAT to simulate the
oxidation of sulphur within the core of tropospheric volcanic plumes in the
presence of halogens and the resulting oxygen isotopic compositions in the
produced and deposited sulphate. So far, most isotopic measurements indicate
that tropospheric sulphates collected from volcanic ash-deposits do not carry
significant O-MIFs (i.e. oxygen mass-independent sulphate) (Bao et al., 2003;
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Martin et al., 2014). Volcanic plumes are peculiar chemical environments,
radically different from background air. It is mostly a mix of volcanic water,
sulphur and halogens species. Almost the entire sulphur is emitted in the form of
SO2 with a very small fraction of it, typically less than 1%, in the form of primary
sulphate particles. This work is a follow-on of a modelling study on sulphur
oxidation in a volcanic plume and the resulting secondary sulphate isotopic
composition (Galeazzo et al., 2018). Halogens and heterogeneous chemistry
on primary sulphate aerosols had been neglected. The present study aims to
extend the previous investigation on volcanic SO2 oxidation and to cover the
missing processes (Galeazzo et al., 2018). The focus is on the role of halogens
in plume chemistry and the implications for the isotopic composition of volcanic
secondary sulphate. A heterogeneous chemistry scheme for halogens has
been implemented in the model. In addition, a new heterogeneous chemistry
scheme has been added to account also for SO2 oxidation on sulphate aerosols.
We consider two typical situations: a condensing plume (i.e. water droplets)
and non-condensing plume (i.e. sulphate aerosols). Interestingly, very different
results and conclusions are drawn for these two situations.

With regard to condensing plumes, the first finding is that ozone depletion
events (ODE) catalysed by halogens might occur in presence of water droplets.
The ODE is initiated by emitted bromine and chlorine radicals, and then devel-
oped through heterogeneous chemistry mobilizing halogens from water droplets.
The second salient finding is that, in presence of halogens, SO2 oxidation by
both H2O2 in water droplets and OH in the gas-phase are negligible. Within a
condensing plume, H2O2 is immediately consumed by its oxidation of sulphur
(reaction between SO2 and S(IV) in the aqueous phase), while the gas-phase
OH concentration is severely depressed by the ozone destruction. At the same
time, O3 is also a negligible oxidant, because the ozone concentration is very
low and, more importantly, the aqueous phase is much too acidic. In addition,
HOCl and HOBr do not contribute significantly to the sulphur oxidation because
their concentrations are very low under the effect of the fast heterogeneous
halogens reactions converting them into radicals. Consequently, according to
the model calculations, in volcanic plumes with water liquid phases SO2 oxida-
tion is dominated by S(IV) aqueous reaction with O2 /TMI, even for relatively
low TMI aqueous concentrations. As the plume mixes with the background
air and becomes more diluted halogens radical cycling weakens and, the O3,
OH and H2O2 concentrations increase substantially. Nonetheless, the O2 /TMI
oxidation remains the dominant oxidation pathway. Even without halogens, this
sulphate production pathway can be dominant for TMI concentrations typical of
atmospheric cloud droplets (Galeazzo et al., 2018). As a result of the domination
of O2 /TMI oxidation, volcanic sulphate carries a low mass-independent isotopic
anomaly in oxygen (O-MIF). In some cases, the sulphate O-MIF is equal to
0 h (mass-dependent sulphate). It is consistent with most isotopic measure-
ments on sulphate collected on volcanic ash, which indicate mass-dependent
sulphate within the typical measurement error (0.1 h). The model calculates
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sulphate O-MIF below 0.1 h only if the concentration of TMI is significant. Model
calculations would be much better constrained, if more measurements of TMI
concentrations in volcanic water phases to be performed.

With regard to non-condensing plumes (i.e. only sulphate aerosols), even
for relatively low halogen loadings (about 50 ppbv), an ODE occurs. Obviously,
the speed of formation, amplitude and duration of the ODE depend on the
initial halogen loading. The ozone depletion leads to a drastic drop in the OH
concentration. The first finding is that the rate of SO2 oxidation and hence of the
amount of sulphate produced is much lower in non-condensing plume simula-
tions than in condensing plumes simulations. Overall, the sulphate production
is found to be inversely correlated to halogen emissions via the dependence
of the ODE magnitude and duration on the amount of halogen emitted. Both
the O2 /TMI and HOX oxidation on sulphate aerosols are totally negligible. The
sulphur oxidation is dominated by H2O2 oxidation on sulphate aerosols and
OH oxidation in the gas-phase. The H2O2 oxidation is very significant because,
contrary to a condensing plume simulation, the H2O2 concentration does not
drop instantaneously in a non-condensing plume simulation. H2O2 is consumed
very slowly by its reaction with SO2 on sulphate aerosols because of the low
solubility of H2O2 in concentrated sulphuric acid solutions. At the same time,
gas-phase SO2 oxidation is severely reduced after the formation of the ODE
(within 15 min. to 2-3 hr. depending on the halogen loading) because of the
drop in OH concentration generated by the ozone depletion. The relative con-
tributions of OH and H2O2 to the total sulphur oxidation vary with the initial
sulphur and halogen loadings. When the sulphur loading is decreased or when
the halogen loading is increased, the relative contribution of H2O2 to sulphur
oxidation increases at the expense of the OH oxidation contribution. Typically, at
low halogen loadings, the contribution of OH oxidation is higher than the H2O2

contribution and, at high loadings, it is the reverse.
The O-MIF carried by the generated sulphate depends on the respective

contributions of OH and H2O2 to sulphur oxidation. Sulphur oxidation by H2O2

generate sulphate with a positive ∆17 O (0.87 h). The ∆17 O in sulphate
generated by OH oxidation is a quarter of the O-MIF in OH. OH MIF is found to
vary strongly with the sulphur and halogen loadings in the volcanic plume. It was
already shown that OH ∆17 O was expected to be large in the presence of high
SO2 concentrations (Galeazzo et al., 2018). The present model calculations
indicate that OH MIF is further enhanced when the HCl concentration increases.
Therefore, sulphur oxidation by OH generates sulphate with a higher O-MIF
when the halogen loading is high. However, the net effect of the halogen loading
on sulphate ∆17 O is dominated by its influence on the relative contributions
of OH and H2O2 to sulphur oxidation. When the sulphur loading increases,
the relative contribution of H2O2 to sulphur oxidation increases and hence the
overall sulphate ∆17 O decreases. Overall, in the non-condensing plumes
simulations (including the sensitivity), the final deposited sulphate O-MIF is
high, varying between about 0.8 and 1.4 h. It is at all not consistent with
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most isotopic measurement on sulphate collected on volcanic ash. Recall
that the heterogeneous oxidation of SO2 by H2O2 on sulphate particles is
highly uncertain. Without this pathway of sulphur oxidation model calculated
O-MIF would be considerably higher. Even for extremely high reactive uptake
coefficients, model calculated O-MIF tends towards 0.87h. Therefore, the
uncertainties on the SO2 oxidation by H2O2 on sulphate aerosols does not
affect the main conclusion regarding the inability of the model to reproduce, or
even approach, the isotopic measurements of sulphates collected on volcanic
ash-deposits. In conclusion, these results suggest that sulphate collected in
volcanic ash-deposits is not produced in non-condensing plumes, and it is
possibly generated in condensing plumes or in water phase at the surface of
ash.

There are several ways of testing these model predictions. First of all, the
prediction of a high ∆17 O in volcanic sulphate produced by OH oxidation should
be first tested. In principle, laboratory chamber experiments should be able
to do it, notably in a controlled setting (i.e. humidity, ozone, SO2 or halogen
loadings) where OH chemical sources and losses are well constrained; obviously,
only the isotopic composition of sulphate aerosols created in the heart of the
chamber and not on the walls should have to be analysed. It could also be
interesting to collect sulphate aerosols in the atmosphere during field campaigns,
preferably far from volcanic vents (where the secondary sulphate dominates
the composition of sulphate), and analyse their isotopic composition. The field
campaign should take place in a location where the contribution of background
non-volcanic sulphur aerosols (e.g. anthropogenic or sea-salt sulphates) to
the total sulphate budget can be subtracted. This can be done easily for sea-
salt sulphate; therefore, a campaign around a strong halogen and sulphur-rich
degassing volcano in the middle of an ocean (such as on Ambrym, Vanuatu)
would be the ideal location.
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CHAPTER 6

Conclusions and further perspectives

The primary goal of this work is to investigate in-plume reaction dynamics
leading to volcanic sulphate production in the troposphere. Whereas chemical
models are usually limited to the description of sulphur aqueous chemistry, SO2

oxidation on tropospheric sulphate aerosols is also accounted, though quite
uncertain. The role of volcanic halogens chemistry during in-plume oxidation
of volcanic SO2 is also explored for different kinds of volcanic emissions and
eruptions.

The photochemical box-model CiTTyCAT has been used to purse the inves-
tigation. It has been implemented with sulphur and halogens heterogeneous
chemistry. In order to evaluate model results with sulphate isotopic composition
measurements, the model has been enriched by an isotopic transfer scheme
describing the evolution of oxygen mass-independent fractionation signatures
(O-MIFs, quantified via ∆17O) in produced sulphates (secondary sulphate).
Sulphates O-MIF signatures, indeed, provide precious informations on SO2

processing in the atmosphere, since they are inherited directly and indirectly
from ozone and other atmospheric oxidants.

The major SO2 oxidation pathways here considered are gas phase oxidation
by OH, and liquid phase oxidation by O3, H2O2, O2 /TMI, and HOX (HOX =
HOCl + HOBr) in water rich phases (condensing plumes) or on primary sulphate
aerosols emitted from the vent (non-condensing plumes). Liquid phase oxidation
of SO2 by NO2 is not accounted in the model. So far, only little amounts of
NOx have been observed in volcanic plumes, and large uncertainties are still
pertaining to in-plume nitrogen chemistry (Roberts et al., 2009; von Glasow,
2010). Notably, nitrogen compounds are involved mostly in halogens hetero-
geneous chemistry, which is very fast at acidic conditions. Consequently, it is
hereby assumed that NOx chemistry should not have an impact on volcanic
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SO2 oxidation.
In-plume chemistry is investigated via chemical schemes of increasing com-

plexity, considering the influences of high SO2 concentrations and of halogens
chemistry on in-plume reaction dynamics. Sensitivity studies are also conducted
to investigate volcanic SO2 oxidation for different passive degassing conditions,
spanning from condensing plumes enriched in ash, to non-condensing plumes
with small ash-content. Finally, modelled ∆17O are compared to O-MIFs mea-
sured in volcanic sulphates collected from tropospheric volcanic ash-deposits.

1 Major Findings

Halogens-poor condensing plumes

In a first place the new version of CiTTyCAT is used to investigate volcanic
sulphate formation and relative isotopic signatures in halogens-poor condensing
volcanic plumes. This is the case of hotspot and rift volcanoes, whose sulphur
emissions are more abundant than halogenic ones. It is assumed that halogens
would be washed out by plume liquid water droplets and ash.

This first part of the study is conducted for ash-rich condensing plumes from
degassing, where iron mobilization to the aqueous phase could be promoted.
The purpose is to identify the major pathways of aqueous and gas phase SO2

oxidation in a volcanic plume, a chemical environment so radically different from
background air and rich in water vapour.

According to model calculations:

• OH should carry a significant and positive O-MIF
This first finding suggests that in a dense volcanic plume OH carries a
positive O-MIF. Because of high SO2 concentrations, indeed, the rate of
oxygen isotopes exchange between OH and H2O is inhibited, and the rate
of OH destruction is enhanced. During simulations OH maintains mostly
a positive mass-independent fractionation, which can be transmitted to
gas-phase secondary sulphate. As a result, sulphate produced in the gas
phase via SO2 oxidation by OH should have a significant positive O-MIF.
This result indicates that OH should not be the dominant in-plume SO2

oxidant, since most O-isotopic ratios measurements of volcanic sulphate
from tropospheric volcanic ash-deposits show a ∆17O ≈ 0h.

• H2O2 cannot be a major SO2 oxidant
The second salient finding is that, overall, H2O2 should be a minor SO2

oxidant in ash-rich condensing volcanic plumes. Notably, H2O2 is very
rapidly consumed in the aqueous phase, where at acidic pH it reacts
rapidly with excess S(IV). Mixing with background air is a weak source of
H2O2.
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• O2 /TMI could be the major pathway of sulphate production
The third major finding is that the O2 /TMI pathway could be very substan-
tial and, in some cases, the dominant in-plume SO2 oxidation pathway.
The rates of SO2 oxidation by OH, H2O2, and O3 are, indeed, vastly
reduced in a condensing volcanic plume compared to the background
air. According to model simulations, at TMI concentrations above 1 µM,
the aqueous reaction with O2 /TMI is the major SO2 oxidation pathway in
water droplets of condensing plumes. Independently from plume LWC,
this sulphate production channel is dominant. Remarkably, only cases
when O2 /TMI channel is truly prevailing, modelled sulphate O-MIFs are
similar to the isotopic measurements of tropospheric volcanic sulphates
from volcanic ash-deposits, where ∆17O ≈ 0.0± 0.1h.

Halogens-rich plumes: condensing and non-condensing plumes

In a second place a new version of CiTTyCAT has been used to investigate
volcanic sulphate formation and relative oxygen isotopic signatures in halogens-
rich volcanic plumes.

The heterogeneous chemical scheme has been extended with halogens
and sulphur heterogeneous chemistry within liquid water droplets (condensing
plumes) and on primary sulphate aerosols (non-condensing plumes). The
new model is used to investigate the relation between halogens reactivity and
volcanic SO2 oxidation within a plume. Notably, this time HOX (HOX = HOCl +
HOBr) is also included among the possible SO2 oxidants within the liquid phase.
Sensitivity simulations cover a broad range of volcanic plume scenarios, with
different halogens and sulphur loadings.

Some results are shared for both plume models, since they are independent
from liquid phase composition. According to model calculations, indeed:

• OH could carry a very significant and positive O-MIF
The first salient finding is that OH should carry a very positive isotopic
anomaly in halogens-rich volcanic plumes. Volcanic SO2 and HCl react
rapidly with atmospheric OH, competing with the rate of OH isotopic
exchange with water molecules. As a result, depending on halogens and
SO2 loadings, sulphate produced in the gas phase could initially carry an
O-MIF as high as 4.5h.

• HOX should not directly participate to SO2 oxidation
The second relevant finding is that, halogens directly influence O3 and oxi-
dants concentrations, but they do not directly contribute to SO2 oxidation.
Ozone destruction by halogen radicals inhibits OH and HO2 formation,
hence H2O2 production and HOX accumulation within the plume. Notably,
HOX is quickly consumed via halogens heterogeneous reactions. There-
fore, with the current chemical scheme, according to model calculations
halogens do not react significantly with SO2 in the aqueous phase.
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Besides, liquid phase composition and chemical activity influence differ-
ently the chemical rates of heterogeneous reactions and liquid phase equilibria.
Consequently, other major results are peculiar strictly to condensing or non-
condensing volcanic plume scenarios. According to model simulations, with
regard to:

1. Condensing plumes (water droplets)

• ODEs occur, remarkably, also in presence of water droplets
The first relevant finding is that ODEs catalysed by halogens might
also occur in presence of water droplets. The ODE is initiated by
emitted halogens radicals, and then developed through heteroge-
neous chemistry mobilizing halogens from water droplets. Remark-
ably, ODEs formation during daytime inhibits OH and HO2 formation,
hence H2O2 accumulation in condensing plumes over the long run.
Besides, less pervasive and strong ODEs are developed over the
long run, because plume dilution in the troposphere weakens halo-
gens reactivity.

• H2O2 should not be a major SO2 oxidant in the aqueous phase
The second salient finding is that, overall, H2O2 should not be a
major SO2 oxidant in halogens-rich condensing volcanic plumes. It is
quickly consumed by S(IV) aqueous reactions, and it is not reformed
in the plume due to the suppression of HOx species production due
to halogens reactivity. Moreover, the influx of background air is a
weak source of H2O2 within the plume. Consequently, this pathway
of SO2 oxidation do not significantly contribute to sulphate production
over the long run.

• O2 /TMI should be the major pathway of sulphate production
The third important finding is that in presence of water droplets
SO2 oxidation is dominated by S(IV) aqueous reaction with O2 /TMI,
even for relatively low TMI aqueous concentrations ([TMI]<0.5µM).
SO2 oxidation by O2 /TMI is the only channel that can promote sus-
tained and substantial sulphate production. Consequently, for this
scenario volcanic sulphate carries a low oxygen mass-independent
isotopic anomaly (O-MIF) because of dominant SO2 oxidation via
O2 /TMI aqueous reaction. In some cases, the sulphate O-MIF is
equal to 0 h (mass-dependent sulphate), in agreement with isotopic
measurements on volcanic sulphates from tropospheric volcanic
ash-deposits.

2. Non-condensing plumes (sulphate aerosols)

• ODEs can occur at very low halogens loading
The first salient finding is that ODEs can occur in non-condensing

162



volcanic plumes even for very low halogens loadings (≈50 ppbv).
The amplitude and formation speed depend, however, on the initial
halogens concentration.
The current chemical scheme can reproduce accurately ODEs forma-
tion within non-condensing volcanic plumes. Notably, the model can
reproduce BrO/SO2 ratios measured within the plumes of different
volcanoes around the planet.

• The rate of SO2 oxidation is extremely low
The second important finding is that the rate of SO2 oxidation, thus
sulphate production, is significantly lowered compared to condensing
plumes simulations. Halogens reactions inhibit OH, HO2 and H2O2

formation in the gas-phase, and within extremely acidic sulphate
aerosols solutions, heterogeneous SO2 oxidation is negligible. Inter-
estingly, sulphate production is found to be inversely correlated to
halogen emissions within the plume.

• Sulphur oxidation is dominated by OH and H2O2 pathways
The third relevant finding is that sulphur oxidation is dominated by
H2O2 oxidation on sulphate aerosols and by OH oxidation in the
gas-phase. Remarkably, in contrast to condensing plumes simu-
lations, the H2O2 oxidation pathway can be very substantial. In
presence of sulphate aerosols the H2O2 concentration does not drop
instantaneously, because of low solubility in sulphuric acid solutions.
Finally, it has been found that at low halogen loadings the contribution
of OH to SO2 oxidation is higher. The reverse is valid for H2O2

contribution to SO2 oxidation for high halogen loadings.

• Secondary sulphate should carry positive O-MIF
The fourth noticeable finding is that secondary volcanic sulphate
produced during passive degassing could carry initially very positive
O-MIF, and its magnitude depends on the respective contributions
of OH and H2O2 to sulphur oxidation. Within the plume OH bears
a non negligible positive O-MIF due to SO2 and HCl presence, and
which varies strongly with the sulphur and halogen. WhileOH O-MIF
is a prognostic variable of the model, H2O2 produces sulphates with
an O-MIF of about 0.87h.
According to the non-condensing plumes model simulations con-
ducted in this work, the final deposited sulphate O-MIF is high, vary-
ing between 0.8 and 1.4 h depending on in-plume input conditions.

The major findings of this study are briefly summarised in Fig.:6.1. Notably,
the main SO2 oxidation pathways for each plume scenario are highlighted with
respects to plume environment and halogens content.
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Figure 6.1: Representation of major findings form this study: major SO2 oxidation
pathways for different plume conditions, and in absence or presence of halogens.
Most dominant SO2 oxidation channels are highlighted in shades of green, with
dominant pathways in dark shades and competing oxidation pathways in light-
green shades.

2 Uncertainties on model results

The version of CiTTyCAT developed throughout this study combines a new chem-
ical module treating sulphur liquid phase chemistry, with an oxygen isotopic
anomaly transfer scheme from sulphur oxidants to sulphate products. CiTTyCAT
is a well-known Lagrangian photochemical and mixing model, which is suitable
for studying chemistry and transport throughout the troposphere. Since its early
application it has been applied to multiple investigations, spanning from pro-
duction and loss of ozone in air masses (Evans et al., 2000), aerosol formation
from condensable compounds (Emmerson et al., 2004, 2007), to lifetime of
acetone in the upper troposphere (Arnold et al., 2004), and detailed isoprene
and monoterpene degradation schemes within the troposphere (Pugh et al.,
2012) (see Pugh et al., 2012 for a complete review of the model).

All previous investigations have been validated against numerous field ex-
periments, notably via comparison of model results with concentrations mea-
surements. In contrast to previous model applications, results form this study
are validated via the aid of isotopic measurements. This is a totally new ap-
proach with regards to conventional methods of model validation, but it provides
direct insights into the nature of chemical transformations and reaction fluxes
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undergoing in environments that are difficult to probe, such as volcanic plumes.
There are a number of uncertainties associated with the present modelling

work, notably input parameters.

2.1 Input parameters: kinetic data

A major source of uncertainty is a strict dependence of results on model inputs,
such as kinetic data. Different sources of uncertainties are associated with
sulphur atmospheric chemistry, notably with regards to liquid phase reactions.
While the recommended kinetic data for gas-phase chemistry is relatively reliable,
the uncertainties are much larger for heterogeneous chemistry.

The first weak point for modelling simulations is that the value of the reaction
rate constant for oxygen isotopes exchange between OH and H2O is quite
outdated (Dubey et al., 1997). This limitation regards specifically the modelled
OH O-MIF signature, and overall the positive signatures modelled for secondary
volcanic sulphates.

Other sources of uncertainties are related to SO2 liquid phase oxidation
by O2 catalysed by transition metal ions. This mechanism of SO2 oxidation
is a complex ensemble of radical reactions, with multiple branch reactions
finally resulting in aqueous sulphate production (Brandt et al., 1994; Brandt
and van Eldik, 1995). A major limit is imposed by the number of oxygen atoms
transferred to final sulphate product via the reaction, which can influence the
O-MIF of sulphate produced via SO2 oxidation by O2 /TMI. Another potential
limit is due to the pH dependence of the reaction, which might also alter the
reaction rates for acidic pH of volcanic particles and aerosols.

Another uncertainty is introduced with halogens chemistry, notably for reac-
tive uptakes in liquid water droplets. Most measurements on halogens reactive
uptakes are limited to reactions within sulphate aerosols, notably for tempera-
tures below 273.15 K (Sander et al., 2006; Ammann et al., 2013). During this
study, however, it has been assumed that the high Br and Cl concentrations
within volcanic plumes and the low pH of liquid phases would result in very
similar halogens reactive uptakes for both water droplets and sulphate aerosols.
This assumption is a quite crude approximation, which, however, cannot be
treated differently in model simulations due to the lack of experimental data on
the subject.

In conclusions, the results from these model simulations are subjected to
uncertainties associated with reactions kinetic data. Moreover, it is also possible
that some of the key reactions have not been identified yet. It is difficult to assess
the implications of all these uncertainties on model results, because sometimes
the error bars on some reactions are unknown. It would also be very demanding
computing-wise to carry out a Monte Carlo simulation to test the sensitivity of
model results to all the kinetic uncertainties. Ideally, the results from this study
would gain in robustness in presence of a qualitative and significant revision of
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current kinetic data, notably with regards to halogens chemistry and sulphur
oxidation in liquid phase.

2.2 Input parameters: isotopic signatures

The combination of stable isotopes approaches and modelling is a rather new
field within atmospheric sciences. Isotopic investigations rely heavily on isotopic
signatures of atmospheric species, in this case oxygen isotopes signature of
atmospheric oxidants. Most laboratory experiments agree on the extent of
isotopic anomaly observed in major atmospheric oxidants, but few uncertainties
are still pertaining to the extent of isotopic anomaly transferable from ozone to
its reaction products.

In this study, it is assumed that ozone has a transferable isotopic signature
of about 36 h, as observed during NOx production in polar regions (Morin et al.,
2007, 2008). This value results in sulphate produced via SO2 oxidation by ozone
bearing an isotopic anomaly of 9 h, and in hydroxil radicals produced in the
gas-phase with an initial O-MIF of about 4.5 h. The chosen ozone O-MIF is
at the upper end of ozone oxygen isotopic anomaly, whose average value is
around 26 h (Vicars and Savarino, 2014), and which results in sulphates with
an isotopic anomaly of 6.5 h, and hydroxil radicals produced in the gas-phase
with initial O-MIF of about 3.25 h. While in volcanic plumes SO2 does not
react with ozone because of the low pH of volcanic liquid phases, OH can still
contribute significantly to volcanic SO2 oxidation. Therefore, the chosen value
for O3 O-MIF introduces some uncertainty regarding the OH radicals O-MIF.
Finally, gas-phase sulphates O-MIF and the overall results might be slightly
overestimated. It is, however, difficult to assess the extent of O-MIF uncertainty,
mostly because of the lack of in-depth investigations on OH O-MIF. The only
way to address this issue would be a thorough investigation (ideally laboratory
experiments) on the SO2 + OH mechanism of reaction, and on the resulting
sulphate O-MIF. In conclusions, results from these simulations would greatly
benefit in robustness from laboratory experiments investigating formation and
transfer of OH O-MIF to sulphate in the atmosphere.

2.3 Box modelling (0-D models)

The box modelling (0-D) approach used here is not entirely appropriate. It
is assumed implicitly that the variable species concentrations within volcanic
plumes can be approximated to average plume concentrations. Clearly, it is a
simplification or even an oversimplification. A 1-D plume chemical model would
be more appropriate, with the 1-D dimension being the variations of species
concentrations perpendicular to the plume axis. This way, the core and the
edges of the volcanic plume could be distinguished in terms of composition and
photochemistry. Ideally, a 3-D high-resolution chemistry-transport model should
be used. However, the drawback with complex models is that they are very
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expensive in terms of computing power and storage. Therefore, they have to be
run with relatively simplified chemical schemes. This approximation would result
in an oversimplification of specific chemical processes at the core of isotopic
signatures production within atmospheric species.

3 Further perspectives

This study suggests that the composition and nature of volcanic emissions and
plume particles can highly influence volcanic SO2 oxidation in the troposphere.
In particular, according to model simulations it has been found that sulphates
produced in non-condensing plumes from passive degassing should carry a
positive ∆17O. This result is clearly in contrast with oxygen isotopic ratios from
sulphates from tropospheric volcanic ash-deposits (Martin, 2018). Therefore,
this investigation suggests that the only cases when sulphate with very small
isotopic signatures is generated, as in most isotopic measurements from tropo-
spheric volcanic sulphates (Martin, 2018), is when the SO2 oxidation by O2 /TMI
dominates. It suggests also that sulphates with mass-dependent O-MIF should
be produced only in the aqueous phases of condensing plumes. Following
some uncertainties related to the model simulations, additional investigations
are suggested to better consolidate these unexpected results.

On a general level, as previously stated uncertainties on photochemical
modelling and simulations can be per se quite substantial (Ridley et al., 2017).
One option to consolidate the results from this study, would be to test sulphate
formation via OH in a controlled environment, ideally via laboratory experiments
at high SO2 loadings and with a well constrained OH chemical budget, notably
loss processes and relative humidity. Another suggestion would be also to
re-examine via ab-initio calculations the value of the reaction constant for the
isotopic exchange reaction between OH and H2O. In particular, high level com-
putational chemistry theories (such as the Coupled Cluster Theory) and RRKM
estimations should provide relatively accurate results. In addition, such theoret-
ical investigations should not be computationally too expensive, for reactions
involving molecules with relatively low degrees of freedom (such as OH and
H2O). Ideally, chamber experiments and theoretical ab-initio calculations should
be performed in a parallel study.

Another option would be to conduct a measurement campaign with the
purpose of collecting and measuring the isotopic composition of secondary
sulphates formed during passive degassing. In particular, it would be useful to
collect volcanic sulphates far from volcanic vents, within a radius of distance
where secondary sulphate dominates the total composition of volcanic sulphate.
Moreover, the most ideal location would be a volcano where the contribution
of background non-volcanic sulphur aerosols (e.g. anthropogenic or sea-salt
sulphates) to the total sulphate budget could be negligible or easily subtracted.
Sulphates differentiation and separation could be done easily for sulphates from
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sea-salt aerosols, and, therefore, a campaign around a strong halogens and
sulphur-rich degassing volcano in the middle of an ocean (such as on Ambrym,
Vanuatu) would be the ideal location.

Further studies are also needed to constrain iron mobilization from ash to
the aqueous phase of volcanic water droplets. There is high uncertainty on
the extent of TMI dissolution from volcanic ash water phases, especially with
regards to plumes from passive degassing. Ideally, it would be very useful to
conduct more thorough investigations on iron mobilization in plume from passive
degassing, and a measurement campaign could provide some constraints to the
extent of iron concentrations within both sulphate aerosols from non-condensing
plumes, and water droplets of condensing plumes.

Finally, during degassing within the free troposphere volcanic water might
be converted to ice because of the low temperatures of the upper troposphere,
as observed in plumes from explosive eruptions where volcanic water can cool
to form ice particles (Tabazadeh and Turco, 1993; Herzog et al., 1998; Durant,
2007; Pitari et al., 2016). Recent investigations suggest that larger dissolution
of iron oxides can be obtained when water coating dust particles drops below
freezing point (Jeong et al., 2012). As a result, larger TMI concentrations could
be reached also on within volcanic particles reaching the upper troposphere.
The ice-particle scenario is rather interesting, because halogens heterogeneous
reactions and cycling are faster at lower temperatures and on the surface of ice
droplets (Huff and Abbatt, 2000; Sander et al., 2006; Rose et al., 2006; Ammann
et al., 2013). The combined effects of enhanced iron mobilization and halogens
reactivity suggest that volcanic SO2 oxidation on the surface of ice particles
might follow specific pathways of oxidation. Consequently, volcanic sulphates
produced in the upper troposphere might have peculiar O-MIFs, depending on
halogens loading, altitude and notably ice or liquid water speciation. The new
version of CiTTyCAT implemented during this work could be further extended to
include SO2 processing and halogens heterogeneous reactions on the surface
of ice particles. Ideally, results from this model extension could provide some
constraints regarding the contribution of volcanic sulphate and BrO within the
respective chemical budgets to upper free troposphere (Schmidt et al., 2016),
and on the production of sulphates in cold environments.
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