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Introduction  

 

 

En 2015, un an avant le début de cette thèse, avait lieu, à Paris, la COP21 réunissant 195 pays 

participants, en plus de l’Union européenne. La COP21 avait pour but de trouver des accords 

pour limiter le réchauffement global de la planète en dessous des 2 °C. A la suite de la COP21, 

sortait en 2018, deux ans après le début de cette thèse, le Rapport spéciale 1.5 °C du GIEC 

(Groupe d'experts intergouvernemental sur l'évolution du climat). Ce rapport portait sur les 

impacts climatiques d’un réchauffement global de 1.5 °C par rapport au niveau préindustriel 

(mesuré sur la période 1850-1900) et soulignait l’urgence de réduire nos émissions de gaz à 

effet de serre pour limiter le réchauffement global de la planète. C’est dans ce contexte de prise 

de conscience d’urgence climatique que cette thèse s’est développée durant ces dernières 

années. D’après le rapport 1.5 du GIEC, la température globale actuelle de la planète serait 

supérieure d’environ 1 °C par rapport au niveau préindustriel en raison des émissions d’origines 

anthropiques (IPCC 2018). Selon les modèles climatiques, ce réchauffement devrait continuer 

dans les prochaines décennies, allant d’un réchauffement de plus de 1 °C, d’ici 2100, pour le 

scénario d’émission le plus optimiste (RCP2.6), à plus de 4 °C pour le scénario le plus 

pessimiste (RCP8.5 ; IPCC 2013).   

Les valeurs de réchauffement relevées en Arctique sont quant à elles, deux à trois fois 

supérieures à la moyenne globale. On appelle ce phénomène l’amplification polaire. Cette 

amplification polaire est due à un certain nombre de rétroactions positives (Pithan et Mauritsen, 

2014 ; Stuecker et al., 2018). Parmi les rétroactions les plus importantes, on trouve celle de la 

réduction de la couverture de la glace de mer (ou banquise) arctique, qui a un fort pouvoir 

réfléchissant et qui, en fondant, réduit la quantité de rayonnement solaire réfléchi vers 
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l’atmosphère et amplifie le réchauffement initial. La couverture de glace de mer arctique a 

perdu en moyenne 50.103 de km2/an sur la période 1979-2010 (Cavalieri & Parkinson, 2012). 

Si la fonte de la banquise arctique est plus remarquable en été, on constate aussi un retrait de la 

glace de mer en hiver (Cavalieri & Parkinson, 2012 ; Massonnet et al., 2018) . En raison du 

réchauffement climatique, le volume de banquise arctique est réduit. On retrouve cette 

réduction dans l’évolution de l’étendue de banquise, mais aussi dans la réduction de son 

épaisseur (une réduction d’environ 65% sur la période 1975-2012 ; Lindsay & Schweiger, 

2015) et de son âge (disparition d'environ 40% de la banquise la plus ancienne entre 1980-2010 

; Maslanik et al., 2011). D’après les projections des modèles du système Terre, ce retrait de la 

banquise arctique devrait continuer dans les prochaines décennies avec une possible disparition 

de la banquise d'été entre 2040 et 2060 (Massonnet et al., 2012 ; Stroeve et al., 2012).  

L’étude de la réponse de la banquise arctique au changement climatique est capitale en raison 

de nombreux enjeux, tels que :  

(i) Des enjeux géopolitiques et économiques entre les différents pays frontaliers, tels 

que les États-Unis, le Canada, la Russie, la Norvège et le Danemark (Fig.1). En effet, 

le retrait de la banquise arctique pourrait permettre l’ouverture de nombreuses routes 

navigables aujourd’hui bloquées par les glaces (Aksenov et al., 2017) ou encore 

l’accès à de nouvelles ressources (Par exemple les hydrocarbures ; Harsem et al., 

2011).   

(ii) Des enjeux sociétaux. En effet, les populations autochtones des régions de 

l’Arctique, les Inuits, sont très dépendantes de la présence de banquise sur laquelle 

ils se déplacent en hiver, ils chassent et pêchent … La réduction de la banquise 

arctique pourrait les contraindre à abandonner leur mode de vie actuel (Huntington 

et al., 2017).  
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(iii) Et enfin, des enjeux écosystémiques. En effet en Arctique de nombreuses espèces 

sont dépendantes de la présence de banquise, comme les ours polaires ou les 

mammifères marins (baleines, narvals … ; Laidre et al., 2015 ; Stern & Laidre, 

2016). La banquise influence aussi grandement la croissance du phytoplancton en 

Arctique (Wassmann & Reigstad, 2011).  

 

Figure 1 : Carte de L’Arctique. Les contours gris indiquent la bathymétrie (Chevallier, 2012). 
 

Le phytoplancton désigne un ensemble d’espèce autotrophes ou mixotrophes (c’est-à-dire 

végétales ou semi-végétales). Le terme planctonique fait référence au caractère dérivant de ces 

organismes puisqu’ils vivent en suspension dans la colonne d’eau. Ces organismes sont présents 
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dans tous les océans. L’étude du phytoplancton et de son évolution en réponse au réchauffement 

climatique est cruciale pour comprendre l’impact du réchauffement climatique sur tous les 

écosystèmes marins, car les organismes phytoplanctoniques sont à la base de la chaine 

alimentaire. De plus, le phytoplancton joue un rôle considérable dans le stockage de CO2 par 

les océans (Parmentier et al., 2013 ; Post et al., 2013). En Arctique, le phytoplancton est 

largement influencé par la banquise qui régule à la fois la quantité de lumière mais aussi de 

nutriments dont le phytoplancton a besoin pour se développer. En effet, les organismes 

purement autotrophes pratiquent la photosynthèse. C’est-à-dire qu’ils synthétisent les sucres 

dont ils ont besoin pour se développer à partir de CO2 et d’énergie électromagnétique (de 

lumière). Sans lumière, une plante photosynthétique, comme le phytoplancton, ne peut se 

développer. Si aux moyennes et basses latitudes la lumière disponible à la surface de l’océan 

est généralement très peu limitante pour le phytoplancton, ce n’est pas le cas aux hautes 

latitudes, comme en Arctique. La disponibilité en lumière pour le phytoplancton des eaux 

arctiques est limitée d’une part par la nuit polaire ; période de plusieurs mois durant laquelle le 

soleil reste sous l’horizon et durant laquelle le rayonnement solaire est nul ; d’autre part par la 

banquise et généralement par la neige qui la recourvre ; qui atténuent une grande partie du 

rayonnement transmis à l’océan.  

La banquise arctique influence le rayonnement transmis à l’océan et par conséquent le 

développement du phytoplancton. Pour comprendre la réponse du phytoplancton arctique au 

réchauffement climatique, il est crucial de comprendre ces interactions entre banquise, lumière 

et phytoplancton. L’étude de ces interactions a longtemps été limitée par le manque 

d’observations (que ce soit pour la lumière ou le pour le phytoplancton sous la banquise). Les 

modèles du système Terre sont par conséquent mal contraints pour ce qui est de la 

représentation du phytoplancton dans les régions englacées (Vancoppenolle et al., 2013). 

Depuis plusieurs années, le nombre d’observations a augmenté dans ces régions, remettant 
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parfois en cause des éléments considérés comme établis (par exemple la découverte 

d’efflorescence de phytoplancton sous la banquise ; Arrigo et al., 2012 ; Fortier et al., 2002 ; 

Mundy et al., 2009). 

 L’objectif de cette thèse est, à l’aide d’analyse d’observation in situ, de données satellites et de 

simulations des modèles du système Terre, de comprendre certaines des interactions entre 

banquise, phytoplancton et lumière. En identifiant certaines des incertitudes majeures liées à 

ces interactions dans les modèles du système Terre, il sera possible, à l’avenir, de mieux 

contraindre les modèles du système Terre quant à la croissance du phytoplancton dans la zone 

de glace de l’Arctique. Pour atteindre cet objectif, je me focalise sur trois aspects majeurs des 

interactions banquise, lumière et phytoplancton arctique. J’étudie d’abord les mécanismes 

d'évolution de la saisonnalité de la banquise arctique, principalement en lien avec le forçage 

solaire (Fig. 2a). J’analyse ensuite comment la banquise influence la transmission du 

rayonnement solaire à l’océan sous-jacent (Fig. 2b). Enfin, je m’intéresse aux impacts du couple 

banquise-lumière sur le phytoplancton Arctique (Fig. 2c).  
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Figure 2 : Schéma illustrant les trois différentes études de cette thèse. a) mécanismes d'évolution de la 
saisonnalité de la glace arctique en réponse au forçage solaire ; b) impact de la banquise sur le 
rayonnement transmis à l’océan ; c) impact du cycle saisonnier de la lumière transmise à l’océan sur le 
phytoplancton arctique.  
 

Ce manuscrit est organisé en quatre parties : un état de connaissances actuelles sur les 

interactions banquise, lumière et phytoplancton arctique formule les questions qui sont 

examinées lors de cette thèse. Il précède les trois chapitres de résultats. Les trois chapitres de 

résultats sont présentés sous forme d’articles scientifiques (dont l’un est publié, les deux 

suivants sont encore en préparation).  

Le premier chapitre, publié dans The Cryosphere en janvier 2019 (Lebrun et al., 2019), porte 

sur les mécanismes d'évolution de la saisonnalité de la banquise arctique en réponse au forçage 

a)

b)

c)
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solaire. J’étudie l’évolution présente et future de la période d’eau libre en Arctique (période 

durant laquelle il n’y a pas de banquise) à partir de données satellites et des projections de 

modèles du système Terre. Je m’interroge aussi sur les mécanismes thermodynamiques associés 

à cette évolution. 

Le but du second chapitre est d’évaluer la représentation modélisée du transfert radiatif dans 

les régions englacées arctiques et de l’améliorer, tant en intensité, qu’en termes de composition 

spectrale à partir d’une analyse de donnée in situ. L’augmentation de la quantité de mesures 

d’optiques de la banquise ces dernières années (parmi lesquelles, SLOPE 2019 en Hokkaido 

durant laquelle j’ai pu contribuer à améliorer la base de données d’optique de la glace ; cf. 

annexe) permet d’avoir aujourd’hui un nouveau regard sur le transfert radiatif dans la zone de 

glace arctique.  

Le troisième chapitre porte, quant à lui, sur l’impact de la saisonnalité de la lumière transmise 

à l’océan sur le phytoplancton à partir de données satellites et de simulations par des modèles 

du système Terre. Le but de ce chapitre est, à partir des résultats du premier et du second 

chapitre, de mieux diagnostiquer la saisonnalité de la lumière disponible pour le phytoplancton 

dans les zones de glace arctiques. Ce chapitre a aussi pour but de mieux comprendre les relations 

entre banquise et phytoplancton dans le modèle d'océan bleu/blanc/vert NEMO, utilisé dans les 

modèles français du Système Terre.  

Enfin, à la suite de ces trois chapitres, je résume, dans une dernière partie, les résultats majeurs 

de cette thèse qui répondent aux problématiques énoncées dans la première partie. Je fais aussi 

l’état des différents projets en perspective de cette thèse.   
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Problèmes Physiques 

 

 

La zone de glace arctique subit de larges changements en réponse au réchauffement global. Ces 

changements ont un impact majeur sur la disponibilité en lumière pour la croissance du 

phytoplancton. L’étude du phytoplancton et de son évolution en réponse au réchauffement 

climatique est cruciale pour comprendre l’impact du réchauffement climatique sur tous les 

écosystèmes marins, car il est à la base de la chaîne alimentaire et il joue un rôle considérable 

dans le stockage de CO2 par les océans (Parmentier et al., 2013 ; Post et al., 2013). Mieux 

comprendre les interactions entre banquise, lumière et phytoplancton dans la zone de banquise 

arctique est fondamental pour mieux caractériser l’évolution présente et future du 

phytoplancton arctique.   

Dans cette partie, je me propose de faire l’état des connaissances à propos de l’interaction entre 

banquise, lumière et phytoplancton arctique en me focalisant sur trois thèmes majeurs : l’impact 

du rayonnement solaire sur la saisonnalité de la banquise arctique ; l’impact de la banquise sur 

le rayonnement transmis à la surface de l’océan et enfin l’impact du couple lumière-banquise 

sur le phytoplancton arctique. 

La première partie pose la base thermodynamique et dynamique des cycles saisonniers de la 

banquise arctique. Dans la seconde partie, je me concentre sur les indicateurs de la saisonnalité 

de la banquise arctique et sur leur évolution. Dans la troisième partie, je m’intéresse à l’optique 

marine dans la zone de glace. Une dernière partie est focalisée sur les processus régissant le 

développement du phytoplancton dans les régions arctiques ainsi que son évolution présente et 

future. Je conclus avec un résumé des points clés importants et des grandes problématiques 

aujourd’hui non résolues.   
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1. Banquise et saisonnalité du climat en Arctique 

1.1 Cycle solaire 

Le cycle saisonnier de la banquise arctique est l’un des signaux saisonniers les plus marquants 

du climat de l’hémisphère Nord. La saisonnalité de la zone de glace arctique est contrôlée, au 

premier ordre, par le cycle solaire. Pendant l’hiver, au-dessus du cercle polaire (66,3 °N), le 

soleil reste sous l’horizon. Ceci est dû à l’effet combiné de l’inclinaison de l’axe de rotation de 

la Terre et de sa course autour du soleil. Le rayonnement solaire incident est, par conséquent, 

nul au-dessus du cercle polaire, pendant une partie de l’année (entre 2 et 6 mois selon la 

latitude). C’est ce qu’on appelle la nuit polaire. En été, pour les mêmes raisons, les jours sont 

plus longs. Le rayonnement solaire mensuel reçu par les hautes latitudes peut alors atteindre 

des valeurs bien supérieures à celles des latitudes moyennes pendant l’été (Fig. 1).  

 

Figure 1 : Moyennes journalières du rayonnement reçu sur une surface unitaire au sommet de 
l’atmosphère terrestre en fonction de la latitude et de la date (en W/m2). (Figure issue de Peixoto et Oort, 
1991).  
 

Le cycle solaire varie aussi avec la latitude : la nuit polaire est plus longue et plus sombre, la 

latitude augmentant. Cette grande variabilité saisonnière et spatiale à des conséquences 
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importantes notamment sur la thermodynamique de la banquise et de l’océan arctique, mais 

aussi sur la disponibilité en lumière pour les organismes photosynthétiques de l’océan Arctique. 

 

1.2 Saisonnalité de la banquise : généralités  

Les processus de fonte et de formation de la banquise témoignent de la forte variabilité 

saisonnière du cycle solaire, qui gouverne au premier ordre ces processus.  

En hiver, pendant la nuit polaire, le rayonnement solaire étant nul, l’océan ne reçoit pas de 

chaleur par l’atmosphère. Au contraire, il en perd par rayonnement infrarouge (IR). Lorsque la 

température de l’océan atteint environ -1.8 °C, l’eau de mer gèle, formant de la glace dite « de 

mer » (ou banquise) qui flotte sur l’eau liquide du fait de sa faible densité à l’état solide. 

L’étendue (la surface de l’océan couvert par au moins 15%1 de banquise) maximale de banquise 

(~15 millions de km2) est atteinte en mars (Fig. 2 ; Fig. 3).  

 

Figure 2 : Cycle saisonnier de l’étendue de glace en Arctique (en million de km2) en fonction de l’année 
entre 1979 (couleurs claires) et 2017 (couleurs foncées). (Par Massonnet et al., 2018). 

                                                
1 Fait ici référence à la concentration de banquise. C’est à dire la fraction d’un domaine océanique donné, 
occupé par de la glace de mer (généralement exprimé en %) 
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En été, les fortes valeurs d’irradiance solaire réchauffent la banquise et la font fondre par la 

surface. La neige qui couvre la banquise (Fig. 4a) fond dans un premier temps. Puis la banquise 

s’affine au fur et à mesure de la saison et des mares de fonte se forment (Fig.4 b, c), jusqu'à la 

fonte totale de la banquise. La banquise arctique atteint son étendue minimum d’environ 6 

millions de km2 en septembre (Fig. 2). La banquise qui ne fond pas en été (Fig. 3), et qui perdure 

plus d’une année, est appelée banquise pérenne ou pluriannuelle. Elle s’oppose à la banquise 

saisonnière qui, elle, fond chaque année. Ces deux types de banquise impactent différemment 

la lumière transmise à la surface de l’océan, ainsi que le phytoplancton.  

 

Figure 3 : Carte des concentrations de banquise mensuelle en Arctique en mars (gauche) et septembre 
2019 (droite) issues des produits satellites AMSR2 (http ://data.seaiceportal.de). Sur la carte de gauche, 
les contours représentent le bord de glace (défini lorsque la concentration dépasse 15% de banquise) 
moyen pour le mois de septembre sur la période 1981-2010 (bleu) ; le bord de glace du mois de mars 
pour les années 2007 (rouge) et 2012 (jaune) durant lesquelles l’étendue de la banquise a atteint des 
minimums historiques.   
 

La répartition spatiale de la banquise arctique suit aussi, au premier ordre, celle du cycle solaire. 

La concentration de banquise arctique diminue naturellement avec la latitude (Fig. 3). La 

distribution géographique de la glace de mer est aussi impactée par d’autres processus tels que 

les flux de chaleur océanique qui peuvent la faire fondre même aux relativement hautes latitudes 

Extent : 
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(par exemple, dans la région de la mer du Groenland). La dérive de la banquise peut aussi 

influencer sa distribution spatiale (cf. section 1.4). 

 
Figure 4 : photographies des différents stades de fonte de la banquise (a,b,c ; Perovich 2002) ; et schéma 
du cycle saisonnier de la banquise révélant la diminution de l’épaisseur de la neige et de la banquise 
ainsi que l’apparition des mares de fonte et l’évolution de l’albédo de surface associé (c ; Taylor et 
Feltham, 2004).  
 
 
1.3 Thermodynamique de la banquise et rétroactions 

Le cycle solaire arctique impacte la thermodynamique de la banquise qui va majoritairement 

gouverner sa saisonnalité. Le modèle de Semtner (1976) permet de décrire ces mécanismes à 

des fins d’illustration. D’après ce modèle, qui considère l’équilibre des flux de chaleur dans la 

banquise et qui néglige le stockage de chaleur sensible dans la glace de mer, le bilan de chaleur 

à la surface de la banquise s’écrit : 

𝑄"#$ = 𝑄& (1), 

db

a c
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avec, 𝑄"#$  les flux de chaleur atmosphériques (rayonnement solaire, rayonnement infrarouge, 

flux de chaleur sensible et latente) et 𝑄& le flux de chaleur par conduction.  

D’après la loi de Fourier, le flux de conduction 𝑄& s’écrit :  

      𝑄& = 	
(
)
∆𝑇		 (2). 

Où, 𝑘 est la conductivité thermique de la glace ; ℎ est l’épaisseur de la glace et ∆𝑇 est la 

différence de température entre la base et le sommet de la couche de banquise. En présence de 

glace de mer, les flux conductifs (~10 W/m2) dans la glace se substituent aux flux turbulents 

océan-atmosphère (~100 W/m2). Ces flux conductifs sont d’autant plus faibles que la banquise 

est épaisse. Cela se traduit par une forte capacité pour la banquise à isoler l’océan des échanges 

de chaleur avec l’atmosphère.  

Le bilan de chaleur à la base s’écrit, quant à lui :  

      𝑄& = 𝑄.&/ − 𝜌𝐿.
4)
4#

 (3), 

avec, 𝑄.&/ les flux de chaleur océaniques, 𝜌 la densité de la glace de mer, L la chaleur latente 

et  4)
4#

  le taux de croissance de la banquise.  

La croissance de la banquise est régulée par la conduction thermique. En hiver, les flux 

atmosphériques contribuent à refroidir la surface. La température à la base de la banquise est 

inférieure à la température du sommet de la couche de glace de mer. Pour se rapprocher de 

l’équilibre, il va y avoir une perte de chaleur de la surface vers l’atmosphère par conduction. 

Ceci va contribuer à faire croître la banquise. 

En été, le rayonnement solaire domine les autres flux atmosphériques. La température de l’air 

est alors positive et supérieure à celle de la surface (qui est à 0 °C). L’énergie solaire 

excédentaire ne peut être compensée par la conduction dans la glace ou par l’échauffement de 

la glace, ce qui démarre la fonte de la banquise. 

A ces processus thermodynamiques de fonte et de croissance de la banquise vont s’associer des 

rétroactions qui amplifient ou tempèrent ces processus. Bien qu’il existe de nombreuses 
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rétroactions qui affectent directement, ou indirectement, la fonte et la croissance de la banquise, 

je ne présente ici que les deux rétroactions majeures. La rétroaction croissance-épaisseur (Bitz 

& Roe, 2004) est l’une des rétroactions qui tempèrent la croissance (ou la fonte) de la banquise. 

En associant les équations (2) et (3) et en négligeant les flux de chaleur océaniques, le taux de 

croissance de la banquise peut s’écrire :  

      4)
4#
= 	−	 5

67
. (
)
∆𝑇 (4). 

Le taux de croissance de la glace dépend de l’inverse de l’épaisseur (Stefan, 1891). Plus la glace 

est épaisse, moins la croissance sera efficace. Dans un scénario de réchauffement global, 

l’amincissement de la glace, entraîné par sa fonte, implique une augmentation de son taux de 

croissance. La croissance de la glace sera donc plus efficace tempérant l’impact de la fonte sur 

l’épaisseur (Fig. 5, branche de droite). Un autre effet de la rétroaction croissance-épaisseur est 

associé au couvert de neige. La neige, ayant un fort pouvoir isolant, suit la même logique que 

pour la banquise. Plus le couvert de neige est important, moins la croissance de la banquise sera 

efficace, car isolée de l’atmosphère par la neige.  

 
Figure 5 : Schéma représentant certaines des rétroactions majeures associées à la formation de la 
banquise (Notz et Bitz, 2016). 
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L’une des rétroactions majeures amplifiant les processus de fonte ou de croissance de la 

banquise, et généralement mentionnée dans la littérature, est la rétroaction glace-albédo (Fig. 

5, branche de gauche). L’albédo d’un corps désigne sa capacité à refléter le rayonnement 

solaire. L’albédo de la glace de mer s’écrit comme le rapport entre le rayonnement solaire 

réfléchi par la surface de la banquise et le rayonnement solaire incident. Les premières 

simulations de Maykut et Untersteiner (1971) montrent que l’albédo a un impact majeur sur le 

bilan thermique de la banquise. En effet plus le rayonnement solaire est réfléchi par la banquise 

(plus son albédo est important), moins il y a d’énergie absorbée par la banquise pour la faire 

fondre. Au cours de la fonte de la banquise, la neige disparaît progressivement, puis la glace 

commence à fondre, des mares de fonte recouvrent progressivement la surface de la banquise 

jusqu'à la disparition complète de la glace. Toutes ces étapes vont impacter l’albédo de la 

surface de la banquise. Perovich (2002) décrit cinq phases, pendant la fonte de la banquise, au 

cours desquelles l’albédo de la surface diminue passant de 0.9 pour une banquise couverte de 

neige à 0.2 pour une banquise couverte de mares de fonte (Fig. 4). La diminution progressive 

de l’albédo pendant la fonte amplifie la fonte elle-même. Lorsque la glace a complètement 

fondu, l’albédo prend la valeur de l’eau de mer, bien plus faible que celle de la glace (~0.06). 

Une partie du rayonnement solaire absorbée est alors stockée par l’océan et peut provoquer un 

décalage dans la formation de la banquise l’hiver suivant (Perovich et al., 2007). 

 

1.4 Dynamique de la banquise 

La saisonnalité de la banquise arctique est pas impactée par sa thermodynamique mais aussi par 

la dynamique de la banquise. 

Le déplacement de la banquise sur l’océan est induit à la fois par le vent et par les courants 

océaniques (Haas, 2016). La vitesse de déplacement de la glace de mer peut varier entre 1 et 10 

km/jour (0,01 et 0,10 m/s ; Fig. 6 ; Kwok et al., 2013 ; Rampal et al., 2009). La dynamique de 
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la banquise peut déclencher certaines des rétroactions associées au processus de fonte et de 

formation de la banquise (cf section 1.3). 

Figure 6 : Carte des vitesses moyennes de la banquise arctique obtenues par mesures satellites et issues 
de bouées dérivantes. Les contours représentent la pression atmosphérique (issue de Kwok et al., 2013). 
 

Trois effets majeurs de la dérive de la glace peuvent être retenus. (i) La banquise est transportée 

à grande échelle, notamment à l’est du Groenland où la banquise, formée proche du pôle, est 

transportée vers des latitudes plus basses où elle va fondre (see Fig. 6 and Moreau et al., 2016, 

Fig. 2). (ii) La divergence dans la glace ouvre des chenaux d’eau libre au sein du couvert de 

glace, dans lesquels de la glace, peut se former en hiver (Haas, 2016 ; Notz & Bitz, 2016). Cela 

peut aussi renforcer drastiquement la rétroaction glace-albédo en été (Notz & Bitz, 2016). (iii) 

Enfin, la banquise peut subir des déformations par convergence. Les mécanismes de 

convergence de la glace sont moins bien connus, car complexes. La convergence peut 

contribuer à augmenter l’épaisseur de la banquise à petite échelle. En effet, la banquise est 

plutôt résistante à la compression et lors d’une convergence, la banquise va généralement se 

craqueler et former des crêtes de compressions (Hibler, 1979 ; Tremblay & Hakakian, 2006). 

Tous ces processus et notamment la dérive de la banquise et la divergence qui agissent à grande 

échelle vont impacter la saisonnalité de la banquise et perturber les effets thermodynamiques. 

0.06 m/s 

Winter (Oct -May) 1982-2009  Summer (June- Sept) 1982-2009  

0.06 m/s 



  

 26 

 

2. Indicateurs de la saisonnalité de la banquise arctique 

2.1 Saisonnalité de la banquise : différentes définitions 

Pour comprendre les mécanismes influençant la saisonnalité de la banquise et mieux 

appréhender la réponse de cette saisonnalité au réchauffement climatique, il a été nécessaire de 

définir des indicateurs de cette saisonnalité. Il existe différentes définitions de la saisonnalité 

de la banquise dans la littérature (Johnson & Eicken, 2016). Deux sont majoritairement 

utilisées, car relativement simples à mesurer à grande échelle par satellite.  

(i) La saison de fonte (Markus et al., 2009) est décrite positive. Elle peut se mesurer 

par satellite à partir de la température de brillance qui présente un contraste 

important lorsque de l’eau est présente ou pas à la surface de la banquise. A partir 

d’un certain seuil de température de brillance, la glace peut être considérée comme 

humide, ce qui suggère que la saison de fonte a commencé. À noter qu’il existe 

différentes façons de décrire la saison de fonte (Markus et al., 2009 ; Stroeve et al., 

2014).  

(ii) La saison d’eau libre a aussi été largement étudiée ces dernières années (Parkinson, 

2014 ; Stammerjohn et al., 2012 ; Stroeve et al., 2016). La saison d’eau libre est 

définie comme la période durant laquelle l’eau peut être considérée comme libre de 

glace, ou plus concrètement comme le nombre de jours durant lesquels la 

concentration de banquise obtenue par mesures satellites passe sous un certain seuil 

(Parkinson, 2014). Elle peut aussi être définie comme la période bornée par les jours 

de retrait et d’avancée de la banquise (date à laquelle la concentration en glace passe 

sous, ou dépasse, un certain seuil ; Stammerjohn et al., 2012 ; Stroeve et al., 2016).  
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Figure 7 : Carte du nombre de mois d’eau libre moyennée sur la période 1980-2015 basée sur les 
concentrations de glace journalières obtenues par satellite avec un seuil à 15%. (Cf. Lebrun et al., 2019 
pour méthode). 

 

Bien que clairement différentes, et malgré les différences de définition entre les auteurs, les 

saisons d’eau libre et de fonte présentent des distributions spatiales similaires. La distribution 

spatiale de la période d’eau libre (Fig. 7) est assez similaire à celle de la concentration en 

banquise. Le cycle solaire dominant la saisonnalité de la banquise, la saison d’eau libre a 

tendance à être plus courte aux hautes latitudes. D’autres forçages, comme celui de l’océan ou 

de la dynamique de la banquise, interviennent dans certaines régions. La saison d’eau libre 

donne une information distincte de la concentration : elle indique la temporalité de la glace de 

mer, au contraire de la concentration qui décrit sa dimension spatiale. Il n’y pas que la 

distribution spatiale qui est similaire entre les différents indicateurs de saisonnalité, leur réponse 

au changement climatique est aussi comparable. 
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2.2 Réponse saisonnière au changement climatique  

La réponse de la banquise au changement climatique se traduit au premier ordre par une 

diminution de l’étendue de glace arctique (Cavalieri & Parkinson, 2012). Cette diminution est 

plus marquée en été qu’en hiver (Fig. 2 ; Massonnet et al., 2018). On retrouve aussi la réponse 

du changement climatique dans la diminution globale de l’épaisseur de la banquise arctique 

(Kwok & Rothrock, 2009) ; mais aussi dans l’allongement de la période d’eau libre ou de fonte 

quasiment partout en Arctique (Markus et al., 2009 ; Parkinson, 2014 ; Stammerjohn et al., 

2012 ; Stroeve et al., 2014 ; Stroeve et al., 2016). L’allongement de la saison d’eau libre est 

associé à un jour d’avancée plus tardif dans l’année et un jour de retrait plus précoce (Fig. 8 ; 

Stammerjohn et al., 2012 ; Stroeve et al., 2016). Le comportement du jour de retrait et d’avancée 

de la banquise arctique face au changement climatique est généralement associé à la rétroaction 

glace-albédo (Perovich et al., 2007 ; Stammerjohn et al., 2012). Lorsque la banquise se retire, 

une quantité d’énergie est stockée dans l’océan libre de glace. Cette quantité d’énergie doit être 

complètement rejetée vers l’atmosphère pour que la glace se forme à nouveau l’hiver suivant. 

Si la banquise se retire plus tôt, en réponse au réchauffement climatique, une quantité d’énergie 

supplémentaire est stockée dans l’océan. Il faut alors un temps supplémentaire pour que cette 

énergie soit évacuée, retardant la formation de la banquise.   

D’après les projections des modèles du système Terre, l’étendue de banquise arctique devrait 

continuer à diminuer dans les prochaines décennies (Massonnet et al., 2012 ; Stroeve et al., 

2012). Les modèles prévoient un remplacement de toute la glace pérenne en glace saisonnière 

entre 2040 et 2060 pour les scenarios d’émission RCP4.5 et RCP8.5 (Massonnet et al., 2012). 

D’après ces projections, la période d’eau libre (ou de fonte) devrait continuer d’augmenter dans 

les prochaines décennies (Barnhart et al., 2016). Cette augmentation de la période d’eau libre 

devrait être majoritairement contrôlée par la date d’avancée de la banquise (Barnhart et al., 

2016 ; Wang & Overland, 2015). Néanmoins, ce signal est atténué par une forte variabilité 
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interannuelle. De plus, les études sur les projections des indicateurs de la saisonnalité de la 

banquise arctique sont encore assez rares et ne reposent, soit sur qu’un seul modèle (Barnhart 

et al., 2016), soit sur qu’une seule région de l’Arctique (Wang & Overland, 2015).  

 

Figure 8 : tendances dans le jour d’avancée (a) et de retrait (b) de la banquise et la période d’eau libre 
(c) sur la période 1980-2010 basées sur les données satellites (seuil de concentration = 15% ; issue de 
Stammerjohn et al., 2012).  
 

Même si la plupars des modèles s’accordent sur l’évolution future de la banquise arctique et 

reposent sur des processus thermodynamiques simples et bien représentés, la question sur 

l’avenir des périodes d’eau libre et de fonte reste encore assez peu étudiée. De plus, les 

mécanismes contrôlant au premier ordre l’évolution de la période d’eau libre restent encore 

inexpliqués. 

 

La banquise arctique a un cycle saisonnier très marqué, influencé au premier ordre par le cycle 

solaire. On retrouve l’influence du cycle solaire dans l’évolution des marqueurs de saisonnalité 

de la banquise arctique. La présence de banquise va aussi influencer la transmission de la 

lumière à la surface de l’océan et altérer le cycle saisonnier de la lumière disponible pour le 

phytoplancton en Arctique. C’est ce que je propose d’aborder dans les paragraphes qui suivent. 

 

Advance Retreat Duration

Later Earlier(days / year) Longer Shorter(days / year)

(a) (b) (c)

3 2 1 0 -1 -2 -3 4 3 2 1 0 -1 -2 -3 -4
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3 Transfert radiatif dans la zone de glace 

3.1 Propriétés optiques de la glace de mer 

Si le cycle solaire joue un rôle important dans la croissance du phytoplancton arctique, la 

banquise, influençant la lumière disponible dans l’océan superficiel, a aussi un rôle majeur. En 

effet, la banquise ne transmet qu’une partie du rayonnement solaire à l’océan sous-jacent.  

Comme n’importe quel corps, la banquise réfléchit en partie le rayonnement solaire incident. 

La partie non réfléchie peut être ensuite absorbée par la banquise. Elle peut aussi être diffusée 

dans toutes les directions de l’espace par les cristaux qui constituent la banquise. Seule la partie 

qui n’est ni réfléchie, ni absorbée, ni rétrodiffusée, est transmise à la surface de l’océan (Fig. 

9). La façon dont un corps interagit avec la lumière est décrite par ses propriétés optiques. Il 

existe deux types de propriétés optiques : les propriétés optiques inhérentes (IOP) et les 

propriétés optiques apparentes (AOP).  

 

Figure 9 : Schéma du transfert radiatif dans la glace de mer (issu de Perovich et al., 1996). 
 

Les IOP ne dépendent pas du rayonnement incident. Elles sont représentées par les coefficients 

d’absorption et de diffusion, l’indice de réfraction et la fonction de phase (Perovich, 1996). 
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Tous ces paramètres sont fortement dépendants de la microstructure du corps au travers duquel 

est transmise la lumière. Dans le cas de la glace de mer, il est important de noter que sa 

composition diffère grandement de celle de la glace pure. En effet si la glace pure est 

essentiellement composée d’eau à l’état solide, la glace de mer comporte aussi une phase liquide 

formée par les poches de saumure (Fig. 10 ; eau salée non gelée) et une phase gazeuse formée 

de bulles d’air emprisonnées dans la banquise (Weeks et al., 1982). Poches de saumure et bulles 

d’air absorbent et rétrodiffusent une grande partie du rayonnement solaire incident et contrôlent 

l’atténuation de la lumière au premier ordre (Perovich, 1996). Un autre exemple est celui de la 

neige qui est composée majoritairement de cristaux de glace orientés dans toutes les directions 

et de bulles d’air. Cette grande hétérogénéité favorise la diffusion (Järvinen & Leppäranta, 2011 

; Warren, 1982).  

 

Figure 10 : Expérience mettant en évidence les différences de composition entre la glace pure et la glace 
de mer. L’encre met en évidence les poches de saumure dans la glace de mer. A gauche, la glace pure, 
à droite, la glace de mer prélevée d’une carotte. De l’encre est disposée au-dessus de chaque échantillon. 
A gauche, l’encre s’écoule sur l’échantillon de façon homogène. A droite, l’encre s’écoule dans les 
interstices de l’échantillon et une partie est retenue dans les poches de saumure accessibles (zones plus 
sombres). 
 

Les AOP dépendent à la fois de la réflexion, de l’absorption et de la diffusion par la glace, mais 

aussi des caractéristiques du rayonnement incident telles que son intensité et son inclinaison 

par rapport à la surface ( Perovich, 1996, Perovich, 2016). Ce sont, entre autres, l’albédo et la 

transmittance (rapport entre le rayonnement transmis sous la glace et le rayonnement incident). 
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Dans la banquise et dans la neige, les AOP sont plus simples à mesurer et mieux connues que 

les IOP. 

Dans les modèles du Système Terre, le transfert dans la glace est représenté sur la base soit des 

IOP soit des AOP. On distingue deux principales représentations du transfert radiatif dans la 

banquise, majoritairement utilisés dans les modèles.  

(i) Le premier type de représentations est basé sur l’approche dite de Delta Eddington 

(Briegleb & Light, 2007 ; Saenz & Arrigo, 2012). Cette approche est basée sur les IOP. 

Partant du postulat que les propriétés physiques de la glace et de la neige ne sont pas 

homogènes verticalement, la banquise et la neige sont divisées en plusieurs sous-

couches ayant chacune leurs propriétés physiques propres (épaisseur de la couche, 

densité et taille des grains pour la neige et volume des poches de saumure pour la glace). 

Par conséquent, chacune des couches a ses propres propriétés optiques inhérentes 

définies empiriquement sur base d’observations : coefficient d’absorption, coefficient 

de diffusion et paramètre d’asymétrie (qui définit la direction du rayonnement diffusé 

au sein de la couche). Si cette représentation est a priori la plus complète qui existe 

aujourd’hui en termes de physique, elle souffre cependant de plusieurs problèmes. Tout 

d’abord, la microstructure y est prescrite, en particulier celle de la neige et des inclusions 

gazeuses dans la glace (Briegleb & Light, 2007). De plus, les mesures précises d’IOP 

telles que les coefficients d’absorption et de diffusion restent aujourd’hui imprécises 

(Perovich., 2016). Ce type de représentation dans les modèles de banquise est aussi assez 

complexe et coûteux en termes de temps de calcul. Enfin, il existe aujourd’hui peu 

d’études confrontant une telle représentation aux observations. 

(ii) Le second type de représentation repose sur une spécification des propriétés apparentes 

en particulier l’albédo, et les coefficients d’atténuation dans la glace et dans la neige de 

Beer-Lambert à deux niveaux. Le premier niveau est une fine couche de surface 
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hautement diffusive (surface scattering layer, SSL). Le deuxième niveau correspond à 

l’essentiel de la glace, supposé peu diffusant, et caractérisé par un coefficient 

d’atténuation relativement faible. Cette représentation considère une décroissance 

exponentielle du rayonnement au sein de la glace en fonction d’un paramètre, , le 

coefficient d’absorption (Maykut & Untersteiner, 1971). Dans le cas d’un rayonnement 

incident direct ( ) seulement absorbé par la banquise, l’équation du transfert radiatif 

se réduit à :  

      𝐹9:; = 𝐹9:< . 𝑒>?; (5). 

Où, 𝐹9:;  est le rayonnement transmis au travers de la banquise et z l’épaisseur de la 

banquise (Perovich, 1996). Cette équation considère une banquise homogène 

verticalement et essentiellement absorbante. Pourtant la banquise réfléchit (albédo, a) 

et diffuse aussi une partie du rayonnement. De plus, la banquise n’est pas verticalement 

homogène. En surface, la SSL a une diffusion forte et une absorption élevée qui 

contribuent à fortement atténuer le rayonnement en surface. Pour décrire ce phénomène, 

on introduit le coefficient 𝑖< comme la fraction de rayonnement transmis au travers de 

la SSL. L’équation (5) devient alors (Grenfell & Maykut, 1977) : 

      𝐹9:; = 𝑖<(1 − 𝛼)𝐹9:< . 𝑒>?(;>)E) (6). 

Chacun des paramètres est défini de façon empirique en tenant compte des observations. 

Cette méthode est moins complexe que l’approche de Delta-Eddington mais elle 

présente l’inconvenient de ne pas explicitement prendre en compte l’effet de la 

microstructure de la glace sur le rayonnement transmis. Les nombreuses simplifications 

inhérentes à cette approche (par exemple l’homogénéité verticale) peuvent engendrer 

un certain nombre d’erreurs.  

Quel que soit le type de représentation, leurs paramètres doivent être ajustés sur base de 

mesure d’optique de la banquise. J’aborde ces mesures dans la section suivante. 


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3.2 Observation de l’irradiance transmise dans la zone de glace 

La microstructure de la banquise, et donc ses propriétés optiques, varient fortement dans le 

temps et dans l’espace. C’est à la fois vrai verticalement et horizontalement. Multiplier les 

observations à partir de différents types de mesures est donc fondamental.   

Il existe, en effet, différents types de mesures de rayonnement transmis sous la banquise. L’un 

d’eux permet d’avoir une idée de l’évolution temporelle du rayonnement transmis. 

L’instrument est alors fixé à la banquise en dérive pendant toute une saison (Fig. 11 gauche ; 

Nicolaus et al., 2010). Une autre approche vise à profiler l’évolution verticale de la lumière en 

un point fixe (Fig. 11 centre ; Frey et al., 2011 ; Randelhoff et al., 2019). L’instrument est placé 

dans un trou occulté par de la neige pour prévenir toute pollution lumineuse et est lentement 

déplacé sur la verticale. Enfin, il est possible d’obtenir une distribution spatiale du rayonnement 

transmis au travers d’une parcelle de banquise à partir de l’utilisation d’un véhicule sous-marin 

téléguidé qui récolte l’information sur l’ensemble de la zone d’étude (Fig. 11 droite ; Katlein et 

al., 2015, 2017 ; Nicolaus & Katlein, 2013)  

 

Figure 11 : Photographies de différents instruments de mesure de la lumière transmise au travers de la 
banquise. A gauche : l’instrument utilisé lors de la dérive transpolaire de Tara en 2007 (Nicolaus et al., 
2010) ; au centre : l’instrument utilisé pour mesurer des profils de lumière sous la glace lors des 
campagnes au Svalbard et en Hokkaido (cf. chapitre 2). A droite un véhicule téléguidé (ROV) utilisé 
pour mesurer la distribution spatiale de la lumière sous la banquise (Katlein et al., 2017). 
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Comme la surface la banquise n’est pas homogène, la lumière transmise au travers d’une zone 

couverte de banquise présente généralement une large variabilité spatiale petite échelle ( de 

l’ordre du mètre ; Fig. 12) et plus grande échelle (de l’ordre du kilomètre) notamment au 

moment de la fonte où banquise enneigée, banquise nue, mares de fonte et chenaux d’eau libre 

sont associés (Katlein et al., 2015 ; Katlein et al., 2017 ; Nicolaus et al., 2012). Chaque partie 

du système de banquise (neige, glace nue, mares de fonte et chenaux d’eau libre) influence 

différemment l’intensité du rayonnement incident ainsi que sa répartition spectrale. 

 

Figure 12 : Photographie prise sous la banquise lors d’une campagne en Antarctique révélant 
l’hétérogénéité spatiale du rayonnement transmis au travers de la banquise (crédit photo : Klaus 
Meiner, Australian Antarctic Division, Hobart, Tasmanie)  

 

Si le nombre d’observations in situ sur les propriétés optiques de la banquise est aujourd’hui en 

augmentation, ce n’était pas le cas il y a quelques décennies. La mesure de la lumière transmise 

sous la glace n’est pas aisée et les campagnes sont coûteuses. Néanmoins grâce à deux 

campagnes en particulier (en mer de Beaufort en 1998-SHEBA ; et lors de la dérive transpolaire 

de Tara en 2007), un certain nombre d’informations sur les propriétés optiques de chaque 

composante du système de banquise a pu être obtenu.  
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Le rayonnement transmis mesuré dans la couche de neige est fortement atténué en raison d’un 

albédo élevé (0,8-0,9 ; Perovich et al., 2002) résultant d’une forte diffusion notamment dans le 

domaine visible (Järvinen & Leppäranta, 2011 ; Warren, 1982). La transmittance de la neige 

dépend de nombreux facteurs comme son épaisseur, sa densité, la taille et la forme des grains 

qui la composent, ou encore, la présence de particules aérosols (dont les suies ; France et al., 

2012 ; Järvinen & Leppäranta, 2011 ; Marks & King, 2014 ; Warren, 1982). Cela rend l’étude 

des propriétés optiques de la neige assez complexe. Le rayonnement reçu sous une couche de 

neige est fortement atténué dans l’infrarouge (au-delà de 800 nm ; Järvinen & Leppäranta, 2011 

; Warren, 1982). La neige absorbant aussi les longueurs d’onde entre 400 et 500 nm, la neige 

va aussi atténuer le rayonnement dans le bleu.   

La glace nue transmet quant à elle plus de lumière que la glace couverte de neige du fait d’un 

albédo moindre (0,6-0,7 ; Perovich et al., 2002 ; Light et al., 2008 ; Nicolaus et al., 2010) dû à 

l’alignement des cristaux de glace qui est globalement plus régulier. La surface de la glace 

présente une couche d’environ une dizaine de centimètres fortement diffusante, en raison de la 

présence plus importante de bulles de gaz, de saumure et de minéraux à la surface (Grenfell & 

Maykut, 1977 ; Light et al., 2008). Ceux-ci absorbent et diffusent la lumière, réduisant ainsi le 

rayonnement transmis à la surface de l’océan. A grande échelle, le rayonnement transmis par 

la glace nue est majoritairement contrôlé par l’épaisseur de la glace (Fig. 13 ; Katlein et al., 

2015). Il peut aussi être impacté par les organismes présents dans la glace (algues de glace ; 

Arrigo et al., 1991). La lumière transmise à la surface de l’océan couvert de glace nue est aussi 

fortement atténuée à partir du proche infrarouge (au-delà de 600 nm), avec une transmittance 

maximum pour la glace nue autour de 500 nm, en raison de l’effet combiné de l’albédo 

(Nicolaus et al., 2010) et du coefficient d’extinction (Light et al., 2008).  
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Figure 13 : Distribution spatiale de la transmittance (a) et de l’éppaisseur de la banquise (b) mesurés à 
partir d’un ROV réalisé sur une banquise dérivante durant la campagne du Polarstern au Nord-Est du 
Groenland en 2014 (Katlein et al., 2015). 
 
 
Lorsque la banquise est couverte de mares de fonte, la variabilité spatiale du rayonnement 

transmis augmente considérablement à des échelles inférieures au kilomètre (Frey et al., 2011 

; Light et al., 2008). En effet, les mares de fonte transmettent plus de rayonnement que la glace 

(Fig. 13), ce qui correspond à un albédo faible (0,2-0,4 ; Perovich et al., 2002). De plus, elles 

diffusent la lumière de manière homogène sur la verticale, contrairement à la glace nue ou 

couverte de neige (Light et al., 2008). L’impact des mares de fontes sur le rayonnement transmis 

ne se réduit pas à la zone située directement en dessous d’elles. La diffusion horizontale du 

rayonnement va augmenter l’éclairement des zones à proximité, même lorsqu’elles ne sont pas 

couverte de mares de fonte (Frey et al., 2011). Il est alors possible d’avoir un pic d’irradiance, 

quelques centimètres sous une couche de glace se trouvant à proximité d’une mare de fonte 

(Massicotte et al., 2018).  
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Figure 14 : Série temporelle des concentrations d’eau libre (blanc) de banquise fine (jaune) et épaisse 
(bleu) obtenues par mesures satellites et du rayonnement incident moyen transmis à la surface de l’océan 
simulé à partir du rayonnement incident mesuré en surface (Epar ; ligne rouge). Mesures réalisées au nord 
du Svalbard en juin 2015 (issue de Assmy et al., 2017). 
 
 
Le même phénomène se produit à proximité des chenaux d’eau libre qui augmente fortement 

le rayonnement transmis dans une zone englacée (Fig. 14 ; Assmy et al., 2017).  

L’étude de la transmission de la lumière dans l’eau libre est mieux documentée. La forte 

transmission de la lumière à la surface d’une zone d’eau libre est due à son faible albédo (~0.06 ; 

Payne, 1972). Une fois transmis à l’océan libre de glace, plus de la moitié du rayonnement 

(57%) est absorbé dans les premiers centimètres de la colonne d’eau essentiellement dans la 

partie infrarouge et ultra-violette du spectre lumineux. La partie visible du spectre pénètre dans 

l’océan, à des profondeurs qui dépendent à la fois de la longueur d’onde et de la concentration 

en chlorophylle (Morel, 1988). Le transfert radiatif dans les zones libres de glace étant mieux 

documenté, il est, par conséquent, bien représenté dans les modèles du système Terre. 

 

3.3 L’optique de la banquise dans les modèles du système Terre 

Si le rayonnement transmis dans les zones d’eaux libres est plutôt bien représenté dans les 

modèles du système Terre, c’est moins le cas dans la zone de glace. En effet, le peu 
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d’observations et la complexité de certaines composantes du problème, comme la neige ou les 

mares de fonte rendent la représentation du transfert radiatif dans la glace de mer difficile. Dans 

la plupart des modèles, la transmission du rayonnement sous la glace n'a pas été examinée en 

détail, elle est peu ou mal documentée. Elle fait aussi l'objet de simplifications drastiques 

permettant d'éviter les problèmes liés à la faible disponibilité de données observationnelles. Par 

exemple dans LIM, le modèle de glace de mer de l'IPSL, le rayonnement transmis sous la neige 

est supposé nul (Vancoppenolle et al., 2012). Cela permet de réduire la complexité et de pallier 

le peu d’observations. De même, les mares de fonte ne sont pas toujours représentées dans les 

modèles. Par conséquent, le rayonnement transmis dans les zones à forte concentration de glace 

est généralement très proche de zéro et est potentiellement sous-estimé. La sous-estimation du 

rayonnement transmis dans la zone de glace impacte non seulement la thermodynamique de 

l’océan, mais aussi la photosynthèse. La répartition spectrale du rayonnement sous la banquise 

est aussi mal représentée. Bien que cette partie soit peu documentée, le rayonnement sous la 

glace est réparti de la même façon en l’absence et en présence de glace (Madec et al., 2017). 

Pourtant, les nombreuses études sur la transmission du rayonnement a travers la banquise 

montrent que celle-ci influence la distribution spectrale du rayonnement. Ainsi le spectre 

arrivant à la surface de l’océan libre de glace est différent de celui arrivant à la surface de 

l’océan couvert de glace. Comme la profondeur de pénétration de la lumière de l’océan dépend 

notamment de sa longueur d’onde, ne pas distinguer les deux systèmes implique des erreurs 

potentiellement importantes sur l’éclairement dans la zone de glace.  

Simuler au mieux le transfert radiatif des zones de glace est primordial notamment pour bien 

représenter la biogéochimie dans ces zones, puisque la lumière contrôle, au premier ordre, la 

croissance du phytoplancton.  
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4 Le phytoplancton dans la zone de glace arctique 

4.1 Croissance du phytoplancton : spécificité de la zone de glace 

Le phytoplancton est une algue unicellulaire, présente en grande quantité dans l’océan et qui 

pratique la photosynthèse. La croissance du phytoplancton est contrôlée, au premier ordre, par 

l’éclairement dans la colonne d’eau. Dans la majeure partie des océans, la disponibilité en 

lumière n’est pas limitée en surface. En profondeur, en revanche, la lumière pénètre de moins 

en moins et limite la croissance du phytoplancton. Pour décrire la couche d’océan qui n’est pas 

limitée en lumière, on parle de couche euphotique. La profondeur de la couche euphotique est 

généralement décrite comme la profondeur à laquelle le rayonnement transmis à l’océan atteint 

1% du rayonnement en surface (Morel, 1988). Elle est de l’ordre d’une centaine de mètres dans 

les océans ouverts, mais peut être fortement réduite dans les eaux à forte turbidité (Sarmiento 

& Gruber, 2006).  

Pour pratiquer la photosynthèse, le phytoplancton a aussi besoin de nutriments tels que l’azote 

et le phosphore présents généralement dans l’océan sous forme de nitrates (NO3) et de 

phosphates (PO4). D’autres nutriments comme le fer (Fe) voir la silice (Si) sont nécessaires 

pour la photosynthèse. Pour que le phytoplancton se développe, il faut qu’il y ait une quantité 

suffisante de nutriments en surface, dans la couche euphotique. La quantité de nutriments en 

surface est en partie influencée par le transport vertical qui dans certaines conditions 

(upwelling) peut apporter des nutriments de la subsurface vers la surface. Les nutriments 

peuvent aussi être apportés par transport latéral, à partir de zones riches en nutriments. Enfin, 

dans une moindre mesure, ils peuvent être apportés par dépôts atmosphériques. Mais ces 

derniers ont un impact généralement très localisé et ne contribuent pas à la répartition globale 

des nutriments de surface (Sarmiento & Gruber, 2006).  

Enfin, la croissance du phytoplancton peut aussi être influencée par la stratification de l’océan. 

On peut décrire la stratification par la profondeur de la couche de mélange. Dans un océan très 
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stratifié, la couche de mélange est peu profonde. Le transport vertical est concentré sur une 

couche très fine et cela ne suffit pas à apporter les nutriments en profondeur vers la surface. La 

croissance du phytoplancton est alors limitée par les nutriments. Dans le cas opposé, si l’océan 

est faiblement stratifié, la couche de mélange est profonde et l’apport de nutriments des zones 

profondes vers la surface est efficace. Cependant dans une couche de mélange profonde le 

phytoplancton va aussi être mélangé et transporté plus en profondeur. Si la couche de mélange 

est plus profonde que la couche euphotique, le phytoplancton n’aura pas assez de lumière pour 

croître lorsqu’il sera transporté en profondeur. Sverdrup (1953) définit une profondeur idéale 

pour déclencher une efflorescence de phytoplancton à laquelle la base de la couche de mélange 

est à la même profondeur que la base de la couche euphotique.  

On peut décrire la quantité de phytoplancton dans l’océan par la production primaire des océans. 

La production primaire est la quantité de matière organique produite par photosynthèse. Dans 

les océans, elle est majoritairement représentée par le phytoplancton (Behrenfeld et al., 2001). 

En Arctique, la production nette est d’environ 500 TgC/an en moyenne (Babin et al., 2015) 

contre 45 000 TgC/an dans l’océan global (Gregg et al., 2003). Les trois paramètres qui 

contrôlent la croissance du phytoplancton (disponibilité en lumière, en nutriments et 

stratification) sont largement contrôlés par la glace de mer en Arctique.  

La lumière disponible en surface détermine l'épaisseur de la couche euphotique qui peut 

soutenir la photosynthèse si les nutriments sont suffisants. Dans la zone de glace, la faible 

luminosité et la présence de glace renforcent encore plus le rôle des variations d'éclairement sur 

la photosynthèse. En effet, dans les régions englacées arctiques, la lumière est fortement limitée, 

en particulier par la nuit polaire, durant laquelle l’absence de lumière rend impossible la 

photosynthèse, d’autre part par la banquise qui atténue fortement le rayonnement solaire 

transmis à la surface de l’océan (Arrigo & van Dijken, 2011 ; Assmy et al., 2017 ; Wassmann 
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& Reigstad, 2011). Pour cette raison, la couche euphotique dans ces régions est relativement 

fine.  

Les nutriments sont généralement apportés en Arctique par les masses d’eaux atlantiques et 

Pacifique ainsi que par ruissellement, depuis les continents (Fouest et al., 2013 ; Tremblay et 

al., 2015). Le phytoplancton est majoritairement limité en nutriments par les nitrates (Tremblay 

& Gagnon, 2009). Les nutriments au voisinage de la surface de l’océan Arctique sont 

influencés, au premier ordre par sa stratification, elle-même influencée par la banquise 

(Aagaard et Carmack, 1989). En hiver, le rejet de saumure dans l’océan associé à la croissance 

de la banquise, entraîne un mélange des eaux de surface et diminue la stratification. La profonde 

couche de mélange permet de puiser des nutriments dans la couche de subsurface et de restaurer 

les stocks de nutriments au voisinage de la surface. En été, la fonte de la banquise injecte de 

l’eau douce dans l’océan ce qui augmente sa stratification. En raison de la faiblesse du mélange 

vertical, l’apport vertical de nutriments est très faible. Ce cycle saisonnier de la disponibilité en 

nutriments à la surface de l’océan est cependant très simplifié, de nombreux autres processus 

plus complexes interviennent sur la disponibilité en nutriment à la surface de l’océan (Tremblay 

et al., 2015 ; Tremblay & Gagnon, 2009).  

Par conséquent, La variabilité saisonnière du phytoplancton arctique est largement influencée 

par le cycle saisonnier de la banquise.  

 

4.2 Observation du phytoplancton arctique 

Il existe différents moyens de mesurer l'abondance et l'activité du plancton marin. En Arctique, 

la mesure est gênée par la présence de glace.  

L'analyse des données de couleur de l'eau, issues des satellites, informe sur la quantité de 

plancton présente en surface. Le phytoplancton contient des pigments comme la chlorophylle 

qui lui permet de pratiquer la photosynthèse. Ces pigments impactent le spectre du rayonnement 
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solaire réfléchi par l’océan. En étudiant comment le spectre du rayonnement solaire est impacté 

lorsqu’il est réfléchi par la surface de l’océan, il est possible d’avoir une information sur la 

concentration en chlorophylle des océans, et donc à la quantité de phytoplancton (Sarmiento & 

Gruber, 2006). Il existe de nombreux algorithmes pour déterminer la concentration en 

chlorophylle ou la production primaire à partir de la couleur de l’eau (voir par exemple Babin 

et al., 2015 ; Lee et al., 2015). Les données de production primaire ou de concentration en 

chlorophylle dérivées des mesures satellites de la couleur de l’eau permettent une étude du 

phytoplancton sur de larges échelles spatiales et temporelles. Les mesures in situ ne sont que 

ponctuelles et il est parfois difficile, voire impossible, de réaliser des mesures dans certaines 

zones (Hill et al., 2013 ; Matrai et al., 2013).  

 En Arctique, les mesures par satellite révèlent de larges valeurs de production primaire en zone 

d’eau libre (Fig. 15a). Ces valeurs sont plus faibles d’un ordre de grandeur dans la zone de 

banquise saisonnière. La distribution spatiale de la concentration en chlorophylle (Fig. 15b) est 

à peu près similaire à celle de la production primaire avec des valeurs plus faibles en bordure 

de banquise qu’en zone d’eau libre et des valeurs maximales près des continents. Cette 

similarité entre distribution spatiale de production primaire et de chlorophylle pourrait 

néanmoins dériver de l'origine commune des données (Pabi et al., 2008).  

La mesure par satellite présente néanmoins un certain nombre de limites. Tout d’abord, la 

chlorophylle n’est pas le seul élément à impacter la couleur de l’eau. Les sédiments et la matière 

organique en suspension peuvent aussi être responsables d’un changement dans le spectre 

d’irradiance reçu par le satellite. Notamment aux embouchures des rivières, où la production 

primaire est remarquablement élevée (Fig. 15a). Dans ces zones, l’eau est souvent turbide et de 

nombreuses particules colorant l’océan (CDOM) sont apportées par les rivières (Matsuoka et 

al., 2011). De plus, il est impossible de mesurer la couleur de l’eau sous la banquise, ainsi la 

zone de glace pérenne ne comporte pas de mesure par satellite de la couleur de l’eau (Fig. 15).   
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Figure 15 : Carte des moyennes annuelles des 
marqueurs de l’activité du plancton arctique :  
production primaire (a) ; concentration en 
chlorophylle a (b) obtenue par mesure satellite de 
couleur de l’eau ; et carte de la durée de la prériode 
d’eau libre estimée lorsque les mesures satellites de 
concentration en banquise dépassent 10% (c). Les 
cartes ont été réalisées sur la période 1998-2006 
(issue de Pabi et al., 2008). 

Annual open water duration

Annual mean chloropyll a

Annual primary production
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Pour les mêmes raisons, il est aussi probable que les données de production primaire ou de 

concentration en chlorophylle soient sous-estimées dans la zone saisonnière. De plus, la mesure 

de la couleur de l’eau se basant sur l’étude du rayonnement réfléchie, est impossible durant la 

nuit polaire. Ceci empêche d’avoir une information complète sur le cycle saisonnier du 

phytoplancton arctique à partir des mesures sattelites. De même, la mesure de la couleur de 

l’eau est impossible lorsque la nébulosité est forte, ce qui est souvent le cas en Arctique (Intrieri 

et al. 2002). 

La mesure par satellite a tout de même permis de mettre en évidence les efflorescences de bord 

de glace (Fig. 16 ; Perrette et al., 2011). Ce développement intense du phytoplancton en bordure 

de glace quelques semaines après la fonte de la banquise a pu aussi être observé lors de 

nombreuses campagnes en mer en différentes régions de l’Arctique (Alexander & Niebauer, 

1981 ; Hill et al., 2005 ; Randelhoff et al., 2019 ; Tremblay et al., 2006). Ces efflorescences, 

qui arrivent généralement une vingtaine de jours après la fonte (Perrette et al., 2011), sont 

attribuées à : (i) la forte stratification mise en place pendant la fonte associée à la forte quantité 

de nutriments stockés pendant l’hiver qui sont à l’origine d’une forte concentration en 

chlorophylle au niveau de la bordure de glace (Alexander & Niebauer, 1981) ; (ii) à 

l’augmentation de la disponibilité en lumière au moment du retrait de la banquise (Hill et al., 

2005) ; (iii) et à la libération des algues de glace et du matériel associé lors de la fonte de la 

banquise qui permet d’ensemencer l’efflorescence de phytoplancton (Vancoppenolle et al., 

2013). La courte durée de vie de cette efflorescence est attribuée à la consommation rapide des 

nutriments par le phytoplancton et à l’absence d’apport vertical (Perrette et al., 2011). 
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Figure 16 : Carte de concentration en chlorophylle à l’ouest du Groenland, en mer de Baffin, obtenue à 
partir de données satellites révélant une efflorescence de bord de glace. Les trois cartes ont été prises à 
5 jours d’intervalle chacune. Les contours noirs représentent la concentration de glace à 10% ; 50% et 
70% obtenues par satellite. Les zones blanches sont des zones ou les données de concentration en 
chlorophylle étaient manquantes (Perrette et al., 2011).  
 

Vu le faible éclairement sous la glace, et en l'absence d'observations indiquant une activité 

planctonique sous la glace, on a longtemps considéré une telle activité comme quantité 

négligeable dans les calculs de production primaire de grande échelle (voir par exemple Pabi et 

al., 2008). Pourtant, les mesures effectuées lors d’un certain nombre de campagnes (Mundy et 

al., 2009 ; Fortier et al., 2002 ; Arrigo et al., 2012) ont mis en lumière la présence 

d’efflorescence de plancton sous la banquise. C’est le cas notamment de la campagne 

ICESCAPE (Impacts of Climate on EcoSystems and Chemistry of the Arctic Pacific 

Environment) en 2011 réalisée au niveau de la plateforme continentale de la mer des 

Tchouktches qui a révélé une efflorescence de phytoplancton dans une zone quasiment couverte 

à 100% de banquise de première année en partie couverte de mares de fonte (Fig. 17 ; Arrigo 

et al., 2012 ; Arrigo et al., 2014).  
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Figure 17 : Photographie mettant en évidence une efflorescence sous glace réalisée en 2011 lors de la 
campagne ICESCAPE en mer des Tchouktches. La photo de gauche montre un environnement sous 
glace typique en Arctique. La photo de droite a été prise lors de la campagne de 2011 sans retouche de 
couleur. La couleur verte que prend l’océan témoigne de la forte concentration de phytoplancton présent 
sous la banquise. (Photographie réalisée par la NASA). 
 

La zone de plateforme continentale de la mer des Tchouktches est pourtant généralement 

caractérisée par une faible production primaire (Palmer et al., 2014), malgré un apport important 

de nutriments par les continents (Lowry et al., 2014). Ce type d’efflorescence a été attribué à 

l’augmentation importante de lumière disponible pour le phytoplancton au moment de la fonte, 

lorsque la neige fond, la banquise s’affine et se couvre de mares de fonte (Arrigo et al., 2014 ; 

Horvat et al., 2017 ; Mundy et al., 2014). Des mesures d’irradiance sous les mares de fonte ont 

d’ailleurs révélé des valeurs quatre fois supérieures aux valeurs prises sous la glace nue 

environnante (Arrigo et al., 2014 ; Frey et al., 2011). La nouvelle disponibilité en lumière due 

aux mares de fonte et la forte disponibilité en nutriments apportés par le continent permettraient 

au phytoplancton de se développer avant le retrait de la glace. Lorsque la banquise se retire, les 

nutriments ont déjà été en partie consommés et l’efflorescence est quasiment finie, révélant des 

valeurs faibles de production primaire lors des mesures par satellites. Il a été estimé que ce 
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genre d’efflorescence avait lieu tous les ans dans cette région au moins depuis 1998 (Lowry et 

al., 2014). Comprendre l’étendue spatiale et temporelle de ces efflorescences est fondamentale 

car ceux-ci ont un large impact sur la production primaire totale annuelle de l’Arctique (Palmer 

et al., 2014). 

D’autres organismes photosynthétiques non détectés par les satellites qui contribuent pourtant 

en partie à la production primaire arctique (entre 2 et 15% de la PP arctique ; Legendre et al, 

1992) sont les algues de glace, dites algues sympagiques. (Fig. 18) Les algues sympagiques se 

développent à l’interface des cristaux de glace, dans la saumure, généralement proche de la base 

où les conditions environnementales sont stables et où les échanges de nutriments avec l’océan 

sous-jacent sont possibles (Arrigo, 2016). Les efflorescences d’algues de glace se produisent 

généralement au printemps avant les efflorescences de phytoplancton (Ji et al., 2013 ; Leu et 

al., 2011, 2015). 

 

Figure 18 : Photographie d’un morceau de banquise dont la base est composée d’algues de glace 
(couleur marron) réalisée lors de la campagne à Hokkaido (SLOPE) en février 2019 (cf. Nomura et al, 
2019 ou annexe pour plus de détail.).  
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Le phytoplancton arctique est influencé par la présence de banquise qui atténue une partie du 

rayonnement solaire incident et qui influence le mélange vertical, propice à l’apport en 

nutriments. La banquise arctique subit depuis ces dernières décennies de profonds 

changements, influencés par le changement climatique. Il est naturel de s’interroger sur la 

réponse du phytoplancton à ces changements et sur l’évolution future du phytoplancton dans 

un contexte de réchauffement global.  

 

4.3 Réponse du phytoplancton au changement climatique 

En raison du lien étroit entre phytoplancton et banquise, la réduction de la banquise arctique 

ces dernières décennies ainsi que l’augmentation globale de la période d’eau libre devrait avoir 

majoritairement influencé l’évolution du phytoplancton. Les mesures satellites de la couleur de 

l’eau, effectuées depuis 1997, montrent une augmentation globale de la production primaire 

arctique (Arrigo & van Dijken, 2011, 2015 ; Bélanger et al., 2013 ; Pabi et al., 2008) fortement 

corrélée à l’augmentation de la période d’eau libre (Fig. 19 ; Arrigo & van Dijken, 2011, 2015).  

 

Figure 19 : Évolution de la production primaire annuelle mesure par satellite entre en fonction de la 
longueur de la période d’eau libre (Arrigo et al., 2015). 
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Cette augmentation est attribuée à l’augmentation en lumière disponible pour la croissance du 

phytoplancton en réponse au retrait de la banquise (Arrigo & van Dijken, 2011) ; ainsi qu’au 

nouvel apport de nutriments dans certaines régions (Arrigo & van Dijken, 2015). Ces résultats 

sont tout de même à prendre avec précaution. En effet, la mesure satellite peut grandement sous-

estimer la production primaire en raison de l’absence de mesure sous et dans la banquise. De 

plus, l’augmentation de production primaire en Arctique peut être fortement induite par 

l’augmentation des apports de sédiments colorés par les rivières (Arrigo et al., 2015).  

Face au futur retrait de la banquise arctique projetée par les modèles du système Terre et la 

disparition systématique de la banquise d’été au milieu de ce siècle, les efflorescences de 

phytoplancton et d’algues de glace sont vouées à changer. Une augmentation de la production 

primaire arctique pourrait être attendue dans les prochaines décennies en réponse à 

l’augmentation en lumière induite par la disparition progressive de la banquise (Tedesco et al., 

2019). Néanmoins l’évolution du phytoplancton arctique n’est pas seulement contrôlée par la 

disponibilité en lumière, mais aussi par la disponibilité en nutriment et par la stratification 

(Tremblay et Gagnon 2009). De plus, la lumière n’est pas forcément amenée à augmenter 

partout en Arctique. Deux types de paramètres contrôlant la réponse du phytoplancton au 

réchauffement climatique peuvent être distingués (Wassmann & Reigstad, 2011):  

(i) Les paramètres favorisant une augmentation de la production primaire arctique, tels 

que : l’augmentation en lumière disponible à la surface de l’océan en raison du 

retrait de la banquise ; l’apport épisodique de nutriment par upwelling lors des 

tempêtes d’automne favorisées par l’augmentation des zones d’eau libre (Ardyna et 

al., 2014) ; l’augmentation de l’apport des nutriments par les rivières. 

(ii) Les paramètres favorisant une diminution de la production primaire arctique, tels 

que : l’augmentation de la stratification par l’apport d’eau douce induit par la fonte 

de la banquise et des glaces continentales. La diminution en lumière dans les régions 
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côtières en raison de l’augmentation de l’apport de sédiment par les rivières rendant 

les eaux turbides. La diminution en lumière induite par l’augmentation du couvert 

nuageux (Bélanger et al., 2013). 

Le retrait plus précoce de la banquise devrait influencer la temporalité des efflorescences 

algales arctique. (Ji et al., 2013 ; Leu et al., 2015). Néanmoins, le signe et l’intensité de ce 

changement sont sujet à de fortes incertitudes (Popova et al, 2012). Yool (2015) montre par 

exemple que si la production primaire dans l’océan Arctique devrait augmenter en raison de 

l’augmentation de la disponibilité en lumière, celle de l’Atlantique Nord devrait diminuer en 

raison de l’augmentation de la stratification selon les projections des modèles du climat. De 

même, l’intercomparaison des modèles du système Terre CMIP5 montre des projections 

concernant l’évolution de la production primaire arctique très variable selon les modèles (Fig. 

20,Vancoppenolle et al., 2013). Si tous les modèles s’accordent sur une augmentation de la 

production primaire dans la première partie de ce siècle, certains modèles prévoient, ensuite, 

une diminution plus ou moins importante de la production primaire à partir de 2050 une fois 

que les nutriments ont été consommés. D’autres modèles, non limités en nutriments, prévoient 

que l’augmentation du début du siècle est vouée à continuer.  

 

Figure 20 : Évolution typique des anomalies en production primaire intégrée arctiques (TgC/yr) durant 
la période 1900-2100 simulée par trois modèles de l’ensemble CMIP5.  
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Objectifs de cette thèse 

Cette thèse vise à mieux comprendre la dynamique du phytoplancton dans la zone de banquise 

arctique en se focalisant sur l’interaction entre banquise, lumière et phytoplancton. Les lacunes 

concernant nos connaissances sur ces interactions m’ont amenée aux trois grandes 

problématiques discutées dans la suite de cette thèse.  

Concernant la saisonnalité de la banquise, les grandes tendances de son évolution dans les 

données d'observations et les projections climatiques semblent converger vers un allongement 

de la période d'eau libre, renforcé par la rétroaction d'albédo. De plus, les évolutions récentes 

des diagnostics de saisonnalité, tels que la période d’eau libre, le jour d’avancée et de retrait de 

la glace de mer, sont, aujourd’hui bien documentés. Néanmoins, les mécanismes d'évolution 

n'ont pas été étudiés de façon systématique, en particulier quant à la dynamique du retrait et de 

l'avancée de la glace. 

Quels sont les mécanismes des changements à venir pour la saisonnalité de la banquise 

arctique ?  

 

La compréhension du transfert radiatif dans la zone de glace est fondamentale pour prévoir 

l'évolution du plancton. Le transfert radiatif dans la zone de glace est influencé à la fois par des 

paramètres de très fine échelle (densité de neige, poches de saumure …) et de plus grande 

échelle (épaisseur de glace, présence de mare de fonte…). Les observations du rayonnement 

transmis au travers de la banquise ont, longtemps, été rares. Pour cette raison, de nombreux 

modèles sont aujourd’hui mal contraints et ont une représentation biaisée du rayonnement 

transmis à la surface de l’océan en zone de banquise, influençant la thermodynamique de 

l’océan ainsi que la croissance du phytoplancton.  
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Les nouvelles observations de rayonnement transmis au travers de la banquise peuvent-

elle permettre d’améliorer le transfert radiatif des zones de glace dans le modèle du 

système Terre tant en intensité du rayonnement transmis qu’en qualité du spectre ? 

 

La croissance du phytoplancton est étroitement liée à la croissance et la fonte de la banquise. 

Les observations par satellite du phytoplancton arctique montrent une augmentation récente du 

phytoplancton fortement corrélée à la période d’eau libre, largement attribué à l’augmentation 

en lumière causée par la fonte. Néanmoins, l’observation récente d’efflorescences de 

phytoplancton sous la banquise remet en question ce lien très fort entre période d’eau libre et 

lumière disponible pour la croissance du phytoplancton. 

Est-il possible de mieux définir la saisonnalité de la lumière disponible pour le 

phytoplancton dans les régions arctiques couverte de glace et de comprendre comment 

cette saisonnalité affecte le phytoplancton ? 

 

Dans les prochains chapitres de cette thèse, je discute de ces trois problématiques et tente 

d’apporter de nouvelles connaissances quant aux interactions entre banquise, lumière, 

phytoplancton en Arctique. Pour cela, je m’intéresse d’abord à la saisonnalité de la banquise, 

en grande partie induite par l'évolution saisonnière du rayonnement solaire. Puis, j’étudie 

comment la banquise influence le rayonnement transmis à la surface de l’océan. Enfin, je 

cherche à mieux caractériser les impacts du couple banquise-lumière sur le phytoplancton 

Arctique.  

Dans un premier chapitre, je discute de l’évolution globale présente et future des diagnostics de 

saisonnalité de la banquise est des mécanismes thermodynamiques associés à cette évolution. 

Pour cela, je m’appuie à la fois sur des données satellites et des projections climatiques d’un 

ensemble de modèles de CMIP5. Dans un second chapitre, je discute des valeurs des paramètres 
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de la loi de Beer Lambert, ainsi que du fractionnement en longueur d’onde du rayonnement 

transmis sous la banquise. Je m’appuie sur une étude de donnée in situ à partir de nouvelle 

observation de l’optique de la banquise pour mieux contraindre le modèle de l’IPSL. Enfin dans 

un dernier chapitre je cherche à mieux diagnostiquer la saisonnalité de la lumière disponible 

dans les régions englacées arctiques. Je cherche aussi à comprendre comment cette saisonnalité 

impacte le phytoplancton dans les modèles biogéochimiques. Les progrès dans nos 

connaissances suite à ces trois études sont significatifs, mais les limitations restent nombreuses, 

ce que je détaillerai dans mes conclusions. 
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Chapitre 1                                                                                

Décalage futur de la saison d’eau libre arctique vers 

l’automne. 
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La croissance du phytoplancton arctique est gouvernée par la saisonnalité de la banquise au 

premier ordre. Comprendre l’évolution présente et future de cette saisonnalité et les 

mécanismes qui la contrôlent est fondamental dans l’étude des interactions entre banquise et 

phytoplancton. 

La réduction récente de la banquise arctique s’accompagne d’un allongement de la période 

d’eau libre, avec des contributions comparables du retrait plus précoce et d’avancée plus tardive 

de la banquise. Suivant les projections de l’ensemble des modèles de CMIP5, je montre que la 

tendance absolue dans la date d’avancée de la banquise devrait progressivement dépasser et 

même doubler la tendance dans la date de retrait de la banquise. Ceci aurait pour conséquence 

un décalage vers l’automne de la saison d’eau libre. Je montre aussi dans ce chapitre qu’un tel 

décalage est contrôlé par la réponse thermodynamique de la banquise au réchauffement global. 

L’analyse de simulation d’un modèle de thermodynamique glace-océan idéalisé révèle le rôle 

de deux rétroactions saisonnières positives dans le décalage de la saison d’eau libre. La 

rétroaction d’été est responsable d’une avancée de banquise plus tardive d’environ 1,6 jour en 

réponse à un retrait plus précoce d’un jour. Ceci dû à la faculté qu’a l’océan d’absorber le 

rayonnement solaire plus efficacement qu’il n’est capable de relâcher la chaleur juste avant 

l’avancée de la banquise. La rétroaction d’hiver est faible en comparaison. Elle est responsable 

d’un retrait plus précoce d’environ 0,3 jour en réponse à un jour de décalage dans l’avancée de 

la banquise. Ceci dû à une saison de croissance plus courte qui implique une glace plus fine, 

qui par conséquent fond plus vite. Néanmoins, la rétroaction d’hiver est tempérée par la saison 

de croissance qui reste tout de même relativement longue et par la relation inverse entre taux 

de croissance et épaisseur de la banquise. A une échelle de temps interannuelle, la réponse 

thermodynamique de la saisonnalité de la banquise au réchauffement global est obscurcie par 

la variabilité interannuelle. Toutefois, à long terme, il existe peu d’incertitude entre les modèles 

quant au décalage vers l’automne de la saison d’eau libre. Ceci s’explique par le fait que tous 
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les mécanismes de rétroaction se rapportent à des éléments fondamentaux et stables du système 

climatique arctique.  
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Abstract. The recent Arctic sea ice reduction comes with
an increase in the ice-free season duration, with comparable
contributions of earlier ice retreat and later advance. CMIP5
models all project that the trend towards later advance should
progressively exceed and ultimately double the trend towards
earlier retreat, causing the ice-free season to shift into au-
tumn. We show that such a shift is a basic feature of the
thermodynamic response of seasonal ice to warming. The
detailed analysis of an idealised thermodynamic ice–ocean
model stresses the role of two seasonal amplifying feed-
backs. The summer feedback generates a 1.6-day-later ad-
vance in response to a 1-day-earlier retreat. The underlying
physics are the property of the upper ocean to absorb so-
lar radiation more efficiently than it can release heat right
before ice advance. The winter feedback is comparatively
weak, prompting a 0.3-day-earlier retreat in response to a
1-day shift towards later advance. This is because a shorter
growth season implies thinner ice, which subsequently melts
away faster. However, the winter feedback is dampened by
the relatively long ice growth period and by the inverse re-
lationship between ice growth rate and thickness. At inter-
annual timescales, the thermodynamic response of ice sea-
sonality to warming is obscured by inter-annual variability.
Nevertheless, in the long term, because all feedback mecha-
nisms relate to basic and stable elements of the Arctic climate
system, there is little inter-model uncertainty on the projected
long-term shift into autumn of the ice-free season.

1 Introduction

Arctic sea ice has strikingly declined in coverage (Cavalieri
and Parkinson, 2012), thickness (Kwok and Rothrock, 2009;

Renner et al., 2014; Lindsay and Schweiger, 2015) and age
(Maslanik et al., 2011) over the last 4 decades. CMIP5 global
climate and Earth system models simulate and project this
decline to continue over the 21st century (Massonnet et al.,
2012; Stroeve et al., 2012) due to anthropogenic CO2 emis-
sions (Notz and Stroeve, 2016), with a loss of multi-year ice
estimated for 2040–2060 (Massonnet et al., 2012), in the case
of a business-as-usual emission scenario.

Less Arctic sea ice also implies changes in ice season-
ality, which are important to investigate because of socio-
economic (e.g. on shipping; Smith and Stephenson, 2013)
and ecosystem implications. Indeed, the length of the Arctic
sea ice season exerts a first-order control on the light reaching
phytoplankton (Arrigo and van Dijken, 2011; Wassmann and
Reigstad, 2011; Assmy et al., 2017) and is crucial to some
marine mammals, such as walruses (Laidre et al., 2015) and
polar bears (Stern and Laidre, 2016), who use sea ice as a
living platform.

Various seasonality diagnostics are discussed in the sea ice
literature and definitions as well as approaches vary among
authors. The open-water season duration can be diagnosed
from satellite ice concentration fields, either as the number
of ice-free days (Parkinson, 2014) or as the time elapsed be-
tween ice retreat and advance dates, corresponding to the day
of the year when ice concentration exceeds or falls under
a given threshold (Stammerjohn et al., 2012; Stroeve et al.,
2016). The different definitions of the length of the open-
water season can differ in subtleties of the computations (no-
tably filtering) and may not always entirely be consistent and
comparable. In addition, the melt season duration, distinct
from the open-water season duration, has also been analysed
from changes in passive microwave emission signals due to
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the transition from a dry to a wet surface during melting
(Markus et al., 2009; Stroeve et al., 2014).

As for changes in the Arctic open-water season duration,
satellite-based studies indicate an increase by > 5 days per
decade over 1979–2013 (Parkinson, 2014) due to earlier ice
retreat and later advance (Stammerjohn et al., 2012; Stroeve
et al., 2016). There are regional deviations in the contribu-
tions to a longer open-water season duration, most remark-
ably in the Chukchi and Beaufort seas where later ice ad-
vance takes over (Johnson and Eicken, 2016; Serreze et al.,
2016), which has been attributed to increased oceanic heat
advection from the Bering Strait (Serreze et al., 2016). Such
changes in the seasonality of Arctic ice-covered waters re-
flect the response of the surface energy budget to warming.
Indeed, warming and ice thinning imply earlier surface melt
onset and ice retreat (Markus et al., 2009; Stammerjohn et al.,
2012; Blanchard-Wrigglesworth et al., 2010). In addition, a
shift towards later ice advance, tightly co-located with ear-
lier retreat, is observed, especially where negative sea ice
trends are large (Stammerjohn et al., 2012; Stroeve et al.,
2016). This has been attributed to the ice–albedo feedback,
namely to the combined action of (i) earlier ice retreat, im-
plying lower surface albedo, and (ii) higher annual solar radi-
ation uptake by the ocean. Such a mechanism (Stammerjohn
et al., 2012) explains the ongoing delay in ice advance of a
few days per decade from the estimated increase in solar ab-
sorption (Perovich et al., 2007), in accord with the observed
in situ increase in the annual sea surface temperature (SST)
maximum (Steele et al., 2008; Steele and Dickinson, 2016).

The observed increase in the ice-free season duration
should continue over the next century, as projected by the
CESM Large Ensemble (Barnhart et al., 2016), but this signal
is obscured by important levels of internal variability. Other
CMIP5 ESMs likely project a longer ice-free season as well,
and this is true in the Alaskan Arctic where they have been
analysed (Wang and Overland, 2015). In both these studies,
the simulated future increases in the ice-free season duration
are dominated by the later ice advance. Such behaviour re-
mains unexplained and should be investigated with a larger
set of models and regions.

In the present study, we aim at better quantifying the po-
tential changes in Arctic sea ice seasonality and understand-
ing the associated mechanisms. We first revisit the ongoing
changes in Arctic sea ice retreat and advance dates using
satellite passive microwave records, at both inter-annual and
multi-decadal timescales. We also analyse, for the first time
over the entire Arctic, all CMIP5 historical and RCP8.5 sim-
ulations covering 1900–2300 and study mechanisms at play
using a one-dimensional ice–ocean model.

2 Methods

We analyse the recent past and future of sea ice seasonality
by computing a series of diagnostics based on satellite obser-
vations, Earth system models and a simple ice–ocean model.

2.1 Data sources

Passive microwave sea ice concentration (SIC) retrievals,
namely the GSFC Bootstrap SMMR-SSM/I quasi-daily time
series product, over 1980–2015 (Comiso, 2000, updated
2015), are used as an observational basis. We also use the
CMIP5 Earth system model historical simulations and future
projections of SIC. Because of high inter-annual variability
in ice advance and retreat dates and because some models
lose multi-year ice only late into the 21st century, we re-
tain the nine ESM simulations that pursue RCP8.5 until 2300
(first ensemble member, Table 1). Analysis focuses on 1900–
2200, combining historical (1900–2005) and RCP8.5 (2005–
2200) simulations. The year 2200 corresponds to the typical
date of year-round Arctic sea ice disappearance (Hezel et al.,
2014). We also extracted the daily SST output from IPSL-
CM5A-LR. All model outputs were interpolated on a 1� ge-
ographic grid.

To investigate how mean state biases may affect ESM
simulations, we also included in our analysis a 1958–2015
forced-atmosphere ISPL-CM simulation, i.e. an ice–ocean
simulation that was performed with the NEMO-LIM 3.6
model (Rousset et al., 2015), driven by the DFS5 atmo-
spheric forcing (Dussin et al., 2016). NEMO-LIM 3.6 is sim-
ilar to the ice–ocean component of IPSL-CM5A-LR, except
that (i) horizontal resolution is twice as high (1� with refine-
ment near the poles and the equator), (ii) the sea ice model
has been upgraded to multiple categories, among other dif-
ferences, and (iii) a weak sea surface salinity restoration is
applied. Such a simulation not only performs generally bet-
ter than a free-atmosphere ESM run in terms of seasonal ice
extent (Fig. S1 in the Supplement; Uotila et al., 2017), but
also has year-to-year variations in phase with observations,
a feature that is intrinsically not captured in a coupled ESM.
However, a caveat of forced-atmosphere simulations is the
absence of feedback from the sea ice–ocean surface state
onto atmospheric conditions, which can affect the processes
that drive changes in ice advance and retreat timing.

2.2 Ice seasonality diagnostics

We use slightly updated computation methods for ice retreat
(dr) and advance (da) dates, compared with previous contri-
butions (Parkinson, 1994; Stammerjohn et al., 2012; Stroeve
et al., 2016). Ice retreat date (dr) is defined as the first day
of the year when SIC drops below 15 %, whereas ice ad-
vance date (da) is the first day of the year when SIC exceeds
this threshold (Stroeve et al., 2016). The choice of the SIC
threshold has no significant impact on the results. All previ-
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Table 1. Linear trends in ice retreat and advance dates over 2000–2200 (200 years), and long-term ice advance amplification ratios for the
individual and mean CMIP5 models and for the 1-D model. Trends and ratios are given as median ± interquartile range over the seasonal ice
zone in which trends are significant at a 95 % confidence level (p = 0.05). n/a: not applicable.

rr(days per decade) ra(days per decade) R
long
a/r Reference

CCSM4 �6.6 ± 2.1 13.4 ± 7.3 2.0 ± 0.6 Gent et al. (2011)
CNRM-CM5 �8.0 ± 2.8 13.5 ± 5.9 1.7 ± 0.3 Voldoire et al. (2013)
CSIRO-Mk3-6-0 �6.1 ± 3.3 10.4 ± 4.0 1.7 ± 0.6 Rotstayn et al. (2012)
GISS-E2-H �2.8 ± 0.6 5.1 ± 1.6 1.8 ± 0.4 Schmidt et al. (2014)
MPI-ESM-LR �8.6 ± 2.8 15.2 ± 8.1 1.8 ± 0.4 Giorgetta et al. (2013)
bcc-csm1-1 �5.2 ± 1.3 9.7 ± 2.6 1.9 ± 0.4 Wu et al. (2014)
GISS-E2-R �2.0 ± 0.4 3.4 ± 0.8 1.8 ± 0.3 Schmidt et al. (2014)
HadGEM2-ES �9.1 ± 3.0 18.6 ± 7.6 1.9 ± 0.5 Collins et al. (2011)
IPSL-CM5A-LR �5.7 ± 1.2 11.1 ± 3.8 1.9 ± 0.5 Dufresne et al. (2013)
MEAN CMIP5 �6.0 ± 2.0 11.1 ± 4.6 1.8 ± 0.4
1-D model �4.7 ± n/a 8.2 ± n/a 1.9 ± n/a

ous studies recognise that a typical 5-day temporal filtering
on the input ice concentration is required to get rid of short-
term dynamical events (Stammerjohn et al., 2012; Stroeve et
al., 2016). By contrast, we use 15 days, in order to get rid of
most short-term dynamical ice events, which barely affects
trends in dr and da (see Table S1). Another important issue
is the reference time axis, which varies among authors. To
circumvent the effect of the da discontinuity between 31 De-
cember and 1 January, we define the origin of time on 1 Jan-
uary and count da negatively if it falls between 1 July and
31 December. A safe limit is 1 July because there is no in-
stance of ice advance date between early June and late July
in the satellite record or in CMIP5 simulations. The length of
the ice-free season is defined as the period during which SIC
is lower than 15 %.

The same seasonality diagnostics are computed from
model outputs. Yet, since the long-term ESM simulations
used here only have monthly SIC outputs, we compute the
ice seasonality diagnostics based on monthly SIC fields lin-
early interpolated daily. Such operation drastically reduces
error dispersion but introduces a small systematic bias on dr
(early bias) and da (late bias), on the order of 5 ± 5 (6) days.
These biases were determined from an analogous processing
of satellite records. Dates of ice retreat and advance were de-
rived from a daily interpolation of monthly averaged concen-
tration fields and subsequently compared to direct retrievals
based on daily resolved concentration fields (see Fig. S2).
The identified biases apply to CMIP5 records because er-
rors stem from the processing of data and do not depend on
the type of data used (satellite or CMIP5). These small sys-
tematic biases in model ice retreat and advance dates likely
contribute to the mean model bias compared to satellite data
(Table 1, Fig. 1) but remain small compared to the long-term
signals analysed throughout this paper.

The ice seasonality diagnostics and their spatial distribu-
tion are reasonably well captured by the mean of selected
CMIP5 models over the recent past (Fig. 2). The spatial dis-

Figure 1. Evolution of the ice seasonality diagnostics (ice retreat
date, blue; ice advance date, orange): (a) CMIP5 median and in-
terquartile range, with corresponding range of satellite-derived val-
ues (green rectangles 1980–2015) over the 70–80� N latitude band;
(b) one-dimensional ice–ocean model results. The ice-free period
(Lw), the photoperiod (Lp) and the average polar night (grey rectan-
gle) are also depicted. Note that the systematic difference between
observations and CMIP5 models is reduced when accounting for
the systematic bias due to the daily interpolation of monthly means
in CMIP5 models (see Sect. 2 and Table S2).

tribution of ice seasonality diagnostics varies among models,
reflecting a possible dependence on the mean state or dif-
ferences in the treatment of ice dynamics. Larger errors in
some individual models (Fig. S3) are associated with an in-
accurate position of the ice edge. Overall, ESMs tend to have
a shorter open-water season than observed (Figs. 2a–c and
S3), which is visible in the North Atlantic and North Pacific
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regions and can be related to the systematic bias due to the
use of interpolated monthly data, but also to the tendency
of our model subset to overestimate sea ice. Such an inter-
pretation is supported by (i) the visibly better consistency of
the simulated ice seasonality diagnostics with observations
in the forced-atmosphere ISPL-CM simulation than in IPSL-
CM5A-LR and (ii) by the fact that models with simulated
ice extent rather close to observations over the recent past
(CESM, CNRM or MPI; Massonnet et al., 2012) are more
in line with observed seasonality diagnostics than the other
models (Figs. 2 and S3).

2.3 Trends in ice advance and retreat dates and related

diagnostics

Trends in ice retreat and advance dates were calculated for
each satellite or model pixel, from the slope of a least-square
fit over a given period, using years when both dr and da
are defined. If the number of years used for calculation of
the trend is less than one-third of the considered period, a
missing value is assigned. One-third compromises between
spatial and temporal coverage of the considered time series
(see Table S1).

To describe the relative contribution of ice advance and re-
treat dates to changes in open-water season duration, we in-
troduce a first diagnostic, termed the long-term ice advance
vs. retreat amplification coefficient (Rlong

a/r ). R
long
a/r is defined

as minus the ratio of trends in ice advance to trends in ice
retreat dates. The sign choice for R

long
a/r is such that positive

values arise for concomitant long-term trends toward later ice
advance and earlier retreat. Rlong

a/r gives synthetic information
about trends in ice advance and retreat dates within a sin-
gle diagnostic. For example, R

long
a/r > 0 means that a trend to-

wards earlier retreat (dr < 0) occurs concurrently with a trend
towards later advance (da > 0). Strictly speaking R

long
a/r > 0

could also indicate later retreat and earlier advance (i.e. a re-
duction of open-water season duration), which does not hap-
pen in a warming climate. Moreover, by definition, Rlong

a/r > 1
if the long-term trend in ice advance date exceeds the long-
term trend in retreat date in a particular pixel, otherwise
R

long
a/r < 1. Note that for R

long
a/r to be meaningful, we restrict

computations to pixels in which trends in both dr and da are
significant at a specified confidence level. p = 0.05; i.e. a
95 % confidence interval gives the most robust value but
heavily restricts the spatial coverage, especially for CMIP5
outputs. By contrast, p = 0.25; i.e. a 75 % confidence inter-
val slightly expands coverage but loses some robustness.

In order to study the shorter-term association between re-
treat and ice advance, we introduce a second diagnostic,
termed the short-term ice advance vs. retreat amplification
coefficient (Rshort

a/r ). Rshort
a/r is defined by applying the same

reasoning to inter-annual timescales, i.e. minus the linear re-
gression coefficient between detrended ice advance and re-
treat dates. Rshort

a/r gives information on how anomalies in ice

advance date scale with respect to anomalies in retreat dates
over the same year, regardless of the long-term trend. Such a
definition warrants comparable interpretation for Rshort

a/r and

R
long
a/r . In a warming climate, Rshort

a/r > 0 indicates concomi-
tant anomalies towards earlier retreat and later advance, and
Rshort

a/r > 1 indicates that anomalies in advance date are larger
than in retreat date.

For computations of R
long
a/r and Rshort

a/r we use a reference
period of 36 years. The length of the available observation
period is 36 years and is close to the standard 30 years
used in climate sciences. On one occasion (Table 1), we use
200 years as a reference period. The total number of years
we can use to qualify changes is 200 years and is the most
representative of a long climate change simulation.

All trends and ice advance vs. retreat amplification coef-
ficients given in the rest of the text are the median (± inter-
quartile range), taken over the seasonal ice zone. We use non-
parametric statistics because the distributions are not Gaus-
sian.

2.4 1-D model

We use the Semtner (1976) zero-layer approach for ice
growth and melt above an upper oceanic layer taking up
heat, whereas snow is neglected. The model simplifies re-
ality by assuming constant mixed-layer depth, no horizontal
advection in ice and ocean, no heat exchange with the in-
terior ocean, and no sensible heat storage in the snow–ice
system. The ice–ocean seasonal energetic cycle is computed
over 300 years, using climatological solar, latent, and sen-
sible heat fluxes and increasing downwelling long-wave ra-
diation, to represent the greenhouse effect. Ice retreat and
advance dates are diagnosed from model outputs (see Ap-
pendix A for details). We argue that the Semtner (1976)
zero-layer approach is appropriate to study the response of
CMIP5 models to warming, as the CMIP5 models with more
complicated thermodynamics cannot be distinguished from
those using the Semtner zero-layer approach (Massonnet et
al., 2018). The zero-layer approach is known to alter the sea
ice seasonal cycle (Semtner, 1984), but should not fundamen-
tally affect the processes discussed here.

3 Link between earlier ice retreat and later ice advance

in observations and models

3.1 Trends in ice advance and retreat date in

observations and models

Over 1980–2015, the ice-free season duration has increased
by 9.8±12.1 days decade�1, with nearly equal contributions
of earlier ice retreat (�4.8±7.7 days decade�1) and later ice
advance (4.9 ± 5.8 days decade�1, median based on satellite
observation, updated figures; see Table S1). Variability is
high however. Significant trends in both dr and da at the 95 %
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Figure 2. Maps and frequency histograms of (a, d) ice retreat date, (b, e) ice advance date and (c, f) ice-free season length over 1980–
2015 (36 years), based on (a, b, c) passive microwave satellite concentration retrievals (Comiso, 2000; updated 2015) and (d, e, f) daily
concentration fields averaged over CMIP5 models. Median ± IQR (interquartile range) refers to all points in the seasonal ice zone. See
Fig. S3 for individual models.

confidence level are found over a relatively small fraction
(22 %) of the seasonal ice zone (Fig. 3), independently of
the details of the computation (Table S1). The patterns of
changes are regionally contrasted, and Chukchi Sea is the
most notable exception to the rule, where later ice advance
clearly dominates changes in the ice-free season (Serreze et
al., 2016, Fig. 3).

Trends simulated by the mean of selected CMIP5 mod-
els are comparable with observations, in terms of ice re-
treat date (�4.4±3.5 days decade�1), ice advance date (5.9±
3.3 days decade�1) and ice-free season duration (10.3 ±
6.3 days decade�1, Fig. 3). Individual models show larger er-
rors (Fig. S4 to compare with Fig. 3), to be related notably
with mean state issues or the spread in the strength of strong
oceanic currents, in the North Atlantic and the North Pacific.
One common location where trends are underestimated is the
North Atlantic region, in particular the Barents Sea, which ar-
guably reflects a weak meridional oceanic heat supply (Ser-
reze et al., 2016). One should be reminded that as reality is a
single realisation of internal climate variability (Notz, 2015),
a model–observation comparison of this kind is intrinsically
limited. This could be of particular relevance in the Barents
Sea, which is subject to internally generated decadal-scale
variations driven by ocean heat transport anomalies (Yeager
et al., 2015).

3.2 Earlier sea ice retreat implies later ice advance

In terms of mean state and contemporary trends, models
seem realistic enough for an analysis of changes at pan-
Arctic scales but might be less meaningful at regional scales.
We first study the contemporary link between earlier retreat
and ice advance by looking at the sign of Ra/r values in con-
temporary observations and models. Because R

long
a/r is a ratio

of significant trends, and because all models have regional
differences as to where trends are significant, we base our
analysis on individual models.

Based on observations (Fig. 4), we find positive values
of R

long
a/r in more than 99 % of grid points in the studied

zone, provided that computations are restricted where trends
on ice retreat and advance dates are significant at a 95 %
level (N = 5257). In a warming climate, positive R

long
a/r val-

ues mean concomitant and significant trends towards earlier
retreat and later advance, whereas missing values reflect ei-
ther that the trends are not significant or that the point is out
of the seasonal ice zone. Rshort

a/r (Fig. 6) is generally smaller

(0.21±0.27) than R
long
a/r (0.71±0.42, 95 % confidence level),

and also positive in most pixels (87 % of 23 475 pixels).
CMIP5 models are consistent with the robust link be-

tween earlier ice retreat and later advance dates found in ob-
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Figure 3. Maps and frequency histograms of linear trends (for hatched zones only) in (a, d) ice retreat date (b, e), ice advance date and
(c, f) ice-free season length over 1980–2015 (36 years), based on (a, b, c) passive microwave satellite concentration retrievals (Comiso,
2000; updated 2015); (d, e, f) the mean CMIP5 models. Hatching refers to the 95 % confidence interval (p = 0.05). Median ± IQR refers to
significant pixels with at least one-third of the years with defined retreat and ice advance dates. See Fig. S4 for individual models.

servations (Stammerjohn et al., 2012; Stroeve et al., 2016).
More generally, we find a robust link between earlier retreat
and later advance in all cases: both Ra/r values are virtu-
ally always positive for short- and long-term computations,
from observations and models (Figs. 4, 5) over the three
analysed periods (1980–2015 for observations and models,
2015–2050 and 2050–2085 for models only) and regardless
of internal variability (Figs. S5 and S6). This finding expands
previous findings from satellite observations using detrended
time series (Stammerjohn et al., 2012; Serreze et al., 2016;
Stern and Laidre, 2016), in particular the clear linear corre-
lation found between detrended ice retreat and ice advance
dates (Stroeve et al., 2016). Following these authors, we at-
tribute the strong earlier retreat and later ice advance rela-
tionship as a manifestation of the ice–albedo feedback: ear-
lier ice retreat leads to an extra absorption of heat by the up-
per ocean. This heat must be released back to the atmosphere
before the ice can start freezing again, leading to later ice
advance. Such a mechanism, also supported by satellite SST
analysis in the ice-free season (Steele et al., 2008; Steele and
Dickinson, 2016), explains the sign of the changes in ice ad-
vance date. However, it does not explain the relatively larger
magnitude of the trends in ice advance date compared with
trends in ice retreat date, studied in the next section.

3.3 Increasingly late ice advance dominates future

changes in open-water season

We now focus on the respective contribution of changes in
retreat and ice advance dates to the increasingly long open-
water season by analysing the magnitude of R

long
a/r . Contem-

porary values of R
long
a/r match between model and observa-

tions but not spatially (Fig. 4). Over 1980–2015 the simu-
lated R

long
a/r (CMIP5 mean) is slightly higher (1.1 ± 0.7) than

the observational value (0.7±0.4). Since none of the models
position the sea ice edge correctly everywhere, it is not sur-
prising that the spatial distribution and the modal R

long
a/r differ

among models and between models and observations. The
fact that, by definition, satellite data only sample one reali-
sation of internal variability could contribute to the discrep-
ancy as well. In support of these two arguments, the forced-
atmosphere ISPL-CM simulation better simulates the spatial
distribution of R

long
a/r (see Fig. S7), which underlines the role

of mean state errors.
As far as future changes are concerned, all models show

a qualitatively similar evolution (Figs. 1 and S5). Projected
changes in ice retreat and ice advance dates start by approx-
imately 2000 and continue at a nearly constant pace from
2040 until 2200. By 2040, the trend in ice advance date typ-
ically becomes larger than the trend in ice retreat date, as
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Figure 4. Long-term ice advance vs. retreat amplification coefficient from passive microwave ice concentration retrievals (SMMR; over
1980–2015), and for all individual models over 1980–2015, 2015–2050 and 2050–2085. We use a 75 % (p = 0.25) confidence interval for
this specific computation. Similar figures (for SMMR and IPSL_CM5A_LR only) for p = 0.05 are available in the Supplement (Fig. S9).

indicated by the corresponding mean R
long
a/r = 1.8 ± 0.4 over

2000–2200 (Table 1).
To further understand these contrasting trends between ice

retreat and ice advance dates, we mapped R
long
a/r , over 2015–

2050 and 2050–2085. We find that, in the course of the 21st
century, trends in retreat and ice advance date become signif-
icant over increasingly wide regions. The overall R

long
a/r value

increases, as illustrated in Fig. 4. This behaviour is found

independent of the considered model and of the internal vari-
ability (Figs. S5 and S6).

This finding expands the recent analyses of the CESM
Large Ensemble project (Barnhart et al., 2016) and of
Alaskan Arctic sea ice in CMIP5 models, finding faster ice
coverage decrease in autumn than in spring (Wang and Over-
land, 2015). Both studies propose that the extra heat uptake
in the surface ocean due to an increased open-water season
as a potential explanation. As suggested earlier, this indeed
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Figure 5. Schematics of the mechanisms shaping the thermody-
namic response of sea ice seasonality to a radiative forcing per-
turbation. The numbers give annual averages simulated by the 1-D
model. Changes in ice retreat and advance dates are split between
reference (ref) and feedback (fb) responses. See Appendix A for
details of the computations.

explains why R
long
a/r would be positive but does not explain

the amplified delay in ice advance date, that is, why R
long
a/r

would be > 1. We are now addressing this question.

3.4 A thermodynamic mechanism for an amplified

delay in ice advance date

The reason why R
long
a/r becomes > 1 by 2040 is related to the

asymmetric response of ice–ocean thermodynamics to warm-
ing: the upper ocean absorbs solar radiation about twice as ef-
ficiently as it can release heat right before ice advance. That
summer feedback processes dominate is enabled by a rela-
tively weak winter feedback (between later ice advance and
earlier retreat the next year).

To come to this statement, we would need diagnostics un-
available in CMIP5, in particular a daily description of the
surface energy budget. This is why we used a 1-D thermody-
namic model of sea ice growth and melt in relation with the
upper-ocean energy budget (Semtner, 1976) to study the ide-
alised thermodynamic response of seasonal ice to a radiative
forcing perturbation. Without any particular tuning, the 1-D
model simulations feature an evolution that is similar to the
long-term behaviour of CMIP5 models (Fig. 1b), with trends
in ice advance date (8.2 days decade�1) of larger absolute
magnitude than trends in retreat date (�4.7 days decade�1),
giving a corresponding value of R

long
a/r = 1.9. All figures fall

within the CMIP5 envelope (Table 1).

As explained above, the seasonal relationships between ice
advance and retreat dates are underpinned by atmosphere–
ice–ocean feedbacks. The non-radiative feedback framework
of Goosse et al. (2018; see Appendix A for details) clari-
fies the study of these relationships. Changes in dates of ice
retreat (1dr) and advance (1da) in response to a radiative
forcing perturbation are split into reference and feedback re-
sponse terms:
⇢

1dr = 1dref
r � �w1da,

1da = 1dref
a � �s1dr.

(1)

The sign convention for the feedback terms is such that
the link between earlier retreat (1dr < 0) and later advance
(1da > 0) gives positive feedback factors. The feedback re-
sponse refers to the change in dr (resp. da) that can solely
be attributed to the change in da (resp. dr). It is expressed
using a feedback factor �w (resp. �s) related to winter
(resp. summer) feedback processes. The reference response
1dref

r (resp. 1dref
a ) is that of a virtual system in which the

feedback would be absent. Expressions for the reference and
feedback response terms, as well as for feedback factors,
stem from physical analysis, detailed in Appendix A.

According to this analysis, feedbacks between the dates of
retreat and advance dominate the thermodynamic response of
ice seasonality (Fig. 5): the reference response to the applied
perturbation of 0.1 W m�2 yr�1 is �0.2 day yr�1 of earlier
retreat and 0.1 d yr�1 of later advance.

Ice growth and melt processes generate a relatively weak
winter amplifying feedback of ice advance date onto ice re-
treat date: a shorter growth season implies thinner ice, which
subsequently melts away faster. The winter feedback factor
is (see Appendix A for derivation)

�w = 1
2

·
✓

dr � dh

dh � da

◆
, (2)

where dh is the date of maximum ice thickness, and is solely
a function of the ice growth and melt seasonal parameters.
�w has a rather stable value of 0.31±0.04 over the 127 years
of simulated seasonal ice. This value of �w indicates a feed-
back response in ice retreat date of about one-third of the
change towards later ice advance the previous autumn. �w is
< 1 for two reasons. First the melt season is shorter than the
growth season (Perovich et al., 2003); hence changes in ice
advance date translate into weaker changes in ice retreat date.
Second, the ice growth rate is larger for thin than for thick
ice (Maykut, 1986); hence the maximum winter ice thick-
ness does not decrease due to later advance as much as if the
growth rate was constant.

Energetics of the summer ice-free ocean generate a sum-
mer amplifying feedback of ice retreat date onto ice advance
date, much stronger than the winter feedback. The summer
feedback factor is (see Appendix A for derivation)

�s = �Q+
Q�

, (3)
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where hQ+i and hQ�i are the average net positive (nega-
tive) atmosphere-to-ocean heat fluxes during the ice-free pe-
riod. The 1-D model diagnostics give an average value of
1.63±0.18 for �s, meaning that earlier retreat implies a feed-
back delay in ice advance of ⇠ 1.6 times the initial change in
ice retreat date. Physically, the strength of the summer feed-
back is in direct relation with the ice-free upper-ocean energy
budget and the evolution of SST. hQ+i mostly corresponds
to net solar flux, typically 150 W m�2, and is typically larger
than hQ�i, which corresponds to the net non-solar, mostly
long-wave heat flux, at freezing temperatures, typically 75–
150 W m�2 (see Appendix B). Hence, after ice retreat, the
SST rapidly increases due to solar absorption into the mixed
layer and then decreases much slower until freezing, due to
non-solar ocean-to-atmosphere fluxes (Fig. 7a), an evolution
that is similar to a recent satellite-based analysis (Steele and
Dickinson, 2016). In other words, the energy excess associ-
ated with later retreat, stored into the surface ocean, takes
extra time to be released before ice advance.

In practise, keeping only the dominant term, R
long
a/r (the

seasonality of the system) reduces to the summer feedback
factor:

R
long
a/r ⇡ �s. (4)

R
long
a/r appears to vary little among CMIP5 models and even

with the 1-D model. Why this could be the case is because the
winter and summer feedback factors are controlled by very
basic physical processes of the Arctic ice–ocean–climate
system and therefore feature relatively low uncertainty lev-
els. Celestial mechanics, ubiquitous clouds and near-freezing
temperatures provide strong constraints on the surface radia-
tion balance and hence on the summer feedback factor, that
all models likely capture. All models also include the growth
and melt season asymmetry and the growth–thickness rela-
tionship (see Massonnet et al., 2018) at the source of the rel-
atively weak winter feedback. In IPSL-CM5A-LR, the sole
model for which we could retrieve daily SST (Fig. 7b), the
evolution of the summer SST in seasonally ice-free regions
features a rapid initial increase followed by slow decrease, an
indication that the mechanism we propose is sensible.

3.5 Inter-annual variability and extra processes add to

the purely thermodynamic response

The CMIP5 response of ice seasonality differs from the ide-
alised thermodynamic response in two notable ways. First,
R

long
a/r > 1 only clearly emerges by 2040 in CMIP5 models.

Second, R
long
a/r is typically < 1 over the recent past (1980–

2015) from the satellite record (Fig. 4). This must be due to
the contribution of processes absent from the 1-D model.

As to why the 1-D response would emerge in the course
of this century, there are a series of potential reasons that
we cannot disentangle with the limited available CMIP5 out-
puts. (i) The contribution of the subsurface ocean to the sur-

face energy budget, neglected in the 1-D approach, is likely
larger today than in the future Arctic. Over the 21st century,
the Arctic stratification increases in CMIP5 models (Vancop-
penolle et al., 2013; Steiner et al., 2014), whereas the oceanic
heat flux convergence should decrease (Bitz et al., 2005).
(ii) The solar contribution to the upper-ocean energy budget
is smaller today than in the future, as the date of retreat falls
closer to the summer solstice. (iii) The surface energy bud-
get is less spatially coherent today than in the future, when
the seasonal ice zone moves northwards. The solar radiation
maximum drastically changes over 45 to 65� N but has small
spatial variations above the Arctic circle (Peixoto and Oort,
1992). Note that in some specific regions, R

long
a/r is already

> 1, in particular in the Chukchi Sea, but this has been as-
sociated with the summer oceanic heat transport through the
Bering Strait (Serreze et al., 2016), which is a localised event,
that does not explain why R

long
a/r would globally become > 1

in the future.
The aforementioned processes, ignored in the 1-D model

may explain why R
long
a/r > 1 would emerge by mid-century,

but internal variability, also absent in the 1-D model, should
also be considered (Barnhart et al., 2016). It is remarkable
that Rshort

a/r is < 1 from both satellite records and CMIP5
model simulations, for all periods and models considered
(Fig. 6). This suggests that the ice advance amplification
mechanism is not dominant at inter-annual timescales. In-
deed, based on inter-annual satellite time series, the standard
deviation of ice retreat (SD = 21.6 days) and advance dates
(SD = 14.3 days) is high (Stroeve et al., 2016) and the cor-
responding trends over 1980–2015 are not significant. Con-
ceivably, atmosphere, ocean and ice horizontal transport, op-
erating at synoptic to inter-annual timescales, obscure the
simple thermodynamic relation between the ice retreat and
advance dates found in the 1-D model. For instance, the
advection of sea ice on waters with a temperature higher
than the freezing point would imply earlier ice advance. Al-
together, this highlights that the ice advance amplification
mechanism is a long-term process and stresses the impor-
tance of the considered timescales and period as previous
studies have already shown (Parkinson et al., 2014; Barnhart
et al., 2016).

4 Summary and discussion

The analysis presented in this paper, focused on changes in
sea ice seasonality and the associated driving mechanisms,
raised the following new findings.

1. All CMIP5 models consistently project that the trend
towards later advance progressively exceeds and ulti-
mately doubles the trend towards earlier retreat over this
century, causing the ice-free season to shift into autumn.
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Figure 6. Short-term ice advance vs. retreat amplification coefficient from passive microwave ice concentration retrievals (SMMR; over
1980–2015), and for all individual models over 1980–2015, 2015–2050 and 2050–2085.

2. The long-term shift into autumn of the ice-free season
is a basic feature of the thermodynamic response of sea-
sonal ice to warming.

3. The thermodynamic shift into autumn of the ice-free
season is caused by the combination of relatively strong
summer and relatively weak winter feedback processes.

4. Thermodynamic processes only explain the long-term
response of ice seasonality, not the inter-annual varia-
tions, nor the delayed emergence of the long-term re-

sponse, which are both consistently simulated features
among CMIP5 models.

A central contribution of this paper is the detailed study of the
mechanisms shaping the thermodynamic response of sea ice
seasonality to radiative forcing in the Semtner (1976) ice–
ocean thermodynamic model, using the non-radiative feed-
back framework of Goosse et al. (2018). The low seawater
albedo as compared with ice and the enhanced solar radia-
tion uptake by the ocean had previously been put forward
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Figure 7. (a) Energetics of ice retreat and advance in the simple
model: net atmospheric (solid) and solar (yellow) heat fluxes to the
ocean; SST (dash), depicted for years 150 and 210. (b) Annual evo-
lution of the simulated sea surface temperature, averaged over the
seasonal ice zone, for 2 decades of reference (2015–2025, 2075–
2085) as simulated by the IPSL_CM5A_LR model and showing
the same temporal asymmetry as in the simple model.

to explain the increase in the length of the open-water season
(Stammerjohn et al., 2012). Our analysis completes this view.
Extra solar heat reaching the ocean due to earlier ice retreat is
absorbed at a higher rate than it can be released until ice ad-
vance. This provides a powerful feedback at the source of the
shift into autumn of the open-water season. In addition, the
link between later advance and earlier retreat the next spring
is weak because of the damping effects of the long ice growth
period and of the inverse relationship between growth rate
and ice thickness. All of these processes are simple enough
to be captured by most of the climate models, which likely
explains why the different models are so consistent in terms
of future ice seasonality.

The link between earlier ice retreat and later advance is
found in both satellite retrievals and climate projections, re-
gardless of the considered period and timescale, expanding
findings from previous works (Stammerjohn et al., 2012; Ser-
reze et al., 2016; Stern and Laidre, 2016; Stroeve et al., 2016)
and further stressing the important control of thermodynamic
processes on sea ice seasonality. Yet, two notable features
are in contradiction with the thermodynamic response of sea-
sonal ice to warming. First, the long-term response of ice sea-
sonality to warming only appears by mid-century in CMIP5

simulations, when changes in the ice-free season emerge out
of variability (Barnhart et al., 2016). Second, changes in ice
retreat date are larger than changes in ice advance date at
inter-annual timescales. Transport or coupling processes (in-
volving the atmosphere, sea ice, ocean) are the most likely
drivers but their effect could not be formally identified be-
cause of the lack of appropriate diagnostics in CMIP5. Such
a set-up, with a long-term control by thermodynamic pro-
cesses, has other analogues in climate change studies (Bony
et al., 2004; Kröner et al., 2017; Shepherd, 2014).

As the Arctic sea ice seasonality is a basic trait of the Arc-
tic Ocean, a shift of the Arctic sea-ice free season would
also have direct ecosystem and socio-economic impacts. The
shift in the sea ice seasonal cycle will progressively break
the close association between the ice-free season and the sea-
sonal photoperiod in Arctic waters, a relation that is funda-
mental to photosynthetic marine organisms existing in the
present climate (Arrigo and van Dijken, 2011). Indeed, be-
cause the ice advance date is projected to overtake the onset
of polar night (Fig. 1), typically by 2050, changes in the pho-
toperiod are at this point solely determined by the ice retreat
date, and no more by the advance date. The duration of the
sea ice season also restricts the shipping season (Smith and
Stephenson, 2013; Melia et al., 2017). The second clear im-
plication of the foreseen shift of the Arctic open-water season
is that the Arctic navigability would expand to autumn, well
beyond the onset of polar night, supporting the lengthening
of the shipping season mostly by later closing dates (Melia
et al., 2017).

Better projecting future changes in sea ice and its season-
ality is fundamental to our understanding of the future Arctic
Ocean. Detailed studies of the drivers of sea ice seasonality,
in particular the upper-ocean energy budget, the role of win-
ter and summer feedbacks, and the respective contribution of
thermodynamic and dynamic processes, are possible tracks
towards reduced uncertainties. Further knowledge can be ac-
quired from observations (e.g. Steele and Dickinson, 2016)
and Earth system model analyses, for which the expanded
set of ice–ocean diagnostics expected in CMIP6, including
daily ice concentration fields (Notz et al., 2016), will prove
instrumental.

Code and data availability. Scripts available from Marion Lebrun
(marion.lebrun@locean-ipsl.upmc.fr) upon request.
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Figure A1. Schematic representation of the analysis framework
applied to the 1-D model outputs, illustrating the mechanisms of
change in ice seasonality between a reference year (solid line) and
a subsequent year (dashed line). Ice appears at the ice advance date
(da). The ice thickness (h) increases until the date of maximum
thickness (dh), then decreases at an average melt rate hmi. Once
the ice thickness vanishes at the ice retreat date dr, the sea water
temperature Tw increases due to incoming heat flux Q+, until the
date of maximum temperature (dT), and finally decreases due to the
heat loss Q�.

Appendix A: Upper-ocean energetics and ice seasonality

in the 1-D ice–ocean model

To characterise the purely thermodynamic response of sea-
sonal ice to a radiative forcing perturbation, we use the Semt-
ner (1976) zero-layer approach for ice growth and melt above
an upper oceanic layer taking up heat. Snow is neglected.
The ice model equations for surface temperature (Tsu) and
ice thickness (h) read

Qatm(Tsu) = Qc(Tsu), (A1)

⇢L
dh

dt
= Qatm(Tsu) + Qw, (A2)

where Qatm = Q0+Qsol(1�↵i )�✏�T 4
su, with Q0 the sum of

downwelling long-wave, latent and sensible heat fluxes, Qsol
the incoming solar flux, ↵i = 0.64 the ice albedo, ✏ = 0.98
the emissivity, and � = 5.67 ⇥ 10�8 W m�2 K�4 the Stefan–
Boltzmann constant. Qc is the heat conduction flux in the
ice (> 0 downwards), Qw is the ocean-to-ice sensible heat
flux at the ice base, ⇢ = 900 kg m�3 is ice density and L =
334 kJ kg�1 is the latent heat of fusion. Once the ice thick-
ness vanishes, the water temperature Tw in a hw = 30 m thick
upper-ocean layer follows

⇢wcw
@Tw

@t
hw = Q0 + Qsol(1 � ↵w)[1 � exp(�hw)]

� ✏�T 4
w. (A3)

⇢w = 1025 kg m�3 is water density, cw = 4000 J kg�1 K�1 is
water specific heat and w = 1/30 m�1 is the solar radiation
attenuation coefficient in water. Ice starts forming back once
Tw returns to the freezing point Tf = �1.8 �C.

The atmospheric solar (Qsol) and non-solar (Q0) heat
fluxes are forced using the classical standard monthly mean
climatologies, typical of central Arctic conditions (Fletcher,
1965). We impose Qw = 2 W m�2 following Maykut and
Untersteiner (1971). We add a radiative forcing perturba-
tion 1Q = 0.1 W m�2 to the non-solar flux each year to
simulate the greenhouse effect. Ice becomes seasonal after
127 years. The model is run until there is no ice left, which
takes 324 years.

The following diagnostics of the ice–ocean seasonality
(see Fig. A1) are derived from 1-D model outputs:

– dr (ice retreat date): the first day with Tw > Tf =
�1.8 �C;

– da (ice advance date): the last day with Tw > Tf =
�1.8 �C.

Two other markers of the ice–ocean seasonality prove useful
and were also diagnosed:

– dT (maximum water temperature date): the last day with
Q > 0.

– dh (maximum thickness date): the date of maximum ice
thickness.

The simulated trend towards later ice advance is on average
1.9 times the trend towards earlier retreat, a value consistent
with the CMIP5 value. An advantage of the 1-D model is
that the required diagnostics to investigate the ice seasonality
drivers are easily available.

Nevertheless, the response of ice seasonality is not
straightforward because there are feedbacks between ice
retreat and advance dates. First, later advance delays ice
growth, reduces the winter maximum thickness and, in turn,
implies earlier retreat. Second, earlier retreat adds extra solar
heat to the upper ocean, delaying ice advance. To understand
the changes in ice seasonality and attributing their causes,
we apply the non-radiative feedback framework introduced
by Goosse et al. (2018).

A1 Analysis framework

We split the changes in ice retreat (1dr) and advance (1da)
dates in response to a radiative forcing perturbation into ref-
erence and feedback contributions (Goosse et al., 2018):
⇢

1dr = 1dref
r � �w1da,

1da = 1dref
a � �s1dr.

(A4)

The reference response in ice retreat date to the perturba-
tion (1dref

r ) is defined using a virtual reference system in
which winter feedbacks (from da onto dr) would not oper-
ate. The feedback response (1dfb

r ) is the total minus the ref-
erence response and is assumed proportional to the change
in ice advance date (1da). Equivalently it is the part of the
total change in dr that can solely be linked to changes in
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Figure A2. Thermodynamic response of sea ice seasonality to
warming in the 1-D model. (a) Evolution over the years of the an-
nual contributors to changes in ice retreat and advance date, as simu-
lated by the 1-D model. The yellow line gives the total response 1dr
(resp. 1da) as diagnosed from model output. The blue curve gives
the reference response 1dref

r (resp. 1dref
a ) to the radiative forcing

perturbation as calculated with Eq. (A11) (resp. A16). The red curve
gives the feedback response 1dfb

r (resp. 1dfb
a ), attributed to the

feedback from da (resp. dr), calculated with Eqs. (A9) and (A10)
(resp. A13 and A15). The black dashed line testifies that the sum of
reference and feedback responses matches the total. (b) Evolution
over the years of the simulated freeze-up amplification ratio in the
1-D model. The yellow curve gives the freeze-up amplification R,
calculated as the ratio of the total response in da (1da) divided by
the total response in dr (1dr), as diagnosed from the 1-D model.
The blue curve gives the contribution of the reference response to
the freeze-up amplification ratio (1dref

a /1dr). The red curve gives
the contribution of the summer feedbacks (1dref

a /1dr = �s). The
black dashed line testifies that the sum of reference and feedback
contributions matches the total.

da in the previous autumn. The feedback factor �w quan-
tifies the strength of this link. The sign convention is such
that concomitant later advance (1da > 0) and earlier retreat
(1dr > 0) give a positive feedback factor. The definitions for
the feedback and reference response terms in ice advance
date are similar. The only difference is that the summer feed-
back factor �s quantifies the link between earlier retreat and
later advance in the same year.

A2 Winter response

To formulate what determines the changes in ice retreat date,
we focus on the ice season (Fig. A1) and use the maximum
ice thickness to connect da to dr. The ice thickness increases
from zero on d = da until a maximum hmax reached when

d = dh. Stefan’s law of ice growth (Stefan, 1981) gives

hmax ⇡
s

�2khTsui
⇢L

· (dh � da), (A5)

where hTsui is the surface temperature averaged over [da,dh],
i.e. over the ice growth period. Stefan’s law is not exact but
precise enough, reproducing the simulated annual values of
hmax within 2 ± 2 % of the 1-D model simulation over the
197 years of seasonal ice. The other advantage of Stefan’s ice
thickness is to be differentiable. Defining v = k/

�
⇢Lhmax�,

the change in ice thickness due to the radiative forcing per-
turbation is, after linearisation,

1hmax = v · hTsui ·

1da � 1dh + (da � dh)

1hTsui
hTsui

�
. (A6)

Now, to connect the maximum ice thickness to the ice retreat
date, we consider the melt season. The ice melts from hmax

on d = dh until ice thickness vanishes on d = dr. Hence

hmax = hmi · (dr � dh) , (A7)

where hmi is the average melt rate, assumed to be negative.
We now combine growth and melt seasons and eliminate

hmax. Differentiating (Eq. A7), then injecting 1hmax from
(Eq. A6) and dividing by hmi, we get

1hmi
hmi · (dr � dh) + 1dr � 1dh = v · hTsui

hmi ·

1da � 1dh + (da � dh)

1hTsui
hTsui

�
. (A8)

Using Stefan’s law (Eq. A5) to replace hmax in the definition
of v, the first factor on the right-hand side of Eq. (A8) can be
rewritten as

v · hTsui
hmi = �1

2
.

✓
dr � dh

dh � da

◆
⌘ ��w. (A9)

Substituting Eq. (A9) into (A8) and rearranging terms gives
the desired decomposition between reference and feedback
responses:

1dr = 1dref
r � �w1da, (A10)

where the reference response gathers all terms independent
of 1da:

1dref
r = (1 � �w)1dh + (dr � dh) .

✓
1hTsui
2hTsui

� 1hmi
hmi

◆
. (A11)

The terms on the right-hand side reflect the contributions of
(i) changes in the date of maximum thickness, (ii) changes
in surface temperature and (iii) changes in surface melt rate.
The feedback term in (Eq. A10) isolates the contribution of
changes in ice advance date and �w now clearly appears as a
feedback factor. To compute the forced and feedback terms
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from model output, the annual time series of hTsui, hmi and
dh were extracted from model outputs.

The proposed decomposition (Eq. A10) is supported by
analysis: the sum of calculated reference and feedback re-
sponses (black dashed line in Fig. A2a) matches the total
change in ice retreat date as diagnosed from model output
(yellow line in Fig. A2a).

A3 Summer forced and feedback responses

The link between ice advance date and the previous ice re-
treat date stems from the conservation of energy in the ice-
free upper ocean. Once ice disappears on d = dr, the upper
ocean takes up energy (see Fig. A1). The surface ocean tem-
perature Tw increases from the freezing point until a maxi-
mum, reached on d = dT. Then the upper ocean starts losing
energy and Tw decreases, reaching the freezing point at the
date of ice advance da. Over this temperature path, the energy
gain from da to dT must equal the energy loss from dT to da:

hQ+i(dT � dr) = �hQ�i(da � dT) , (A12)

where hQ+i is the average net heat flux from the atmosphere
to the upper ocean over [dr,dT] and hQ�i is the average net
heat flux over [dmax,da]. Defining

�s = �hQ+i
hQ�i (A13)

and rearranging terms in (Eq. A12), we relate da to dr via
surface energy fluxes:

da = ��sdr + dT (1 + �s) . (A14)

By differentiating this expression, we get the sought decom-
position between reference and feedback responses:

1da = 1dref
a � �s1dr. (A15)

The reference response groups all terms independent of 1dr:

1dref
r = �dr1�s + 1dT + 1(�sdT) . (A16)

The terms on the right-hand side reflect the contributions of
(i) changes in energy fluxes, (ii) change in the date of max-
imum water temperature and (iii) non-linearities between
both. The feedback term in Eq. (A15) isolates the contribu-
tion of changes in ice retreat date and �s clearly now appears
as a feedback factor. To compute the reference and feedback
terms from the 1-D model output, the annual time series of
hQ+i, hQ�i and dT were extracted.

Analysis supports the proposed decomposition: the sum of
calculated feedback and reference responses (black dashed
curve in Fig. A2a) is equal to the total response diagnosed
from model outputs (yellow curve in Fig. A2a).

A4 Analysis

Forced and feedback responses clarify the drivers of the shift
into autumn that characterises the thermodynamic response
of ice seasonality to the perturbation of the radiative forc-
ing. The response of the system is dominated by changes in
ice advance date, which are by far dominated by the feed-
back response (0.8 d yr�1), much larger than the reference
response (0.1 d yr�1; see Fig. A2a). The summer feedback
factor �s, equal on average to 1.63, largely amplifies changes
in retreat date. The positive sign of �s indicates that earlier
retreat implies later advance. Why �s > 1 is because posi-
tive heat fluxes into the ocean hQ+i are typically larger than
the heat losses hQ�i that follow the ocean temperature max-
imum. Hence it takes more time for the surface ocean to re-
lease the extra energy than it takes to absorb it.

The response of ice retreat date, following winter pro-
cesses, is characterised by roughly equal contributions of ref-
erence (�0.2 d yr�1) and feedback (�0.3 d yr�1) responses.
The feedback factor �w is equal to 0.31 on average; hence
changes in da imply changes in dr of smaller magnitude. The
positive sign means that later advance implies earlier retreat.
Why �w < 1 is because of two robust features of the ice sea-
sonal cycle that dampen the impact of changes in da on dr.
First the melt season is shorter than the growth season; hence
changes in ice advance date translate into weaker changes
in ice retreat date. Second, the ice growth rate is larger for
thin than for thick ice; hence the maximum winter ice thick-
ness does not decrease due to later advance as much as if the
growth rate were constant. (The 1/h dependence in growth
rate explains the extra 0.5 factor in �w.)

Now considering the ice advance vs. retreat amplification
coefficient, it can be expressed as a function of feedback and
reference responses:

R ⌘ �1da

1dr
= �s + 1dref

a
1dr

. (A17)

R and its two contributors are depicted in Fig. A2b. Summer
feedbacks largely dominate R, such that R ⇡ �s is a reason-
able approximation.

Let us finally note that both feedback factors are deter-
mined by fundamental physical features of ice–ocean inter-
actions, likely going beyond climate uncertainties. The win-
ter feedback is determined by the shape of the seasonal cy-
cle and the non-linear dependence of ice growth rate, which
are likely invariant across models. As for the summer feed-
back, the scaling detailed in Appendix B indicates that the
related feedback factor is constrained by celestial mechan-
ics, ubiquitous clouds and near-freezing temperatures. This
likely contributes to the low level of uncertainty in R among
the different climate models.
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Appendix B: Scaling of the ice-free ocean energy budget

The 1-D model results show a direct link between, on the one
hand, the ratio of long-term trends in ice advance and retreat
date (Rlong

a/r ) and the energetics of the ice-free ocean on the
other hand:

R
long
a/r ⇡ �s = �hQ+i/hQ�i, (B1)

where hQ+i and hQ�i are the average net positive (neg-
ative) atmosphere-to-ocean heat fluxes during the ice free-
period. CMIP5 and 1-D model results suggest that over long
timescales, this ratio is stable and does not vary much among
models, with values ranging from 1.5 to 2. Why this ratio
would have so little variability is because celestial mechan-
ics, ubiquitous clouds and near-freezing temperatures pro-
vide strong constraints on the radiation balance, which dom-
inates the surface energy budget.

Assuming that non-solar components cancel each other,
the mean heat gain is mostly solar:

hQ+i = hQsol (1 � ↵w)
⇥
1 � exp(�hw)

⇤
iearly ice-free season, (B2)

where the mean is taken over the first part of the ice-free pe-
riod, typically covering July or June. Of remarkable impor-
tance is that the magnitude of clear-sky solar flux above the
Arctic Circle deviates by less than 20 W m�2, both in space
and time, around the summer solstice (see, e.g. Peixoto and
Oort, 1992). Assuming summer cloud skies would remain
the norm, we take 150 W m�2 as representative for hQ+i.

The mean heat loss is mostly non-solar:

hQ�i = hQlw � ✏�T 4
w + Qsh + Qlhilate ice-free season, (B3)

and corresponds to the second part of the ice-free period,
typically covering August to October. Downwelling long-
wave radiation flux Qlw corresponds to cloud skies at near-
freezing temperatures, for which 250 W m�2 seems reason-
able (Persson et al., 2002). The thermal emission would be
that of the ocean, a nearly ideal black body, at near-freezing
temperatures, and should not depart much from 300 W m�2.
The sensible (Qsh) and latent (Qlh) heat fluxes are relatively
more uncertain. In current ice-covered conditions, turbulent
fluxes imply a net average heat loss, typically smaller than
10 W m�2 (Persson et al., 2002). Over an ice-free ocean,
however, turbulent heat losses would obviously increase, in
particular through the latent heat flux, but also become more
variable at synoptic timescales. Assuming that turbulent heat
fluxes would in the future Arctic compare to what they are to-
day in ice-free ocean regions of the North Pacific, we argue
that they would correspond to a 25 W m�2 heat loss, defi-
nitely not exceeding 100 W m�2 (Yu et al., 2008).

Taken together, these elements give an estimated R value
ranging from 1 to 2, for which uncertainties on the domi-
nant radiation terms of the energy budget are small and inter-
model differences in turbulent heat fluxes would be decisive
in determining the actual value of the ratio.
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Chapitre 2                                                                                      

Contraindre le transfert radiatif dans NEMO à partir 

d’observations dans la banquise saisonnière arctique 

© K. Meiner 
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Les projections des modèles du système Terre sur le futur de la production primaire en Arctique 

comportent de larges incertitudes. Une des principales sources d’incertitude est la transmission 

du rayonnement solaire à l’océan au travers des zones de glace de mer. Celle-ci n’est pas bien 

contrainte en raison d’un manque d’observation et d’analyses. 

Dans ce chapitre, j’évalue la version originale ainsi qu’une version modifiée du schéma de 

transfert radiatif dans le modèle de glace-océan NEMO. Pour cela j’utilise les récentes mesures 

de lumière au-dessus et sous la banquise saisonnière arctique, réalisées en baie de Baffin, au 

Svalbard et sur l’ile d’Hokkaido, dans le cadre des programmes Green Edge, Optimism et 

SLOPE (auquel j’ai participé dans le cadre de cette thèse). 

Le schéma de transfert radiatif NEMO est basé sur une loi de Beer-Lambert en deux couches 

dans la neige et dans la glace de mer. Il est aussi basé sur un fractionnement de la lumière en 

différentes bandes de longueurs d’onde (3 bandes pour le spectre visible + 1 pour le spectre non 

visible).  

Deux diagnostics sont évalués dans ce chapitre : la transmittance dans le système neige-

banquise et le fractionnement du rayonnement transmis en 3+1 bande spectrale. 

Concernant l’étude des transmittances, je montre que la version originale du schéma de transfert 

radiatif de NEMO, qui exclut la transmission de la lumière au travers de la neige, doit être 

rejetée. Je suggère aussi que considérer l’effet des mares de fonte dans le calcul de transmittance 

serait grandement bénéfique à la simulation du rayonnement transmis dans les zones de 

banquise. Cependant, des erreurs dans le calcul de la transmittance restent non résolues, je 

suggère l’effet non résolu de la microstructure de la neige comme potentielle source à ces 

erreurs.   

Enfin, je montre dans ce chapitre que la distribution spectrale de la lumière est influencée par 

la neige, la banquise et les algues de glace, je suggère ainsi des changements dans les valeurs 

décrivant le fractionnement spectral du rayonnement dans les régions englacées dans NEMO. 
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Abstract  

 

Future Arctic Ocean primary production, as projected from Earth System Models, is largely 

uncertain. One of the main uncertainty sources relates to light transmission in ice-covered 

waters, not well constrained due to a lack of observations and understanding. 

Here we use observations from the Arctic seasonal ice zone to evaluate the radiative transfer 

scheme of NEMO, the ice-ocean component of several state-of-the-art Earth System Models. 

An observational database was assembled, with concomitant measurements of the light field 

above and under sea ice, and snow and ice characteristics. Observations were collected from 

Baffin Bay, Svalbard coastal fjords and an Okhotsk Sea inlet, in the framework of the 

GreenEdge, OPTIMISM and SLOPE programs. 

The NEMO radiative transfer scheme is based on (i) a well-tested system of empirical 

expressions for the dependence of the surface albedo on environmental characteristics ; (ii) 

Beer-Lambert law for attenuation within snow and ice and (iii) prescribed energy fractionation 

at the uppermost ocean surface, into 3 visible and 1 non-visible spectral bands. The original 

version of the scheme precludes light transmission in presence of snow, hindering the onset of 

planktonic activity in spring. The scheme was therefore expanded to enable light transmission 

through snow. 

We then compare observations and the modified NEMO radiative transfer scheme on two 

diagnostics : the transmittance of the snow-ice system, and the 3+1 under-ice spectral energy 

fractions. We first show that attenuation and surface transmission coefficients can be adjusted 

to obtain broad consistency between model and observational transmittance calculations. We 

also suggest that considering the effect of melt ponds is beneficial to transmittance calculations. 

However, large-point-to-point transmittance inconsistencies remain. Unresolved effects of 

snow microstructure appear as the most likely explanation. 



  

 89 

Second, we analyse how the observed light energy within the model spectral fractions evolves 

with snow depth, ice thickness and Chl-a content in sea ice. We suggest significant deviations 

from the reference values. Our results point to easy improvements to the representation of light 

transmission in ice-covered waters. This may prove applicable to the many large-scale ice-

ocean models based on similar principles. And this may ultimately reduce uncertainties on the 

drivers of planktonic activity in ice-covered waters as simulated by Earth System Models. 

  



  

 90 

Introduction  

 

Sea ice plays an important role in phytoplankton activity in ice-covered waters. The reason why 

is that available light for photosynthesis is largely affected by sea ice (Arrigo & van Dijken, 

2011; Assmy et al., 2017; Nicolaus et al., 2010; Wassmann & Reigstad, 2011). Arctic sea ice 

cover has decreased over the last four decades (Cavalieri & Parkinson, 2012; Kwok & 

Rothrock, 2009; Lindsay & Schweiger, 2015; Maslanik et al., 2011; Renner et al., 2014), and 

this retreat is projected to continue into this century, according to Earth System (Massonnet et 

al., 2012; Stroeve et al., 2012). 

Less sea ice increases light availability and photosynthesis, provided sufficient nutrient supply 

(Horvat et al., 2017; Pistone et al., 2014; Popova et al., 2012; Vancoppenolle et al., 2013). This 

has possibly large implications on the carbon cycle and upper trophic levels (Parmentier et al., 

2013; Post et al., 2013). Yet, large uncertainties remain in the projections of Arctic 

phytoplankton activity, attributed to inconsistent simulations of light and nutrients (Popova et 

al., 2012; Vancoppenolle et al., 2013). Both aspects are characterised by specific issues. Here, 

we focus on how models represent the under-ice light climate, which has not thoroughly been 

evaluated.  

The under-ice light climate depends on how much the incoming light attenuates due to 

absorption and scattering within snow, meltwater, and ice (Perovich, 1996). Light absorption 

and scattering ultimately depend on microstructure, in particular grain shape, size and 

orientation within snow, as well as brine inclusions and gas bubbles in sea ice. Because of 

changes in sea ice scape at low scales (<1 m), under-ice light intensity can vary over up to two 

orders of magnitude (Katlein et al., 2019). Under ice radiative transfer is also wavelength-

dependent (Perovich, 1996). 
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In Earth System Models, the under-ice light climate depends on the model radiative transfer 

formulations, within sea ice and ocean. For sea ice, two approaches are currently used. The first 

is based on a direct specification of apparent optical properties, namely empirical albedo fits 

(e.g., Pedersen et al., 2009; Shine & Henderson-Sellers, 1985) and attenuation coefficients 

within snow and ice, used in the context of the Beer-Lambert law (Grenfell & Maykut, 1977; 

Maykut & Untersteiner, 1971). This approach is used for instance in the LIM3 sea ice model 

(Vancoppenolle et al., 2009) and within MPI-ESM (Notz et al., 2013).The second approach is 

based on inherent optical properties (scattering, absorption and asymmetry coefficients), used 

in the framework of the Delta-Eddington approximation, and dependent on a prescribed 

microstructure (Briegleb & Light, 2007; Saenz & Arrigo, 2012). This approach is used in the 

CICE sea ice model (Hunke et al., 2019). Both schemes suffer from limited observations to 

constrain model coefficients and from the fact that neither the full 3D distribution of snow, ice 

and meltwater nor microstructure changes (brine excepted) are represented.  

The simulated under-ice light climate also depends on assumptions made in the ocean 

component, which are rarely detailed in models’ documentation. Light is typically spectrally 

distributed because of largely different penetration lengths over the optical spectrum. For 

instance, in NEMO, the available light at the ocean surface is split into 2 to 4 wavebands 

following the approach of Morel (1988) simplified by Lengaigne et al. (2007). Yet this totally 

ampirical formulation has been developed for ice-free waters at low latitude and never been 

evaluated in ice-covered regions. 

Under-ice light and ancillary observations from recent field programs in the Arctic seasonal ice 

zone, such as GreenEdge (Baffin Bay 2015-2016; Randelhoff et al., 2019; Oziel et al., 2019), 

OPTIMISM (Svalbard Archipelago, 2015-2018) and SLOPE (Saroma-ko Lagoon, Hokkaido, 

Japan, February 2019, Nomura et al., 2019; See Annexes) provide tests for the representation 

of radiative transfer in ice-covered seas. In this study, we use these observations to evaluate and 
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adjust the radiative transfer scheme of NEMO, the ice-ocean component of several state-of-the-

art Earth System Models. 

We first evaluated different ice-snow transmittances considering various approaches :(i) the 

reference NEMO parameterisation providing transmitted light under snow-covered ice; (ii) an 

improved parameterisation considering transmission of light in both bare ice and snow-covered 

ice following the Beer-Lambert law; (iii) and three approaches based on the improved 

parameterisation, which evaluated the influence of melt ponds, ice algae or the small-scale 

variation of snow depth on the transmittance.  

We then analyse how ice, snow and ice algae influence the spectral wavebands define in 

NEMO. From this analysis, we suggest a spectral distribution of under-ice/snow light which is 

closer to the observations.  

 

1. Data and methods  

We evaluate the radiative transfer scheme from the NEMO ice-ocean model using in situ light 

measurements above and under Arctic seasonal ice, from Baffin Bay, Svalbard and the 

Hokkaido regions, in the framework of the Green Edge, Optimism and SLOPE programs. 

 

1.1 Representation of radiative transfer in NEMO 

1.1.1 Reference radiative transfer scheme 

The reference (REF) parameterisation of radiative transfer in ice-covered waters in NEMO 

(Madec et al., 2017; Rousset et al., 2015; Vancoppenolle et al. 2009) is based on three basic 

elements : surface albedo, vertical attenuation by snow and ice both integrated in all 

wavelength, and the spectral fractionation of light at the ice-ocean interface. 

The surface albedo α is specified empirically from environmental factors :  
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𝛼 = 𝛼(ℎF, ℎ9, 𝑇9H, 𝑐) , (1) 

based on ideas developed by Shine and Henderson-Sellers (1985) and Fichefet and Morales 

Maqueda (1997). The retained influential factors are hi, the ice thickness ; hs, the snow depth ; 

Tsu, the surface temperature and c, the cloud fraction. Tsu intervenes as a switch from melting to 

freezing conditions ; whereas cloud fraction is included to mimic the spectral change of incident 

light from direct to diffuse conditions. Four parameters must be specified. These correspond to 

asymptotic reference albedo values for thick ice and snow, for wet and dry conditions. The 

parameterisation used is a small revision introduced in NEMOv4. It is designed to suppress rare 

spurious discontinuities in the original parameterisation, and to better match cloud fraction 

dependence with observations. Note that a prescribed correction to the albedo of melting bare 

ice is applied by default to account for the presence of melt ponds — we ignore the latter, here. 

Attenuation within the snow-ice system assumes two layers. The uppermost layer is a thin, 

highly scattering surface layer (SSL, depth ℎ.=10 cm), and the lower one, much thicker has a 

much weaker impact. Formally, the irradiance I at depth z within the snow-ice system is : 

𝐼(𝑧) = 𝑖.I(0)𝑒𝑥𝑝[−𝜅(𝑧 − ℎ.)], (2) 

Where 𝐼(0) = 	𝐹9:< 	(1 − 	𝛼) ; with 𝐹9:< , the incident downwelling irradiance at the ice surface 

(W.m-2). Two parameters are to be specified : 𝑖., the surface transmission parameter, describing 

the transmission of light through the SSL (of thickness ℎ. ) and 𝜅, the attenuation coefficient 

(m-1) in the ice interior. Light absorbed in the SSL is converted into sensible heat and directly 

contributes to the surface energy budget, whereas light absorbed in the deeper layer contributes 

to warm sea ice internally. In the REF parameterisation snow is assumed fully opaque (𝑖.= 0 

when ℎ9 > 0), for simplicity. This assumption is unrealistic to some degree, depending on the 

context. It could, in particular, be problematic to capture the onset of phytoplankton activity in 

early spring. It will be, consequently revised in the context of this paper (see below). 



  

 94 

A last aspect to mention is the spectral partitioning of downwelling irradiance at the ice-ocean 

interface. In the ocean component of NEMO, irradiance is spectrally resolved. This is because 

of the wavelength dependence of the attenuation in water (Morel, 1988) .Red and green light 

attenuate more rapidly than blue light in seawater, which affects the vertical distribution of 

heating rate and of photosynthesis. At the ocean surface, the energetic fraction of near-surface 

irradiance within each waveband is specified. The choice of wavelength bands is application-

dependent. The most common decomposition, retained here, uses 3 visible + 1 non-visible 

bands (Lengaigne et al., 2007), designed to emulate the spectral distribution of light penetration 

following the 61 wavebands formulation of  Morel (1988). A prescribed 58% of the net 

radiation is assumed to lie in the non-visible (mostly infrared) band and is assumed to rapidly 

attenuate in the upper few tens of centimetres of seawater. The remainder of the energy (42%) 

is equally distributed into the three visible wavebands (blue, 400-500 nm; green, 500-600 nm; 

red, 600-700 nm). This partitioning is deemed reasonable for ice-free ocean conditions. In the 

absence of information, such partitioning is currently also applied in ice-covered waters. 

However, common sense suggests this to be somehow wrong, in particular to assume a large 

fraction of non-visible light below sea ice. We will explore which adjustments in the fractions 

should be applied for ice-covered waters based on the analysis developed in this paper (see 

below).  

Model grid cells also include open-water and multiple ice thickness categories. These aspects 

are not considered here and treated more extensively in the next chapter. In the present chapter, 

we assume that observations are purely 1D, i.e., that they represent an infinitely wide region 

covered by sea ice of uniform snow depth and ice thickness. In the model world, this would 

correspond to a grid cell with a single ice thickness category with 100% ice concentration. 
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1.1.2 Applied modifications to the reference radiative transfer scheme 

The REF scheme quickly showed obvious limits, questioning its validity. Hence, a series of 

modifications were applied, which we now describe. 

The first series of modifications (IMP) aims to improve the simple referenced parameterisation 

and to enabling light transmission through snow. To do so, we assume that a 2-level Beer-

Lambert formulation holds in the snow as it does in the sea ice, with specific parameter values. 

Whereas Beer-Lambert law is considered invalid within snow because of high scattering, using 

it has the advantage of simplicity. We retain 3 cm for the surface scattering layer thickness (ho), 

0.3 for the surface transmission parameter (io) and 10 (7) m-1 for the attenuation coefficient in 

snow for dry (and wet) conditions (see Table 1). These values were chosen based on the few 

available observations of light transmission through snow (Järvinen & Leppäranta, 2011; Light 

et al., 2008; Perovich, 1996). To simplify calculation, we also change the reference io in the ice 

and set it also to 0.3. Analysis suggests possibly large variations in these parameters. Hence the 

values that we use are to be considered with caution and seen as rough observation-based 

guesses.  

 
  REF IMP 
 hs > 0 hs = 0 hs > 0 hs = 0 
      dry snow wet snow   

i0 n.a 0.38a 0.3 0.3 0.3c 
h0 n.a 10b 3b 3b 10b 
ks n.a n.a 10d 7d n.a 
ki n.a 1b 1b 1b 1b 

Table 1: Values of each Beer Lambert law diagnostics for both parametrization (REF and IMP). n.a 
means “not applicable”. a calculated from the Grenfell and Maykut (1977) formula: 𝑖< = 0.18	(1 − 𝑐) +
0.35 (using c = 0.8 for nebulosity); b Light et al. (2008); c Bitz-Liscomb (1999); d adjustment from 
LIM1D parametrization (mean of coefficients from Järvinen et Leppäranta (2011)). 
 
 
Based on the IMP parameterisation, we also integrate other modifications to evaluate the effect 

of (i) melt ponds (Mpnd); (ii) ice algae (Malg) and (iii) the small-scale variation in snow depth 

(Msn-dis) on the transmitted light field.  
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Considering the Mpnd modifications, we assume that transmitted irradiance in sea ice is an 

average of bare ice (𝐼F&/) and ponded ice (𝐼$X) contributions, weighted by the ponds fraction. 

The datasets we utilised (see Section 1.2) have no quantitative melt ponds observations, yet 

daily pictures of the ice surface were taken, from which the presence of melt ponds can be 

detected (Oziel et al., 2019). Hence, to specify the pond fraction, we assume a linear increase 

from 5%, at the melt ponds onset date, to 25%, at the end of the observational period, in line of 

what is classically seen in the Arctic (Perovich et al., 2002). To estimate the irradiance through 

ponded ice (𝐼$X), we use the same formula as for bare ice, but with an albedo of 0.27, 

representative of ponded ice (Lecomte et al., 2015), and the same surface transmission 

parameter as in surface seawater (0.58 ;  Morel,1988). 

The Malg modifications aims at considering ice algae, virtually always present near the ice base 

in various amounts. To incorporate their effect on transmitted irradiance, we assume a constant 

ice algal chlorophyll-a in the lowermost 10 cm (coming from observations), and that this 

changes the attenuation coefficient in the lowermost 10 cm following Arrigo et al. (1993) and 

Vancoppenolle and Tedesco (2017) : 

 

𝜅 = 𝜅F + 𝑎∗. 𝐶ℎ𝑙𝑎. (1 + 𝑓4/#), (3) 

where a* is the spectral absorption of chlorophyll in m-1 per mg Chl-a per litre, fdet = 0.2 is the 

specified fraction of optically active detrital matter. We consider two observation-based 𝑎∗ 

values at the extreme ends of the uncertainty range. The first value (0.008) comes from 

Antarctic sea ice algae (Arrigo et al., 1991), the other (0.035) comes from Arctic ice algae 

(Smith et al., 1988). 

Considering the Msn-dis modifications, we express light transmission in snow-covered ice as the 

integral contribution of the different snow depths, expressed using a snow depth distribution 

g(hs) (Abraham et al., 2015) : 
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𝐼(𝑧) 	= 𝐹9:𝑒𝑥𝑝(−𝜅FℎF). ∫ 𝑔(ℎ9). 𝑖.[1 − 𝛼(ℎ9)]. 𝑒𝑥𝑝(−𝜅9ℎ9). 𝑑ℎ9
a
< . (4) 

We assume a uniform snow distribution, between 0 and twice the mean snow depth, which does 

not greatly affect calculations as compared with more sophisticated functional forms. 

 

1.2 Observations 

1.2.1 Sampling sites 

To evaluate how the under-ice light field is represented in the model, we use concomitant 

observations of the sea ice environment (snow and ice thickness), Chl-a in sea ice, and above 

and under-ice light fields, from three regions of the Northern Hemisphere seasonal sea ice zone 

(Fig. 1a.).  

The Baffin Bay (Fig. 1b) activities took place in 2015 & 2016 under the auspices of the Green 

Edge project. Two land-fast sea ice camps were set from April to July 2015/2016 near 

Qikiqtarjuaq Island. A cruise onboard the CCGS Amundsen across the pack ice edge occurred 

in June-July 2016 in Baffin Sea. Many other physical and biogeochemical sampling activities 

took place in the framework of Green Edge (Oziel et al., 2019; Randelhoff et al., 2019).  

Two other locations were sampled in the framework of the OPTIMISM-BIO and SLOPE 

projects (Fig. 1c, d). The Svalbard activities took place on land-fast sea ice from two fjords 

(Van Mijen Fjorden and Storfjorden), in April, over 2015-2018. 12 stations were visited, 3 per 

year of sampling. 

Land-fast sea ice from the saltwater Saroma Lake on the Okhotsk Sea coast of Hokkaido 

(Japan) was studied for five days in February 2019 with the same instrument set up as in 

Svalbard.  
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Figure 1: Location of (a) all sampling sites (red stars) on a global map (Baffin Bay ~ 67°N64°W; 
Svalbard 77°N15°E and Saroma Lake 43°N143°E); (b) Baffin Bay featuring the Qikiqtarjuaq land fast 
sea ice (red stars) and the track of the CCGS Amundsen during summer cruise in 2016 (black points); 
(c) Svalbard site (Van Mijen Fjorden and Storfjorden; red stars); (d) Saroma Lake site in Hokkaido. 
Instrument deployed: (e) C-OPS instrument (used during Baffin Bay campaigns); (f) CNR4 radiometer 
and (g) STS-VIS micro spectrometer on the Ice-T fish (used during Svalbard and Saroma campaigns).  
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1.2.2 Snow depth and ice thickness observations 

Snow depth was typically measured using a measuring stick. At the Svalbard and Saroma sites, 

snow depth and ice thickness were measured right at the light measurement site. For Baffin 

Bay, the available snow depth value is an average over several measurements over the ice camp 

or floe. Hence, the snow depth values may not precisely correspond to their actual values at the 

light measurement site. This is particularly likely in 2015 which featured large levels of 

horizontal variability. 

At Svalbard and Saroma stations, the ice cores were extracted close to the light measurement 

site, and as a reference ice thickness value, we take the average core length. In Baffin Bay, ice 

cores were also extracted, but not directly in the vicinity of the light measurement site. This can 

be a small source of error in the model transmittance calculation.  

 

1.2.3 Chl-a from melted ice core sections 

Chl-a content in sea ice was measured by fluorometry using standard protocols (Holm-Hansen 

et al., 1965; Lorenzen, 1967; Yentsch & Menzel, 1963) from melted and filtered ice core 

sections. In Baffin Bay, only the bottom 10 cm were sampled, whereas in Svalbard and Saroma, 

entire cores were sampled. Volumic concentrations (in µg/L) were converted into vertically 

integrated values (in mg/m2) following Meiners et al. (2012). 

 

1.2.4 Optical measurements 

The GreenEdge program based light measurements on C-OPS (Compact Optical Profiling 

System, Biospherical Instruments Inc; Morrow et al., 2010; Fig. 1e) radiometers, composed of 

19 micro-radiometers, each corresponding to a 10-nm-wide band, centred on wavelengths 

ranging from 380 nm to 875 nm. Here we use downwelling spectral irradiance (W/m2/nm) 
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measured above the ice surface (𝐹9:< ) and right under the ice base (𝐹9:#b). A spline interpolation 

was applied, giving spectral irradiance at 1 nm resolution. To retrieve the actual incoming 

radiation, instead of only short wave radiation, we multiplied the above-surface value by 2.1 as 

suggested by Frouin & Pinker (1995). 

The OPTIMISM-BIO program included light measurements based on a Kipp and Zonen CNR4 

pyranometer covering the 300-2800 nm spectrum (Fig .1f), placed about 1.5 m above the ice 

surface, measuring the incoming and reflected solar irradiance (W/m2) and on an Ocean Optics 

STS-VIS micro-spectrometer (Fig. 1g) placed under the ice, onboard the Ice-T fish system 

hanging below the ice at depth up to 5 m, measuring radiance (W/m2/nm). The wavelength 

range covers 350-800 nm, with 1024 channels. As the effective spectrometer resolution is 1 nm, 

a three-channel smoothing filter was applied. Radiances are converted to irradiance assuming 

an elliptical angular distribution of radiance in the water column, following Mobley (2004). We 

retained data for depths above 3 m. 

Both C-OPS radiometer and STS_VIS micro-spectrometers instruments were deployed on the 

same day at slightly different locations and times, but for very similar ice conditions, during the 

2015 Green Edge ice camp (Fig. 2). Both instruments provide consistent results in terms of 

normalised spectra but not in terms of irradiance intensity (more than one order of magnitude 

between both) likely due to STS-processing issues during measurement. However, STS micro-

spectrometers and a hyperspectral radiometer (Trios Ramses ACC UV/VIS) were inter-

compared during Saroma lake campaign and gave consistent downwelling spectral irradiance 

both in terms of shape and intensity (Nomura et al., 2019, see Annexe). For this reason, we are 

confident with both instrument and set of data.  
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Figure 2: Irradiance spectrum from STS-VIS data (grey envelope) and three casts of C-OPS cast (black; 
cyan and red stars) recorded at nearby sites, in Baffin Bay land fast sea ice during the Green Edge ice 
camp 2015 (May 31, 2015). The STS-VIS records were done from 15:00 to 17:30 at 5m depth with an 
ice thickness of 1.22 m and a snow thickness of 0.32 m whereas C-OPS recorded from 17:10 to 18:00 
at few centimetres under the ice with a snow thickness of about 0.27 m and an ice thickness of 1.41 m.  
 

1.3 Observation-model comparison protocol 

To evaluate the model radiative transfer scheme, a first diagnostic we use is transmittance (T), 

the ratio of under-ice to surface irradiance. T has the advantage to integrate the optical effects 

of the whole snow-ice system, including surface albedo and vertical attenuation, independently 

of surface irradiance. Observation-based estimates of T are obtained from the ratio of surface 

to under-ice irradiance, which can be associated with local observations of snow depth (hs) and 

ice thickness (hi). To get corresponding model transmittance values, we must place ourselves 

in the idealised model world, assuming that such observations correspond to what the model 

would see as coming through a single model ice thickness category with 100% ice 

concentration. This is equivalent to assume an infinitely wide region covered by sea ice of 

uniform snow depth and ice thickness. Using the observational values of hs and hi, we can 
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retrieve a model estimate of transmittance by dividing 𝐹9:#b	evaluated at the ice base 

(corresponding to I(z =hi)) by incoming shortwave radiation 𝐹9:< . 

The second series of diagnostics we use to evaluate the model representation of radiative 

transfer are the under-ice spectral irradiance fractions. Observational retrievals of the spectral 

distribution of irradiance were calculated from spectral transmitted shortwave irradiance 

integrated over the four wavebands used in NEMO (RGB and non-visible, i.e., below 400 nm 

and above 700 nm). 

To get the appropriate spectral fractions, individual waveband were divided by visible 

irradiance (for RGB fractions), and by shortwave irradiance (for non-visible fractions). Using 

a incomplete spectrum for the transmitted shortwave radiation in the transmittance calculation 

of the Non-Visible fraction calculation is not an issue because most of the non-visible 

wavelengths are attenuated through the ice (see section 2.3).  

 

2. Results 

2.1- Description of environmental conditions sites  

The data set is mostly representative of northern hemisphere first-year landfast sea ice (see 

Table 2). A small part (<15%) of the data is from first-year pack ice, sampled in the ice edge 

region. Despite a seasonal bias towards spring and early summer, a reasonable range of ice 

thicknesses (0.3 to 1.5 m), snow depths (0 to 0.5 m) and Chl-a content in sea ice (0 to 35 mg/m2) 

is covered.  

Regionally, Baffin Bay dominates the data set, with >95%. Hence, we focus our analysis on 

Baffin Bay. Svalbard and Saroma lake put the former in a larger context.  
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 Table 2:  M
ean ± standard deviation of ice thickness, snow

 thickness (m
ean ± standard deviation) and ice chlorophyll a concentration (Q

uartile [25%
 -75%

]) 
and blue, green, red and non-visible (N

R
G

B
) fraction for all sam

pling sites: Q
ikiqtarjuaq 2015, 2016, B

affin Sea stations (ice stations only), Svalbard sites 
(Storfjorden and V

an M
ijen Fjorden) and during Sarom

a cam
paign. 

     
 

location 
Y

ears 
N

b of 
stations 

hi (m
) 

hs (m
) 
Chl-a (m

g/m
2) 

[Q
25-Q

75] 
Blue (%

) 
G

reen (%
) 

R
ed (%

) 
N

R
G

B  (%
) 

Q
ikiqtarjuaq  

2015 
153 

1.21 ± 0.07 
0.20 ± 0.11 

[9.04 - 22.21] 
45 ± 10 

46 ± 6 
8 ± 6 

4 ± 2 

2016 
71 

1.28 ± 0.11 
0.19 ± 0.14 

[1.12 - 5.38] 
43 ± 4 

45 ± 3 
12 ± 4 

4 ± 1 

B
affin Sea 

2017 
34 

0.72 ± 0.18 
0.02 ± 0.04 

0 
41 ± 4 

40 ± 4 
18 ± 4 

16 ± 2 

Storfjorden 
2015 - 2018 

5 
0.53 ± 0.15 

0.19 ± 0.11 
[0.27-0.79] 

37 ± 8 
43± 5 

20 ± 3 
5 ± 1 

  
V

an M
ijen 

Fjorden 
7 

0.57 ± 0.15 
0.14 ± 0.10 

[0.63 - 6.25] 
43± 4 

40 ± 2 
17 ± 2 

6 ± 1 

Sarom
a Lake 

2019 
5 

0.49 ± 0.03 
0.07 ± 0.01 

[21.30-25.61] 
16 ± 1 

55 ± 1 
29 ± 1 

2 ± 0.3 
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Figure 3 (a-c) presents time series of ice thickness, snow depth and Chl-a content in sea ice 

from the entire Green Edge program, including the Qiqitarjuak landfast ice site and the 

Amundsen cruise data from Baffin Bay. These are put in the context of melt onset and 

appearance of melt ponds, which were diagnosed from near-surface air temperature data and 

pictures of the site (Oziel et al., 2019). Melt onset was assumed to occur when surface 

temperature becomes positive for more than five hours in a day, giving May 26 in 2015 ; and 

May 20 in 2016). The appearance of melt ponds was on June 22 in 2015 and June 15 in 2016. 

In both 2015 and 2016, snow depth starts decreasing right after melt onset, whereas ice 

thickness starts effectively decreasing after the melt ponding onset. Finally, ice Chl-a content 

seems to also depend on melt onset. In 2015, it rapidly increases before the melt onset, then 

decreases to value less than 0.5 mg/m2. In 2016, the ice Chl-a content is very weak and we 

cannot see any variation during the season.  

Evolution of each diagnostic stays rather similar between both sites and both years but values 

of each diagnostic largely differs from a site to another (table 2). Ice thickness is similar between 

both ice camp years (~ 120 ± 10 cm) while summer cruise 2016 ice layer is more than half as 

thin (~70 ± 20 cm). The ice thickness decrease is also larger in cruise 2016 data than in 

Qikiqtarjuaq data. This can be attributed to less snow during Amundsen cruise (2 ± 4 cm) than 

in ice camp data (~20 ± 10 cm for both sites) which allowed more efficient ice melting. It can 

also be due to an open-water fraction larger during cruise 2016 than during ice camp, or because 

of different effects of stratification between both sites. 
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Fig 3: Tim
e series of a) ice thickness; b) snow

 thickness; c) ice C
hl-a content; and d) transm

ittance for all B
affin B

ay sam
pling sites: ice cam

p 2015 (blue); ice 
cam

p 2016 (red) and for cruise 2016 (green). V
ertical line refers to m

elt onset (solid) and appearance of m
elt pond (dash).
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Finally, Chl-a content in sea ice is also different between each data set. While the average ice 

Chl-a content in sea ice is low in ice camp 2016 (3.2 ± 2.4 mg/m2) and even almost null in 

cruise data (0.03 ± 0.1 mg/m2), it is five times larger in ice camp 2015 (14.9 ± 8.8 mg/m2) than 

in land fast ice camp 2016. 

Svalbard and Saroma lake data conditions (Table. 2) differ from Baffin Bay. Average ice 

thickness is nearly similar between Saroma and both Svalbard sites (~50-60 ± 3-10cm) and it 

is half as high in Qikiqtarjuaq ice camp data. Svalbard average snow depth (~15-20 ± 10 cm) 

is close to Qikiqtarjuaq ice camp, while Saroma snow layer is very thin (~ 10 ± 2 cm). Average 

Chl-a content in sea ice is low during Svalbard campaign with rather less Chl-a in Storfjorden 

(~0.6 ± 0.5 mg/m2) than in Van Mijen Fjorden ice (3.2 ± 3.6 mg/m2). Finally, Saroma average 

ice Chl-a is high (23.2 ± 3.2 mg/m2) with value close to Qikiqtarjuaq ice camp 2015 maximum 

(~25 mg/m2). 

 

2.2- Under-ice transmittance 

Figure 3d shows evolution of observed transmittances at Baffin Bay sites. Observed 

transmittance increases during the sampling period from ~0.02% initially, to ~26% at the end 

of the sampling period. This increase is mostly influenced by both snow depth and Chl-a content 

in sea ice evolution (significant correlation : R~ -0.6 between transmittance and snow depth and 

R~ -0.4 between transmittance Chl-a content). The transmittance begins to increase after melt 

onset when both snow depth and Chl-a content in sea ice begin to decrease as it is shown by 

Perovich et al. (1993). The evolution of the transmittance is then influenced by ice thickness 

(significant correlation: R~ -0.5 for bare ice only) and by melt ponds (Frey et al., 2011; Nicolaus 

et al., 2012). The transmittance continues to increase after the appearance of melt ponds, when 

there is no more Chl-a in the ice and when snow is very thin or entirely melted.  
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The Qikiqtarjuaq 2015 average transmittance (0.5 ± 1.5%) is four times lower than for 

Qikiqtarjuaq 2016 (2 ± 3%) while the Amundsen cruise average transmittance (10 ± 5%) is five 

times larger than for Qikiqtarjuaq 2016. Since both Qikiqtarjuaq ice camp years have similar 

ice and snow depth, their differences may be attributed to larger Chl-a content in sea ice in 

2015. Snow distribution could also explain these differences as 2015 snow featured larger levels 

of horizontal variability than in 2016. Differences between Amundsen cruise and Qikiqtarjuaq 

site could be easily explained by the thinner snow during the Baffin sea pack-ice cruise. 

Transmittances in 2016 (Qikiqtarjuaq and Amundsen cruise) are also more variable than in 

2015. The Qikiqtarjuaq 2015 campaign ended two weeks earlier than in 2016. We attribute the 

difference in transmittance variability to thinner snow, and thus to a larger transmittance during 

the summer 2016 cruise and at the end of the Qikiqtarjuaq ice camp 2016 season than at the end 

of the Qikiqtarjuaq ice camp 2015.  

To sum up, the transmittance seasonal increase seems to depend on snow depth, ice thickness 

for bare ice, ice Chl-a content, melt ponds and snow horizontal distribution. We need to 

consider all these parameters to have the best representation of the transmitted shortwave 

radiation under the ice in sea ice models.  

REF parameterisation assumes 0 for transmittance under snow-covered ice yet observed 

transmittance is never null even under snow (Fig. 3). REF parameterisation also overestimates 

Amundsen cruise transmittance under bare ice with a bias of about 4 ± 5% for an average 

observed transmittance, 𝑇c.d9, of about 8% (Fig. 4a). The IMP parameterisation better captures 

the seasonal increase in transmittance (Fig. 4b) by considering non-null transmittance under 

snow-covered ice and by changing i0 from ~0.4 to 0.3 (Table. 1). This is true for Baffin Bay 

data but also for Svalbard and Saroma lake data. The bias on all points is four times smaller and 

the dispersion around the bias is twice as small (-0.3 ± 2%) than for IMP parameterisation (-1.2 

± 4%). The IMP parameterisation also considers the influence of snow type by considering an 
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extinction coefficient larger for dry snow (ks =10m-1) than for wet snow (ks = 7 m-1). This leads 

to a transmittance close to the observation in both cases (dry snow bias = 0.1 ± 0.4% wet snow 

bias = -0.9 ± 3%).  

 

 

Figure 4: Model vs observational transmittance for (a) REF; (b) IMP; (c) Mpnd parametrisations. Colours 
refer to the different sites; symbols refer to the different surface types encountered.  
 

Nevertheless, the IMP parameterisation does not consider the other diagnostics which 

seemingly influence the seasonal increase of observed transmittance as melt ponds, ice algae or 

snow distribution.  

The IMP transmittance for points without melt ponds seems better represented (bias~ 0.2 ± 

0.7%) than points with melt ponds (bias ~ -2 ± 4%). This highlights the importance to consider 

melt ponds in the model parameterisation. Figure 5a represents Mpnd parameterisation which 

now considers melt ponds (Eq. 4) in the calculation in comparison with the observed 

transmittance. The transmittance is better represented when melt ponds are considered (bias = 

-0.06 ± 2%) but fraction of melt ponds needs to be well defined in the model to prevent large 

error (if fmp = 100%, bias~ 2.6 ± 5%).   

In contrast, considering Chl-a content in sea ice in the improved parameterisation (Malg) does 

not influence the retrieval transmittances for both a* (Fig. 5b). This is because ice Chl-a content 

is too small for a significant ice algal influence on transmitted radiation (Vancoppenolle & 



  

 109 

Tedesco, 2017). Differences between observed transmittance during Qikiqtarjuaq ice camps 

2015 and 2016 cannot therefore be explained by differences in ice-Chl-a content.  

 

 

Figure 5: Model vs observed transmittance for (left) Mpnd parametrization with different pond fractions 
(ponded ice records are identified from star symbols); (middle) Malg parametrization with two specific 
Chl-a absorption coefficient; and (right) Msn-dis parametrization where the effect of a small-scale snow 
distribution is included (drift ice records are identified with circle symbols). 
 

The other suggested explanation (i.e., the impact of horizontal snow distribution on the 

Qikiqtarjuaq transmittance) also seemingly needs to be rejected. The transmittance considering 

nonconstant snow distribution (Msn-dis) visually improve pack-ice points only. But the number 

of pack-ice stations is too weak to conclude on the impact of snow distribution on transmittance.  

Although transmittances obtained from Mpnd (Fig. 4c) are close to the observation, especially 

at low transmittances, the dispersion of the error remains large and cannot be explained by the 

ice Chl-a content in sea ice or the snow distribution.  

In table 3, we evaluate the impact of à 10% error on each input parameters. Most errors in 

transmittance calculation come from albedo (40% of error when albedo is increased by 10%). 

Snow parameters (extinction coefficient and depth) and surface scattering layer coefficient (i0) 

for bare ice are also large sources of error in the calculation (between 15 and 20% each).  

Finally, ice parameters and i0 in snow-covered ice have less impacts on transmittance (less than 

15% each).  
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In this study we assume that albedo of sea ice have been largely documented (Eicken et al., 

2004; Perovich et al., 2002; Perovich et Polashenski, 2012; Curry et al., 2001) and that the 

albedo parameterisation in LIM is reasonably precise. Therefore, we choose to focus on the 

other input parameters. However, it is important to keep in mind that albedo definition can be 

the major source of error in this parameterisation. Values for snow-covered ice highlight the 

importance to well define the snow extinction coefficient in the parameterisation, and to well 

represent the snow depth in simulations. Because of the major impact of snow in the 

transmittance calculation, we attribute the great dispersion of the error to unresolved effects of 

snow density and microstructure rather than to the effects of ice microstructure which is low 

compared to the effect of ice thickness (Maykut & Grenfell, 1975). 

 

 dry snow melt snow melt pond no snow 

hi (m) 1.2 1.2 1.1 0.8 

hs (m) 0.3 0.2 0.05 0 

h0 3 2 2 8 
i0 10 10 10 18 

a -40 -40 -40 -18 

ks -20 -12 -1 - 
hs -23 -14 -3 - 

ki -11 -12 -10 -0.2 

hi -11 -12 -10 -1 
 
Table 3: Impact of each parameter on retrieved transmittance for different ice/snow conditions (ice and 
snow thickness for each case are given in the table (lines 2 and 3). From line 4 The number represents 
the relative error between the perturbed transmittance (in %) and the reference transmittance (in %). 
Perturbed transmittances are obtained by increasing each selected parameter by 10% individually. 
 

To conclude with transmittance analysis, we suggest a new parameterisation that considers a 

non-null transmittance under snow-covered ice with a distinction between dry and wet snow. 

We also suggest that melt ponds should be considered in the transmittance calculation since it 

improves the representation of the under-ice transmittance in the calculation. More 
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observations, especially in the ice-edge regions, would allow us to refine this parameterisation. 

Finally, although this improved transmittance remains close to the observation, more studies 

about the impacts of snow density and microstructure or organic matter in sea ice is needed to 

reduce errors in simulated under-ice transmittance.  

 

2.3- Spectral repartition of under-ice light  

Once light is transmitted through the snow-ice layer, it is divided into four wavebands in the 

model. This spectral repartition of light impacts both ocean thermodynamics and phytoplankton 

growth. It is consequently crucial to define it properly. Model currently considers that more 

than half of the light transmitted to the ocean is composed of non-visible wavelengths and 

rapidly attenuates in the upper few centimetres of the ocean (see section 1.1.1). The remaining 

half, composed of visible wavelengths, is then equally split into three wavebands (red, green 

and blue). Whereas this assumption is correct in open-water, it is wrongly applied to ice-covered 

water. Indeed, sea ice impacts the spectral repartition of light, for example by strongly 

absorbing the infrared wavelengths. 

Figure 6 represents the normalised spectrum of under-ice transmitted irradiance for each data 

set. Firstly, all spectra present lower irradiance at non-visible wavelengths. This is in 

contradiction with the 58% of non-visible fraction in the model. Secondly, we can distinguish 

two types of spectrum. Baffin Bay and Svalbard spectra have nearly similar shape with a 

maximum between 450 nm 550 nm (blue) and some differences link to site and year 

environmental characteristics. Saroma spectra differ from other sites spectra. It presents two 

peaks near 600 nm and 700 nm (red) and a minimum at 675 nm.  
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Figure 6: Median (solid lines) ± IQR (envelopes) of normalised under ice transmitted irradiance spectra 
average over all records, for each site.  
 

In table 2, the four under ice spectral irradiance fractions is given for each site. Baffin Bay and 

Svalbard fractions are close together with about 40 to 45% of green and blue and between 10 

and 20% of red. NRGB fraction is around 5% for both sites except for the pack ice during 

Amundsen Cruise. Although Saroma NRGB fraction is close to other land-fast sea ice sites 

(~2%), fractions of blue (16%) green (55%) and red (29%) largely differ from other sites.  

For all sites, change in fractions stay rather low (standard deviation of each fraction <= 10%; 

table 2) and seemingly mostly depend on both snow depth and ice Chl-a content considering 

the Qikiqtarjuaq ice-camp sites (Fig. 7; other sites are not considered here because they do not 

have enough stations). Wavelength fractions are not significantly impacted by the ice thickness, 

except for the green and NRGB fractions, but with a very low trend (0.1 %/cm for green and -

0.04 %/cm for NRGB). In contrast blue fractions are significantly impacted by snow depth 
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(0.4%/cm) while green is less impacted (-0.06%/cm). This is consistent with Perovich et al. 

(1993; see Appendix). Considering red fraction, it decreases with snow decrease (- 0.4%/cm) 

which is not consistent with Perovich et al. (1993) 

Since snow depth and Chl-a content in sea ice are linked, all these variations are similar 

considering ice Chl-a variation. Thus, red fraction, which decreases with deeper snow, also 

decreases with Chl-a content in sea ice increase (-0.35%/(mg/m2)). This can be attributed to the 

absorption peak of Chl-a which is in red wavelengths (~ 675 nm; Gates et al., 1965). However, 

the strong link between snow and Chl-a content in sea ice prevents us to conclude on the 

contribution of this change due to snow depth and due to ice Chl-a content.  

 

 

Figure 7: Blue, green, red and non-visible (black) waveband fractions (colours) vs a) ice thickness b) 
snow thickness and c) Chl-a content in sea ice from both Baffin Bay landfast sea ice sites (symbols) 
Lines represent significant trends.  
 

To conclude with spectral analysis, the suggested parameterisation considers a fraction of non-

visible wavelengths significantly lower (~5%) compared with the 58% of the current 

parameterisation due to the strong infrared absorption by sea ice. In the REF parameterisation, 

visible fraction is equally split between red, blue and green wavelengths. We suggest that the 

red fraction (10-15%) should be reduced, as red wavelengths are less transmitted by sea ice and 

that green and blue fractions should be consequently increased (40-45%). According to fraction 

standard deviation and figure 7, we assume that all fractions can remain constant whatever the 

ice and snow depth or the Chl-a content in sea ice. Nevertheless, some exceptions in this 
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parameterisation remain since (i) the NRGB fraction of the Amundsen cruise stations is much 

larger (~ 15%) than other sites and (ii)Saroma spectrum shape and thus visible fractions largely 

differ from other sites. These exceptions cannot be explained by variation in snow depth, ice 

thickness or ice Chl-a content. Other parameters should influence the value of each fraction.  

The large values of NRGB wavelengths during the Amundsen cruise may be explained by a 

different snow structure than in land fast sea ice. But the number of pack-ice stations in this our 

dataset is too weak to make any clear conclusion.  

Saroma spectra should be considered with caution since the number of stations during the 

Saroma campaign is also weak (only five stations). Despite the fact that such shape in the 

Saroma spectra is very close to spectra influenced by Chl-a absorption (Mundy et al., 2007), 

the ice Chl-a content is too weak to explain this shape (Table 3). We speculate this to be due to 

a high concentration of coloured dissolved inorganic matter (CDOM). Saroma lake is a special 

site compared to Baffin Bay and Svalbard since it is a lagoon close to the sea with only two 

artificial inlets connected to the Okhotsk Sea. The lagoon is connected at two rivers. Due to 

these rivers discharge and the narrow output, the CDOM concentration in the lagoon water may 

be high during winter (Nomura et al., 2009) and could explain the spectrum shape during the 

Saroma campaign.  

 

3-Discussion/Conclusion 

The analysis presented in this paper focused on the evaluation of the radiative transfer scheme 

from the NEMO ice-ocean model using recent light measurements above and under Arctic sea 

ice. The NEMO radiative transfer scheme is based on (i) a well-tested system of empirical 

expressions for the dependence of the surface albedo on environmental characteristics; (ii) 

Beer-Lambert law for attenuation within snow and ice and (iii) prescribed energy fractionation 

at the uppermost ocean surface, into 3 visible and 1 non-visible spectral bands.  
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Summary of main results 

In this study we have first focused on the evaluation of the input parameters from the Beer-

Lambert law (extinction and surface scattering layer coefficients for snow and ice). The current 

parameterisation assumes that transmitted light to the upper ocean is null under snow-covered 

ice. However, according to the in-situ observation, transmitted light in seaice-covered water is 

never null even under snow. We have consequently show that the current parameterisation of 

NEMO ice-ocean model should be revised.  

We have then focused on the current fractionation of transmitted light into 4 wavebands. The 

NEMO radiative transfer scheme is based on open-water study considering spectral repartition 

of light in the ocean (Morel, 1988). It considers that more than half (58%) of the light 

transmitted to the upper ocean is composed of non-visible wavelengths (mostly infrared) and 

absorbed in the first few centimetres of the ocean. The remainder of the energy (42%) is then 

equally distributed into three visible wavebands (blue, green, red) and penetrated at different 

depths according to the wavelength. The current parameterisation considers the same spectral 

repartition of light for both open ocean and ice-covered water assuming that sea ice does not 

have any impact on the spectral repartition of light. We show in this study that such assumption 

should be revised since sea ice-snow system largely influence the spectral repartition of light 

transmitted to the ocean.  

 

Suggestions to improve the NEMO radiative transfer scheme 

By analysing several modified parameterisations based on the reference parameterisation of the 

NEMO radiative transfer scheme, we suggest a set of improvement which should be applied in 

the model to better represent the light transmission in sea ice zone. 

- We first suggest that a non-null transmitted light should be applied under snow 

covered pixels. In this improved parameterisation, we consider a Beer-Lambert law into 
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snow with a distinction between dry and wet snow extinction coefficient. We also adjust 

the surface scattering layer coefficient in bare ice to better conciliate model and 

observations.  

- We also show that melt ponds have a significant impact on transmitted light to the upper 

ocean. For this reason, we also suggest that melt ponds should be considered in the 

parameterisation.  

- Considering spectral repartition of light underice-covered pixels, sea ice strongly 

absorbs the infrared wavelengths. We, consequently suggest that the non-visible 

waveband fraction should be reduced in the improved parameterisation from 58% 

to less than 5%. 

- Finally, as sea ice system attenuates more red wavelengths than blue and green, we 

suggest that visible fractions should be revised as follows : Red fraction should be 

reduced from 33% to 10-15% while the green and blue fractions should be 

increased from 33% to 40-45%.  

 

Discussion 

The suggested improved parameterisation should lead to largely increase the light in seaice-

covered waters impacting phytoplankton by reducing light limitation. Because the response of 

phytoplankton growth to available light is not linear (Long et al., 2015), it is complex to quantify 

how simulated phytoplankton should be impacted by improved parameterisation. The induced 

increase in the light in seaice-covered waters should also influence the ocean heating rate. This 

could be easily evaluated.  

The modifications applied to the Beer-Lambert Law parameters should significantly increase 

the transmitted light to the upper ocean of about 6 ± 10 W/m2 to be compared with the average 
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observed shortwave irradiance under ice (𝐹c9:#b = 7 ± 14 W/m2). We can estimate that this should 

increase the ocean heating rate of about +0.3 ± 0.4 °C/day.  

The current parameterisation largely underestimates the deep under-ice light by absorbing 58% 

of the transmitted light in the first few centimetres of the ocean. By reducing the non-visible 

fraction in the improved parameterisation, we contribute to increase the light which penetrates 

deeper of 53%. At the same time, it should also contribute to reduce the ocean heating rate in 

the first metres (of about -0.1°/day). 

Finally, compared to change in transmitted light due to improvement in Beer-Lambert Law 

parameters or in non-visible fraction, changes in visible fractions may appear trivial. But, as 

red, blue and green wavebands do not penetrate at the same depth in the ocean, the improved 

parameterisation should largely influence the under-ice light profile. Figure 8 represents the 

impact of not considering change in visible fraction in the improved parameterisation in terms 

of energy and heating rate. In the model, red wavelengths are firstly attenuated to the ocean in 

the first metres (~5 m) while blue and green penetrate deeper into the ocean (~10 m for green 

and ~50 m for blue) following Lengaigne et al. (2007). Considering this attenuation law, we 

assume that change in visible fraction should decrease the heat rate in the first five metres of 

the ocean (of about -0.03 °C/day; Fig. 8) and slightly increase in the deeper ocean (less than 

+0.005 °C/day in the ten-following metre). 
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Figure 8: Vertical profile of anomaly in transmitted irradiance (W/m2; blue) and in ocean heating rate 
due to solar radiation penetration (°C/100days; red) between two parameterisations (Param1 - Param2). 
This figure illustrates the impact of changing the R, G and B fractions in the improved parameterisation 
under ice. The same transmitted shortwave irradiance under ice is set for both parameterisations. The 
non-visible fraction is assumed to be equal to 5%. Param1 assumed equal visible waveband fractions (R 
= G = B) while Param2 assumed: R = 12% and B = G = 42.5%. Each waveband penetrates the ocean 
following Lengaigne et al. (2007) formulation considering a vertically	constant Chl-a content in the 
ocean ([Chl-a] = 0.02 mg/m3). 

 

Perspectives 

 To conclude, the improved parameterisation should have a large impact on simulated fields of 

phytoplankton and sea ice and ocean heat flux in the model. The real impact of improved 

parameterisation in these simulated fields should be explored further based on forced and 

coupled simulation analysis.  

We show that improved parameterisation should be closer to the observation than the current 

parameterisation. However, some uncertainties remain in this parameterisation. And some 
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aspects of the radiative transfer in sea ice should be further explored to reduce uncertainties, as: 

(i) the impact of snow metamorphism on under-ice transmittance; (ii) the influence of pack ice 

in the transmitted light compared with the land-fast ice (iii) and the possible influence of organic 

matter in sea ice. 

In this study we only explore the Beer-Lambert parameterisation for transmitted light 

calculation. This is not the only parameterisation used in sea ice models. Delta Eddington 

approximation approach (Briegleb & Light, 2007; Saenz & Arrigo, 2012) is based on inherent 

optical properties such as ice and snow absorption and scattering instead of transmittance and 

albedo. This approach may be more precise than the Beer-Lambert law since inherent optical 

properties are not dependent on the ambient light field. Comparing approach with the Beer-

Lambert law should reduce the uncertainties.  

Given that this study is mostly based on first-year land fast ice data, continue the analysis with 

more pack ice data should also reduce uncertainties.  

Finally, in this study we focus on the extinction and the surface scattering layer coefficient to 

adjust the radiative transfer scheme. Yet, we show that albedo is the main source of error in the 

model parameterisation. More studies based on the albedo in our data set is needed to further 

reduce the uncertainties and maybe adjust the empirical expressions for the surface albedo.  
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Appendix   
 
Evolution of wavelength fraction depending on snow depth from Perovich 

et al. 1993. 

We recover the spectral transmittance for two types of snow (high snow hs = 19 cm and low 

snow hs = 0 cm) by digitalising figure 2 of Perovich et al. (1993) paper. After applying this 

transmittance on the surface irradiance measured during Baffin Field trip 2016 for nearly 

similar snow depth, we have calculated the wavelength fractions. Since figure 2 of Perovich et 

al., 1993 paper gives only visible transmittances we could not calculate the NRGB fraction. 

This study shows that blue fraction increase (from 40% to 43%) when snow depth increases 

while the green and red fractions do not change clearly (~49% for green and ~9% for red for 

both snow type). But variation in fractions remain low for all wavebands. 
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Chapitre 3                                                                                

Saisonnalité de la lumière dans la zone de banquise 

arctique dans un contexte d’étude du phytoplancton 

© C. Fritsen 
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Dans un contexte de réchauffement global et de retrait de la banquise arctique, mieux 

comprendre les interactions entre banquise et phytoplancton est fondamental pour prévoir les 

impacts du retrait de la banquise sur les écosystèmes et les activités humaines en Arctique, en 

particulier l’impact sur les populations autochtones et sur la pêche. L’une des sources majeures 

d’incertitudes dans ces interactions est le rôle de la limitation en lumière et en nutriments dans 

la zone de banquise arctique. Dans l’étude du phytoplancton arctique à grande échelle, il est 

courant d’utiliser la saison d’eau libre pour décrire la saisonnalité de la lumière disponible dans 

les régions englacées. Cependant, de récentes observations ont révélé que le phytoplancton 

pouvait ne plus être limité par la lumière bien avant le retrait de la banquise en raison de l’effet 

de l’ouverture de chenaux d’eau libre dans la banquise, de la fonte de la neige ou encore de la 

formation de mare de fonte sur la banquise. 

Dans cette étude, je montre que l’utilisation de la saison d’eau libre pour décrire la saisonnalité 

en lumière en zones englacées n’est pas toujours appropriée. J’introduis la photopériode comme 

le nombre de jours durant lesquels la quantité de lumière est suffisante pour la croissance du 

phytoplancton. Je montre que la photopériode peut être très différente de la période d’eau libre, 

dans certaines conditions. Elle semble aussi meilleure pour décrire la saisonnalité de la lumière 

dans les eaux englacées arctiques, comme le suggèrent les observations (satellite et in situ) et 

les simulations des modèles du système Terre.  

Bien que les simulations pour les prochains siècles prévoient une augmentation de la 

photopériode indépendamment de la période d’eau libre, il reste un certain nombre 

d’incertitudes à résoudre avant de pouvoir utiliser la photopériode pour décrire la limitation en 

lumière pour le phytoplancton. Deux principales catégories de processus devraient être mieux 

caractérisées pour réduire ces incertitudes : l’optique dans la zone de glace et la physiologie du 
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phytoplancton. De plus, les hypothèses formulées dans les modèles, quant à l’évaluation de la 

croissance du phytoplancton dans les zones de banquise, devraient être davantage explorées.  
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Abstract  

In the context of global warming and Arctic sea ice retreat, better understanding the link 

between sea ice and phytoplankton is critical to project impacts of sea ice retreat on ecosystem 

and human activities in the Arctic, with particular relevance to indigenous people and fisheries. 

One of the major sources of uncertainty is the respective role of light and nutrient limitations in 

sea ice zones. A standard approach in large-scale phytoplankton studies is to use the open-water 

season as proxy for light seasonality in sea ice zone. However, recent observational studies have 

pointed out that light limitation could be relieved well before ice retreat, because of fractures in 

the ice (leads), melting snow and melt ponds. Besides, satellite observations suggest that ice 

advance sometimes occur beyond polar night, a situation that should become more prevalent in 

the future. Both aspects complicate the link between plankton activity and open-water season. 

In this study we try to address these two issues. We show that open-water season duration is 

not always appropriate to describe light seasonality. We introduce photoperiod as the number 

of days with assumed sufficient light for phytoplankton growth. Photoperiod may significantly 

differ from the open-water season and seems a priori better to describe light seasonality than 

the open-water season, as suggested by observations (satellite and in situ) and Earth System 

Model simulations. Photoperiod is projected to increase independently of ice-free period in the 

next centuries. However, large uncertainties remain before photoperiod can be reliably used as 

a proxy for light limitation for phytoplankton. Two broad categories of processes should be 

better characterised: optics in the sea ice zone and phytoplankton physiology. Model 

assumptions to compute phytoplankton growth in sea ice zone should also be further explored.  
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Introduction  

 

Phytoplankton studies in Arctic sea ice zone are facing new issues since Arctic sea ice is 

changing by decreasing in coverage (Cavalieri & Parkinson, 2012), thickness (Kwok & 

Rothrock, 2009; Lindsay & Schweiger, 2015; Renner et al., 2014) and age (Maslanik et al., 

2011) these recent years. Earth System Models project that these changes are expected to 

continue in the future (Massonnet et al., 2012; Stroeve et al., 2012), questioning the future 

evolution of phytoplankton in Arctic sea ice zone.  

Photosynthesis is primarily governed by light availability and nutrient supply. However, the 

respective importance of light and nutrients on phytoplankton growth is largely uncertain 

(Popova et al.,2012; Lewis et al., 2019; Mundy et al., 2014; Tremblay & Gagnon, 2009). Present 

understanding stresses the important role of light for phytoplankton bloom initiation whereas 

nutrient availability mostly impacts the intensity and the end of the bloom. Observational 

studies suggest an important role for the distribution of ice and open-water for light availability 

(Arrigo & van Dijken, 2011; Assmy et al., 2017; Wassmann & Reigstad, 2011). In addition, 

changes towards thinner ice with more melt ponds seem favourable to plankton (Arrigo et al., 

2012;Arrigo et al., 2014; Horvat et al., 2017; Mundy et al., 2007; Palmer et al., 2014) 

challenging the classical view of no plankton activity under sea ice (English, 1961).  

Actually, ice and snow drastically reduce light supply for phytoplankton in sea ice regions, 

because of their high albedo and low transmittance (Grenfell & Maykut, 1977; Perovich, 1996). 

Because of this, it is common to use the open-water season as a proxy for light seasonality 

(Arrigo & van Dijken, 2011; Hill et al., 2013; Mundy et al., 2009; Rysgaard et al., 1999). Open-

water season (Lw) has been used in the context of several recent large-scale studies. It is defined 

as the number of ice-free days (Parkinson, 2014), practically the period during which sea ice 

concentration drop below a given threshold (Stammerjohn et al., 2012; Stroeve et al., 2016). 
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Using Lw to understand the light seasonality in the sea ice zone is based on the assumption that 

(i) the sea ice zone is fully opaque and (ii) the open-water season never occur during the polar 

night. Recent field observations and Earth System Model simulations contradict both 

assumptions. They first show that light is transmitted under sea ice (Frey et al., 2011; Hill et 

al., 2018; Horvat et al., 2017). Second, future open-water season may overlap with polar night, 

especially in the future (Lebrun et al., 2019).  

In this chapter we try to better describe the light seasonality in the sea ice zone in the context 

of phytoplankton studies. We first explain why open-water season is not always appropriate to 

describe light seasonality in Arctic sea ice zone. We then define the photoperiod as a better 

proxy for light seasonality in sea ice zone. The third part is focused on uncertainties about the 

link between photoperiod and the light limitation for phytoplankton in the Arctic sea ice zone. 

 

1. Data and methods 

1.1) Data:  

We base our analysis on passive microwave sea ice concentration retrievals, namely the GSFC 

Bootstrap SMMR-SSM/I quasi-daily time series product, over 1980–2015 (Comiso, 2000, 

updated 2015), to calculate both light and sea ice seasonality.  

Similarly, we use monthly interpolated daily sea ice concentration from CMIP5 Earth System 

Model historical simulations and projections (RCP8.5). Some models lose their multi-year ice 

only late into the 21st century. To compare sea ice and light seasonality in Arctic sea ice zone, 

we only retain the nine ESM simulations that pursue projections until 2300. We focus CMIP5 

analysis on 1900-2200, combining historical (1900–2005) and RCP8.5 (2005–2200) 

simulations. The year 2200 corresponds to the typical date of year-round Arctic sea ice 

disappearance (Hezel et al., 2014). 



  

 134 

SMMR/SSM-I data and CMIP5 simulation do not provide daily fields of ice and snow 

thickness, light transmitted to the ocean surface or primary production. To circumvent this 

problem and, to investigate interactions between light and phytoplankton in sea ice zone, we 

also use daily field of sea ice concentration, ice and snow thickness, SST, primary production 

vertically integrated, or shortwave irradiance at the ocean surface based on a 1948-1957 forced 

atmosphere ice ocean IPSL-CM simulation. This simulation was performed with NEMO-

LIM3.6 (Rousset et al., 2015) coupled with the biogeochemical model PISCES (Aumont et al., 

2015). The physical component of our experiment follows the protocol of the Coordinated 

Ocean-ice Reference Experiments (CORE) (Danabasoglu et al., 2014; Griffies et al., 2009) 

interannually varying experiment (CORE-II). The CORE-II experiment forces physical ocean 

fields through use of the interannually varying atmospheric state of Large and Yeager (2009), 

along with river runoff data based on modifications of Dai and Trenberth (2002) and Dai et al. 

(2009). The full forcing data set covers the 62-year period from 1948 to 2009.  

 

1.2) Ice seasonality diagnostics  

To describe ice seasonality, the length of open-water season (Lw) is defined as the number of 

days during which sea ice concentration is lower than 15% following Parkinson (1994); 

Stammerjohn et al. (2012) and Stroeve et al. (2016). Day of ice retreat (dr) and day of ice 

advance (da) are respectively defined as the first day of the year when sea ice concentration 

drops below, or exceeds, 15%. Time axis must be well defined to circumvent the effect of the 

da discontinuity between December 31 and January 1st (Lebrun et al., 2019). 

Here, because we represent differences between da and polar night onset, we can not just use 

negative value for da as Lebrun et al. (2019). We consequently add 365 to values of da falling 

before the 20th of June. 
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1.3) Daily shortwave irradiance at the ocean surface 

Since daily shortwave irradiance at the ocean surface (𝐹9:#bcccc) from SMMR/SSM-I satellite data 

and CMIP5 simulations are not available, we recovered this field using a very simple 

formulation. It is based on satellite or simulated daily sea ice concentration (A) and daily 

incoming solar irradiance (𝐹9:< ) obtained following Shine clear sky formula (Shine, 1984): 

     𝐹9:#bcccc 	= 	𝐹9:< . [A. 𝑇F&/ + (1 − 𝐴). (1 − 𝛼.&/)] (1). 

Where 𝛼.&/ = 0.06 is the open-water albedo and 𝑇F&/ is the ice transmittance. We perform two 

calculations. The first one considers opaque ice (𝑇F&/= 0%) and the second consider non-opaque 

ice. Considering non-opaque ice parameterisation, we assume a constant ice transmittance, 

𝑇F&/= 5%, as a good compromise between the average ice transmittance for land-fast sea ice 

(0.9 ± 2%) and for pack ice (9 ± 5%) based on data set used in chapter 2.  

Regarding NEMO-LIM3.6 simulations, we could retrieve daily shortwave irradiance at the 

ocean surface. The output shortwave irradiance is based on a parameterisation which assumes 

opaque snow and the attenuation of light by ice following a two-level Beer-Lambert law 

(Maykut & Untersteiner, 1971) in bare ice (REF parameterisation; eq.2). 

      𝐹9:#bcccc = h
0, 𝑖𝑓		ℎ9 > 0

𝐹9:< . (1 − 𝛼F&/). 𝑖<𝑒>?i()i>)E)	, 𝑖𝑓	ℎ9 = 0 
(2). 

Where ℎF and ℎ9  are the simulated ice and snow thickness; 𝛼F&/  is the ice albedo calculated 

depending on sea ice thickness and properties (dry or wet) which are defined by air temperature 

(negative or positive) following Shine & Henderson-Sellers (1985) formulation, as updated by 

C. Rousset, to regularise a few numerical issues with little physical impact; 𝑖< = 0.18	(1 − 𝑐) +

0.35 with c is the cloud fraction; and ℎ< = 0.10 m are respectively the surface scattering layer 

coefficient and thickness; 𝜅F = 1 m-1 is the attenuation coefficient for bare ice and 𝐹9:<  is the 

incoming shortwave irradiance given by atmospheric forcing. 
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From the simulated sea ice field, we also calculate another shortwave irradiance at the ocean 

surface, following improved parameterisation (IMP) presented in Chapter 2 (eq. 3). 

      𝐹9:#bcccc = j𝐹9:
< . (1 − 𝛼9k:). 𝑖<𝑒>?l()l>)E)𝑒>?i)i, 𝑖𝑓		ℎ9 > 0
𝐹9:< . (1 − 𝛼F&/). 𝑖<𝑒>?i()i>)E)	, 𝑖𝑓	ℎ9 = 0

 
(3). 

In this equation, ℎF and ℎ9  are simulated ice and snow thickness and 𝜅F = 1 m-1 is the attenuation 

coefficient for bare ice. Value of other parameters change a little bit following Chapter 2: 𝑖< = 

0.3, ℎ< = 0.10 m for bare ice and ℎ< = 0.03 m for snow-covered ice; 𝜅9 is the attenuation 

coefficient for snow. 𝜅9= 10 m-1 for dry snow and 𝜅9 = 7 m-1 for melt snow. 𝛼F&/  and 𝛼9k: are 

based on the same computation as for REF parameterisation. But as output of air temperature 

was not available in this study, we use a proxy of temperature assuming that air temperature is 

close to the sea surface temperature except between July 1st and August 15, when it is assumed 

to be positive. Finally, outputs of incoming shortwave irradiance were also not available. To 

circumvent this, we use the Shine clear sky formulation only for IMP parameterisation.  

These assumptions due to the lack of output availability could be a large source of error in the 

transmitted shortwave irradiance calculation. But since REF and IMP NEMO-LIM3.6 

shortwave irradiance at the ocean surface are not compared in this study, we assume that these 

errors remain smaller enough for our study. These sources of error should also disappear as the 

IMP parameterisation should ultimately be introduced in the sea ice model, LIM.  

Finally,	𝐹9:#bcccc, for all data sets, is converted into a photosynthetically available radiation at the 

ocean surface (𝑃𝐴𝑅#b in µE/m2/day) as follows: 

      𝑃𝐴𝑅#b = 2.33	. 𝐹9:#bcccc. 86400	. 10>r	 (4). 

 

1.4) Daily Primary production in NEMO-LIM3.6 simulations   

Sea ice zone primary production is computed in PISCES following Long et al. (2015) 

formulation which recommends calculating two intermediate productions before obtaining the 
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area-weighted grid cell average primary production. The first production should depend on light 

transmitted through open-water whereas the second should depend on light transmitted through 

the sea ice/snow system. Long et al. (2015) explain this method to be more precise, since 

primary production non-linearly depends on light supply, leading to largely underestimate the 

primary production by directly computing it from the total short-wave irradiance at the ocean 

surface.  

 

Figure 1: Scheme representing the calculation of primary production in ice-covered grid cells in the 
PISCES biogeochemical model. 
 
 
To simplify calculations and according to former assumptions which consider no production 

under ice (𝑃𝑃F&/ = 0), PISCES considers no-production in the ice-covered part of the grid cell 

and reallocate the grid cell average transmitted shortwave irradiance at the ocean surface only 

under open-water (eq.4; Fig. 1 left part).  

      𝐹9:stu
#b 	𝐹9:#bccccc/	(1 − 𝐴) (5). 

This shortwave irradiance under open-water is then used to calculate the growth rate for 

phytoplankton (eq.5; Fig. 1 right part). 

      𝑃𝑃cccc = 𝐶. 𝑃𝑃$"w. 𝑓xF$ (6). 
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Where  is the phytoplankton concentration, PPmax is the ideal growth rate and flim range 

between 0 and 1, is the limiting factor containing the impact of 𝐹9:st
#b , nutrients, temperature 

and mixed layer depth. In sea ice zone, C represents the grid-cell average concentration value. 

This is equivalent to assume that vertical and horizontal mixing are strong enough to redistribute 

phytoplankton from leads to the entire grid cell faster than phytoplankton grows. The growth 

rate is then vertically integrated (INTPP). 

 

1.5) Light seasonality diagnostics  

We first define polar night onset (or ending) as the first day of the year when incoming 

shortwave radiation based on the clear sky Shine formula exceeds (or drop below) 0.1 W/m2. 

We assume that 0.1 W/m2 (0.02 µE/m2/day) is small enough to consider that there is no more 

available light for phytoplankton after penetration in the ocean.  

Photoperiod is defined as the number of days during which PARtr exceeds a threshold. For both 

satellite and CMIP5 data, we use four PARtr thresholds (i) 0.010 µE/m2/day; (ii) 0.415 

µE/m2/day; (iii) 1.600 µE/m2/day and (iv) 5.000 µE/m2/day. Both intermediate thresholds (ii 

and iii) come from literature (Letelier et al., 2004; Tremblay et al., 2006) while the first and the 

last thresholds are assumed to be extreme cases. 

For NEMO-LIM3.6 simulations, the PAR threshold (1 µE/m2/day) is visually defined as equal 

to the simulated PARtr for which integrated primary production begins to grow.  

 

2. Results 

2.1) Length of open-water season: not the ideal proxy of light seasonality in Arctic sea ice 

zone.  

The length of open-water season is a common proxy for light seasonality in Arctic sea ice zone, 

in the context of phytoplankton studies. This suggests two assumptions. The first one assumes 

C
<latexit sha1_base64="J9xG5zqQokM6u3BCzUr8lsAN3oU="></latexit>
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that open-water season never happens during the polar night while the second one assumes no 

transmission of light in sea ice zones. In this section we explain why both assumptions should 

be revised using results from Chapters 2 and 3.  

 

Overlap between ice-free season and polar night 

Arctic sea ice melting and freezing processes are primarily controlled by the seasonality of solar 

irradiance. During fall and winter, solar irradiance decreases and may even become null in the 

Arctic during polar night. Once sea surface temperature reaches -1.8 °C, water can freeze. 

During spring and summer solar irradiance warms the sea ice surface. Once the ice surfaces 

reaches 0°C, surface melting starts. Solar absorption by the upper ocean is practically converted 

into basal melt. There are admittedly mechanisms, as ocean heat flux or sea ice dynamics, which 

also influence sea ice growth and melt. However, solar forcing is the main driver of the sea ice 

seasonal cycle.  

Figures 2 and 3 represent the relation between sea ice retreat and advance date and polar night 

ending and onset for present (en of the 20th century) based on satellite retrievals and for future 

(2080-2099) based on CMIP5 Earth System Models.  
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Figure 2. Frequency histograms of (a) observed ice retreat date (red) and polar night ending dates (blue) 
; (b) difference between both for (b) 1980-1999 and (c) for 2080-99 for the northern hemisphere. (d-f) 
Same for ice advance date and polar night onset. Sources of calculations are passive microwave ice 
concentration retrievals for 1980-1999 and CMIP5 simulations for 2080-2099. 
 
 
Fig. 2 and 3 (a, b, c) represent the relation between retreat date (dr) and polar night ending. 

While dr falls from March to August (Fig. 2a, 3a) in present Arctic, polar night ends during late 

winter (between January and March; Fig. 2a; Fig. 3a). dr falls after polar night ending 

everywhere in present Arctic seasonal ice zone (Fig. 3b). Differences between both are around 

four to six months (Fig. 2b) and could even reach eight months in North West Passage (Fig. 

3b). This delay highlights the fact that sea ice needs sunlight to melt. The difference between 

dr and polar night ending is the smallest in the Atlantic sector of the Arctic Ocean, as well as in 

Barents Sea (Fig. 3b) due to early melting (in February) led by the inflow of warm Atlantic 

water in this region (Årthun et al., 2012; Ivanov et al., 2012; Polyakov et al., 2017; Sandø et 

al., 2010). During 2080 to 2099 period, CMIP5 Earth System Models project that dr still falls 

after polar night ending. But the gap between polar night ending and ice retreat date is expected 

to decrease (between three and four months; Fig. 2c) due to global ocean warming and thinner 

ice which enables earlier sea ice melting during early spring.  
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Figure 3. Distribution of (a) observed retreat date and polar night ending dates (black circles); (b) 
difference between both for (b) 1980-1999 and (c) for 2080-99. (d-f) Same for ice advance date and 
polar night onset. Sources of calculations are passive microwave ice concentration retrievals for 1980-
1999 and CMIP5 simulations for 2080-2099. 
 
 
Panels d), e) and f) of figures 2 and 3 represent the present and future relations between sea ice 

advance date (da) and polar night onset. da and polar night onset are close to each other (Fig. 2d 

and 3d), unlike dr and polar night ending. They both occur around fall. da falls between 

September and February while polar night onset falls from September to November (Fig. 2d). 

The difference between them is consequently weak (less than two months; Fig. 2e). Advance 

usually occurs before polar night onset but not everywhere (Fig 2e and Fig. 3e). The warm 

Atlantic water also impacts ice advance in the Atlantic sector of the Arctic Ocean, as well as in 

Barents Sea. This leads to shift the ice advance from some weeks to several months after polar 

night onset (Fig. 3e). Future da is expected to fall from some days to two months after polar 

night onset everywhere in Arctic by 2050 (Fig. 2f and Fig. 3f). This is due to the freeze-up 
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amplification mechanisms discussed in Chapter 1 (Lebrun et al., 2019) which shifts the advance 

date twice as much as the offset in ice retreat.  

This figure highlights the strong link between seasonality of sea ice and solar irradiance. Ice 

retreat always falls after polar night ending despite global warming. In contrast, ice advance 

could already fall after polar night onset in present in some regions and this is expected to 

become global by 2050. The assumption that there is no overlap between open-water season 

and polar night should consequently be revised for some regions in present conditions, and for 

all of them in the future 

 

Light transmitted in sea ice zone 

In Chapter 2 we show that ice transmittance is never null even under snow-covered ice based 

on an in-situ data analysis. We suggest a new parameterisation for sea ice radiative transfer 

which is more precise than actual NEMO-LIM3.6 parameterisation.  

Figure 4 represents the distribution of shortwave irradiance in the Arctic calculated from this 

IMP parameterisation based on NEMO-LIM3.6 ice and snow thickness over sunlit months 

(April to September) during 1947 to 1958. Two contours are represented in these maps: the 

contour where light is assumed to be sufficient for phytoplankton growth (PARtr = 1 

µE/m2/day); and the ice edge defined as the 15% ice concentration contour. The most important 

information on this figure is that the PARtr contour is always within the sea ice zone. This means 

that there is always a fraction of the sea ice zone that is suitable of primary production. This is 

due to both the presence of leads in sea ice zone (which is responsible for ~83 ± 20% of the 

total transmitted irradiance during the sunlit month) and the light transmitted through ice-

covered pixels. In April, the 1 µE/m2/day contour and the ice edge are rather close, with most 

of the sea ice zone seemingly unsuitable to primary production.  
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During May, leads are opening in sea ice zone and this with the ice thinning ans snow melt 

contributes to expand the photo-productive zone while the ice edge does not clearly move. From 

June to August, the entire Arctic is photo-productive with a maximum 𝐹9:#bcccc during July (with an 

average of about 120 W/m2). Finally, in September the photo-productive zone starts shrinking, 

with the onset of sea ice growth in the Central Arctic, and the reduction of incoming solar 

irradiance.  

 

By describing the light seasonality only based on a sea ice concentration threshold, we miss a 

large sunlit zone in the seaice-covered Arctic.  

 

2.2) Toward better characterization of light seasonality in Arctic sea ice zone  

 

The aim of this section is to find a diagnostic better related to light seasonality than the length 

of open-water season. We call photoperiod (Lp) the period of the year during which the 

photosynthetically available radiation at the ocean surface (PARtr) is assumed to be sufficient 

for phytoplankton growth. Since Lp is directly related to transmitted light at the ocean surface, 

it seems a better diagnostic to describe light seasonality. However, we show in this section that 

there are large sources of uncertainties in the definition of this diagnostic.  

 

Photoperiod for present conditions 

The photoperiod is influenced by both incoming shortwave irradiance, and sea ice. The 

photoperiod depends on latitude as the incoming shortwave irradiance decrease and the sea ice 

concentration increases with latitude (Fig. 5). 
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However, the impact of sea ice concentration on photoperiod is determined by the chosen PARtr 

threshold. At very low threshold (0.010 µE/m2/day), sea ice concentration has a weak impact 

on photoperiod which remains relatively large in Arctic sea ice zone (~9 ± 4 months). For a 

high threshold (5 µE/m2/day), photoperiod in Arctic sea ice zone is mostly impacted by sea ice 

and is consequently lower (~5 ± 3 months). The source of error due to PARtr threshold remains 

large. Even with the observational uncertainty range (Letelier et al.,2004; Tremblay et al., 

2006), the average difference is of about 2 months between both (~8 ± 3 months for PARtr 

threshold = 0.415 µE/m2/day and 6 ± 3 months for PARtr threshold = 1.6 µE/ m2/day). 

The length of the photoperiod is also impacted by light transmitted through sea ice (Fig. 5 

bottom panel). On average, the increase in the ice transmittance of 5% leads to increase the 

photoperiod from two weeks to two months for every PARtr threshold. Since the impact of sea 

ice depends on the PARtr threshold, the level of impact due to ice transmittance is also dependent 

on the PARtr threshold.  

 

Future evolution of photoperiod  

These uncertainties due to PARtr threshold and ice transmittance remain unresolved in the 

CMIP5 simulations. But, despite these uncertainties, the future evolution of photoperiod 

projected by CMIP5 Earth System Models strongly differs from the open-water season 

evolution, regardless of the threshold value (Fig. 6).  

We can distinguish two steps in the simultaneous evolution of photoperiod length and Lw. The 

first step is between 1900 to about 2050-2100. During this step, Lp is larger than Lw due to the 

presence of leads in sea ice zone (where A<15%) and due to the non-null ice transmittance. 

During the second step (after 2050-2100), Lp becomes limited by the polar night when the ice 

advance date occurs after the polar night ending, and Lp become lower than open water season.  
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Figure 6: Time series of CMIP5 (median ± inter quartile range of the 9 models) photoperiod (solid lines) 
for the four PARtr thresholds and open-water season (dashed pink line) for 70-80°N latitudinal band 
considering non-opaque ice. 
 

In conclusion, photoperiod should be better proxy for light seasonality in Arctic sea ice zone 

because it does not depend anymore on assumptions such as an opaque ice zone or no overlap 

between open-water season and polar night. However, large uncertainties remain in the 

photoperiod definition led by PARtr threshold and ice transmittance. Better understanding 

phytoplankton physiology to better constrain the PARtr threshold and better define the ice 

radiative transfer in models are key to understand the impact of sea ice melt on light seasonality 

in the Arctic sea ice zone in the context of phytoplankton studies.  

 

2.3) Is Photoperiod really a better diagnostic for light limitation? 
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Although photoperiod better represents light seasonality in Arctic sea ice zone (section 2.2), 

this does not imply that Lp well represents the light limitation for phytoplankton in the Arctic 

sea ice zone. The link between photoperiod and primary production, in climate projections, 

strongly depends on the model assumptions.  

Whereas light in the Arctic sea ice zone is limited by both sea ice cover and polar night, in some 

models, nutrients are the main limiting factor for photosynthesis (Vancoppenolle et al., 2013). 

This leads to reduce the link between primary production and photoperiod.  

 

Figure 7: Daily values of irradiance available at the ocean surface (under-ice if ice present), versus 
vertically integrated primary production (INTPP) over 1948-1957 from NEMO-LIM3.6 REF 
simulation for three distinct points (PIZ: 80.9 °N-159.3 °W; Okhotsk Sea: 55.8 °N-150.5 °E and 
Bering Sea: 61.9 °N-175.9 °W). Colours represent the NO3 concentration (upper panel) or the sea ice 
concentration for each point (bottom panel). 
 

 There are also built-in assumptions in some models, for example in NEMO-PISCES, which 

constrains primary production to be strongly correlated to open-water season. Because of such 

assumptions, photoperiod may not better explain photosynthesis than the open water season. 

For instance, in PISCES, the correlation between yearly and vertically integrated primary 
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production and photoperiod (~86%) is not better than the correlation between primary 

production and length of open-water season (~88%). This can be explained by the assumption 

made in PISCES biogeochemical model (see section 1.4) which considers that there is no light 

and consequently no production under the ice-covered part of the grids cells. This assumption 

is justified by the belief that vertical and horizontal mixing occur faster than phytoplankton 

growth. For the same reasons, in the model, the concentration of plankton is diluted over the 

entire (ice+open water) grid cell over one time step. 

Both assumptions contribute to reduce primary production in high sea ice concentration regions 

even if the light and nutrient concentrations are high (Fig. 7).  

Such assumptions prevent us from using photoperiod to describe light limitation of 

phytoplankton in Arctic sea ice zone.  

 

4. Conclusion 

The analysis presented is this chapter focuses on the seasonality of available light in the Arctic 

sea ice zone in the context of phytoplankton studies.  

A commonly used proxy for light available for photosynthesis in the sea ice zone is the open-

water season (Arrigo & van Dijken, 2011; Hill et al., 2013; Mundy et al., 2009; Rysgaard et al., 

1999). The use of this diagnostic is based on two implicit assumptions: (i) there is no overlap 

between open-water season and polar night; (ii) light is not transmitted to the upper ocean in 

the sea ice zone. We argue that both assumptions should be revised and that the length of open-

water season is consequently not appropriate to describe light seasonality in Arctic sea ice zone.  

We show a strong link between solar irradiance cycle and sea ice seasonality. Sea ice needs 

sunlight to melt, and ice retreat is found to always fall after polar night ending, so that the early 

ice-free period is always sunlit. By contrast, the ice advance date may fall several weeks after 

polar night onset in some regions, so that the late ice-free period is not always sunlit. This 
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overlap between sea ice-free season and polar night is expected to be widespread in the future 

due to the larger offset in sea ice advance than in sea ice retreat (Lebrun et al., 2019). We also 

suggest that the region where light is sufficient for photosynthesis does not restrict to the open-

water zone, due to the presence of leads and non-opaque ice. 

We then discuss a new diagnostic, photoperiod, more suitable to describe the light seasonality 

in Arctic sea ice zone. We define photoperiod as the period during which available light at the 

ocean surface is assumed to be sufficient for phytoplankton growth. It seems to better embrace 

light seasonality than the open-water season because it considers the effects on light of both sea 

ice and sunlight seasonalities. 

However, large uncertainties remain in the photoperiod definition, mostly due to ambiguities 

on radiative transfer in sea ice and on phytoplankton physiology. These uncertainties stain 

model projections as well. A priori, photoperiod should increase in the future, due to sea ice 

retreat. But the impact of sea ice retreat on photoperiod is unclear. It strongly depends on the 

PARtr threshold, somehow uncertain as well (Fig. 8). Whereas photoperiod would increase by 

about one to four months during 1900 to 2200 considering the higher threshold, it would remain 

unchanged for the lowest threshold, even in the Central Arctic. Light transmission through sea 

ice is another source of uncertainty since it reduces the impact of the ice on the photoperiod. A 

less opaque sea ice limits the possible future increase in photoperiod, regardless of the PARtr 

threshold. 

Finally, we confirm the intuition that purely light-based diagnostics are insufficient to fully 

characterise phytoplankton dynamics in the Arctic sea ice zone. Large uncertainties remain in 

model assumptions about the link between phytoplankton growth and photoperiod : (i) 

uncertainties about the role of nutrient limitation in the Arctic sea ice zone (Vancoppenolle et 

al., 2013); (ii) uncertainties about the response of phytoplankton to light in ice-covered water 

and (iii) uncertainties about the strength of mixing of phytoplankton in the sea ice-covered 
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water.   

Figure 8: Time series of CMIP5 (median ± inter quartile range of the 9 models) photoperiod (solid lines) 
for the four PAR thresholds and open-water season (dashed pink line) for 60-70°N (right) and 80-90°N 
(left) latitudinal band considering opaque (top) and non-opaque ice (bottom). 
 

It is necessary to reduce all uncertainties on photoperiod before it can be reliably used as a 

proxy for light limitation for phytoplankton.  

Some studies already try to better understand the response of phytoplankton to light in the 

Arctic, based on in situ observations (Hill et al., 2018; Lewis et al., 2019) and laboratory 

experiments (Huot et al., 2013; Lewis et al., 2019; Ferland et al., 2017). Due to the lack of pan-

Arctic observations, these studies are focused on a few regions but they highlight that the 

response of phytoplankton to light is very variable in space and time due to phytoplankton 

adaptation to environmental conditions. This leads to large uncertainties in a PARtr threshold 

definition in the entire Arctic region. Future studies should reduce the photoperiod uncertainties 

and may help us to better understand the impact of sea ice melt on phytoplankton growth.  
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Finally, several studies highlight the importance to analyse both light and nutrients to better 

understand phytoplankton growth in the Arctic. While light is expected to impact the initiation 

of phytoplankton bloom (Arrigo et al., 2017; Hill et al., 2005; Lowry et al., 2018; Tremblay & 

Gagnon, 2009), the intensity and the end of the bloom are mostly controlled by nutrient supply 

(Lowry et al., 2015; Tremblay & Gagnon, 2009). Focus only on light availability to study 

phytoplankton is not sufficient since we conceal half of the drivers of phytoplankton bloom.  
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Conclusions et Perspectives 

 
 
 
 
1. Conclusions 

Les modèles du système Terre sont mal contraints concernant la réponse du phytoplancton 

arctique au changement climatique (Vancoppenolle et al., 2013). Ceci est dû aux nombreuses 

lacunes dans nos connaissances sur les mécanismes gouvernant la croissance du phytoplancton 

dans les régions englacées arctiques. L’une des incertitudes majeures est liée à la réponse du 

phytoplancton au retrait de la banquise arctique et au rôle de la lumière dans l’évolution du 

phytoplancton dans ces régions englacées. L’objectif de cette thèse est d’étudier certaines des 

interactions entre banquise, lumière et phytoplancton arctiques dans le but de mieux contraindre 

les modèles du système Terre. Cette étude s’appuie sur trois axes principaux posant trois 

problématiques majeures :  

• Peut-on projeter de façon cohérente les potentiels changements dans la saisonnalité de 

la banquise arctique et avancer de solides mécanismes d’évolution ? 

• Est-ce que le transfert radiatif dans la zone de glace est représenté de façon réaliste dans 

les modèles du Système Terre ? Doit-on en améliorer la représentation ? 

• Suite aux conclusions obtenues aux deux précédentes problématiques, est-il possible de 

mieux caractériser la saisonnalité de la lumière disponible pour le phytoplancton dans 

les régions englacées arctiques et de comprendre comment cette saisonnalité affecte le 

phytoplancton ? 
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1.1 Évolution de la saisonnalité de la banquise arctique 

Concernant la saisonnalité de la banquise, il y avait jusqu’alors peu d’études concernant 

l’évolution future des diagnostics de saisonnalité de la banquise et que peu d’information quant 

aux mécanismes associés à cette évolution. Dans le premier chapitre de cette thèse, j’étudie 

l’évolution présente et future de la période d’eau libre arctique ainsi que les relations entre jours 

de retrait et jour d’avancée de la banquise. Si l’évolution présente de la période d’eau libre est 

dominée par des tendances similaires entre date de retrait et date d’avancée de la banquise, cette 

configuration va changer dans les décennies à venir, d’après les projections climatiques. Tous 

les modèles de CMIP5 utilisés dans cette analyse projettent une tendance de la date d’avancée 

de la banquise qui devrait excéder, voir même doubler la tendance dans le jour de retrait, 

décalant la période d’eau libre vers l’automne. Les mécanismes à l’origine de cette asymétrie 

entre évolution du retrait et de l’avancée de la banquise sont purement thermodynamiques. 

Deux rétroactions positives sont à l’origine de cette asymétrie. La rétroaction d’été est la plus 

forte. Elle s’explique par le fait que le rayonnement solaire pénètre l’océan plus rapidement que 

le rayonnement non solaire ne le quitte. Lors d’un décalage dans la date de retrait en réponse 

au forçage radiatif, de l’énergie va être stockée dans l’océan et va décaler la date d’avancée 

(Perovich et al., 2007). Cette énergie mettant plus de temps à s’évacuer qu’à pénétrer dans 

l’océan, la date d’avancée va être d’autant plus décalée. La rétroaction d’hiver plus faible, quant 

à elle, est due à la période de croissance de la banquise relativement plus longue que la période 

de fonte et à la rétroaction croissance-épaisseur. Ce mécanisme d’amplification mis en place 

par ces deux rétroactions n’est, néanmoins pas retrouvé dans les évolutions présentes et 

interannuelles de la période d’eau libre. Ceci est attribué à la forte variabilité interannuelle ainsi 

qu’à d’autres processus qui tempèrent la réponse thermodynamique de la banquise au 

réchauffement climatique.    
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1.2 Transfert radiatif dans les zones de banquise arctique 

Le second chapitre vise à évaluer le schéma de transfert radiatif dans la zone de glace arctique 

dans le modèle d’océan de l’IPSL, NEMO, à partir d’analyse de données in situ. En raison du 

manque d’observations, le schéma de transfert radiatif dans NEMO est basé sur de nombreuses 

hypothèses simplificatrices et présente par conséquent de larges incertitudes. Les récentes 

campagnes de mesures optiques dans la zone de glace arctique, réalisées ces dernières années, 

ont permis de proposer des améliorations dans le schéma de transfert radiatif. Deux spécificités 

du modèle NEMO sont évaluées dans ce chapitre : (i) les valeurs des paramètres utilisés dans 

le calcul de la transmittance au travers des différents types de glace (banquise nue, enneigée et 

couverte de mares de fonte) ; (ii) le fractionnement en bandes spectrales (trois dans le visible, 

une dans le non visible) du rayonnement transmis à l’océan pour décrire la quantité de 

rayonnement pénétrant en profondeur dans l’océan. Cette étude a montré que l’hypothèse 

formulée dans le modèle NEMO selon laquelle la transmittance est nulle dans la neige est 

fausse. En effet, une certaine quantité de rayonnement est transmise même au travers de la 

banquise couverte de neige dans les données in situ. Un ajustement des paramètres dans la glace 

nue est aussi proposé pour réduire l’écart entre les valeurs de transmittance simulées et 

observées. De plus, les résultats présentés dans cette étude ont mis en lumière l’importance de 

considérer les mares de fonte dans le calcul de rayonnement transmis au travers de la banquise. 

Concernant le fractionnement en bande de longueurs d’onde, l’étude a démontré que la banquise 

influence grandement le spectre du rayonnement incident avant de le transmettre à l’océan. 

Ainsi, utiliser les mêmes fractions de bandes spectrales pour la lumière transmise dans un océan 

couvert de glace que pour un océan libre de glace contribue à grandement sous-estimer le 

rayonnement dans les zones de banquise.    
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L’ensemble des améliorations suggérées lors de ce chapitre devrait contribuer à sensiblement 

augmenter le rayonnement simulé transmis en profondeur dans les zones englacées et pourrait 

notamment influencer la croissance du phytoplancton.  

 

1.3 Cycle saisonnier de la lumière dans la zone de banquise arctique 

 L’étude présentée en troisième chapitre reprend les conclusions des chapitres précédents pour 

définir un meilleur diagnostic pour décrire le cycle saisonnier de la lumière disponible pour le 

phytoplancton à la surface de l’océan. Aujourd’hui, l’approche usuelle est de décrire le cycle 

saisonnier de la lumière transmise à l’océan, dans les régions englacées à partir de la période 

d’eau libre. J’ai néanmoins montré, dans les précédents chapitres, que cycle saisonnier de la 

lumière et période d’eau libre pouvaient être fortement décorrélés. Il a alors été défini dans le 

dernier chapitre un nouveau diagnostic, la photopériode, prenant en compte ces grandes 

conclusions et décrivant mieux le cycle du rayonnement transmis à l’océan dans les régions 

englacées. Toutefois, de larges incertitudes sur la photopériode gouvernées notamment par la 

réponse du phytoplancton à la lumière persistent. L’utilisation de la photopériode comme 

diagnostic de la limitation en lumière pour le phytoplancton n’est, par conséquent, pas encore 

possible tant que ces incertitudes perdurent. Une étude préliminaire de la réponse du 

phytoplancton à la lumière dans le modèle d’océan NEMO a notamment montré que le 

phytoplancton était par construction lié à la période d’eau libre du fait de nombreuses 

hypothèses du modèle, notamment la photosynthèse nulle sous la banquise et un mélange 

horizontal beaucoup plus rapide que la photosynthèse.  

 

A partir des conclusions majeures de cette thèse, la figure 1 propose un bilan des divers acteurs 

gouvernant les liens entre banquise, lumière et phytoplancton arctiques ainsi que leur possible 

évolution future. La période d’eau libre est majoritairement contrôlée par le cycle solaire, par 
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les échanges thermodynamiques entre océan et atmosphère durant l’été, ainsi que par 

l’épaisseur de la glace, qui contrôlent sa date de retrait. L’évolution de la période d’eau libre 

est majoritairement gouvernée par la date d’avancée plus tardive de la banquise. La période 

d’eau libre est projetée à augmenter et à se décaler vers l’automne, ayant lieu en partie pendant 

la nuit polaire à l’avenir. Parallèlement, la photopériode est aujourd’hui supérieure à la période 

d’eau libre en raison notamment de la transmission du rayonnement solaire au travers de la 

banquise. La photopériode est projetée à augmenter en raison de (i) l’augmentation de la période 

d’eau libre ; (ii) l’amincissement de la banquise. Toutefois, cette augmentation va être limitée 

par la nuit polaire. Ces deux évolutions parallèles de la période d’eau libre et de la photopériode 

ont toutes deux un impact sur l’évolution du phytoplancton arctique. Mais la non-linéarité entre 

croissance du phytoplancton et disponibilité en lumière rend la quantification de ces impacts 

complexe.  

 

 

Figure 1. Schéma résumant les trois résultats majeurs de la thèse et suggérant une évolution future à la 

période d’eau libre et à la photopériode.  
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 2. Perspectives  

Les nombreuses limitations et questions non résolues abordées lors de cette thèse offrent de 

nombreuses pistes à des travaux futurs. 

Dans un premier temps, j’ai pour projet de poursuivre l’amélioration du schéma de transfert 

radiatif dans le modèle glace-océan, NEMO-LIM. L’étude actuelle s’appuie sur l’analyse de 

trois récentes campagnes de mesure majoritairement focalisées sur la banquise côtière. 

L’analyse de certaines données issues de campagnes de mesures réalisées dans de la banquise 

dérivante tel que la dérive de Tara en 2007 (Nicolaus et al., 2010), ainsi que, plus récemment, 

la dérive du Polarstern entre 2012 et 2017 (Castellani et al., 2019; Katlein et al., 2019) 

permettrait de lever le voile sur un certain nombre d’incertitudes.  

Toujours dans l’idée d’améliorer le schéma de transfert radiatif dans la banquise dans le modèle, 

j’ai aussi pour ambition d’évaluer l’approximation de delta Eddington parallèlement à la loi de 

Beer Lambert en m’appuyant sur le code issu des travaux réalisé par Briegleb et Light (2007) 

et utilisé dans le modèle américain, CICE (Hunke et al., 2019).   

Une autre de mes priorités à l’issue de cette thèse sera d’étudier les impacts des changements 

apportés par une amélioration de la représentation du transfert radiatif dans la banquise, sur : 

(i) Les simulations forcées. Ceci me permettrait d’analyser la réponse du 

phytoplancton simulé aux changements de rayonnement transmis dans la zone 

de banquise arctique.  

(ii) Les simulations couplées. Je m’attends à ce que l’augmentation du rayonnement 

transmis au travers de la neige et la banquise impacte la thermodynamique de la 

banquise et de l’océan et influence les processus de fonte et de formation de la 

banquise. De plus, le phytoplancton, influencé par l’apport de lumière disponible 

dans la zone de glace pourrait modifier l’intensité de la rétroaction bio-optique 
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entre fonte de glace, croissance du plancton et absorption de rayonnement solaire 

dans l’océan superficiel (Lengaigne et al., 2007). 

(iii) D’autres modifications en plus de celles apportées au schéma de transfert radiatif 

pourraient approfondir cette analyse. J’envisage notamment d’étudier l’impact 

d’une discrétisation sous maille de l’épaisseur de banquise (Long et al., 2015) 

ainsi que de la fraction de neige (Abraham et al., 2015) sur le phytoplancton 

simulé. 

Enfin, à plus long terme, d’autres études retiennent mon attention. Si le mécanisme 

thermodynamique d’amplification dans le décalage du jour d’avancée de la banquise, discuté 

en chapitre 1 semble robuste par sa simplicité et par le fait qu’il fait consensus auprès des 

modèles de CMIP5, il n’a pas pu être clairement démontré, faute d’avoir les diagnostics 

appropriés. Les nouvelles simulations de CMIP6 permettent maintenant l’accès à ces 

diagnostics (Notz et al., 2016), notament les champs diurnes et pourrait éventuellement 

permettre de démontrer les hypothèses formulées dans le premier chapitre de cette thèse.  

L’ensemble de cette thèse se focalise sur les régions englacées arctiques. La banquise australe 

(Antarctique) se différencie de la banquise boréale (Arctique) dans de nombreux aspects. Ces 

différences devraient jouer un rôle fondamental notamment sur les processus de fonte et de 

formation de la banquise et sur son cycle saisonnier, mais aussi sur la microstructure et par 

conséquent l’optique de la banquise antarctique et finalement sur les relations entre banquise, 

lumière et phytoplancton en Antarctique. Il serait donc intéressant de réaliser les mêmes 

analyses, mais pour l’Antarctique.  

Enfin, la lumière n’est pas le seul paramètre à influencer la croissance du phytoplancton. En se 

focalisant essentiellement sur les interactions entre banquise, lumière et phytoplancton, une 

partie des processus liés à la banquise et qui influencent la croissance du phytoplancton est 

oubliée. Les nutriments jouent un rôle fondamental dans la limitation du phytoplancton en 
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Arctique (Tremblay & Gagnon, 2009) et mieux comprendre le bilan des nutriments dans les 

régions englacées arctiques (et antarctiques) est fondamental pour mieux contraindre les 

modèles du système Terre concernant la réponse du phytoplancton au changement climatique 

dans les régions englacées. 
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Supplementary Material 

 

Table S1. Impact of statistical parameters on observation-based trends and seasonality 

diagnostics. The table gives satellite-derived sea ice seasonality statistics (1980-2015): trends in ice 

retreat date (rr), ice advance date (ra) and length of the ice-free season (rl), as well as long-term 

(!" #⁄
%&'() and short-term (!" #⁄

)*&#+) ice advance offset ratios, given for varying computational 

parameters. Trends and ratios are given as median ± interquartile range, taken over a specified 

ensemble of satellite pixels, verifying two conditions: (i) Nij, the number of years for which the 

retreat and advance dates are both defined, is larger than Nmin; (ii) the trends in retreat and advance 

dates both characterised by a p-value pij < pmax. When pmax=1, there is no selection of pixels based 

on the significance of the trends. ,)-&&+* corresponds to the smoothing period applied to raw ice 

concentration time series.  

./01	 2/34	 56/7789 

(days) 

::  

(days/deca

de) 

:3  

(days/deca

de) 

:;  

(days/decad

e) 

<= :>
;71?	 <= :>

697:8	 .  

(% of SIZ) 

4 1 15 -4.6 ± 8.6 4.8 ± 6.7 9.4 ± 13.3 0.65 ± 1.38 0.21 ± 0.31 23475 (100%) 

12 1 15 -4.8 ± 7.7 4.9 ± 5.8 9.8 ± 12.1 0.71 ± 1.14 0.21 ± 0.27 19500 (83%) 

30 1 15 -5.4 ± 6.4 4.6 ± 4.3 10.3 ± 9.9 0.77 ± 0.83 0.21 ± 0.23 10047 (43%) 

12 0.25 15 -7.6 ± 6.5 6.1 ± 5.3 13.8 ± 1.1 0.78 ± 0.60 0.23 ± 0.23 9493 (40.4 %) 

12 0.05 15 -8.8 ± 7.2 6.1 ± 5.3 15.3 ± 11.4 0.71 ± 0.42 0.24 ± 0.23 5243 (22.3 %) 

12 0.05 5 -9.4 ± 8.8 6.7 ± 6.2 17.0 ± 13.1 0.69 ± 0.43 0.20 ± 0.22 4910 (23.8 %) 
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Figure S1. CMIP5 (blue; median ± IQR of the 9 models), Satellite observations (black) and forced-

atmosphere IPSL-CM simulation (red) sea ice extent seasonal cycle between 1980-2015.  
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Figure S2. Evaluation of the impact of using monthly mean values as a basis for the CMIP5 

computation of ice retreat and advance dates and ice-free season. To do this we have calculated 

ice retreat and advance date and ice-free season length from three different sources: (i) the daily ice 

concentration directly from satellite observations (“daily”); (ii) the monthly sea ice concentration, 

averaged from satellite daily concentrations (“monthly”); (iii) the satellite monthly fields, re-

interpolated daily (“interpolated”).  

For each ice seasonality diagnostics, the maps represent the spatial distribution of the difference 

between the interpolated (top) or monthly (bottom) field and the daily field.  Median ± IQR refers to 

all points in the seasonal ice zone. 

 

  



  

 173 

 

 

 5 

Figure S3. Maps of ice retreat date, ice advance date and ice-free season length over 1980-2015 (36 

years) for the individual CMIP5 models and a forced-atmosphere IPSL-CM simulation. 
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Figure S4. Maps of trend in ice retreat date, ice advance date and ice-free season length over 1980-

2015 (36 years) for the individual CMIP5 models and a forced-atmosphere IPSL-CM simulation. 

Hatching refers to the 95% confidence interval (p=0.05). 
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Figure S5. Evaluation of the impact of internal variability. Long-term ice advance vs. retreat 

amplification coefficient from four realizations of IPSL-CM5A-LR over 1980-2015, 2015-2050 and 

2050-2085. 
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Figure S6. Evaluation of the impact of internal variability. Short-term ice advance vs. retreat 

amplification coefficient from four realizations of IPSL-CM5A-LR over 1980-2015, 2015-2050 and 

2050-2085. 
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Figure S7. Impact of simulated mean state on the long-term ice advance vs. retreat 

amplification coefficient (1980-2015, 75% confidence interval). To illustrate this, we show the 

satellite-derived coefficient (centre), a forced-atmosphere IPSL-CM simulation (left) with better 

mean state than the fully-coupled IPSL-CM5A-LR simulation (right).  
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Figure S8. Evolution of the ice seasonality diagnostics (day of ice retreat, blue; and day of ice 

advance da, orange), for all individual models with corresponding range of satellite derived-values 

(green rectangles 1980-2015) over the 70-80°N latitude band. the average polar night is also 

depicted (grey rectangles). 
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Figure S9. Impact of using a more restrictive confidence interval for the long-term ice 

advance vs. retreat amplification coefficient (to be compared with Fig. 2). long-term ice 

advance vs. retreat amplification coefficient using a more restrictive (95%) confidence interval for 

(a) passive microwave retrievals over 1980-2015; IPSL-CM5A-LR over (b) 1980-2015, (c) 2015-

2050, (d) 2050-2085. 
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Abstract 
 
Saroma-ko Lagoon, located on the Okhotsk Sea coast of Hokkaido, is seasonally covered by 
flat, homogeneous, easily accessible and safe sea ice. As such, it proves a very useful 
experimental site for the study of sea ice processes, the inter-comparison of methods, the 
testing of equipment and the training to polar regions. In this contribution, we describe the a 
physical, chemical, and ecosystem survey at Saroma-ko Lagoon, conducted over February 
23–28, 2019 under the auspices of the SLOPE2019 (Saroma-ko Lagoon Observations for sea 
ice Physico-chemistry and Ecosystems 2019) program. Sea ice cores were collected to 
examine temperature, salinity, oxygen isotopic ratio, thin sections, and chemical and 
biological parameters such as carbonate chemistry, CH4, nutrients, chlorophyll a 
concentrations, and ice algae community assemblage. Broadband and spectral irradiance 
measurements were carried out above/under the sea ice, and different sensors were inter-
compared at close positions and environments. Equipment such as spectrometers, air–sea ice 
CO2/CH4 flux chamber, and under-ice turbulent heat flux systems were tested for future 
Arctic and Antarctic expeditions. Finally, an artificial pool was dug into the sea ice to 
understand the effect of snow particles on ice growth and to compare the gas exchange 
process over sea ice with an ice-free water surface. Our SLOPE2019 field campaign activities 
provided useful information for inter-comparison work and future sea ice research in the 
polar oceans. 
 
 
Key words: sea ice, light, training and test measurement, inter-comparison, Saroma-ko 
Lagoon 
 
 
 
1. Introduction 
 
Saroma-ko Lagoon (surface area, 151.59 km2 and maximum depth, 22 m) is located on the 
northeast coast of Hokkaido, Japan, and is connected to the southern part of the Sea of 
Okhotsk through two inlets. Saroma-ko Lagoon and the surrounding areas are located at the 
lowest-latitude where sea ice forms in the northern hemisphere (e.g. Liu et al., 2018). The 
water mass of the eastern part of the lagoon consists mainly of Okhotsk Sea water with 
freshwater input from the Saromabetsu River (Shirasawa and Leppäranta, 2003; Nomura et 
al., 2009, 2010). Almost the entire surface of the lagoon is covered with sea ice from early 
January through early April (Shirasawa and Leppäranta, 2003; Shirasawa et al., 2005). 
Because the sea ice forms in a semi-enclosed lagoon protected from dynamical disturbance, 
the sea ice conditions are kept almost stable which produces flat and homogeneous land-fast 
ice, and thus provide safe and comfortable conditions for sea ice research. This also provides 
good conditions of training for students and researchers, and for equipment testing in 
conditions easier and safer than in the context of Southern or Arctic Ocean field work. 
International sea ice field courses for interdisciplinary sea-ice research have been carried out 
in collaboration with USA, Finland, and Australia. 
 
Observations over recent decades suggest that sea ice plays a significant role in the      
biogeochemical cycles within polar seas and oceans, providing an active biogeochemical 
interface at the ocean–atmosphere boundary (Vancoppenolle et al., 2013). However, a 
pressing need exists to perform methodological inter-comparison experiments in order to 
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obtain reliable measurements of basic biogeochemical properties (Miller et al., 2015). With 
newly emerging techniques, and pressed by the rapid changes in sea ice, the time has come to 
evaluate and improve our approach to study sea-ice systems. In 2016, the Scientific 
Committee on Oceanic Research (SCOR) launched Working Group 152 on Measuring 
Essential Climate Variables in Sea Ice (ECV-Ice). This working group will synthesize past 
inter-comparison exercises and design and coordinate new experiments. The ultimate goal is 
to provide the international community with standardized protocols for processing sea-ice 
samples and collecting data for key variables. Saroma-ko Lagoon is especially suited for 
inter-comparison experiments of sea ice measurement methods. So far inter-comparison 
experiments conducted in Saroma-ko Lagoon focused on the effect of melting treatments on 
the assessment of biomass and nutrients in sea ice in 2016 (Roukaerts et al., 2019) and sea ice 
primary production in 2018. 
  
The purpose of the 2019 campaign was to 1) examine the physical, chemical, and ecosystems 
of sea ice and snow for light measurement above/under the sea ice, 2) inter-compare different 
light measurement methods performed with different sensors, 3) test equipment for future 
Arctic and Antarctic expeditions, such as spectroradiometers, air–sea ice CO2/CH4 flux 
chamber, and under-ice turbulent heat flux systems, 4) document the link between 
meteorological conditions and ice crystal alignment in young sea ice, 5) compare gas 
exchange processes over sea ice and ice-free water surface by using artificial pool, and  6) 
train and educate students and young scientists for future polar expeditions.    
 
 
 
2. Sampling site and environmental conditions 
 
Field work was conducted from February 23 to 28, 2019 by several sub-groups organized 
around different locations near 44°07’091’’N, 143°57’238’’E, 2 km from the eastern coast of 
the Saroma-ko Lagoon, (Figure 1). Snow depth was 8.4 ± 1.2 cm (n=150) and sea ice 
thickness was 47.5 ± 3.2 cm (n=30), whereas water depth was about 6 m.  
 
Air temperature, and wind direction and speed were monitored at one minute intervals by the 
automatic weather system (AWS) (Kestrel manufacturer) at site C2 with an accuracy of 
0.5°C for air temperature and 3% of reading for wind speed. Air temperature ranged from –
15°C to +2°C during the observation period (Figure 2a) and featured a clear day-night cycle. 
Southerly to westerly wind dominated with wind speed ranging from 0 to 5 m s–1. Wind data 
were not obtained at night, presumably due to freezing of the propeller. Yet, since daytime 
wind speed was consistent with the nearby Tokoro weather station (Figure 1c) and run by the 
Japan Meteorological Agency (Figure 2b), the wind data at the latter site were used for 
analysis. Upward and downward radiative fluxes, including shortwave and longwave 
radiation, were monitored at one minute intervals by the radiometer (MR-40, EKO 
Instruments Co., Ltd) near the AWS (Figure 3a). 
 
Light conditions during SLOPE2019 were typically beautiful weather, clear skies, with 
occasional cirrostrati and cirrocumuli, and rarely full overcast conditions. The last day (28 
February 2019) was entirely free of clouds. Every day, near sunset (around 18:00 LT), the 
solar disk was disappearing behind the mountains and the moon was showing up, from 
waning gibbous to last quarter (81–51% of visible moon disk). 
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3. Sea ice and snow properties  
 
Sea ice cores and overlying snow were sampled at site C2 on 23 (16:00  LT), 25 (15:45  LT), 
and 27 February 2019 (15:49  LT). Sea ice cores were taken using a standard sea ice corer 
(Mark II coring system, Kovacs Enterprises, Inc.). Snow was sampled using a plastic shovel. 
Vertical temperature profiles within ice core and snow were inferred from a needle 
temperature probe (Testo 110 NTC, Brandt Instruments, Inc.). Ice cores were then cut every 
10 cm from the bottom of the ice. Snow samples and sea ice core sections were placed into 
the air-tight Smart bags PA (AAK 5L, GL Sciences Inc.) and melted in the dark at +4°C. 
After melting, meltwater was poured in the bottles for each parameter, and samples were 
processed/analyzed.  
 
Figure 4 shows the vertical profile of temperature, salinity, brine volume fraction, carbonate 
chemical parameters such as dissolved inorganic carbon (DIC) and total alkalinity (TA), and 
chlorophyll a (chl. a) concentrations within sea ice and snow (other parameters such as water 
oxygen isotopic ratio, CH4, and nutrients are currently being processed and analyzed).      . 
Vertical temperature profiles in sea ice were remarkably stable through the experiment 
(Figure 4a). By contrast snow temperature profiles were more variable (Figure 4a). This is 
because the specific heat of saline ice is much higher than that of snow, buffering 
temperature changes in sea ice. The variability in snow temperature reflects changes in 
sampling time combined with a strong air temperature diurnal cycle. High salinities (S >17 
psu) characterized the bottom of the snow and the sea ice surface, and the profile within the 
sea ice was C-shaped (Figure 4b). Brine volume fraction of sea ice calculated from the 
temperature and salinity ranged from 8 to 30% (Figure 4c), indicating permeable sea ice. 
Vertical profiles of DIC and TA were similar with that of salinity and ranged from 42 to 1159 
µmol kg–1 for DIC and 26 to 1305 µmol kg–1 for TA (Figures 4d and e).  Chl. a concentration 
was high at the bottom of the sea ice (>166 µg L–1) (Figure 4f), and these concentrations were 
higher than typically observed at the site (Nomura et al., 2011) presumably due to the low 
snow depth during this campaign and higher light penetration through the snowpack and sea 
ice. Basically, there was no temporal variation during the ice sampling period (within 5 days) 
for each parameter, except for the temperature within the snowpack (the variability in snow 
temperature was affected by a strong air temperature diurnal cycle). The vertical thin-section 
photographs of the sea ice core at site C2 on 25 February 2019 (Figure 4g) indicated that 
most of the ice core was dominated by the granular ice (snow-ice plus frazil ice) (89% of the 
ice thickness in the upper parts of the ice core), and columnar ice made up to 11% of the 
lower parts of the core. The sea-ice algal community was overwhelmingly dominated by 
diatoms (98%, cell counts) (Figure 5) and the remaining were cryptophytes and 
dinoflagellates.  
 
Snow analyses were conducted at sites T1 and T2, including snow classification and 
measurements of snow depth, grain size, density, temperature, and mass concentrations in 
impurities. Figure 6 shows an example of the snow conditions in the sampling layers. At site 
T1, the snowpack of 7 cm depth was spread over the sea ice of approximately 51 cm. The 
observed snow form in the upper layers consisted of rounded grains of r1 ~ 400 µm and r2 ~ 
100 µm (median) while the lower layers mainly consisted of melt forms of r1 ~ 1500 µm and 
r2 ~ 600 µm (median) corresponding to the snow grain size where two measures of snow 
grain size were measured (Tanikawa et al., 2014). The temperatures of snow were all below 
freezing. Snow density was approximately 300 kg m–3. The mass concentrations of snow 
impurity of organic carbon, elemental carbon, and dust were 0.39, 0.18, and 7.14 for a top 
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layer and 0.18, 0.08, and 2.71 for a bottom layer, respectively. Technical details of snow 
analyses were described in Tanikawa et al. (2014) and Kuchiki et al. (2015). 
 
 
 
4. Optical measurements above/under the sea ice 
 
Optical measurements were performed above and under the ice by three different sub-groups. 
This included broadband and spectral measurements, above and under sea ice, and this 
section gives an overview of the instruments deployed and measurements performed. These 
provide a detailed view of the light field above and under the sea ice. Inter-comparison of the 
different instruments deployed provides additional insights on uncertainties. All 
measurements have in common that care was taken to minimize the footprints and shadow 
effects. 
 
 
4.1 Optical and ancillary measurements 
 
 
4.1.1 Pyranometers (broadband radiation) 
 
Broadband, near-surface, planar irradiances, in their down- and up-welling shortwave (SW) 
and longwave components, were collected with two different instruments: the MR-40 (EKO 
Instruments Co., Ltd) (Figure 3a), and the CNR4 (Kipp and Zonen, Delft) (Figure 3b). Both 
instruments were deployed at about 30 m from each other, near site C2 (see Figure 1). Both 
instruments have slightly different spectral range: 285 nm–3 µm for MR-40 and 305 nm–2.8 
µm for CNR4. The MR-40 was mounted on a table-shaped stand (Figure 3a). The CNR4 was 
mounted on a tripod with a 2-m arm extension (Figure 3b). Broadband albedo was retrieved 
by dividing the upwelling by downwelling irradiance. Because of radiometer errors at low 
irradiance and solar angles and of concomitant drastic changes in albedo, we used a threshold 
of 50 W m–2 on incoming irradiance to calculate albedo. Both instruments were deployed 
during the full survey, starting on 23 February 2019, slightly after solar noon and ending on 
27 February 2019, in the afternoon. CNR4 failed on the last measurement day (27 February 
2019). Three full daily cycles were captured by both instruments. Both instruments sampled 
at 1 minute resolution. 
 
 
4.1.2 Spectrometers and spectral radiometers (spectral radiation) 
 
A second set of experiments was focused on spectral measurements above and under the sea 
ice. Three different instruments were used for specific purposes and deployed at distinct 
locations. Occasionally, they were also deployed jointly during several short inter-
comparison sessions. 
 
(i) The FieldSpec FR grating spectrometer (PANalytical) was mostly used to measure surface 
spectral albedo. The FieldSpec FR covers λ = 0.35–2.5 µm, with a spectral resolution of 3 nm 
for λ = 0.35–1.0 µm; and of 10 nm for λ = 1.0–2.5 µm. To integrate over a half-sphere and 
measure irradiance, a cosine collector was used. The latter consisted of a white reference 
standard of a Spectralon diffuser panel, SRT-90 (Labsphere). The spectral upwelling and 
downwelling irradiance fluxes were retrieved, from which spectral albedo was deduced. The 
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FieldSpec FR was deployed at sites T1 and T2 (200 m away from the eastern coast of 

Saroma-ko Lagoon) (Figure 3c).  

 

 

(ii) Two TriOS RAMSES ACC UV/VIS hyperspectral radiometers (SAM 8182 and SAM 

8033, TriOS) were used for a spatial survey of under-ice spectral light transmission (Figures 

3d–f). The TriOS RAMSES covers a wavelength range of 350 to 920 nm, with spectral 

resolution of 3.3 nm. Protocols from Wongpan et al. (2018) were applied. A first sensor 

(SAM 8182) was deployed above the sea ice, mounted on a tripod at about 1 m height 

(Figure 3f). A second sensor (SAM 8033) was deployed under the ice using a retractable L-

arm (Figure 3d). The L-arm was inserted through a 0.11 m (diameter) borehole drilled with 

the Mark II Kovacs corer. The horizontal arm was 1.3 m long, and the sensor was placed ~7.5 

cm below the ice–ocean interface. The two sensors were connected to a laptop using the 

IPS104-4 Plus interface (Figure 3f). The MSDA software was used, enabling synchronous 

measurements above and under the sea ice. Specific calibration files were used for the above- 

(air) and under-sea ice (water) measurements. At least three joint above- and under-ice 

spectra were recorded at each measurement location. Finally, spectral transmittance was 

retrieved from the ratio of under- and above-ice downwelling planar irradiant fluxes. 

 

Once done the optical measurements, snow and ice sampling for biogeochemical parameters 

were started. The location of the under-ice radiometer and snow depth were recorded. Snow 

samples were collected in a Ziploc bag. A sea ice core was taken and sliced into bottom 0.1 

m, and equal-length middle and top sections. The melting of snow and ice samples, filtration 

and measurement of chl. a concentration (Turner Designs 10AU Field and Laboratory 

Fluorometer) were done following standard protocol (e.g. Roukaerts et al. 2018) by melting 

without addition of filtered seawater at low temperature (around +5°C) in the dark. Optical 

measurements with the TriOS RAMSES spectrometers, and sampling of snow and ice core 

were performed at 27 sites over a 250 m×250 m area (see Figure 1d), from 23 to 26 February 

2019. The sampling sites were located on three east-west lines at 0, 2, 4, 8, 16, 32, 64, 128, 

and 256 m. The three lines were separated by 128 m in the south-north direction.  

 

 

(iii) An STS-VIS grating micro-spectrometer (Ocean Optics), was deployed in the framework 

of a temporal survey of under-ice spectral light transmission (Figure 3g). The STS-VIS 

photodiode array covers the 350–800 nm wavelength range, with 1024 channels. As the 

effective spectrometer resolution is ~10 nm, a 30-channel smoothing was applied to all 

outputs. The STS-VIS was deployed under the ice, onboard the Ice-T fish system, an ice-

tethered sealed cavity hanging below the ice at depth up to 5 m, and inclined with an angle of 

10–20°, depending on current intensity (Figures 3h). An optical fiber placed through the 

upper lid of the Ice-T fish connects the STS-VIS to the exterior. Radiances (W m–2 nm–1) 

were retrieved from counts, then converted to irradiances assuming an elliptical angular 

radiance distribution in the water column. Irradiance over the visible range is finally 

computed by wavelength-integration. 

 

The STS-VIS was deployed at site C2 during February 23–24, 2019 and taken home at night, 

to ensure proper data collection. On 25 February 2019, the STS spectrometer was deployed at 

site C4 and left under water, during two complete days and nights. 

 

 

4.2 Above-ice measurements: irradiance and albedo 
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4.2.1 Solar irradiance above sea ice 
 
Time series of incoming solar irradiance from MR-40 and CNR4 show the expected solar 
irradiance diurnal cycle (Figure 7a). During daytime, irradiance typically was within the 
range of 0–600 W m–2. At night, irradiance was within the range of 0.5–20 W m–2. This 
suggests substantial light pollution, since a full moon would irradiate at 10–3 W m–2. By all 
means, the amount of noise suggests that the detection limits of both MR-40 and CNR4 are 
reached at night.  
 
MR-40 and CNR4 can be compared when simultaneously operational. Both instruments 
suggest extremely consistent irradiance variations at temporal scales as small as 1 minute. 
There are systematic differences between both instruments. Indeed, downwelling SW 
irradiance was 120.2 W m–2 for MR-40 and 117.8 W m–2 for CNR4, equivalent to a +2% 
difference. The systematic difference between both instruments was opposite for upwelling 
SW: MR-40 recorded 90.8 W m–2 on average, whereas CNR4 recorded 93.1 W m–2 (–2.5%).  
 
Since the differences for downwelling and upwelling irradiances have opposite sign, we 
suggest that they are not due to actual differences between the MR-40 and CNR4. Rather, 
these differences most likely reflect actual signals, due for instance to different mounting of 
the instruments (shadow and height), or to different surface type. These differences are hard 
to disentangle, because MR-40 and CNR4 were not deployed under close enough mounting 
and environmental conditions. 
 
 
4.2.2 Surface albedo 
 
The median surface broadband albedo obtained from MR-40 and CNR4 falls within the 0.75–
0.80 range (Figure 7b), typical of dry snow-covered sea ice (e.g. Perovich and Grenfell, 
1981). Due to differences in recorded downwelling and upwelling irradiances, retrieved 
albedos are significantly different at both MR-40 and CNR4 sites: 0.76 ± 0.05 for MR-40 and 
0.79 ± 0.04 for CNR4.   
 
The FieldSpec FR provides a spectral view of the surface albedo, for snow-covered and 
snow-free sea ice (Figure 8). Snow-free sea ice was obtained by artificially removing snow 
around the measurement point. Measurements suggest that snow-covered sea ice albedo is 
lower than typical continental snow albedo values, yet with similar spectral shape. This is 
because the albedo integrates contributions from both snow and the sea ice below, which 
scatters light less efficiently than snow. The spectral albedo of the snow-free sea ice was 0.6–
0.7 in the visible region, 0.1–0.4 in the near-infrared region typically < 0.1 in the 1.5–2.0 µm 
range. In the visible window, albedo would be affected by multiple scattering of air bubbles 
and brine within the sea ice. In the near-infrared and shortwave infrared wavelengths, the 
albedo would be dominated by direct surface (Fresnel) reflection at the sea ice surface, 
because of the relatively strong light absorption at such wavelengths. 
 
 
4.3. Under-ice measurements: irradiance and transmittance 
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4.3.1 Inter-comparison of TriOS RAMSES and STS-VIS spectrometers 
 
On four occasions, the TriOS RAMSES and STS-VIS were jointly deployed at close 
locations and environments, for inter-comparison. The transmitted spectral irradiance 
recorded by both instruments is depicted in Figure 9. During each session, several 
acquisitions were performed, indicating measurement uncertainty associated with small 
variations in sensor position.  
 
For three of the four inter-comparison cases (C2, C4#1, 256M5), the depth of the Ice-T fish 
was left at its standard depth of deployment (about 5 m), whereas the TriOS RAMSES on its 
L-arm was held at about 0.5 m (0.075 m below the ice-ocean interface) (Figure 9). In these 
three instances, the STS-VIS spectrum typically shows smaller red-light intensity than the 
TriOS RAMSES device, consistently with attenuation of irradiance with depth, stronger in 
seawater for red than for blue light. For the C4#2 deployment, the Ice-T fish was brought to 
about 70 cm depth, much closer to the TriOS RAMSES. In that case, both spectrometers give 
very close results. All in all, this exercise suggests that within uncertainties in spectral 
irradiance (about 1 mW m–2 nm–1), both instruments can be used interchangeably. 
 
 
4.3.2 Broadband irradiance 
 
The time series of under-ice irradiance, as recorded by STS-VIS, show a diurnal cycle of 
under-ice irradiance synchronized with surface irradiance (Figure 7a). The recorded under-ice 
irradiance was within the range of 10–4–2 W m–2. Transmittance was within the range of 0.1–
0.5% at 5 m depth.  
 
 
4.3.3 Spectral irradiance, transmittance and chl. a 
 
Both STS-VIS and Trios RAMSES consistently show under-ice light spectra typical of high-
chlorophyll conditions, with irradiance peak shifted towards 550–600 nm. Under-ice spectral 
shape was independent of location (Trios RAMSES) or time of the day (STS-VIS). Spectral 
irradiance was within the range of 0–20 mW m–2 nm–1. 
 
Spectral transmittance of sea ice was < 1%. As 85–90% of incoming visible light is reflected 
at the surface and that less than 1% is transmitted under the ice, bout 10% of the incoming 
light must be absorbed within snow and sea ice.  
 
The pair measurements of hyperspectral normalized transmittance and chl. a are displayed in 
Figure 10. Integrated chl. a was within the range of 6.8–29.4 mg m–2, with a mean of 18.8 ± 
6.0 mg m–2. Larger integrated chlorophyll is typically associated with more transmitted green 
light and less transmitted red light (Figure 10). This is consistent with the arguments 
proposed by Mundy et al. (2007), based on observations from Arctic first-year landfast sea 
ice of the Canadian Arctic. Snow effects have their weakest spectral dependence on 
transmitted light within the range of 400–570 nm. In addition, chl. a, one of the major 
pigments of sea ice algae, has a distinct absorption band center at 440 nm.  
 
 
 
5. Physical properties of under-ice water  
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In this section, the programs and preliminary results from the physical oceanographic 
observations are described. The main purpose of the research was to evaluate the ice–ocean 
heat exchange associated with evolution of the fast ice in the Saroma-ko Lagoon. In addition, 
these measurements were experimental training and test for the Multidisciplinary drifting 
Observatory for the Study of Arctic Climate (MOSAiC) during the year-round expedition 
from 2019 to 2020 into the central Arctic.  
 
To investigate thermodynamic features in the near-surface layer during ice formation, we 
created a 1 m×1 m square pool at site Y1 and then deployed an autonomous temperature-
profiling buoy (IceTC2/30, Marlin-Yug) at its corner (Figure 11). The instrument is a 2 m-
long thermistor chain, with a 20 cm constant interval, and transmits the data via the Iridium 
satellite at an hourly time interval. As one of the main observations, the turbulent heat flux in 
the ice-water boundary layer was directly measured with an eddy-covariance flux system, 
which consists of an acoustic Doppler velocimeter (Vector, Nortek) and a fast-response 
thermometer (Rinko-EC by JFE Advantech Inc.). The two fast sensors were linked with a 
cable to make synchronized data sampling. The eddy-covariance system was installed in an 
ice hole 15 cm in diameter at a place 1 m apart from the pool.  
 
We also established a wind-insulating shelter, which was located 10 m aside the experimental 
pool. Inside the shelter, an ADCP (400 kHz AquaDopp profiler) was deployed to observe 
horizontal current at multi-depths (approximate 3, 5, and 7 m). We also conducted profiles 
with a CTD probe (RINKO profiler, JFE Advantech). The data acquisition was performed as 
daily routine during a period between 24 and 27 February 2019, and resulted in 17 vertical 
profiles. 
 
The preliminary results are described in the following. Averaged vertical profiles from 
overall CTD casts suggest that the sea-ice melt water created a 1-m thick, strongly stratified 
layer at the top (Figure 12). In the layer, water temperature is always higher than the freezing 
point (Figure 12a). Meanwhile, a vertical gradient in salinity determines the shallow, strong 
stratification, where salinity changes by more than 10 over 1 m water depth (Figure 12b). In 
the experiment pool, where the water surface was exposed to the air, surface temperature was 
rather sensitive to the solar radiation (Figure 13). Regularly, it attained its maximum around 
noon, and then dropped in a few hours. Solar-heated water remained for longer hours at 
depths a few tens of centimeter below the ice-water boundary. It is added that the density of 
chl. a is coincidently high in the surface stratified layer, reaching 6 μg L–1 (Figure 12d). 
 
The eddy-covariance system, measuring temperature and velocity at approximately 1-m 
depth, shows recurrent events of upward turbulent heat transfer (Figure 13a). The events were 
quite intermittent, and occasionally reached 5–10 W m–2. The most prominent peak was one 
that occurred around 22:00 LT on 26 February, achieving greater than 60 W m–2 in 
magnitude. With respect to the horizontal current, we cannot say any conclusion at this point. 
That is, we did not find any prevailing current, neither tidal signals from the current field 
(Figure 13c). The only notable exception was the northward current that happened during the 
evening of the first sampling day. The current was seen solely at 3 m depth, with nearly 20 
cm s–1 of magnitude. The northward flow could be related to the upward heat flux, being 5–
10 W m–2, which was observed by the eddy-covariance system at nearly same timing.  
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6. Artificial pool experiment 
 
6.1. Effects of snow on the sea ice structure at the early growth stage 
 
To clarify the meteorological conditions which differentiate two crystal types of granular and 
columnar ice, and their formation processes especially for granular ice quantitatively, we 
made a square pool with a dimension of 1.5 m×1.5 m at 200 m away from the eastern shore 
of the Saroma-ko Lagoon and conducted field experiments to grow sea ice for the period 
from 25 to 27 February (Figure 14). The salinity and depth of seawater at the pool were 31.2 
psu and 1.2 m, respectively, and the pool was surrounded by 32 cm thick fast ice with 9 cm 
thick snow on it. The ice growth conditions were monitored with a camera mounted near the 
pool. The radiative fluxes were measured with a radiometer equipped near the AWS. 
 
During the period, relatively cold and calm conditions prevailed, which provided a favorable 
condition for the bottom freezing rather than frazil ice production. Instead, the difference in 
snowfall conditions provided a good opportunity to examine the effect of snow on the sea ice 
structure and surface heat balance at the early growth stage. We intend to estimate it 
quantitatively as a case study through the sample analysis and a thermodynamic ice-growth 
model. 
 
 
6.2. Gas exchange process at the ice-free water surface  
 
Recent CO2 flux measurements on sea ice indicate that sea ice is an active component in gas 
exchange between ocean and atmosphere (Delille et al., 2014). In this campaign, we tried to 
set up and measure the CH4 flux on sea ice in addition to the CO2. A LI-COR 8100-104 
chamber was installed within 1 m×1.5 m artificial pool with float (Figure 15a) from 12:00 LT 
to 16:00 LT 27 February 2019. A chamber was connected to a LI-8100A soil CO2 flux 
system (LI-COR Inc.) for CO2 and Ultraportable Greenhouse Gas Analyzer (Los Gatos 
Research) for CH4 concentration within chamber. The CO2 and CH4 flux (mmol C m−2 day−1 
for CO2 and µmol C m−2 day−1 for CH4) (positive value indicates CO2 and CH4 being released 
from ice surface to air) was calculated based on the changes of the CO2 and CH4 
concentrations within the headspace of the chamber (Figure 15b). This chamber deployment 
was also examined over the snow and after removing snow at site C2 at same time period 
(12:00 LT to 16:00 LT) at 26 and 27 February, respectively. These measurements were 
training and test for MOSAiC.  
 
For CO2 flux, the mean (and standard deviation) values within the pool were –0.9±0.9 mmol 
C m−2 day−1 (n=12) and the magnitude of negative flux was higher than those measured over 
the snow (–0.6±0.3 mmol C m−2 day−1) (n=7) and the sea ice after removing snow (–0.8±0.3 
mmol C m−2 day−1) (n=11) at site C2. For CH4 flux, the mean (and standard deviation) values 
within the pool were +34.9±9.4 µmol C m−2 day−1 (n=12) and magnitude of positive flux was 
higher than those measured over the snow +0.1±0.9 µmol C m−2 day−1) (n=7) and the sea ice 
after removing snow (+0.7±1.7 µmol C m−2 day−1) (n=11) at site C2. These results suggested 
that the ice-free surface acts as sink for CO2 and source for CH4 because CO2 and CH4 
concentration would be low and high with respect to that in the atmosphere, respectively 
(DIC/TA for CO2 and CH4 concentration measurement were under process and analysis). The 
results obtained during this campaign will become comparison data with respect to the data 
that will be obtained during MOSAiC. 
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Figure caption 
 
Figure 1 (double column size).  
Location map of the Sea of Okhotsk (a), Saroma-ko Lagoon (b), study site within the lagoon 
(c), and sea ice site coordination during SLOPE2019 (d).  



  

 196 

 

 
Figure 2 (single column size).  
Time series of air temperature (a) and wind speed (b) at Saroma-ko Lagoon (red) and the 
weather station in Tokoro (blue) (Figure 1c). 
 
Figure 3 (single column size).  
Photograph of MR-40 (a), CNR4 (b), FieldSpec FR (c), under-ice irradiance sensor 
measuring the light transmits through snow, sea ice, and is absorbed by sea ice algae (d). The 
irradiance sensor was installed through the borehole (e), and the above-ice sensor and under-
ice while the temperature of the drilled core was measured in concert (f).  Photograph of 
STS-VIS (g) and STS-VIS in the water (h). 
 
Figure 4 (double column size).  
Vertical profile of temperature (a), salinity (b), brine volume fraction (c), carbonate chemical 
parameters such as dissolved inorganic carbon (DIC) (d) and total alkalinity (TA) (e), and 
chl. a concentrations (f) within sea ice and snow at site C2 at 23, 25, and 27 February 2019. 
The picture in f shows the bottom ice section of the ice core at site C2. The vertical thin-
section photographs of the sea ice core at site C2 at 25 February 2019 (g). 
 
Figure 5 (single column size).  
Photographic image of ice algae community assemblage for bottom ice section of the ice core 
from site C2. Cell counting for ice algae community assemblage was examined with a 
microscope (IMT-2, Olympus) 10× oculars and 40× objective.  
 
Figure 6 (single column size).  
Vertical profiles of snow parameters obtained from snow pit work at 24 February 2019 at site 
T1. The ds and hi are snow depth and sea ice thickness, respectively. The characters used to 
indicate snow form are in accordance with the snow classification scheme of Fierz et al. 
(2009). For snow grain size, statistics of minimum, maximum and medium (number within 
brackets) are indicated. Two dimensions of grain size were defined: one half the length of the 
major axis of dendrites or cluster of aggregated grains (r1) and one-half the branch width of 
dendrites, which is half of the width of the narrower part of broken crystals or the radius of 
each spherical particle (r2). Snow impurities has three values, OC, EC, and dust, respectively.  
 
Figure 7 (single column size).  
Time series of downwelling planar irradiance from different instruments (MR-40 and CNR4 
above the ice surface and STS-VIS under the ice surface at about 5 m depth) (a). Time series 
of surface albedo diagnosed from MR-40 and CNR4 (b). 
 
Figure 8 (single column size).  
Spectral albedos for snow covered- and -free sea ice, respectively. θ0 is solar zenith angle. 
 
Figure 9 (double column size).  
Inter-comparison of transmitted irradiance measurements from STS-VIS (grey) and TriOS 
RAMSES (black) sensors. Note that zIce-T and zRamses are sensor positions and were measured 
from the air–ice interface. 
 
Figure 10 (single column size).  
Spectral transmittance measured by TriOS RAMSES ACC UV/VIS during SLOPE2019.  
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Figure 11 (single column size).  
Schematic view of upper-water thermodynamic experiment (a) and an aerial photograph of 
the site (b). The photo was taken by an air drone. 
 
Figure 12 (single column size).  
Mean vertical profiles of the entire CTD observations for temperature (a) salinity (b) density 
anomaly σT (c), and chl. a concentration. A blue solid line in (a) shows the freezing point, 
determined from the mean salinity profile in (b). 
 
Figure 13 (single column size).  
Vertical turbulent heat flux measured by the eddy-covariance system (a). Temperature 
variation in the upper 2 m, recorded by the thermistor chain (b). Horizontal current velocity at 
depths of 3, 5, and 7 m (c). The length and direction of arrow indicate current speed and 
direction. The horizontal axis represents the local time. In panel (a), the upward heat flux is 
shown by positive sign, and the downward is vice versa. 
 
Figure 14 (single column size).  
Photographs of pool experiments for the whole site to examine the effects of snow on the sea 
ice structure at the early growth stage (a), where a white circle denotes a monitoring camera, 
and ice sampling (b). 
 
Figure 15 (single column size).  
Photograph of the CO2 and CH4 flux chamber system at an artificial pool site to compare the 
gas exchange process over the sea ice (a). Example of the temporal variation in CH4 
concentration in the chambers installed over the snow at 13:53 LT 27 February 2019 (b).  
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Figure 1 (double column size).  
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Figure 2 (single column size).  
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Figure 3 

 
 

 
 
Figure 3 (single column size).  
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Figure 4 
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Figure 4 (Double column size).  
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Figure 5 (single column size).  
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Figure 6 
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Figure 6 (single column size).  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

 
 

 
 
Figure 7 (single column size).  
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Figure 8 

 
Figure 9 

 
 

 
 
Figure 8 (single column size).  
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Figure 9 (Double column size)  
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Figure 10 

 
Figure 11 

 
 

 
 
Figure 10 (single column size).  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

 
 

 
 
Figure 11 (single column size).  
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Figure 12 

 
Figure 13 

 
 

 
 
Figure 12 (Single column size).  
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Figure 13 (single column size).  
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Figure 14 

 
 

 
 
Figure 14 (single column size).  
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Figure 15 
 
 
  

 
 

 
 
Figure 15 (single column size).  
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De l’interaction entre banquise, lumière et phytoplancton arctique 
Résumé : 
Nos connaissances sur les mécanismes gouvernant la croissance du phytoplancton dans les régions 
englacées arctiques présentent de nombreuses lacunes. Une des sources majeures d’incertitudes est liée 
aux interactions entre banquise, lumière et phytoplancton arctique.  
L’objectif de cette thèse est de mieux comprendre ces interactions, de révéler les sources principales 
d’incertitude dans les modèles du système Terre pour pouvoir, à l’avenir, mieux contraindre les modèles 
quant à ces interactions.  
Dans cette thèse j’étudie d’abord les mécanismes d'évolution de la saisonnalité de la banquise arctique, 
principalement en lien avec le forçage solaire. J’étudie ensuite l’impact de la banquise sur le 
rayonnement transmis à la surface de l’océan et enfin comment la lumière transmise à la surface des 
eaux englacées arctiques interagit avec le phytoplancton. 
Je montre d’abord que la période d’eau libre arctique est majoritairement contrôlée par le cycle solaire 
et par les échanges thermodynamiques entre océan et atmosphère durant l’été. Selon les projections 
climatiques, elle devrait augmenter et se décaler vers l’automne.  
J’évalue ensuite le schéma de transfert radiatif du modèle d’océan, NEMO, dans la zone de banquise 
arctique à partir d’une analyse de donnée in situ. Je montre que le rayonnement transmis sous la banquise 
est aujourd’hui fortement sous-estimé, en raison notamment d’une surestimation de l’atténuation par la 
neige et par les premiers centimètres de l’océan couvert de banquise.  
Je définis, enfin, un diagnostic pour décrire le cycle saisonnier de la lumière disponible dans la zone de 
glace, et j’étudie son impact sur le phytoplancton simulé par le modèle biogéochimique, PISCES. Il 
reste néanmoins, de larges incertitudes pour comprendre la relation entre ce diagnostic et la croissance 
du phytoplancton, notamment en raison de la non-linéarité entre lumière disponible et croissance du 
phytoplancton ainsi que des incertitudes liées à la physiologie du phytoplancton arctique.  
 
Mots clés : Océan Arctique, glace de mer, biogéochimie marine, modèles du système Terre, transfert 
radiatif, thermodynamique 
 
About interaction between Arctic sea ice, light and phytoplankton 
Abstract: 
Large weaknesses remain considering our understanding of the drivers of phytoplankton growth in 
Arctic sea ice zone, especially due to large uncertainties in the interactions between sea ice, light and 
phytoplankton. 
The aim of this PhD thesis is to better understand these interactions and to highlight the main 
uncertainties considering these interactions in Earth System Models to better constrain them.  
I study the impact of solar shortwave radiation on the Arctic sea ice seasonal cycle, the impact of sea 
ice on transmitted light field to the upper ocean and finally, the influence of available light on the 
phytoplankton in Arctic sea ice zone.  
I first show that the ice-free period is mainly led by the solar irradiance cycle and by the ocean-
atmosphere thermodynamic exchanges during summer. It is consequently projected to extend into fall 
in the future.  
Then, I evaluate the radiative transfer scheme in the ocean model NEMO, in arctic sea ice zone, based 
on an in-situ data analysis. I show that NEMO largely underestimates the transmitted shortwave 
radiation in ice-covered waters, especially due to the overestimation of the snow and the first level of 
the ocean attenuation. 
I finally define a diagnostic to describe available light seasonality in the sea ice zone and I study the 
impact of this diagnostic on simulated phytoplankton in the bio-geochemistry model PISCES. However, 
large uncertainties remain in the study of the relation between this diagnostic and the phytoplankton 
growth. This is especially due to the non-linearity between available light and phytoplankton growth 
and also due to the lake of knowledge about the phytoplankton physiology.  
 
Key words: Arctic Ocean, sea ice, marine bio-geochemistry, Earth System Model, radiative transfer, 
thermodynamic 


