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Résumé: L’Océan Pacifique représente environ
50% du volume global des océans, ce qui en
fait un acteur essentiel des cycles biogéochimiques
globaux et de leur réponse aux perturbations. En
particulier, l’Océan Pacifique profond abrite des
réservoirs majeurs de carbone et de nutriments,
dont la taille et les variations sont largement con-
trôlées par les transports physiques de traceurs.
Dans cette thèse, je cherche à mieux compren-
dre et contraindre le transport de traceurs dans
l’Océan Pacifique profond à travers plusieurs états
climatiques. Pour cela, j’ai à la fois généré de
nouvelles données et utilisé des observations pré-
existantes, de traceurs conservatifs, notamment
les isotopes de l’oxygène, ainsi que des modèles
numériques de circulation océanique. Je montre
que le mélange isopycnal exerce un contrôle essen-
tiel sur la ventilation des profondeurs moyennes du
Pacifique. Un retour des eaux abyssales vers la
surface est identifié dans le Pacifique subarctique
moderne. Cette voie de remontée semble avoir
diminué pendant le dernier maximum glaciaire,
il y a environ 20 000 ans, et le Pacifique Nord

profond pourrait avoir été plus fortement strati-
fié. Cependant, les preuves de changements néces-
saires dans le sud du bassin pour expliquer cette
stratification profonde restent rares. Les mod-
èles actuels de la circulation générale de l’océan
peinent à reproduire les trajectoires des traceurs et
les vitesses de ventilation dans le Pacifique Nord
moderne déduites des observations. Cependant,
ces circuits de traceurs restent insuffisamment con-
traints et la dynamique sous-jacente est mal com-
prise. L’analyse des mesures in situ du rapport
isotopique de l’oxygène 18 (18O) de l’eau de mer
constitue un moyen efficace pour mieux contrain-
dre les origines et les itinéraires des traceurs dans
l’océan profond : les observations actuelles de 18O
dans les océans Austral, Indien et Pacifique per-
mettent de mieux comprendre ces itinéraires. Je
suggère que des mesures supplémentaires de 18O à
partir d’échantillons d’eau de mer modernes et de
coquilles de calcite dans les carottes de sédiments
fourniraient des contraintes précieuses sur les réser-
voirs et les flux de traceurs actuels et passés dans
l’océan profond.
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Abstract: The Pacific Ocean represents about
50% of the global ocean volume, making it an es-
sential player in global biogeochemical cycles and
their response to external perturbations. In partic-
ular, the deep Pacific Ocean hosts major reservoirs
of carbon and nutrients, whose size and variations
are largely controlled by physical tracer transports.
In this thesis, I aim to better understand and con-
strain the transport of tracers in the deep Pacific
Ocean across climate states. I use historical and
generate new observations of conservative tracers,
notably oxygen isotopes, combined with numerical
models of ocean circulation. I show that isopycnal
mixing is an essential control of the ventilation of
Pacific mid-depths. A return of abyssal waters to
the surface is identified in the modern subarctic
Pacific. This upwelling pathway may have been
weaker during the Last Glacial Maximum about
20,000 years ago, and the deep North Pacific may
have been more strongly layered; however, evi-

dence for the required end member changes in the
south of the basin remains sparse. State-of-the-
art prognostic models of global ocean circulation
struggle to represent observationally inferred tracer
pathways and turn-over times in the modern North
Pacific. However, these tracer pathways remain in-
sufficiently constrained and the underlying dynam-
ics are poorly understood. Analysis of in-situ mea-
surements of the oxygen isotope ratio of seawater
(δ18O) provides an efficient means to better con-
strain the origins and routes of tracers in the deep
ocean: insights on these routes are derived from
existing δ18O observations in the Southern, In-
dian, and Pacific Oceans. I suggest that additional
measurements of δ18O from modern ocean water
samples, and from calcite shells in sediment cores,
would provide valuable constraints on present-day
and past tracer reservoirs and fluxes in the deep
ocean.





REMERCIEMENTS

Je tiens dans un premier temps à remercier mes superviseurs qui m’ont encadré lors de cette thèse. Je salue
leur disponibilité, et leur gentillesse. La passion qu’ils ont pour leur métier a grandement contribué à la joie
que j’ai eu d’effectuer mes travaux de recherche.

Plus spécialement, je tiens à remercier Didier sans qui cette thèse n’aurait pu être possible. Casimir,
partager un bureau avec toi, à défaut d’un thé ou d’un café, était un plaisir, ainsi que les discussions au
bobo ou aux arènes. Je tiens à remercier ta motivation sans faille pour répondre à mes nombreuses interro-
gations. William, ton enthousiasme a été une source d’énergie non négligeable pour moi, et les nombreuses
discussions de nos we respectifs une distraction très appréciée. Je tiens à te remercier tout particulièrement
pour les opportunités que tu m’as donné pour que j’aille présenter ma recherche à l’international.

Je remercie également Elaine McDonagh et David Ferreira qui ont accepté d’être rapporteurs de ma
thèse. Je leur en suis particulièrement reconnaissant, et leur souhaite bon courage. Je tiens à également
remercier les examinatrices, Masa Kageyama et Juliette Mignot pour l’honneur qu’elles me font d’évaluer
mon travail.

Toutes les personnes avec qui j’ai pu discuter à travers les différentes conférences en Italie, en Norvège,
en Autriche, ou en France ont contribuées à la réussite de cette thèse et je leur en suis reconnaissant.

Je tiens à remercier également Elisabeth Michel et Claire Waelbroeck pour avoir suivi mon travail avec
un œil intéressé et avisé, ainsi que pour les discussions enrichissantes que nous avons eues. Un remerciement
supplémentaire pour Claire qui m’a acceuillie au LOCEAN et qui m’a aidé à réaliser une partie des mesures
de ma thèse. Je remercie également James Rae et Kazuyo Tachikawa qui ont accepté de suivre le déroulé
de ma thèse. Amy Wagner, pour son acceuil à Sacramento et sa bienveillance à mon égard.

Le LSCE m’a fourni un cadre idéal pour mener à bien cette thèse, et je remercie l’ensemble de l’équipe
PALEOCEAN pour son accueil. Hélène, Patricia, Fatima, merci pour votre patience et votre aide qui a été
précieuse. Hervé, s’il te plaît ne change rien. Sébastien, perdre au tournoi de volley du LSCE, ce n’est pas

5



6

si grave que ça. Gulay, merci infinimment pour la patience que tu as eu pour me présenter les différents
petits organismes vivants au fond des océans; et surtout pour ta joie de vivre.

Je salue également les doctorants du LSCE avec qui j’ai pu partager de riches moments, Maureen,
Stanley, Eva, Camille, Simon, Joséphine, Emma et bien d’autres. Enfin, certains doctorants extérieurs au
labo auront marqué ma mémoire; David, je ne peux qu’être d’accord. Je remercie l’équipe du foot du jeudi
et pour citer un grand homme: "Jacques, Anaïs, c’était bien".

Je tiens à remercier Marie et Marine pour tous ces moments partagés. Avec moi, vous trouverez toujours
une oreille attentive pour vous plaindre de votre thèse (ou autre).

Un remerciement également pour mes "vrais amis", Nicolas et Julien, qui ont rendu ces 3 années au
LSCE phénoménales. Des souvenirs impérissables. Des amitiés précieuses. N’oubliez pas d’y aller mollo.

Un remerciement tout particulier à mes parents, qui m’ont soutenu dans la réalisation de ces travaux.
Ils ont su supporter mon envie dans les moments de doute; pour cela et bien d’autres choses je leur suis
redevable. A mon frère et mes soeurs pour leur présence et leur joie de vivre.

Finalement, je tiens à remercier les personnes dont j’ai pu partager le quotidien au cours de ces 3
années. La maison d’Arceuil et ses soirées endiablées à tout jour et toute heure. La beberge pour ses riches
discussions et joyeuses festivités. Et enfin, celle qui partage mon quotidien depuis maintenant une année, et
je l’espère, pour de nombreuses à venir. Claire, ton soutien au travers de cette thèse n’a pas d’égal. Merci.



RÉSUMÉ EN FRANÇAIS

Contexte

Au cours des deux derniers millions d’années, le climat terrestre a alterné entre des périodes glaciaires
(froides) et interglaciaires (chaudes). Ces cycles glaciaires-interglaciaires ont été accompagnées par des
variations cycliques du dioxyde de carbone (CO2) atmosphérique. L’origine de ces cycles est débattue, mais
dépendrait principalement de la réponse combinée aux changements orbitaux du cycle du carbone, de la
cryosphère et de la circulation océanique. Bien que la périodicité de ces cycles soit contrôlée par les forçages
orbitaux (Imbrie et al., 1984), l’ampleur de la réponse du système climatique ne peut pas être expliquée par
ces seuls forçages, et nécessite des rétroactions au sein de ce dernier pour expliquer les variations de CO2

et de la température globale.
Le système climatique terrestre est constitué de plusieurs composants : l’atmosphère, l’océan, la

cryosphère, les surfaces continentales (végétation et rivières), et la croûte océanique et continentale,
qui stockent et échangent le CO2 sur des échelles de temps très différentes (Sigman and Boyle, 2000).
L’unique composant pouvant expliquer les variations de CO2 atmosphérique au cours des cycles glaciaires-
interglaciaires est l’océan profond, en raison de sa taille et de son temps de réponse aux perturbations
atmosphérique (Broecker, 1982). Plusieurs mécanismes ont été proposés pour expliquer ces variations de
CO2, notamment des changements dans la circulation océanique (Ferrari et al., 2014; Kwon et al., 2012;
Toggweiler et al., 2006), dans l’environnement de la couche de mélange (Abelmann et al., 2015; Stephens
and Keeling, 2000), ou encore dans l’inventaire des nutriments (Shoenfelt et al., 2018; Wallmann et al.,
2016). Expliquer la magnitude de ces variations ne représente plus une difficulté; le véritable défi n’est
pas de trouver des mécanismes supplémentaires pouvant expliquer des changement de CO2, mais plutôt de
mieux contraindre la contribution de chacun de ces mécanismes (Galbraith and Skinner, 2020).

La ventilation océanique est définie comme la combinaison du mélange turbulent et du transport des
masses d’eaux dans l’océan. Cet ensemble de phénomènes physique contrôle la distribution des différents
traceurs, comme la chaleur et les nutriments, dans l’océan. Comprendre la ventilation océanique est essentiel
pour comprendre la réponse future de l’océan à la perturbation induite par la combustion des combustibles
fossiles. Etudier et analyser la ventilation océanique à différentes époques permet de mieux comprendre le
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fonctionnements de l’océan, et comment celui-ci réagit en réponse aux perturbations. Cette thèse explore la
ventilation de l’océan profond, avec un accent particulier sur l’océan Pacifique, sous conditions climatique
moderne et glaciaire. Pour cette étude, j’utilise à la fois des données, pré-existantes et de nouvelles, ainsi
que des modèles d’océans. Cette thèse s’intéresse également à l’évaluation des modèles numériques d’océan,
pour comprendre le niveau de fidélité qu’ont ceux-ci à reproduire la ventilation océanique.

Problématique

Le transport de masse dans l’océan, ou "circulation océanique de retournement", ventile les profondeurs
de l’océan par un renouvellement des eaux qui passe par la formation d’eaux denses. Seul deux endroits
permettent aux eaux de surface de devenir suffisament denses et de plonger jusqu’au fond de l’océan: aux
hautes latitudes de l’Atlantique Nord, appelées les eaux profondes de l’Atlantique Nord (NADW), et aux
marges de l’Antarctique, appelées eaux Antarctique de fond (AABW). Ces eaux nouvellement formées se
substituent progressivement aux anciennes eaux profondes, permettant au carbone séquestré dans l’océan
de remonter vers l’océan supérieur et l’atmosphère. Le Pacifique Nord est éloigné des principales sources de
formation des eaux profondes, et contient donc des eaux très anciennes, appauvries en oxygène et enrichies
en carbone. Caractériser les mécanismes de la ventilation lente du Pacifique Nord est donc crucial pour
comprendre le stockage du carbone dans l’océan.

Aujourd’hui, les eaux du Pacifique se situant sous la thermocline sont ventilées via trois branches de
circulation principales (Figure 1). Aux profondeurs intermédiaires, jusqu’à environ 1 km, l’eau antarctique
intermédiaire (AAIW) formée dans l’océan Austral domine la ventilation des eaux intermédiaires du Pacifique
Sud, tandis que l’eau intermédiaire du Pacifique Nord (NPIW) formée au nord-ouest du bassin domine les
profondeurs intermédiaires du Pacifique Nord. À des profondeurs plus importantes, la ventilation repose
exclusivement sur les eaux provenant de l’océan Austral, en l’absence de formation d’eaux profondes dans
le Pacifique Nord (Warren, 1983). Les moteurs et voies de cette ventilation profonde sont encore débattus
(Holzer et al., 2021). Il existe deux visions différentes de la circulation profonde du Pacifique, représentées
en Figure 1 : l’une voit les eaux denses antarctiques (AABW) remontant de manière diffuse jusqu’à environ
1,5 km sous l’influence du mélange diapycnal (mélange à travers les surfaces d’isodensité) et du chauffage
géothermique avant de retourner vers le sud, transformées en eaux profondes du Pacifique (PDW). L’autre
théorie propose que la remontée diffuse est confinée aux profondeurs abyssales où le fond marin est abondant,
laissant une couche aux profondeurs moyennes exclue du retournement et faiblement ventilée par diffusion
isopycnale (le long des surfaces d’isodensité) et recirculation (de Lavergne et al., 2017).

De multiples preuves indiquent des changements dans la circulation océanique profonde entre le LGM
(Dernier Maximum Glaciaire) et l’époque moderne. Notre compréhension actuelle des changements possibles
de la circulation océanique profonde pour le LGM par rapport à aujourd’hui sont (1) des eaux NADW moins
dense (Curry and Oppo, 2005; Ferrari et al., 2014), (2) une augmentation de la production des eaux
intermédiaires du Pacifique Nord (NPIW) (e.g. Keigwin, 1998; Matsumoto et al., 2002; Rae et al., 2020),
et (3) un océan plus froid et plus salé, avec une augmentation de la stratification profonde en raison de la
salinité plutôt que de la température (Adkins et al., 2002). D’autre part, la cellule de retournement abyssale
pourrait avoir une structure largement inchangée, puisque celle-ci est déterminée par la topographie profonde
(de Lavergne et al., 2017).
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Figure 1: Deux visions distinctes de la circulation profonde actuelle du Pacifique, adaptées de Holzer

et al. (2021). La circulation de retournement classique est illustrée en (a), et la circulation contrainte

par la bathymétrie en (b). Les courbes noires épaisses représentent les principales branches de la

circulation de retournement. Les flèches rouges verticales et horizontales à double tête illustrent

respectivement le mélange diapycnal et le mélange isopycnal. Les masses d’eau importantes sont

étiquetées : Eau de Fond Antarctique (AABW), Eau Profonde du Pacifique (PDW), Eau Profonde Cir-

cumpolaire Supérieure (UCDW), Eau Intermédiaire Antarctique (AAIW) et Eau Intermédiaire du Paci-

fique Nord (NPIW).
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Afin d’apporter des contraintes sur la ventilation océanique, l’utilisation de traceurs conservatifs se révèle
particulièrement astucieuse. En effet, ces traceurs ne peuvent être modifiés par la biologie. Ainsi, leurs
variations sont directement dues au mélange et transport des différentes masses d’eaux. Les observations
de ces traceurs permettent donc de directement contraindre la ventilation océanique. Dans cette thèse nous
utiliserons l’abondance realtive de l’isotope 18O de l’oxygène, pour contraindre la ventilation de l’océan
moderne et glaciaire. Des mesures de l’abondance relative de cet isotope dans l’eau de mer (δ18Osw)
permettent d’apporter des contraintes sur l’océan moderne. Pour l’analyse de la ventilation du dernier
maximum glaciaire, des mesures de l’eau de mer ne peuvent être directement effectuées et nous utilisons
les coquilles des foraminifères benthiques. Ces organismes vivent au fond des océans et enregistrent des
informations sur leur environnement, au moment de la formation de leurs coquille. L’analyse du ratio de
l’abondance relative de l’oxygène-18 dans leurs coquilles (δ18OCaCO3) permet de reconstruire la ventilation
océanique passée.

Cette thèse vise à répondre aux questions suivantes:

1. Quels sont les mécanismes responsables de la ventilation profonde du Pacifique, et quelles voies les
eaux empruntent-elles ?

2. Que peut-on déduire des mesures des rapport isotopiques de l’oxygène pour la ventilation moderne
(δ18Osw) et glaciaire (δ18OCaCO3) ?

3. Dans quelle mesure la ventilation de l’océan moderne est-elle réaliste dans les modèles numériques
d’océans? Que manque t’il actuellement dans les paramétrisations de ces modèles pour représenter
avec précision la ventilation de l’océan Pacifique profond ?

Contributions

La réponse à ces questions a mené à la publication d’un article, et à la préparation de deux autres:

• Millet, B., Gray, W.R., de Lavergne, C. et al. Oxygen isotope constraints on the ventilation of the mod-
ern and glacial Pacific. Clim Dyn 62, 649–664 (2024). https://doi.org/10.1007/s00382-023-06910-8

• Bruno Millet, Casimir de Lavergne, William R. Gray, Christian Ethé, Gurvan Madec, Mark Holzer,
Geoffrey Gebbie, and Didier M. Roche. Global ocean ventilation: a comparison between a general
circulation model and data-constrained inverse models. Journal of Advances in Modeling Earth
Systems.

• Bruno Millet, William R. Gray, Casimir de Lavergne, Claire Waelbroeck et al. The oxygen isotope
ratio of seawater in the modern deep ocean: a clear marker of water origin?

Les travaux développés dans cette thèse ont également menés à des collaborations au sein d’autres
projets:

• Saurabh Rathore, Casimir de Lavergne, Gurvan Madec, Jean-Baptiste Sallée, Christian Ethé, Antoine
Nasser, Bruno Millet, Martin Vancoppenolle. Effects of improved tidal mixing in NEMO one-degree
global ocean model (2024). Journal of Advances in Modeling Earth Systems.

https://doi.org/10.1007/s00382-023-06910-8
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• Contribution to the LOCEAN-CISE database, which compiles measurements of the oxygen and hy-
drogen isotope ratios in seawater made at the LOCEAN laboratory.

• Contribution to the upcoming second version of the World Atlas of late Quaternary Foraminiferal
Oxygen and Carbon Isotope Ratios (Mulitza et al., 2022).

Réponses à la question 1
La diffusion isopycnale joue un rôle majeur dans la ventilation des profondeurs moyennes de l’océan

Pacifique. Dans les plaines abyssales, les eaux AABW se propagent vers le nord avant de remonter après
transformation par mélange diapycnal et chauffage géothermique et retournent vers l’océan Austral. Le
Chapitre I a mis en évidence une remontée de traceurs abyssaux le long de la topographie dans le Pacifique
subarctique. La remontée des eaux profondes semble être le processus dominant pour la ventilation des
profondeurs moyennes, au nord de 35°N. Les candidats probables pour expliquer cette remontée de traceurs
sont le mélange diapycnal et la remontée causée par le pompage d’Ekman. Aucune réponse claire n’est
ressortie de notre étude sur leurs rôles respectif et des travaux futurs sont nécessaires pour approfondir cet
aspect.

Dans le Chapitre I, nous avons émis l’hypothèse que l’emplacement du minimum de radiocarbone dans
le Pacifique, qui correspond aux eaux les plus anciennes de l’océan mondial, était déterminé par l’influence
combinée de (1) la ventilation par diffusion isopycnale depuis le sud, à mi-profondeur, et (2) la ventilation
par la remontée des traceurs abyssaux le long de la topographie au nord du Pacifique. Les différentes
paramétrisations de mélange utilisées dans NEMO au Chapitre II ont confirmé que la localisation du maxi-
mum d’âge dépend à la fois de la diffusion isopycnale et diapycnale. Les eaux de mi-profondeur du Pacifique
sont donc ventilées par un équilibre entre diffusion isopycnale (venant du sud) et diapycnale (venant d’eaux
plus profondes).

Les distributions modernes des traceurs conservatifs sont quasi-uniformes dans le Pacifique. Ceci
s’explique par la faible variabilité de ceux-ci dans le Pacifique Sud. Cependant, le potentiel de la diffu-
sion isopycnale pour établir une forte variabilité de traceurs à mi-profondeur dans le Pacifique est démontré
à travers l’utilisation d’un traceur passif. En effet, dans le Chapitre II, le traceur passif représentant les
eaux provenant de l’Atlantique Nord, possède un maximum à mi-profondeur, qui persiste au travers du
Pacifique. Précisément, ces différences de traceurs pourraient s’être produites au cours du LGM, puisqu’un
maximum marqué de δ18OCaCO3 est observé dans le Pacifique Nord. Les preuves géochimiques glaciaires
suggèrent une plus forte stratification des eaux au cours du LGM, avec une moindre connexion entre les
abysses et les profondeurs moyennes. Il est intéressant de noter qu’un relativement léger biais de densité
dans les eaux provenant de l’Atlantique Nord dans nos simulations NEMO résulte en un océan plus stratifié,
et suggère une possible déconnexion entre les cellules de retournement de l’Atlantique et de l’Antarctique.
Ce résultat indique le potentiel de la diffusion isopycnale pour contrôler la majeure partie de la ventilation
à mi-profondeur dans des états climatiques différents, et notamment le LGM.
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Réponses à la question 2
Le rapport isotopique de l’oxygène de l’eau de mer (δ18Osw) présente de fortes différences entre les deux

principales masses d’eaux contribuant à la ventilation de l’océan profond : AABW et NADW. La différence
dans leur signature isotopique permet de simples reconstructions pour quantifier leurs contributions relatives
à la ventilation de l’océan Austral. Un maximum dans le δ18Osw est observé dans une gamme de densités
correspondant aux eaux denses formées dans l’Atlantique Nord tout autour de l’Océan Austral. De plus,
je montre qu’un échantillonnage plus systématique dans les bassins indien et pacifique pourrait aider à
contraindre le mélange des différentes masses d’eaux dans l’océan Austral et lorsque celles-ci s’écoulent
et/ou diffusent dans les autres bassins. Le rôle que ce traceur pourrait jouer pour mesurer la pénétration
des eaux de faible densité dans l’océan n’a pas été entièrement exploré, mais pourrait être d’un intérêt
majeur. Des campagnes d’échantillonnage ciblées, zonales dans l’océan austral et méridiennes dans le
Pacifique et l’océan Indien, pourraient contribuer à préciser les schémas et les mécanismes de ventilation de
l’océan.

L’existence d’un gradient de δ18OCaCO3 entre les deux masses d’eau profonde au LGM reste incertaine.
Initialement, le maximum de δ18OCaCO3 observé à mi-profondeur dans le Pacifique Nord plaidait en faveur
d’une différence significative entre les masses d’eau dans le Pacifique Sud. Les reconstitutions des tempéra-
tures de l’eau de fond, à l’aide d’éléments traces, confirment que le signal observé est principalement lié à
un changement dans le profil de δ18Osw. Cependant, grâce à une recherche systématique dans différentes
bases de données et à l’analyse de carottes de sédiments pertinentes, nous n’obtenons pas de preuves claires
d’une diffusion du maximum de δ18Osw à mi-profondeur au LGM qui aurait finalement entraîné le maximum
de δ18OCaCO3 observé dans le Pacifique Nord.

En outre, l’analyse de carottes de sédiments idéalement choisies montre qu’il n’existe peut-être pas
de différences significatives dans le δ18OCaCO3 glaciaire des deux masses d’eau profonde. Les incertitudes
associées aux fractions glaciaires à l’emplacement des carottes de sédiments, en plus des incertitudes expéri-
mentales, d’échantillonnage et d’analyse, limitent de plus cette étude. J’aimerais insister sur le fait que la
création de méthodes permettant d’utiliser les nouvelles base de données paléocéanographiques de manière
systématique pourrait être le seul moyen de surmonter ces biais inhérents. Dans le Chapitre V, nous utilisons
une compilation de carottes de sédiments de l’Atlantique pour montrer que le changement de δ18OCaCO3

entre l’Holocène et le LGM montre également des informations intéressantes et indique soit un changement
dans le gradient de température glaciaire par rapport au présent, soit que la masse d’eau glaciaire NADW
était moins profonde qu’aujourd’hui, et centrée à 2 km de profondeur. En outre, le fort signal de δ18Osw

aux profondeurs intermédiaires dans le Pacifique Nord glaciaire plaide en faveur d’une expansion glaciaire
des eaux NPIW. Trouver des carottes de sédiments appropriées pour étudier la portée et l’étendue de cette
masse d’eau glaciaire pourrait être essentiel pour déduire les changements dans le cycle biogéochimique
glaciaire.
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Réponses à la question 3
Dans le Chapitre II, j’ai comparé une configuration globale du modèle de circulation océanique NEMO

à deux modèles inverses contraints par les données. Cette comparaison a utilisé principalement les volumes
ventilées par 5 régions de surface ainsi que les vitesses de ventilation des eaux, à l’équilibre. Ceux-ci partagent
plusieurs caractéristiques importantes, mais des différences majeures entre les modèles révèlent également
d’importants biais et inconnues :

• Les âges des eaux sont systématiquement plus élevés dans les simulations NEMO que dans les états
du modèle inverse. Les paramétrisations de mélange isopycnal et diapycnal les plus récentes donnent
un âge maximum dans le Pacifique plus de deux fois supérieur à celui des estimations des modèles
inverse. Une sous-estimation généralisée des taux de mélange isopycnal et diapycnal dans l’océan
profond est jugée probable.

• Les expériences NEMO présentent une stratification plus forte des colorants numériques que les
modèles inverses. Plusieurs facteurs peuvent expliquer cette différence : (i) la surestimation de la
diffusion diapycnale par les modèles inverses (ii) la production de NADW dans une plage de densité
neutre trop étroite (27,8-27,9 kg m−3) dans NEMO ; et (iii) la sous-estimation du mélange diapycnal
à l’intérieur de l’océan dans NEMO.

Dans l’ensemble, les simulations NEMO actuelles sont plus à même de représenter les volumes de
ventilation que les vitesses de ventilation. Ces biais liés à l’âge sont préoccupants lorsqu’il s’agit de modéliser
la réponse du système terrestre aux changements anthropiques : ils affectent non seulement la réponse à
long terme de l’océan, mais aussi l’état de base simulé de la biogéochimie marine, qui dépend étroitement
des taux de ventilation de l’océan profond. En d’autres termes, des biais importants dans l’âge affecteront
l’étalonnage des modèles biogéochimiques et, par conséquent, la réponse transitoire simulée des écosystèmes
marins et du cycle du carbone.

Les températures des 2 km supérieurs sont également mal représentées dans le Pacifique Nord subarc-
tique; ce bias est étudié dans le Chapitre III. Le courant limite de Kuroshio semble être mal représenté.
Celui-ci est combiné à un schéma de mélange isopycnal inadéquat qui résulte en ce biais de température. Il
en résulte une mauvaise représentation de la densité et de la pénétration des eaux NPIW, qui est essentielle
pour le cycle biogéochimique de l’océan Pacifique Nord.
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Over the past two million years Earth’s climate has cycled through a succession of glacial (cold) and
interglacial (warm) periods, accompanied by variations in atmospheric CO2 of up to 90 ppmv. The reason
behind the apparition of these cycles remains debated, but is thought to principally depends on how the
carbon cycle, cryosphere, and ocean circulation interact in their response to changes in orbital forcings
(Paillard, 2015). While the periodicity of these cycles is controlled by orbital forcings (Imbrie et al., 1984),
the magnitude of the Earth’s climate system response (or global temperature change) cannot be explained
by orbital forcings alone (which only affect the season and latitude of incoming solar radiation) (Brook and
Buizert, 2018). As such, feedbacks within the climate system are required to explain the CO2 variations
(Sigman and Boyle, 2000) and global temperature changes. Certain feedbacks, such as ice-albedo or water
vapor, are well understood. However, the deep-ocean carbon cycle processes thought to underpin the glacial-
interglacial variations in atmospheric CO2 are much more poorly constrained. These variations present a
challenge to our understanding of the climate as a system. Increasing our knowledge of the different
feedback mechanisms operating within the climate system is crucial to better understand both past and
future climates.

The Earth’s climate system consists of several components: the atmosphere, the ocean, the cryosphere,
continental surfaces (vegetation and rivers), and the oceanic and continental crust, that store and exchange
CO2 between one another over very different timescales (Sigman and Boyle, 2000). The only viable
candidate to explain the associated atmospheric CO2 changes over glacial-interglacial cycles is the deep
ocean, because of its reservoir size and response time (Broecker, 1982). Many mechanisms have been
proposed to explain these CO2 variations, among which changes in ocean circulation (Ferrari et al., 2014;
Kwon et al., 2012; Toggweiler et al., 2006), changes in the mixed-layer environment (Abelmann et al., 2015;
Stephens and Keeling, 2000), or even changes in the nutrient inventory processes (Shoenfelt et al., 2018;
Wallmann et al., 2016). The real challenge now is not to find additional mechanisms that could explain a
CO2 change but rather understand the contribution arising from each mechanism (Galbraith and Skinner,
2020).

The role of the ocean in regulating atmospheric CO2 starts at its interface with the atmosphere: the
surface ocean. Here it either takes up or releases CO2 to the atmosphere, depending on the difference in the
CO2 partial pressure between the surface ocean and atmosphere. The eventual drawdown of atmospheric
CO2 during glacial periods is made possible by the existence of the "biological pump" which exports CO2

from the surface ocean to the deep ocean and sediment interface (Knox and McElroy, 1984). It consists
of different marine organisms that incorporate nutrients such as CO2, nitrate, and phosphate into organic
matter. Some of this organic matter is consumed by the marine food chain, while some, following death or
excretion, sink into the deep ocean and sea bed in particulate form. This process ultimately removes CO2

from the surface ocean and consequently, from the atmosphere.
Most of the CO2 exported from the surface ocean is not buried in the sediments, and is instead converted

back into its inorganic constituents by other marine organisms (Guidi et al., 2015). This process, referred
to as remineralization, slowly loads deep waters with inorganic carbon as they circulate through the deep
ocean. Those waters eventually reach the surface, charged with ’remineralized’ nutrients, which leads to
CO2 outgassing. The upwelling of those waters to the surface is mainly driven by the winds in the tropics
and in the Southern Ocean; as part of a larger dynamic, oceanic circulation.

Global ocean circulation, dominated in its vertical dimension by the Meridional Overturning Circulation
(MOC), is a complex system of currents that intertwine through all of the world’s basins (Talley, 2013).
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In order to describe its structure, the oceanographic community has often defined different ’water masses’
that represent bodies of water with coherent salinity, temperature and other biochemical properties. A
water mass inherits its properties directly from the area where it forms (via heat and freshwater exchanges),
usually near the surface. Those newly formed waters flow in the ocean and progressively lose their core
properties under the influence of turbulent mixing. The distributions of tracers in the ocean are shaped by
both large-scale currents and turbulent mixing (Holzer and Primeau, 2006; Naveira Garabato et al., 2017);
the combination of those two tracer transport processes is referred here-on as ocean ventilation.

The difficulty associated to direct observations of large-scale currents and turbulent mixing led oceanog-
raphers to mainly rely on tracer distributions to constrain the contribution of different water masses to the
ventilation of the ocean. However, describing ocean ventilation from a single tracer distribution is haz-
ardous and can lead to different conclusions (e.g. use of δ13C to infer glacial circulation, Curry and Oppo,
2005; Gebbie, 2014; Kwon et al., 2012). In this exercise, the use of tracers that are only altered by ocean
circulation and turbulent mixing, referred to as conservative tracers, proves particularly judicious.

In this thesis, I will use the oxygen-18 isotopic abundance ratio of seawater, which is conservative, to
constrain modern ocean ventilation. Interestingly, this tracer is incorporated in the shells of calcifying ocean
organisms that eventually deposit on the seafloor in sediments. As such, analysis of these organisms may in
turn help us constrain ocean ventilation in the past.

The Last Glacial Maximum (LGM) corresponds to the last period of glaciation marked by a relatively
stable climate which lasted from 23,000 to 19,000 years ago. The global average surface air temperature
was on the order of 5°C colder than the pre-industrial equivalent (Annan et al., 2022; Bereiter et al., 2018).
It is probably the most studied past period for ocean ventilation; due to its relative temporal proximity,
we have an abundance of proxy data. Uncertainties associated to reconstruction of the climate state are
relatively low, and multiple community efforts have been put into running and assessing climate models
under LGM forcings (e.g. Kageyama et al., 2021). Yet representing ocean ventilation during the LGM has
revealed itself to be harder than first anticipated, as models and observations give different answers on the
structure of the ocean circulation (Kageyama et al., 2021; Muglia and Schmittner, 2015). Efforts have
been made to reconcile proxies and ocean models (Gebbie, 2014; Kwon et al., 2012), but our inability to
convincingly represent ocean ventilation for the Last Glacial Maximum (the most recent period with a stable
climate state very different to today) gives us a sense of the uncertainty surrounding our understanding of
ocean ventilation.

Correctly representing ocean ventilation in climate models is essential because our knowledge of the
Earth’s response to anthropogenic forcing is largely derived from climate models. Climate models are divided
in different sub-models representing the different media of the climate system: ice sheets, atmosphere, land,
and ocean (together with sea ice). Those sub-models are coupled and interact with one another, resulting
in costly simulations. Fortunately, as they can be run separately, the study of the ocean ventilation under
constant forcing can be made without running those comprehensive simulations, using only the dynamic part
of the ocean model. Indeed, the representation of the ocean is often separated in two, one responsible for
the biology, and another one modelling the physics of the ocean, which is called Ocean General Circulation
Model (OGCM). Finding adequate parameterizations to correctly model the different processes impacting
ocean ventilation in OGCMs is an enduring challenge (McWilliams, 1996). Yet assessment of an OGCM’s
ability to correctly represent ocean ventilation is seldom made, despite being key to model correct tracer
distributions in the ocean. The method of modelling ocean dynamics to obtain tracer distributions can
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be reversed to start from tracer distributions and deduce ocean dynamics. Models that use the latter are
called inverse models and will be used in this thesis to assess the accuracy of OGCMs in representing ocean
ventilation.

The deep Pacific Ocean is often thought as the terminus of global ocean ventilation, because it is located
the furthest away from the various deep-water sources, and is home to the oldest waters in the world (Key
et al., 2004). The MOC in this basin is relatively weak, particularly at mid-depths (1 to 3 km below the
surface) where most of the ventilation occurs via diffusion (Holzer et al., 2021). The deep ventilation of the
Pacific has received little attention compared to its Atlantic counterpart, both in the modern and under past
climate states. The main reasons for this likely include the absence of deepwater formation at high-latitudes
in the north of the basin today (Ferreira et al., 2018; Warren, 1983), and the poor preservation of calcifying
organisms in the Pacific (Broecker, 1982), which makes past paleo-tracer reconstruction more difficult. Yet
the Pacific represents about 50% of the global ocean volume and understanding how it is ventilated both
at present and in the past, is key to understanding how carbon is cycled through the ocean, and how this
may have varied over glacial-interglacial cycles.

This thesis investigates deep ocean ventilation, with a special focus on the Pacific Ocean, in both modern
and glacial states, using both data and models. Figure 1 offers a general overview of the thesis structure
and motivation. In the following pages of introduction I will explain the key concepts underpinning the PhD
work, and expose the questions I am trying to address.

In Chapter I, we use tracer distributions of the modern and glacial Pacific Ocean to constrain its
ventilation. We find that in both modern and glacial states the mid-depths of the Pacific are largely
ventilated by diffusion from the south. Additionally, we find a return path for nutrients in the modern
subarctic Pacific that may have reduced during the LGM.

In Chapter II, the comparison between an OGCM and two inverse models leads to estimates of ven-
tilation volumes, pathways, and rates from the surface to the deep ocean. Mixing parameterizations and
their influence for the ventilation of the Pacific as simulated by an OGCM are also discussed. We find
that the OGCM systematically underestimates ventilation rates in the deep North Pacific, perhaps due to
misrepresentation of near-boundary dynamics in the subarctic Pacific.

We directly investigate this in Chapter III as a special focus is made to diagnose the origin of the
temperature bias in the subarctic Pacific in our OGCM simulations.

Chapter IV uses seawater oxygen isotope data, that we both compiled and generated, to show the
potential of this proxy to constrain the modern ocean circulation. We also propose a new product that
should correctly represent the structure of seawater oxygen isotopes in the deep ocean.

In the same vein, Chapter V investigates the potential of the isotopic ratio of benthic foraminifera shells
in reconstructing past ocean ventilation. We show that although being hard to interpret, this proxy can
give constraints on ocean ventilation, and could provide additional important information if treated in a
systematic way.
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Figure 1: Diagram showing the main aspects of the thesis: at the center of this thesis is the study of

the ocean ventilation. The key points studied in this thesis are represented by blue rectangles. Green

rectangles indicate a relation to dynamics, and yellow rectangles indicate a relation to tracers. The

Nucleus for European Modelling of the Ocean (NEMO) is the OGCM that we will employ in the thesis.

The Ocean Circulation Inverse Model (OCIM) has a light green rectangle, because it incorporates both

dynamical and tracer constraints. The Total Matrix Intercomparison (TMI) inverse model only incor-

porates tracer constraints.
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1 . Ocean Ventilation

Ocean ventilation sets the tracer distributions within its interior. It is driven by currents, also referred to
as ’circulation’ or ’advection’, and by turbulent mixing, also referred to as ’diffusion’. Mixing aims at erasing
tracers gradients, and occurs without any net mass transport. After, I first describe the recent evolution of
our knowledge regarding circulation, before addressing the impact of turbulent mixing on ocean ventilation,
with a focus on the Pacific.

1.1 . The Meridional Overturning Circulation (MOC)
Our view on deep ocean circulation has greatly varied across time. The "great ocean conveyor" was

first illustrated by Wallace Broecker (1987), who originally designed it as a simplified version for a non-
oceanographic community (Figure 2). It depicts the formation of North Atlantic Deep Waters (NADW)
as the central point of the oceanic circulation, with a return path by upwelling in the Indian and Pacific
Oceans; it shows how the different basins are intertwined. The influence of the dense waters formed near
Antarctica, called Antarctic Bottom Water (AABW), was also known despite its absence in the schematic.
Mixing along the Southern Ocean of NADW and AABW was highlighted using the preformed phosphate
tracer (Broecker et al., 1985). At this point, the great ocean conveyor was also referred to as thermohaline
circulation, because buoyancy fluxes (temperature and salinity gain or loss) were thought to be the primary
driver of this circulation. Since then, it has been established that surface buoyancy fluxes are not the sole
driver of the thermohaline circulation: wind stress forcing and tidal forces play essential roles (Kuhlbrodt
et al., 2007; Munk and Wunsch, 1998).

Oceanographers have often resorted to defining different water masses to characterize ocean circulation.
A water mass represents a body of water with coherent salinity, temperature and other biochemical properties.
Water masses are often defined by a neutral density (γ) range, and a formation region. Neutral density

Figure 2: The "Great Ocean Conveyor", as proposed by Broecker, 1987.
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is a globally consistent measure of density in the ocean, with compressibility effects removed (Jackett and
McDougall, 1997). Water masses tend to follow isopycnals (surfaces of constant neutral density) as they
journey away from their formation sites; their signature in tracers can extend over thousands of kilometers
from the formation site. Nonetheless, during its journey the core properties of a water mass gradually erode,
under the action of turbulent mixing with other water masses. We will first present the key water masses
influencing the deep Pacific, before discussing the drivers of the MOC.

1.2 . Water Masses

1.2.1 . Relevant water masses for the ventilation of the Pacific
In winter at high-latitudes, lack of insolation and cold atmospheric temperatures contribute to form

dense water. In two main regions, waters become dense enough to sink to the seafloor and spread across
the blue planet: in the North Atlantic, and along the Antarctic margin. The two thus-formed water masses,
NADW and AABW, fill most of the deep ocean, but have different hydrographic properties.

Tropical surface waters flow northward in the Atlantic Ocean and undergo substantial evaporation along
their path. The evaporation raises their salinity and in combination with winter-time cooling at high latitudes
they become dense enough to sink. Two locations host the formation of deep waters in the North Atlantic:
the Labrador Sea where the lighter part of the NADW forms through open ocean convection, and the
Greenland and Norwegian Seas, where denser NADW forms (Lozier et al., 2019; Petit et al., 2020). These
denser waters overflow the ridges connecting Greenland, Iceland and Scotland to fill the abyss of the North
Atlantic basin (Dickson and Brown, 1994). These two water masses constitute NADW and span the neutral
density range 27.8 ≤ γ ≤ 28.1.

In the Southern Hemisphere, AABW fills most of the abyss. AABW is the densest global-scale water
mass, and is both fresher and colder than NADW. AABW originates at four different sites on the Antarctic
continental shelf: in the Weddell Sea, the Ross Sea, near the Adélie Coast and near Pridz Bay (Silvano et al.,
2023). A similar key formation mechanism is observed in those regions: intense sea ice formation at the
coast which elevates the seawater salinity through brine rejection, creating dense shelf water. Interactions
with floating glaciers within sub-ice-shelf cavities can further cool and freshen dense shelf waters. The dense
waters then cascade down the continental slope and mix with nearby warmer waters. AABW is thus a
mixture of high-salinity shelf waters, ice-shelf waters, and warmer circumpolar deep waters. In the Southern
Ocean, AABW is often defined as waters with neutral density γ > 28.27. On a global scale, AABW is often
taken as deep waters colder than 0°C.

AABW is not the only water mass formed in the Southern Ocean: within 60-40°S intermediate-density
water masses are formed: Antarctic Intermediate Water (AAIW) and Subantarctic Mode Water (SAMW),
with an approximate neutral density range of 27.2 ≤ γ ≤ 27.5. These cool subantarctic water masses
mainly ventilate the depth range from 0.5 to 1.5 km, but their influence may propagate deeper. Indeed, the
underlying mid-depth waters, known as Upper Circumpolar Deep Water in the Southern Ocean, Indian Deep
Water in the Indian Ocean and Pacific Deep Water in the Pacific, do not fall on the NADW-AABW mixing
line in temperature-salinity space (Worthington, 1981), implicating the influence of intermediate waters such
as AAIW and SAMW.

Another relevant intermediate water mass for the Pacific ventilation is the one forming at mid to high
latitudes in the North Pacific, called North Pacific Intermediate Water (NPIW). This water mass is defined as
the salinity minimum in the North Pacific at depths of 300-700 m, with a density range of 26.7 ≤ γ ≤ 26.9
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(Talley, 1993). NPIW forms at the boundary between the Oyashio and Kuroshio currents where water
coming from the subtropical gyre mix with waters ventilated in the Okhotsk Sea. It has ultimate surface
origins beneath sea ice in the Okhotsk Sea (Kitani, 1973) and it is influenced by vertical diffusion in the
western subarctic gyre (Talley, 1988). Unlike the North Atlantic, no deep waters are formed in the North
Pacific because the balance between evaporation and precipitation does not allow surface waters to become
salty enough, such that even if brought to freezing point, surface waters of the subpolar gyre would remain
too fresh and light to sink to the deep ocean (Ferreira et al., 2018; Warren, 1983).

1.2.2 . Fractions and end-members
During this thesis, I will often resort to a simple representation of ventilation in the ocean: we assume

that water at a given place is a mixture of a few discrete water masses called end-members. The contribution
of each end-member i to a local water volume is quantified by its local fraction fi. By definition,

∑
i fi = 1

at every location. Each end-member has a set of tracer values. If these tracers are conservative, tracer
values X can be reconstructed at any location using the following equation:

X =
∑
i

fi ∗Xi (1)

where Xi represents the tracer values of the end-members.

1.3 . Drivers of ocean ventilation

1.3.1 . Wind driven advection in the ocean
At this point, one can wonder what governs the ocean circulation? Talley (2013) gives a good summary

of our representation of oceanic deep circulation. She states that both wind-driven upwelling in the Southern
Ocean and diapycnal mixing in the Indian and Pacific basins are key to explain the modern circulation. By
estimating the ocean heat budget, Talley (2013) infers that most of the ocean cooling leading to NADW
and AABW formation is compensated by deep diffusive heating in the Indian and Pacific Oceans.

The upper ocean circulation is mainly driven by the winds (Munk, 1950). In the upper layer of the
ocean, wind stress (force exerted by the wind on the ocean surface) causes water to move at an angle to
the direction of the wind. Due to the Coriolis effect, the net movement of water averaged over the Ekman
layer is 90° to the right of the wind direction in the Northern Hemisphere and 90° to the left in the Southern
Hemisphere; this net movement is called Ekman transport. The wind stress patterns over the ocean surface
can be summarized as:

• Trade winds that blow from east to west between the equator and approximately 30 degrees latitude
in both hemispheres.

• Westerlies which prevail between approximately 30 and 60 degrees latitude in both hemispheres,
blowing from west to east.

• Polar Easterlies that are blowing, near the poles from east to west.

Those wind stress patterns combined with the induced Ekman transports largely control gyre circulations,
which consist of subtropical gyres in the mid-latitudes and subpolar gyres in the high-latitudes of both
hemispheres.
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Gyre circulations also exist in some deep ocean basins and can be influenced by surface wind stress.
The strongest direct impact of wind stress on deep ocean circulation takes place in the Southern Ocean
(Marshall and Speer, 2012). First, the westerlies blowing over the Southern Ocean (between 40 and 60°S)
are an essential driver of the Antarctic Circumpolar Current (ACC) (Munday et al., 2011). Additionally,
the westerlies tend to displace surface waters toward the north, which results in a divergence at southern
high latitudes and consequent upwelling of deep waters (Toggweiler and Samuels, 1995). Winds are thus
a primary cause of advection in the deep ocean, and variations in the winds have often been invoked to
explain changes of the MOC in the past (Gray et al., 2023; Gray et al., 2020; Toggweiler et al., 2006).
However, surface buoyancy forcing and mixing in the ocean interior also play important roles in deep ocean
circulation and ventilation (de Lavergne et al., 2022).

1.3.2 . Mixing
Mixing in the ocean interior acts to erase tracer variance that is generated by boundary fluxes (Zika

et al., 2015). Mixing (or ocean turbulence) can be divided into two main regimes: geostrophic turbulence
and small-scale three-dimensional turbulence. Geostrophic turbulence consists of mesoscale eddies which
are circular or spiral movements of water in the ocean with a typical diameter of 10-100 km. They are
formed by baroclinic instability of the large-scale flow environment (Charney, 1947; McWilliams and Chow,
1981), typically when a current flows past an obstacle or interacts with other currents. This turbulence
contributes ultimately to reduce large-scale tracer variance along isopycnals (McDougall et al., 2014), and
is thus considered to drive isopycnal mixing. By contrast, small-scale turbulence is isotropic and therefore
causes isotropic mixing. Nonetheless, because mixing rates induced by small-scale turbulence are typically
seven orders of magnitude lower than isopycnal mixing rates, small-scale turbulence is considered to drive
diapycnal mixing, i.e., mixing across isopycnals (McDougall et al., 2014). In the ocean interior diapycnal
mixing is mainly sustained by the breaking of internal waves (de Lavergne et al., 2020). Diapycnal mixing
is strongest near the ocean boundaries, within the surface and bottom boundary layers.

Mixing affects the ventilation of the ocean in a variety of ways. Firstly, it gradually erodes water
masses as they move away from their formation region. For example, AABW is already a mixture of waters
originating from around Antarctica and waters coming from the ACC, even before it flows north in the major
ocean basins (Orsi et al., 1999). Bottom waters further transform in the Atlantic, Pacific and Indian basins
as they are mixed with other water masses and made lighter. Secondly, isopycnal mixing is important to
complement or counteract tracer transport by the large-scale ocean currents (Naveira Garabato et al., 2017),
and notably for the ventilation of waters that are excluded from these currents such as in the mid-depth
Pacific (Holzer et al., 2021). Diapycnal mixing in the deep ocean is bottom-intensified, and thus has a
paramount role for tracer transports near topography. Less than 10% of the World Ocean seafloor area
lies between 0.5 and 2.5 km depth, reducing the role of diapycnal mixing in establishing ventilation there
(de Lavergne et al., 2017).
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Figure 3: Two distinct views of the modern Pacific deep circulation, adapted from Holzer et al. (2021).

The classical overturning circulation is sketched in (a), the bathymetrically constrained circulation in

(b). Thick black curves illustrate major branches of the overturning circulation. Double-headed verti-

cal and horizontal red arrows illustrate respectively vertical mixing and isopycnal mixing. Prominent

water masses are labeled: Antarctic BottomWater (AABW), Pacific Deep Water (PDW), Upper Circum-

polar DeepWater (UCDW), Antarctic Intermediate Water (AAIW) and North Pacific Intermediate Water

(NPIW)

1.4 . Ventilation of the deep Pacific
The ventilation of the modern Pacific is currently debated: two views of the Pacific ventilation are

represented in Figure 3. The classical view sees AABW flowing northward before upwelling diffusively up
to 1.5 km depth across the basin and flowing southward back to the Southern Ocean (Talley, 2013). An
alternative ’bathymetrically constrained’ view (de Lavergne et al., 2017) contends that the bulk of diffusive
upwelling is confined to abyssal depths where the seafloor is abundant, leaving a mid-depth layer that is
excluded from the overturning and weakly ventilated by diffusion and recirculation.

Figure 3b introduces an important water mass: Upper Circumpolar Deep Water (UCDW). This water
mass differs from other water masses discussed so far in that it does not have a surface formation region: it
is a mixture of different water masses. Little net meridional advection exists in the density range of UCDW
(27.5 ≤ γ ≤ 28) in the Pacific (de Lavergne et al., 2017): this layer is located above the bulk of the
seafloor (mostly between 1.5 and 2.5 km depth) and is thus postulated to be mainly influenced by isopycnal
diffusion (Figure 3b). Meridional tracer transport in this layer occurs with little net mass transport and can
be both south to north (e.g., oxygen) or north to south (e.g., silicate) depending on the prevailing large-scale
isopycnal gradient. Quantifying the influence of isopycnal diffusion relative to the overturning circulation
and diapycnal diffusion in the Pacific is a central aspect of this thesis.

2 . Oxygen Isotopes

28



Oxygen has three naturally occurring isotopes: 16O (99.76%), 17O (0.04%), and 18O (0.2%). These
isotopes have been especially useful in understanding changes in global ice volume, Earth’s mean global
temperature, and sea level through different geological periods. In this thesis we use only the ratio 18O/16O

to define δ18O:

δ18O =


(

18O
16O

)
sample(

18O
16O

)
standard

− 1

 ∗ 1000 (2)

δ18O is unitless, usually expressed in per mil (‰), and its value is obtained relative to a reference
value

(
18O
16O

)
standard

. For the oxygen-18 isotopic ratio of seawater, δ18Osw, we use the Vienna Standard

Mean Ocean Water (VSMOW) scale, and for the oxygen-18 isotopic ratio of the calcite shells of benthic
foraminifera, δ18OCaCO3 , the Vienna Peedee Belemnite (VPDB) scale.

2.1 . Oxygen isotopes in seawater
Variations in the relative concentrations of the isotopes are linked to their respective weights: 18O is

heavier than 16O. As a consequence, the 18O will be less likely to evaporate (respectively more likely to
precipitate) than 16O. This favoured precipitation, referred as Rayleigh fractionation, will decrease the δ18O

of the water vapor remaining after precipitation (Dansgaard, 1964). Hence, when a cloud is formed and
starts to rain, the δ18O of the water vapor in the cloud decreases. Additionally, the colder the temperature,
the more condensation will favour 16O to precipitate. These two effects lead to very depleted δ18O values
in ice and snow. Furthermore, they create a latitudinal gradient in δ18O at the sea surface (LeGrande and
Schmidt, 2006), and in precipitation on land (see Figure 5 Lachniet, 2009).

The δ18Osw of the ocean surface waters is closely linked to the evaporation-precipitation balance.
Empirical relationships show a clear correlation between δ18Osw and salinity within the ocean since freshwater
fluxes, including evaporation and precipitation affect both. Using distinct regions to define different salinity-
δ18Osw relationships, LeGrande and Schmidt (2006) constructed a global ocean δ18Osw gridded product.
Figure 4 shows two transects from this product, one at 200°E in the Pacific, and a second one at 25°W
in the Atlantic. The different water masses previously mentioned in section 1.2 are clearly identified on
those transects. NADW is heavy and AAIW and AABW are relatively depleted in δ18Osw. The Pacific
transect exhibits a rather uniform deep structure and a slight mid-depth maximum in δ18Osw (Figure 4a),
an observation which helped motivate this thesis. Indeed, this maximum cannot originate by mixing between
water masses above and below, and thus must originate by lateral transport from the Southern Ocean,
suggesting an important role for isopycnal diffusion in the ventilation of the mid-depth Pacific. Additionally,
the magnitude of this mid-depth maximum suggests a role for NADW in ventilating this Pacific ocean layer.

However, the abrupt transitions visible in the transects and the relatively small magnitude of the mid-
depth maximum make these inferences uncertain. The slight mid-depth enrichment is indeed in range
of measurements error (∼ 0.1‰). Furthermore, the product of LeGrande and Schmidt (2006) does not
represent well some key deviations from empirical δ18Osw-salinity relationships such as localized ice-shelf
melting or brine rejection which are important in the formation of AABW (Section 1.2).

Brine rejection is the mechanism that occurs when sea ice forms in polar regions: as seawater freezes,
it excludes the salt, which results in a salinity increase of the underlying water. If no 18O fractionation
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Figure 4: Transects at 200°E (a) and 25°W (b) of the δ18Osw from the product of LeGrande and Schmidt

(2006).
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occurred during this process (i.e. the same δ18O ratio between sea-ice and the newly rejected waters), then
the waters formed would already be more δ18Osw depleted in regard to other waters with similar salinity,
as this salinity increase would not be associated to a δ18Osw increase (as is the case with evaporation).
But studies showed that sea ice is slightly enriched in δ18O (Biddle et al., 2019; Melling and Moore, 1995;
Price et al., 2008; Östlund and Hut, 1984), further increasing the δ18Osw-salinity difference due to brine
rejection. Furthermore, the addition of a small amount of ice-shelf meltwater can substantially decrease the
δ18Osw of the waters formed near the coast of Antarctica as these ice-shelf waters have δ18Osw values of
about −30‰(Schlosser et al., 1990; Weiss et al., 1979; Weppernig et al., 1996).

Hence, the deep structure in the LeGrande and Schmidt (2006) δ18Osw product is rather uncertain.
Nonetheless the observed gradient between the different water masses holds promises. This thesis will
aim to add new constraints on the variability of δ18Osw in the deep Pacific, and explore its relevance for
understanding ocean ventilation.

2.2 . Reconstructing past δ18Osw from benthic foraminifera
The δ18Osw can be studied in past climates using pore water measurements or calcifying organisms.

However, due to the temperature dependent fractionation of 18O during calcification, calcifying organisms
record a combination of the δ18Osw and the temperature of the seawater when the shells are forming.
Untangling the influence of each of these two tracers from the δ18OCaCO3 has been a puzzle that paleo-
ceanographers have tried to solve for a long time. Yet without necessarily untangling those separate effects,
the δ18OCaCO3 is a quasi-conservative tracer, which may be used to constrain ventilation (Lund et al.,
2011).

Of all calcifying organisms, the most used for past climate reconstruction are the foraminifera. Many
different species have been studied and can be divided into two groups: planktic foraminifera, which float
in the surface ocean, and benthic foraminifera, living at the ocean-sediment interface. Benthic foraminifera
record past information on the deep ocean and clearly record changes in both the timing and intensity of
glacial-interglacial cycles over the last 800,000 years. Figure 5 represents a stack of the deep ocean benthic
δ18OCaCO3 over the last two million years, extracted from Lisiecki and Raymo (2005). Glacial periods are
characterized by δ18OCaCO3 maxima and interglacial periods with minima. The magnitude and periodicity
of the cycles is not constant which poses interesting questions regarding the mechanisms driving them.

Many empirical relationships link the δ18OCaCO3 of the different foraminifera species to temperature and
δ18Osw (Daëron and Gray, 2023), although the temperature sensitivity of 18O fractionation into foraminiferal
calcite is identical to that observed between dissolved bicarbonate/carbonate and water (Beck et al., 2005).
During the LGM, sea level decreased by around 120 m relative to modern day; the associated water was
moved to the different ice sheets, which have an isotopic signature ranging from -16 to -60‰, thus increasing
the overall δ18Osw of the ocean. Duplessy et al. (2002) highlighted the difficulties in reconstructing the
isotopic signatures of different ice sheets, but pore water estimates indicate a whole ocean glacial increase
of 1.05±0.20‰ in δ18Osw. No mechanism other than sea level change is thought to drive large changes
in whole ocean δ18Osw during glacial periods such that temperature is thought to drive the rest of the
δ18OCaCO3 change.

δ18OCaCO3 has typically been used as a stratigraphic tool more often than a water mass tracer (following
the methodology of Lisiecki and Raymo, 2005), despite its conservative nature. Indeed, vital effects between
the different benthic foraminiferal species can introduce uncertainty into reconstructing δ18Osw, which
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complicates the comparison of absolute values. The different species are often considered to have a constant
offset from ’equilibrium’ with seawater, but some benthic records show abnormal variations (Uvigerina
in McCave et al., 2008; Schmiedl and Mackensen, 2006). In order to minimise potential vital effects
across different species, this thesis will only use a single species to constrain ocean ventilation: Cibicidoides
wüellerstorfi. This species lives at the sediment-water interface and is thought to calcify in equilibrium with
the seawater. Using this specific species, we will try to constrain changes in deep ocean ventilation between
the present day and the LGM.

Key questions of the thesis

The thesis aims at answering the following questions:

1. What are the processes and pathways of Pacific deep ventilation?

2. What do oxygen isotope observations tell about ventilation of the modern ocean (δ18Osw) and
ventilation of the LGM ocean (δ18OCaCO3)?

3. How well is the modern ocean ventilation represented in OGCMs? Which aspects of OGCMs need to
be improved to accurately model the deep Pacific Ocean ventilation?

In Chapter I, we address the first two questions focusing on the ventilation of the Pacific alone, and
we describe the ventilation pathways within the basin in both modern and glacial states. We study the
modern global ocean ventilation in Chapter II, with special attention given to the Pacific Ocean and to the
evaluation of OGCMs. We explore the representation of subarctic Pacific dynamics in NEMO in Chapter III.
Chapter IV explores in more depth the utility of the δ18Osw to constrain ventilation of the modern ocean,
and how it may help quantify mixing of the different water masses in the Pacific. Finally, past changes in
ventilation, comparing the LGM to the present-day, are further explored in Chapter V using δ18OCaCO3 .

Figure 5: LR04 stack from Lisiecki and Raymo (2005) representing the δ18OCaCO3 of deep sea benthic

foraminifera over the Pleistocene.
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Abstract
Changes in Pacific tracer reservoirs and transports are thought to be central to the regulation of atmospheric CO2 on gla-
cial–interglacial timescales. However, there are currently two contrasting views of the circulation of the modern Pacific; the 
classical view sees southern sourced abyssal waters upwelling to about 1.5 km depth before flowing southward, whereas the 
bathymetrically constrained view sees the mid-depths (1–2.5 km) largely isolated from the global overturning circulation 
and predominantly ventilated by diffusion. Furthermore, changes in the circulation of the Pacific under differing climate 
states remain poorly understood. Through both a modern and a Last Glacial Maximum (LGM) analysis focusing on oxygen 
isotopes in seawater and benthic foraminifera as conservative tracers, we show that isopycnal diffusion strongly influences 
the mid-depths of the Pacific. Diapycnal diffusion is most prominent in the subarctic Pacific, where an important return 
path of abyssal tracers to the surface is identified in the modern state. At the LGM we infer an expansion of North Pacific 
Intermediate Water, as well as increased layering of the deeper North Pacific which would weaken the return path of abyssal 
tracers. These proposed changes imply a likely increase in ocean carbon storage within the deep Pacific during the LGM 
relative to the Holocene.

Keywords  Pacific Ocean · Ocean circulation · Ventilation · Oxygen isotopes · Last Glacial Maximum

1  Introduction

Atmospheric CO2 varied by up to 100  ppm over gla-
cial–interglacial cycles and is closely linked to changes in 
global temperature (Augustin et al. 2004). Understanding the 

mechanisms underpinning these variations in atmospheric 
CO2 may help us to understand key carbon cycle feedbacks 
within the climate system relevant for future climate change. 
Because of its size and the timescale at which it can interact 
with the atmosphere, the deep ocean is the most likely can-
didate to store and release carbon over glacial–interglacial 
cycles (Sigman and Boyle 2000; Adkins 2013). The Pacific 
represents about 50% of the global ocean volume and con-
tains the oldest and most carbon-rich waters in the global 
ocean (Key 2004). Yet, despite being fundamental to our 
understanding of the carbon cycle, the circulation of the 
Pacific in the modern climate—and, by extension, in past 
climates—remains poorly understood (e.g. Stewart 2017; 
Hautala 2018; Kawasaki et al. 2021). The role of the Pacific 
ocean in the global carbon cycle, and inferred glacial–inter-
glacial changes in Pacific upper-ocean circulation (Keigwin 
1998; Matsumoto et al. 2002; Okazaki et al. 2010; Rae et al. 
2014, 2020; Struve et al. 2022), motivate further inquiry into 
Pacific tracer distributions.

The global overturning circulation ventilates the deep 
ocean through the formation and sinking of dense waters 
at high latitudes of the North Atlantic and Southern Ocean. 
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The newly formed waters progressively replace older deep 
waters and thereby flush carbon sequestered by the biologi-
cal pump back to the upper ocean and atmosphere. As the 
North Pacific is remote from the main sources of deep water 
formation, its waters deeper than 1 km are very old, depleted 
in oxygen and enriched in carbon (Key 2004). Character-
izing the mechanisms by which the North Pacific is slowly 
ventilated is therefore crucial to our understanding of oce-
anic carbon storage.

In the modern Pacific below the main thermocline, 
ventilation is thought to occur via three main circulation 
branches (Fig. 1). At intermediate depths, down to about 
1 km, Antarctic Intermediate Water (AAIW) formed in the 
Southern Ocean dominates ventilation of the South Pacific, 
while North Pacific Intermediate Water (NPIW) formed in 
the northwest end of the basin dominates ventilation of the 
North Pacific. In deeper layers, ventilation relies exclusively 
on waters coming from the Southern Ocean, since there is 
no formation of deep water in the North Pacific (Warren 
1983). The drivers and pathways of this deep ventilation 
remain debated (Holzer et al. 2021). Indeed, there are two 
contrasting views of the deep Pacific circulation, illustrated 
in Fig. 1, that disagree on the ventilation of the mid-depths. 
Talley (2013) described dense Antarctic waters (AABW) 
flowing northward deeper than about 3.5 km, before they 
upwell diffusively up to about 1.5 km depth, and return 
southward as Pacific Deep Water (PDW) to the Southern 
Ocean surface. An alternative view (de Lavergne et al. 2017) 
contends that the bulk of diffusive upwelling is confined 
to abyssal depths where the seafloor is abundant, leaving a 
mid-depth layer that is excluded from the overturning and 
weakly ventilated by diffusion and recirculation. This latter 
’bathymetrically constrained’ circulation is supported by 

estimates of water mass transformation by tidal mixing and 
geothermal heating (de Lavergne et al. 2022; Kawasaki et al. 
2021), and is qualitatively consistent with observed silicate 
and radiocarbon distributions (de Lavergne et al. 2017) as 
well as inverse modelling of multiple geochemical tracers 
(Holzer et al. 2021).

Multiple lines of evidence indicate changes in deep ocean 
circulation between the LGM and Holocene. Although still 
subject of debate, proposed alterations at LGM relative to 
today include a shallower northern component of deep water 
formed in the North Atlantic (Curry and Oppo 2005; Ferrari 
et al. 2014), an enhanced NPIW source (e.g. Keigwin 1998; 
Matsumoto et al. 2002; Rae et al. 2020), and a colder and 
saltier global ocean, with enhanced deep stratification due to 
salinity rather than temperature (Adkins et al. 2002). On the 
other hand, the abyssal overturning cell could be expected to 
have a broadly unaltered structure, set by deep topography 
(Toggweiler and Samuels 1995a; de Lavergne et al. 2017).

In order to shed light on both modern and past physical 
ocean states, we use conservative tracers. We first explore 
ventilation pathways in the modern Pacific by using tem-
perature, salinity, the oxygen isotopic ratio of seawater 
and preformed phosphate. Then, we investigate changes in 
ventilation during the LGM with the oxygen isotopic ratio 
within CaCO3 shells of benthic foraminifera Cibicidoides 
mundulus, Cibicidoides wüellerstorfi and Planulina spp. 
Those three genus are closely related and equally reliable; 
their isotopic ratio acts as a quasi-conservative tracer (Lund 
et al. 2011). We find that the mid-depths of both the mod-
ern and LGM Pacific host tracer extrema that cannot result 
from a mixture of waters above and below. This pattern is 
consistent with a vertically compressed abyssal overturn-
ing and a prominent influence of isopycnal diffusion on 

Fig. 1   Two distinct views of the modern Pacific deep circulation, 
adapted from Holzer et al. (2021). The classical overturning circula-
tion is sketched in (a), the bathymetrically constrained circulation in 
(b). Thick black curves illustrate major branches of the overturning 
circulation. Double-headed vertical and horizontal red arrows illus-

trate respectively vertical mixing and isopycnal mixing. Prominent 
water masses are labeled: Antarctic Bottom Water (AABW), Pacific 
Deep Water (PDW), Upper Circumpolar Deep Water (UCDW), Ant-
arctic Intermediate Water (AAIW) and North Pacific Intermediate 
Water (NPIW)
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Pacific mid-depth waters. However we also find evidence of 
upwelling of abyssal tracers in the modern subarctic Pacific. 
At the LGM, this upwelling may have been suppressed, 
while NPIW formation was enhanced.

2 � Least‑squares method

In order to characterise ventilation patterns in the modern 
Pacific, we developed a least-squares method to estimate the 
fractional contribution of four end-members (corresponding 
to the water masses labeled in Fig. 1) to local water volumes. 
The resultant distributions of water fractions give a simple 
integrated view of circulation and mixing (see e.g. John-
son 2008; Rae and Broecker 2018). We describe in turn the 
tracers that we use in our modern study, the least-squares 
calculation and the definition of the end-members.

2.1 � Conservative tracers for the modern ocean

In this study, we focus on conservative tracers, that is, trac-
ers that have no sources and sinks away from ocean bound-
aries. In the ocean interior, such tracers only change due 
to advection and diffusion, so that their distributions bear 
direct information on ocean circulation and mixing. The 
four chosen tracers are shown as a zonal average over the 
main Pacific basin in Fig. 2. Note that the ’main Pacific’ 
(see Fig. 2a) refers to the Pacific excluding semi-enclosed 
seas and waters east of the East Pacific Rise, following de 
Lavergne et al. (2017).

First, we calculated conservative temperature ( Θ ) and 
preformed salinity (S) using the Gibbs SeaWater toolbox of 
McDougall and Barker (201) and the WOCE global hydro-
graphic climatology of Gouretski and Koltermann (2004), an 
annual mean climatology constructed using along-isopycnal 
interpolation. Preformed salinity is closely related to abso-
lute salinity but excludes biological contributions to salinity, 
and in particular excludes the contribution of silicate which 
is significant in the deep Pacific (McDougall et al. 2012).

Next, we attempted to remove the impact of geother-
mal heating on temperatures of the deep Pacific, since this 
heat source along the seafloor could bias our estimates of 
water fractions which assume strict tracer conservation 
throughout the deep Pacific north of 30°S. We decided 
to approximate and remove the geothermal heating effect 
using a simple linear function of depth which increases 
from 0 °C at 1 km to 0.5 °C at 6 km depth, which we sub-
tract from the three-dimensional conservative temperature 
field. This linear vertical profile finds justification in the 
model analysis of Emile-Geay and Madec (2009) (see their 
Figure 6c). We note that this correction has little impact 
on our results: it changes the estimated AABW fractions 

in the abyss by at most a few percent, while reducing the 
overall error of the method (see Sect. 2.4).

Preformed phosphate, PO∗
4
 , defined by Broecker et al. 

(1985), was calculated from the GLODAPv2 product 
(Olsen et al. 2016), using a phosphate to oxygen ratio of 
1:175 following Rae and Broecker (2018). This tracer 
is approximately conserved in the deep ocean, because 
the oxygen consumed in the remineralization of organic 
matter is broadly constant in the deep ocean (Anderson 
and Sarmiento 1994). Like conservative temperature and 
preformed salinity, PO∗

4
 displays a clear vertical gradient 

between the abyss and the mid-depths, with higher PO∗
4
 

values in the abyss (Fig. 2b). While latitudinal variations 
in the C:P ratio of organic matter (Moreno et al. 2022) 
may lead to non-conservative spatial bias in PO∗

4
 , these 

deviations from Redfield stoichiometry cannot explain the 
depth structure we observe.

The seawater oxygen isotope ( �18Osw ) climatology used 
is the gridded product of LeGrande and Schmidt (2006). 
The zonal average of �18Osw in the main Pacific exhibits a 
mid-depth maximum throughout the basin (Fig. 2c). It must 
be emphasized that seawater �18O measurements contrib-
uting to the climatology are extremely scarce in the deep 
Pacific. However, the mid-depth maximum appears to be 
a robust feature, not an artefact of the mapping, as it is 
present in several individual datasets (e.g. Herguera et al. 
1992; Keigwin 1998; McCave et al. 2008). This maximum 
cannot be explained by vertical mixing and upwelling of 
AABW: it must originate from lateral (diffusive and/or 
advective) transport from the Southern Ocean. Although 
�18Osw is conservative, a clear discontinuity is observable 
around 20◦ N in Fig. 2c; this artefact stems from the region-
by-region gridding procedure of LeGrande and Schmidt 
(2006). The employed climatology of �18Osw is thus imper-
fect, and increasing the spatial coverage and inter-calibration 
of �18Osw data in the Pacific will help to further constrain 
ventilation patterns.

The spatial structure of �18Osw suggests a dominant south-
to-north transport of this tracer at mid-depths in the Pacific, 
which would support the circulation regime presented in 
Fig. 1b.

In order to quantitatively assess the constraints on Pacific 
ventilation contained in our four tracer distributions, we 
develop a least-squares algorithm that quantifies the vol-
ume contributions of each water mass in the Pacific, using 
AABW, AAIW, NPIW and either PDW [as a representa-
tion of the classical circulation] or Upper Circumpolar Deep 
Water (UCDW) [as a representation of the bathymetrically 
constrained circulation] as our end-members. We will show 
that the calculation is most accurate when the fourth end-
member is defined as 30°S UCDW (see Sect. 3).
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2.2 � Water fractions algorithm

The water-fraction algorithm is an optimization problem 
based on four conservative tracers: Θ , S, �18Osw and PO∗

4
 . 

The optimization problem uses a linear least squares method 
to approximate, at each point of our grid (45 depth levels, 
0.5◦ × 0.5◦ horizontal resolution), the four water fractions. 
These fractions represent the contribution of each end-mem-
ber to the volume (hence tracer content) of each grid cell. 

The water fractions are obtained by minimizing the resultant 
r based on the following equation:

Our optimization variable is a (1, 4) vector, f, representing 
the fractions of our four end-members, d is a (1, 5) vector 
containing the physical and biochemical properties of the 
ocean at this grid-point. M is a (5, 4) matrix that contains 

(1)‖M.f − d‖2 = r2

Fig. 2   (a) Shows the mask that defines the ’main Pacific’ domain, 
which excludes the semi-enclosed seas and waters east of the East 
Pacific Rise, following de Lavergne et al. (2017). Zonal averages over 
the ’main Pacific’ of the four tracers used in the least-squares method 
are plotted in (b–e). Preformed phosphate (b) is defined following 
Rae and Broecker (2018) and computed using GLODAPv2 gridded 

fields (Olsen et  al. 2016). The oxygen isotopic ratio of seawater (c) 
is based on the gridded field of LeGrande and Schmidt (2006). Con-
servative temperature corrected from geothermal heating (d), and 
preformed salinity (e), are based on the WOCE global hydrographic 
climatology (Gouretski and Koltermann 2004)
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the values of the end-member for each tracer divided by the 
typical range of the tracer in the deep Pacific. Dividing the 
tracer values by their typical variation is necessary when we 
sum and compare each tracer error in order to minimize the 
total error of the method. Typical variations are defined as 
follows: we average horizontally each tracer over the whole 
deep ( ≥ 1 km) Pacific, and take the largest difference in the 
resulting vertical profile. The obtained values are referenced 
in Table 1. The fifth parameter entering the minimization, 
corresponding to the fifth row in the left-hand-side of 
Eq. (1), ensures that the sum of our fractions is very close 
to 1. Furthermore, a constraint is placed on the fractions 
such that they are comprised between 0 and 1. Our problem 
is thus over-constrained and we could add new end-members 
should we desire to.

Although all conservative, our tracers are not equally 
reliable. Thus we associate weights to control the relative 
influence of each tracer in our optimization problem, there-
fore in M and d. Following Johnson (2008), we decided 
to put the relative weight of temperature at one-fourth 
the weight of salinity. Subjectively, we set the weight of 
�18Osw at a quarter of that of temperature because the data 
for the deep Pacific is very scarce, and because of artefacts 
in the interpolation. The weight of PO∗

4
 is chosen to be 

one-half the weight of temperature because this tracer is 
reconstructed from two biochemical tracers that are less 
well observed than temperature and salinity and because 
of the required assumptions in the Redfield stoichiometry. 
Although the exact choice of weights is subjective, we 
found that changing them over reasonable ranges did not 
alter the broad structure that we identify.

2.3 � Definition of the end‑members

The AAIW, UCDW and AABW end-members are defined 
at 30°S by averaging over specific neutral density ( �n ) (see 
Jackett and McDougall 1997) ranges, that are characteristic 
of each water mass according to previous studies and our 

inspection of 30°S tracer distributions. The UCDW end-
member tracer values are averages between 27.7 and 27.95 
neutral density surfaces. Although UCDW is usually defined 
as the 27.5–28 neutral density range in the Southern Ocean, 
we reduced the range to minimise overlap with AAIW in 
the South Pacific. Indeed, the AAIW end-member is defined 
as the water between the 27.2 and 27.5 neutral density 
surfaces, at 30°S. The AABW end-member is taken to be 
the water below the 28.11 neutral density surface at 30°S 
(Ganachaud and Wunsch 2000; de Lavergne et al. 2017). 
For the NPIW end-member, we choose a specific location in 
the North Pacific to determine the NPIW, following Johnson 
(2008): 37°N, 159.5°E and 400 m depth. The neutral density 
there is 26.8, well within the typical density range of NPIW 
( ∼ 26.7–26.9) (Talley 1993). The four end-member values 
for each tracer are reported in Table 1.

The definition of PDW is somewhat more ambiguous, 
as PDW is usually interpreted as the product of distributed 
upwelling and transformation of AABW, enabled by verti-
cal mixing. The large degree of transformation, apparent in 
the observed vertical tracer gradients between 5 and 1.5 km 
in Fig. 2, motivates the inclusion of a PDW end-member 
distinct from AABW. For a fair comparison to the 30°S 
UCDW end-member scenario, we try multiple definitions 
of the PDW end-member: tracer values are averaged over the 
main Pacific basin for a neutral density of �n = 27.8 kg m−3 
(as defined by Talley 2013) at different latitudes: 20°S, 0°N, 
20°N or 40°N, giving four different scenarios. In a fifth 
scenario the PDW end-member tracer values are volume 
averaged at the same density and over the 20°S-40°N range 
within the main Pacific basin.

2.4 � Error discrimination

This model aims to broadly represent deep ventilation pat-
terns, and we cannot expect it to capture all features of the 
Pacific hydrography. In particular the model will fail in low-
latitude upper-ocean waters since it lacks appropriate end-
members there. We therefore introduce an error threshold 
beyond which we mask out the output of our optimization 
problem. Specifically, the water fractions estimated by the 
algorithm allow to reconstruct local tracer values from the 
end-member values. If the difference between the recon-
structed and actual tracer values is too large then we deter-
mine that our model is unable to explain how the ocean is 
ventilated at this specific location.

The error is calculated as the norm of our resultant r, 
representing the deviations between our predictions and the 
actual values of the tracers. We define a threshold above 
which the results will be considered erroneous. This thresh-
old implies a maximum tolerated error for each tracer, given 
in Table 1. Note that this maximum is never reached because 

Table 1   This table lists the tracer values of each end-member used for 
our water fractions algorithm

The typical range, weight and maximum tolerated error of each tracer 
are also given

Θ (°C) S (kg m−3) �18Osw (‰) PO∗
4
 ( � mol kg−1)

AABW 0.435 34.868 – 0.0572 1.435
UCDW 2.342 34.746 0.0515 1.417
AAIW 4.771 34.511 – 0.0527 1.283
NPIW 6.438 34.130 – 0.227 0.872
Typical varia-

tions
3.456 0.229 0.114 0.102

Weight 1 4 0.25 0.5
Error max 1.728 0.0287 0.227 0.102
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errors beyond the threshold are due to several tracers rather 
than a single one.

3 � Water fraction estimates in the modern 
Pacific

We first compare six simulations with different choices for 
the fourth end-member (Table 2). We define the total error 
of a simulation as the sum of resultants over all grid points 
of the main Pacific at depths greater than 500 m. This error 
is a measure of the ability of obtained water fractions to 
reconstruct three-dimensional tracer distributions across the 
considered Pacific domain. We find that the error decreases 
as the PDW end-member is moved toward the south, and 
is smallest using the 30°S UCDW end-member (Table 2). 
Hence, the optimization works best when the mid-depth end-
member is defined at the southern boundary of the domain, 

rather than inside the domain. This result, not obvious since 
one could expect a more central end-member to yield a bet-
ter average match with tracer observations, suggests that 
the preferential ventilation pathway of Pacific mid-depths 
is south-to-north. Interestingly, the simulation in which the 
PDW end-member is defined at 40°N creates a very local 
water mass (see Supplementary Figure S1), suggesting that 
the water at this location is a fairly stagnant and unique mix-
ture of the surrounding sources.

In all the following, we only retain the scenario with the 
UCDW end-member, and we will use the phrase ’dominating 
fraction’ when a fraction is superior to the sum of the other 
three. The results are illustrated in Fig. 3, where zonally 
averaged fractions are shaded and the characteristic isopyc-
nals of each water mass are drawn in red.

The fractions indicate that the mid-depths (1–3 km) of 
the Pacific, up to 35°N, exhibit tracer distributions that are 
compatible with ventilation dominantly through isopycnal 
diffusion from the south. The zonal mean UCDW frac-
tion is above 0.7 between 1.5 and 2.5 km depth up to 20°N 
(Fig. 3c). The UCDW mid-depth tongue erodes further 
north, until it is no longer the dominating fraction, around 
35°N.

The AABW end-member dominates below 3 km depth, 
and almost throughout the water column of the subarctic 
Pacific, north of 45°N, as shown by Fig. 3d. The latter fea-
ture suggests the upwelling of abyssal tracers there. Diffusive 
(and possibly advective) upwelling in the subarctic Pacific 
was identified in radiocarbon observations (Toggweiler et al. 

Table 2   This table reports a measure of total error for each simula-
tion, where the error is normalized by that of our reference simulation 
(using the UCDW end-member defined at 30°S)

Only the fourth end-member (UCDW or PDW) definition changes 
across simulations, and the error associated to each simulation is 
shown (with the error associated to the UCDW being 1)

PDW ( �n = 27.8) − 20°N 0°N 20°N 40°N − 20 to 40°N

Error normalized to 
UCDW

1.02 1.04 1.16 1.45 1.08

Fig. 3   This figure illustrates 
water fractions from our refer-
ence simulation (using UCDW 
as the fourth end-member). 
Each fraction is zonally aver-
aged over the main Pacific 
basin, as defined in Fig. 2a. 
Characteristic isopycnals of 
each end-member are overlain 
in red. The NPIW fraction (a) 
is mainly situated above the 
26.9 neutral density surface, and 
confined to the North Pacific. 
The AAIW (b) and UCDW (c) 
fractions are mainly enclosed 
by their end-member density 
range, respectively 27.2–27.5 
and 27.7–27.95. The AABW 
fraction (d) is at its highest 
below the 28.11 neutral density 
surface, and is dominant in the 
major part of the Pacific ocean 
below 3 km
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2019) and a data-constrained inverse model of ocean circula-
tion (Holzer et al. 2021). Additionally, advective upwelling 
of deep water is deemed necessary in the formation of the 
modern NPIW (Warren 1983). Whether advective or diffu-
sive, the upwelling probably occurs along topography in the 
northernmost Pacific, with its signature spreading southward 
(to about 30°N, Fig. 3d) through isopycnal diffusion and 
recirculation.

The NPIW fraction is mainly confined to the intermediate 
depths of the North Pacific, dominating within 200–800 m 
and 10–50°N (Fig. 3a). NPIW fractions above 0.1 are found 
down to about 2 km depth north of 30°N, suggesting weak 
downward diffusion of NPIW tracers to that depth. In accord 
with Sarmiento et al. (2004), the NPIW core underlies the 
entire North Pacific subtropical gyre. Finally, the AAIW 
fraction dominates near 1 km depth in both the South and 
North Pacific (Fig. 3b). The upward shift north of 30°N fol-
lows the sloping isopycnals of the North Pacific subpolar 
gyre.

The abrupt transition at 20°N in the values of UCDW and 
AABW fractions that we obtain is due to the discontinuity in 
the �18Osw product. However the transition also reflects a real 
(smoother) feature because the UCDW fraction remains rela-
tively high up to 35°N and only there becomes outmatched 
by AABW. In addition, a simulation with only temperature 
and salinity tracers and only three end-members (removing 
either AAIW or NPIW) yields about the same result (Sup-
plementary Figure S2). This shows that the northward reduc-
tion in the UCDW fraction at mid-depths is not an artifact of 
the �18Osw discontinuity but a real feature.

4 � Glacial profile of ı18
O

CaCO3
 and its 

implications for circulation

4.1 � Changes in ı18
O
CaCO3

 between the LGM 
and Holocene

In order to investigate changes in circulation at the LGM 
we use the �18OCaCO3

 ( �c ) of Cibicidoides & Planulina. �c 

is a function of �18Osw and in-situ temperature, hence it is 
approximately conservative (Lund et al. 2011). The only 
non-conservative variations of �c arise due to the moderate 
increase of in-situ temperature with pressure; an effect that 
can be estimated and corrected for (Marchitto et al. 2014).

We compiled the sediment core data from three different 
studies (Keigwin 1998; Matsumoto et al. 2002; Herguera 
et al. 2010) (see Fig. 4a) that provide water column profiles 
of �c from the North Pacific. These datasets provide a sparse 
sampling of the basin from 20°N up to 55°N, and from the 
coast of Japan to that of Baja California. The Holocene and 

LGM �c measurements from these cores are shown as a 
function of depth in Fig. 4c. In order to help identify the 
trends with depth, we fit both the Holocene and LGM data 
with a generalised additive model (GAM) (Wood 2011), 
with the smoothing term determined by restricted maxi-
mum likelihood (REML) (Wood et al. 2016). The resultant 
Holocene �c profile is relatively uniform below 2 km depth, 
consistent with the near-uniform distributions of tempera-
ture and �18Osw at these depths of the modern North Pacific 
(Fig. 2c,d). By contrast, the glacial �c profile exhibits a maxi-
mum centred near 2.5–3 km depth. The maximum is visible 
in both of the individual datasets that span this depth range 
(Keigwin 1998; Matsumoto et al. 2002), indicating that it 
is a robust feature in the data and not an artifact of inter-
laboratory offsets. This maximum cannot be explained by 
the pressure dependence of in-situ temperature, which could 
account for a decrease of only 0.025 per mil in �c between 
4 and 3 km depth (0.1 °C). The maximum can neither come 
from vertical advective-diffusive transport of AABW or 
NPIW, since both water masses have lower �c . Instead, we 
hypothesize that this maximum stems from isopycnal diffu-
sion of higher �c coming from Southern Ocean mid-depths.

The �c gradient between intermediate and mid-depths is 
also stronger in the glacial profile than in the Holocene pro-
file (Fig. 4b). This difference may be explained by a glacial 
expansion of NPIW, whose influence likely reached deeper 
down than today (e.g. Keigwin 1998; Matsumoto et al. 2002; 
Rae et al. 2020).

Next, we assess whether these two major changes in the �c 
profile between the LGM and the Holocene can be explained 
by a change in the end-member tracer values, or whether 
they imply a change in water fractions (i.e., a change in cir-
culation and mixing).

4.2 � Attributing profile changes

Before discussing potential drivers of the change in �c pro-
file, we first consider the differences in the spatial sampling 
of tracer fields between modern and LGM states; whereas 
3-D gridded tracer climatologies are available to us in the 
modern, we rely on sparse observations at the LGM ( n = 59 
cores). To test if the spatial sampling of the sediment cores 
can be considered representative of the wider North Pacific 
we sample the 3-D fields of modern tracers and water frac-
tions at the sediment core locations, and compare the result-
ing profiles to the basin (20–55°N) averages (Supplementary 
Figures S3 and S4). This comparison indicates that our com-
pilation can indeed represent the broad-scale hydrographic 
features of the North Pacific deeper than 1.7 km. At shal-
lower depths, tracers contain more pronounced horizontal 
variability: for example, relatively cold waters occupy the 
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highest latitudes and relatively salty waters run along the 
eastern boundary. As a result, the intermediate-depth sites of 
Keigwin (1998) are biased toward AABW whereas those of 
Herguera et al. (2010) are biased toward AAIW and UCDW 
(Supplementary Figures S3 and S4). These sampling biases 
should be borne in mind when interpreting the Holocene 
data; at LGM, however, intermediate-depth data suggest 
coherent properties throughout the basin (Fig. 4b), likely 
due to expanded NPIW influence.

We now assess whether we can reconstruct the mod-
ern and glacial �c profiles with our horizontally-averaged 
modern water fractions over the North Pacific (Fig. 4b) and 
appropriate end-member values. This reconstruction thus 
assumes unchanged water fractions at the LGM relative to 
today. We denote by fi the modern fractions averaged over 
the North Pacific and by �c,i the value of �c for each end-
member. The reconstructed profile ( �c,r ) is then determined 
at each depth using �c,r =

∑
i fi ∗ �c,i.

The reconstruction requires end-member values for the 
LGM, and consistently defined values for the Holocene 
(Table 3). For the UCDW and AAIW end-members we 
choose cores around 45°S east of New Zealand (Sup-
plementary Figure S5), an ideal location to capture flow 
into the Pacific basin (Warren 1973). Finding a core to 
represent the AABW end-member is difficult because of 
carbonate dissolution in the deep Pacific and of the scar-
city of sufficiently deep cores. Nonetheless, a core near 
Tasmania exists at a location where the modern neutral 
density is 28.18 and where modern temperature and salin-
ity are about the same as the AABW end-member values 
of Table 1; this core is thus chosen for the AABW �c,i . The 
determination of NPIW �c,i is most ambiguous because we 
do not know precisely how this water mass evolved dur-
ing the LGM. We choose to compute the modern NPIW 
�c,i using the equation from Marchitto et al. (2014) that 
relates �c to temperature and �18Osw . For its glacial coun-
terpart, we exploit our GAM fit to the glacial data (shown 

Fig. 4   (a) Displays the spatial distribution of our compilation of sedi-
ment cores. (b) Shows water fractions horizontally averaged between 
20°N and 55°N, as estimated here for the modern North Pacific. 
Red is NPIW, orange is AAIW, light blue is UCDW and navy blue 
is AABW. (c) Shows the North Pacific �c data from our compilation 
of benthic foraminifera as a function of water depth. Time slices for 
the Late Holocene (yellow) and the LGM (navy blue) were extracted 
from the different studies. Sediment cores published by Keigwin 

(1998) are represented by crosses; the ones from Matsumoto et  al. 
(2002), represented by circles; and the ones from Herguera et  al. 
(2010), represented by plus signs. Both modern and glacial data 
have been fitted with a GAM (solid curves; 95% confidence interval 
is shaded). The ice volume effect was not subtracted from the glacial 
data. Reconstructed �c profiles from the fractions and appropriate 
end-member values (see Table  3) are also plotted as dashed curves 
in (c)



Oxygen isotope constraints on the ventilation of the modern and glacial Pacific﻿	

1 3

in Fig. 4c) and take the value at 900 m depth, where gla-
cial NPIW is expected to dominate. The �c,i values selected 
are referenced in Table 3.

It is noteworthy that the glacial UCDW �c is higher than 
its AABW and AAIW counterparts, whereas the Holo-
cene end-member values of AABW and UCDW are almost 
identical (Table 3). These patterns may be understood by 
considering the two factors affecting �c : �18Osw and tem-
perature. UCDW is largely ventilated by waters coming 
from the North Atlantic (Tamsitt et al. 2017; Holzer et al. 
2021), and �18Osw is higher in deep waters sourced in the 
North Atlantic than in those formed around Antarctica. 
Indeed North Atlantic surface waters undergo substantial 
evaporation as they travel north to their sinking sites (e.g. 
Worthington 1970), whereas AABW derives its elevated 
salinity from brine rejection, a process that causes little 
fractionation of seawater oxygen isotopes (Weiss et al. 
1979). Furthermore, the glacial meltwater input at the 
Antarctic margins lowers the �18Osw of AABW (Togg-
weiler and Samuels 1995b), increasing the �18Osw contrast 
between AABW and NADW. In the present day, North 
Atlantic deep waters are also warmer than AABW and the 
deep vertical temperature gradient offsets the impact of the 
�18Osw difference on �c , leading to relatively uniform deep 
ocean �c . In contrast during the LGM, deep temperatures 
may have been more uniform (Adkins et al. 2002) likely 
allowing a �c maximum to emerge at mid-depths.

The reconstructed profiles employing the modern North 
Pacific fractions (Fig. 4b) and the chosen end-members 
(Table 3) are shown as dashed lines in Fig. 4c.

We find that the reconstructed profile for the Holocene 
matches the deep data reasonably well; the mismatches at 
intermediate depths can largely be explained by the ten-
dency of the Herguera et al. (2010) dataset to over-sample 

(with respect to the basin mean) AAIW and UCDW at these 
depths (Supplementary Figures S3 and S4) and the influence 
of the subtropical gyre at the shallowest sites. We may simi-
larly expect these spatial sampling biases to persist at the 
LGM, however removing the data from sites below 800 m 
[below which we expect the influence of the subtropical gyre 
to be minimal] results in an identical �c profile, indicating the 
steep �c gradient in the intermediate depths at the LGM per-
sists once the influence of the subtropical gyre is removed. 
By contrast, the reconstructed LGM profile fails to recon-
struct the glacial data and capture the mid-depth maximum 
and associated vertical gradients. Modifying the glacial �c 
end-member values over reasonable ranges [by up to 5 times 
the observed difference] yields the same conclusion: using 
the modern water fractions, it is not possible to reproduce 
the shape of the glacial �c profile. This implies that a change 
in water fractions (i.e., a change in circulation and mixing) 
is required to explain the glacial �c observations.

To showcase a possible change in water fractions that 
would be compatible with observations, we construct ide-
alized profiles of water fractions for the North Pacific at 
LGM (Fig. 5a). These idealized profiles are guided by four 
hypotheses. First, we presume that NPIW was expanded and 
overwhelmingly dominant at intermediate depths, influenc-
ing ocean properties down to about 2 km (Rae et al. 2020; 
Matsumoto et al. 2002; Keigwin 1998; Herguera et al. 2010; 
Struve et al. 2022). Second, we expect that glacial AAIW 
was shallower than today (Ronge et al. 2015) and there-
fore largely absent from the deep North Pacific. Consistent 
with this expectation, the LGM �c of core SO213_84_2-1 at 
972 m depth in the South Pacific, corresponding to glacial 
AAIW (Ronge et al. 2015), is around 0.25 ‰heavier than 
the mean �c at the same depth in our LGM North Pacific 
compilation. We thus discard the AAIW end-member for 
this analysis (i.e. we set the AAIW fraction to zero). Third, 
we hypothesize that the peak UCDW fractions were situ-
ated about 400 m (minus LGM sea level change) deeper 
than today. This downward shift is suggested by the glacial 
�c observations overlain on the estimated modern UCDW 
fraction (Fig. 6). Finally, guided by observations (Fig. 4c) 
and theory (Ferrari et al. 2014), we presume the deep Pacific 
Ocean to be strongly layered at LGM, such that each water 
mass occupies virtually all the North Pacific volume within 
its core depth range.

Combined with the end-member values of Table  3, 
the idealized profiles of water fractions in Fig. 5a yield a 
reconstructed glacial �c profile that is roughly consistent 
with the observations deeper than 1 km (Fig. 5b). The 
slight overestimation of the mid-depth maximum is con-
sistent with overestimation of the peak UCDW fraction, 
which was set to 1 over 2.2–3 km depth, an unrealisti-
cally high value given erosion by vertical mixing of the 
UCDW signature as it spreads northward. Still, much 

Table 3   Table summarizing the chosen sediment cores and corre-
sponding �c end-member values employed to reconstruct the North 
Pacific �c profile in the modern and glacial states

The modern neutral density ( �n ) at each site is also given. Only the 
NPIW end-member values were computed and not deduced from 
one core, because of the complexity of selecting a representative 
core for this water mass. The RS147-GC34 core (147.742°E, 45.1°S, 
4002  m deep) �c values were taken from Moy et  al. (2006) while 
SO213_2_82-1 (176.602°E, − 45.778°S, 2066 m deep) and SO136-
003 (169.878°E, 42.296°S, 944  m deep) values come from Ronge 
et al. (2015)

Water mass Core Modern �n Modern 
�18OCaCO3

LGM �18OCaCO3

AABW RS147-GC34 28.18 3.01 4.35
UCDW SO213_2_82-1 27.9 3.00 4.73
NPIW Computed 26.80 1.55 3.36
AAIW SO136-003 27.32 2.13 3.91
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larger mid-depth UCDW fractions than the modern esti-
mates (see Fig. 6) are necessary to reproduce the observed 
mid-depth bulge in glacial �c—unless our end-member val-
ues grossly underestimate the source water-mass contrasts. 
This analysis thus bolsters the hypothesis of a stronger 
water-mass layering in the glacial deep North Pacific than 
today, presumably caused by reduced vertical diffusion or 
increased isopycnal diffusion or both.

4.3 � Geothermal heat hypothesis

We asserted that the mid-depth maximum in �c apparent in 
the LGM North Pacific data is too large to be explained by 
pressure-driven increase of in-situ temperature. However, 
the ∼ 0.3‰difference we observe between 3 and 4 km depth 
(Figs. 4c and 6) could be driven, in theory (Marchitto et al. 
2014), by a ∼ 1.5 °C temperature increase from 3 to 4 km 
depth. If the abyssal Pacific was strongly stratified in salin-
ity, such a temperature inversion could have existed without 
destabilizing the water column. The difference in absolute 
salinity between 4 and 3 km depth would need to exceed 
0.33 g/kg (taking absolute salinity and conservative tem-
perature at 4 km to be near 36 g/kg and 0.5 °C, respectively), 
about 17 times the present-day difference. Given that dense 
waters formed around Antarctica and in the high-latitude 
Atlantic were close to freezing point at LGM (Adkins et al. 
2002), geothermal heating is the only possible source of this 
hypothetical abyssal heat reservoir (see Adkins et al. 2005).

Several considerations cast doubt on the ability of geo-
thermal heating to explain, alone, the observed mid-depth 
maximum in glacial �c . First, a 1.5 °C temperature excess at 
4 km relative to 3 km requires a substantial (at least three-
fold) increase in the residence time of Pacific bottom waters 
(deeper than 4 km) compared to today, and an even larger 
increase in the vertical geothermal heat gradient. Indeed it 
is estimated that present-day geothermal heating drives less 
than 0.5 °C warming in North Pacific waters deeper than 
4 km, and about half this warming at 3 km depth (Adcroft 
et  al. 2001; Emile-Geay and Madec 2009). Proxy esti-
mates of Pacific abyssal flows (McCave et al. 2008) and 

Fig. 5   (a) shows idealized fractions for the glacial North Pacific (20–
55°N) as a function of depth. Red is NPIW, light blue is UCDW and 
navy blue is AABW. In (b), we show the glacial �c data and GAM 
fit (solid line and 95% confidence interval shaded) as presented in 
Fig.  4c, together with the reconstructed profile using the idealized 

water fractions (dashed line). Sediment cores published by Keigwin 
(1998) are represented by crosses; the ones from Matsumoto et  al. 
(2002), represented by circles; and the ones from Herguera et  al. 
(2010), represented by plus signs

Fig. 6   The �c glacial data from our compilation is shown by shaded 
symbols, as a function of the latitude and water depth of each core. 
Crosses denote data from Keigwin (1998), plus signs data from Her-
guera et  al. (2010) and circles data from Matsumoto et  al. (2002). 
Contours show the zonally averaged UCDW fraction as estimated for 
the modern state
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radiocarbon estimates (Rafter et al. 2022) do not suggest 
such a large residence time of the glacial Pacific bottom 
waters. In addition, the mid-depth maximum in �c appears 
to be larger in the southwestern Pacific (Table 3) than in the 
North Pacific (4c), whereas geothermal heating is expected 
to cause abyssal warming that increases from south to north 
(Adcroft et al. 2001; Emile-Geay and Madec 2009). Hence, 
we consider it highly unlikely that geothermal heating can be 
the primary cause of the increase in abyssal to mid-depth �c . 
Nonetheless, we cannot exclude that the imprint of geother-
mal heating on Pacific abyssal temperatures was larger than 
today, and that it contributes to increase the apparent influ-
ence of isopycnal diffusion from the south in the mid-depths.

5 � Discussion

5.1 � Vertical and lateral influences on Pacific 
mid‑depths

Our analysis of modern tracer distributions, especially 
�18Osw from LeGrande and Schmidt (2006), and sedi-
ment archives of LGM �c (Keigwin 1998; Matsumoto 
et al. 2002; Herguera et al. 2010), indicates that mid-depth 
(1.5–3 km) Pacific waters are not merely a mixture of waters 
lying below and above. A sizeable influence from South-
ern Ocean UCDW on Pacific mid-depths is inferred. This 
south-to-north isopycnal ventilation pathway is theoretically 
compatible with net southward volume transport at these 
depths (Fig. 1a), since strong isopycnal diffusion could over-
whelm the influence of the overturning (Naveira Garabato 
et al. 2017). However, the estimated percentage influence 
of UCDW on the mid-depth North Pacific in the modern 
(Fig. 3c) and glacial (Fig. 5a) states advocates for weak ver-
tical diffusion and overturning in this layer (Fig. 1b). We 
thus propose that relatively weak overturning allows isop-
ycnal diffusion and recirculation to emerge as the primary 
communication pathway between Pacific mid-depths and 
surrounding oceans, in accord with a recent inverse model 
analysis (Holzer et al. 2021).

Beyond these common characteristics, the glacial and 
modern states appear to differ in important ways. In particu-
lar, the deep North Pacific may have been more strongly lay-
ered at LGM than it is today. Increased layering could arise 
from one or a combination of the following: (i) larger con-
trasts in source (end-member) water masses, (ii) increased 
isopycnal diffusion at mid-depths, and (iii) reduced vertical 
diffusion. More efficient isopycnal communication between 
Southern Ocean and North Pacific mid-depths in the gla-
cial state could have contributed to maintain a more distinct 
water-mass signature at these depths. However it is not clear 
why isopycnal diffusion rates should have been much larger 
at LGM; this scenario would imply a widespread increase 

in mesoscale eddy energy or decrease in mixing suppres-
sion by mean flows (Groeskamp et al. 2020; Abernathey 
et al. 2022). On the other hand, an increase in water-mass 
and density contrasts, together with reduced vertical mixing, 
appear to be plausible. Indeed, large LGM Antarctic sea ice 
seasonality (Crosta et al. 2022) is expected to strengthen the 
salinity contrast between bottom and intermediate waters 
(Ferrari et al. 2014; Haumann et al. 2016; Galbraith and de 
Lavergne 2019), potentially contributing to strong salinity-
based stratification in the deep North Pacific (Adkins et al. 
2002). In turn, increased stratification could have reduced 
vertical mixing rates, since vertical diffusivity is inversely 
proportional to vertical density gradient for a given power 
input to mixing (Osborn 1980).

5.2 � Evidence from carbon isotopes

Carbon isotope observations provide some independent sup-
port for our interpretations of modern and glacial Pacific 
ventilation. In Fig. 7, we show the dominating end-member 
(as diagnosed in Sect. 3) and the zonally averaged radio-
carbon distribution ( Δ14 C, from de Lavergne et al. (2017)) 
overlain with contours of the UCDW fraction, within the 
modern main Pacific. The Δ14C minimum is located at mid-
depths between 30 and 45°N (Fig. 7b). The fact that this 
minimum is not located further north (i.e., further away from 
the southern sources of ventilation) concurs with the inferred 
upwelling of abyssal tracers in the subarctic Pacific. The lati-
tudinal position of the Δ14 C minimum appears to lie at the 
junction between the declining influence of UCDW towards 
the north, and the rising influence of AABW in the subarctic 
Pacific, as illustrated by the dominant water-mass distribu-
tion shown in Fig. 7a. What causes the rise of the AABW 
fraction and associated upwelling of tracers in the subarctic 
Pacific remains unknown, however. Potential causes include 
high vertical mixing, low isopycnal mixing and wind-driven 
uplifting (Toggweiler et al. 2019; Sigman et al. 2021).

In the cores that we used for the analysis of oxygen iso-
topes, the carbon isotopic ratio �13C of benthic foraminif-
era was also measured. Although �13C is not conservative 
since remineralization of organic matter lowers the ratio 
(Duplessy et al. 1988), it provides a source of information 
complementary to �c . In Fig. 8, we show both the mod-
ern and glacial �13C from the same cores that we used in 
Sect. 4. In the modern ocean, �13C increases from 2.5 to 
4 km depth, suggesting an older water mass at mid-depths 
than in the abyss. In the glacial ocean, �13C exhibits a 
very different shape, with a minimum centred near 2.5 km 
depth, similar to the depth of the �c maximum (Figs. 4c 
and 5b). This shape is qualitatively consistent with a 
relatively isolated mid-depth layer, sandwiched between 
younger AABW and expanded NPIW. Additionnally, the 
differences in glacial �13C between the dataset from the 



	 B. Millet et al.

1 3

coast of Japan (Matsumoto et al. 2002) and that near the 
Bering Strait (Keigwin 1998) (see Fig. 5a) corroborate 
the notion that ventilation was dominantly south-to-north 
deeper than 1.5–2 km, and dominantly north-to-south 
at intermediate depths (see shading in Fig. 8b). Indeed, 
when moving toward the north (from circles to crosses 

in Fig. 8b), �13C becomes lighter (respectively heavier) 
in the deeper (respectively shallower) part of the water 
column. Furthermore, the vertical gradient between 
mid-depths (2–3 km) and deeper waters also appears to 
increase toward the north; although uncertain, this pattern 

Fig. 7   The dominating zonally averaged water fraction in the main 
Pacific is shaded in (a). A fraction is defined as dominant when supe-
rior to the sum of the other three. Grey shading indicates Where no 
fraction dominates (“Mix” zone). The characteristic isopycnals of 
the UCDW and AABW end-members are shown as black curves. 

In (b), the zonal mean modern Δ14
C distribution is shaded, and the 

zonal mean UCDW fraction is contoured. This figure illustrates that 
the radiocarbon minimum is located at the end of the UCDW tongue, 
near the “Mix” zone, where ventilation by isopycnal diffusion and 
diapycnal diffusion appears to be weakest

Fig. 8   (a) Shows the modern �13C values from our North Pacific 
compilation as a function of water depth. (b) Shows the equivalent 
for the LGM. In both panels, the data have been fitted with a GAM 
(dashed curves; 95% confidence interval is shaded). In (a), the deep-
est core (Vinogr GGC-17_2, in red) was left out of the GAM calcula-
tion because of the large anomaly relative to the other modern val-
ues. In (b), light blue shading indicates a southern ventilation source, 

while red shading indicates a northern source, as deduced from the 
geographical �13C gradients (i.e. the differences between datasets of 
Keigwin (1998) and Matsumoto et  al. (2002)). Data from Keigwin 
(1998) are marked with crosses, from Matsumoto et  al. (2002) with 
circles, and from Herguera et  al. (2010) with plus signs (only one 
�13C value is available from the latter study, in (a)). In (a), the lati-
tude indicated next to the name of the authors corresponds to the 
average latitude of each study’s cores



Oxygen isotope constraints on the ventilation of the modern and glacial Pacific﻿	

1 3

would suggest that strong layering extended into the gla-
cial subarctic Pacific.

5.3 � Implications for glacial carbon storage

Together, oxygen and carbon isotopes thus suggest increased 
layering of the different water masses in the North Pacific at 
the LGM relative to present. An increase in deep stratifica-
tion probably reduced the upwelling of abyssal tracers, lead-
ing to the increased layering observed in the deep Pacific. 
This was possibly associated with stronger NPIW influence 
in the upper 1.5 km. The combined NPIW expansion and 
reduced AABW influence in the mid-depths of the subarctic 
Pacific would have resulted in a stronger and slightly deeper 
UCDW influence at mid-depths. These circulation changes 
are summarized in Fig. 9. Modern upwelling of abyssal trac-
ers in the subarctic Pacific influences the tracer distributions 
at mid and intermediate depths, acting as an important return 
pathway for nutrients (Sarmiento et al. 2004; Holzer et al. 
2021). A reduction in the upwelling of abyssal tracers at 
LGM would limit the return path of remineralized nutrients 
through the mid-depths which would thus reduce CO2 out-
gassing from the surface. A host of biogeochemical tracers 
suggest a reduction in the supply of nutrients and carbon to 
the surface of the subarctic Pacific during the LGM (Jac-
card et al. 2009; Ren et al. 2015; Gray et al. 2018), despite 
climate models indicating a substantial increase in wind-
driven upwelling within the region under glacial boundary 
conditions (Gray et al. 2018, 2020). This can be explained 
by the reduced influence of AABW and increased influence 
of NPIW at intermediate depths (Fig. 9), which would have 
lowered the nutrient concentrations of the upwelling waters 
(Rae et al. 2020). Furthermore, the expansion of NPIW 

provides a new-source of low-preformed nutrient water in 
the global ocean, providing a mechanism to lower atmos-
pheric CO2 (Rae et al. 2020). These changes are comple-
mentary and would work together to increase the efficiency 
of the biological pump: the expansion of NPIW lowers the 
ocean’s preformed nutrient inventory, while reduced vertical 
mixing in the deep ocean would trap remineralised nutrient 
in the abyss. The proposed changes in ventilation thus likely 
imply an increase in oceanic carbon storage during glacial 
times relative to present.

Over deglaciation, upwelling from the abyssal subarc-
tic Pacific appears to have increased around the onset of 
the Bolling-Allerod, roughly coeval with onset of modern 
rates of NADW formation (Galbraith et al. 2007), bringing 
carbon-rich deepwaters to the surface in the subarctic Pacific 
and outgassing CO2 to the atmosphere (Gray et al. 2018).

6 � Conclusion

We analysed the distribution of quasi-conservative tracers, 
including oxygen isotopes in seawater and benthic foraminif-
era, to constrain ventilation patterns in the modern and gla-
cial Pacific Ocean. The analysis supports a crucial role for 
isopycnal diffusion in the ventilation of Pacific mid-depths 
(1.5–3 km). However, substantial vertical tracer transport 
from the abyss to the upper ocean appears to overwhelm this 
isopycnal influence in the modern subarctic Pacific (north 
of about 40°N). Isotopes of benthic foraminifera ( �18O and 
�13C ) from the North Pacific suggest a stronger layering of 
the deep ocean during the LGM than at present, including a 
possible suppression of the subarctic bottom-to-surface tracer 
upwelling. A reduction in vertical mixing linked to increased 

Fig. 9   Proposed modern (a) and glacial (b) Pacific ocean circulation 
regimes. Curved arrows denote major circulation branches while dou-
ble-headed straight arrows denote isopycnal diffusion and recircula-
tion. In the glacial state, an expansion of NPIW to the detriment of 
AAIW may have taken place at intermediate depths, while stronger 
stratification in deeper layers may have decreased the upwelling of 

abyssal tracers in the subarctic Pacific leading to an increased north-
ward penetration of UCDW. Note that the inferred slight deepening of 
the UCDW influence at LGM is not represented on the schematic for 
simplicity; this deepening probably results from the other circulation 
changes



	 B. Millet et al.

1 3

stratification in the deep North Pacific, and an expansion of 
NPIW, may have contributed to these differences. Overall, 
the inferred changes in ventilation would imply that North 
Pacific deep waters were more isolated and more carbon rich 
at LGM than they are today. Further work is required to better 
understand the drivers of subarctic Pacific upwelling, and to 
better constrain the LGM North Pacific water-mass structure 
and its implications for deep ocean carbon storage.
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Figure S1. Zonally averaged water fractions over the main Pacific obtained with the following 

four end-members: NPIW (a), AAIW (b), PDW averaged at a neutral density 𝛾𝑛 = 27.8 𝑘𝑔. 𝑚−3 

and 40°N (c), and AABW (d). Red curves delineate the characteristic isopycnals (described in 

the main text) of each end-member. The PDW fraction suggests that this water mass, as 

presently defined, does not have a clear circulation pathway and instead embodies a relatively 

stagnant mixture of surrounding water masses. 
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Figure S2. Zonally averaged water fractions over the main Pacific obtained with the following 

three end-members: AAIW (a), UCDW (b) and AABW (c). In this solution, only two tracers, 

conservative temperature and preformed salinity, are used to constrain the water fractions. 

Red curves delineate the characteristic isopycnals of UCDW and AABW, as described in the 

main text. The UCDW fraction dominates at mid-depth from 30°S to about 30°N; it decreases 

sharply with latitude near 25°N. This shows that the steep decrease of the UCDW fraction 

between 20°N and 30°N obtained in the reference solution (Fig. 3 of the article) is not merely 

driven by patterns of the 𝛿18𝑂𝑠𝑤 product. 

 

 

          

Latitude     

 

 

 

 

 

 

 
e
 
t 

  
 
m

 
a  

          

Latitude     

c

          
Latitude     

 

 

 

 

 

 

 
e
 
t 

  
 
m

 

    

    

    

    

    

    

    



 
Figure S3.  Water fractions horizontally averaged over the North Pacific within 20ºN-55ºN are 

shown in panel (a). In panel (b), we show the same water fractions sampled at the (longitude, 

latitude, depth) locations of each sediment core, as a function of depth. When unavailable at 

the core locations, the water fractions were retrieved from the closest location where the model 

converged. Core sites from (Keigwin 1998) are marked with crosses, those from (Matsumoto, 

et al. 2002) with circles and those from (Herguera, et al. 2010) with plus signs. Solid curves 

are GAM fits through each water fraction scatter, with 95% confidence intervals shown by grey 

shading. In both panels, colors correspond to the different end-members: red for NPIW, orange 

for AAIW, light blue for UCDW and navy blue for AABW.  
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Figure S4.  Profiles of conservative temperature (a), preformed salinity (b) and 𝛿18𝑂𝐶𝑎𝐶𝑂3

 (c), 

averaged over the North Pacific within 20ºN-55ºN (red curves) and sampled at the core 

locations (blue symbols) the method for Figure S3. Core sites from Keigwin (1998) are marked 

with crosses, those from Matsumoto et al. (2002) with circles and those from Herguera et al. 

(2010) with plus signs. The oxygen isotopic ratio of calcite was calculated using the equation 

of Marchitto et al. (2014) combined with 3D fields of in-situ temperature and 𝛿18𝑂𝑠𝑤. 
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Figure S5. Locations of the sediment cores that have been used to define 𝛿18𝑂𝐶𝑎𝐶𝑂3
 values 

for our three southern end-members: AABW (navy blue), UCDW (light blue) and AAIW 

(orange).  

 

 

References 
 

Herguera, J.C., T. Herbert, M. Kashgarian, et C. Charles. «Intermediate and deep water mass 

distribution in the Pacific during the Last Glacial Maximum inferred from oxygen and carbon 

stable isotopes.» Quaternary Science Reviews 29, n° 9 (2010): 1228-1245. 

Keigwin, LD. «Glacial-age hydrography of the far northwest pacific ocean.» Paleoceanography 13, 

n° 4 (1998): 323–33. 

Marchitto, T.M., W.B. Curry, J. Lynch-Stieglitz, S.P. Bryan, K.M. Cobb, et D.C. Lund. «Improved oxygen 

isotope temperature calibrations for cosmopolitan benthic foraminifera.» Geochimica et 

Cosmochimica Acta 130 (2014): 1-11. 

Matsumoto, Katsumi, Tadamichi Oba, Jean Lynch-Stieglitz, et Hirofumi Yamamoto. «Interior 

hydrography and circulation of the glacial Pacific Ocean.» Quaternary Science Reviews 21, 

n° 14 (2002): 1693-1704. 

 

 

    
 C  
    

    E

    E

    E

    E

   S

   S

   S

  S





CHAPTER II

GLOBAL OCEAN VENTILATION: A
COMPARISON BETWEEN A GENERAL

CIRCULATION MODEL AND
DATA-CONSTRAINED INVERSE MODELS

In Chapter I, we have proposed that the mid-depths of the Pacific are largely ventilated through isopycnal
diffusion from the south. The end-members we used to highlight this diffusion were defined at 30°S in
the Pacific, rather than at the surface, so that ventilation pathways upstream of the 30°S vertical section
could not be discussed. Nonetheless, we suggested that the modern δ18Osw structure in the Pacific could
plausibly be explained by a relatively strong presence of waters of North Atlantic origin at mid-depth in the
Pacific.

In this chapter, we propose to test these hypotheses by propagating six regional dyes whose source regions
pave the whole ocean surface in an OGCM: the Nucleus for European Modelling of the Ocean (NEMO).
The NEMO simulations we explore here originate from another study in which I am co-author: "Effects of
improved tidal mixing in NEMO one-degree global ocean model", referred to in the text as Rathore et al.,
(2024), soon to be submitted and attached here in Supplementary Information. In addition, we track the
same regional dyes in two data-constrained inverse models, the Ocean Circulation Inverse Model (OCIM)
and the Total Matrix Intercomparison (TMI), to evaluate NEMO and to gain deeper insights in steady state
ventilation patterns and rates. Ventilation volumes, rates and routes from the six surface regions are thus
compared across the three models. We will also resort to different mixing parameterizations in NEMO to
assess the impact of isopycnal and diapycnal mixing on tracer distributions in the Pacific Ocean. This work
will soon be submitted to the Journal of Advances in Modeling Earth Systems:

• Millet, B., de Lavergne, C., Gray, W.R., Ethé C., Madec, G., Holzer, M., Gebbie, G., and Roche D.
M., in prep. Global ocean ventilation: a comparison between an ocean general circulation model and
data-constrained inverse models.
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Abstract

Ocean ventilation, or the transfer of tracers from the surface boundary layer into the ocean interior, is
a critical process in biogeochemical cycles and the climate system. Here, we assess steady-state ventilation
patterns and rates in three models of ocean transports: a 1◦ global configuration of the Nucleus for European
Modelling of the Ocean (NEMO), a recent 2◦ solution of the Ocean Circulation Inverse Model (OCIM),
and a 2◦ solution of the Total Matrix Intercomparison (TMI). We release artificial dyes in six surface
regions of each model and compare equilibrium dye distributions as well as ideal age distributions. It takes
about twice as long as the maximum ideal age to fill 99% of the ocean, and thus for dyes to reach quasi-
equilibrium. We find good qualitative agreement in large-scale dye distributions across the three models.
However, the distributions indicate that TMI is more diffusive than OCIM, itself more diffusive than NEMO.
NEMO simulates a sharp separation between antarctic and subantarctic ventilation zones in the Southern
Ocean, leading to a weaker influence of the latter zone on the abyssal ocean. A shallow bias of North
Atlantic ventilation in NEMO contributes to a stronger presence of the North Atlantic dye in the mid-
depth Southern Ocean and Pacific. This isopycnal communication between the North Atlantic surface and
the mid-depth Pacific is very slow, however, and NEMO simulates a maximum age in the North Pacific
about 900 years higher than the data-constrained models. Possible causes of this age bias are interrogated
with NEMO sensitivity experiments. Implementation of a state-of-the-art observation-based 3D map of
isopycnal diffusivity augments the maximum age, due to weaker isopycnal diffusion at depths. Tripling of
diapycnal mixing by subinertial internal tides in the North Pacific improves the spatial pattern of ideal age,
yet only reduces the age bias by about 150 years. Overly slow ventilation of the Pacific thus persists across
experiments encompassing our current best knowledge of diapycnal and isopycnal mixing. We suggest that
the dynamics of subarctic Pacific upwelling and ventilation are misrepresented in NEMO, and may be key
missing pieces in the representation of global ocean ventilation in general circulation models.

1 . Introduction

Global ocean circulation is often pictured as a gigantic conveyor belt moving tracers across basins, lati-
tudes and layers (Broecker, 1991; Gordon, 1986). Accordingly, large-scale tracer distributions are commonly
interpreted to result from transport and sources or sinks along the conveyor belt. In fact, the circuit of the
conveyor belt is itself largely deduced from observed tracer distributions (Richardson, 2008; Talley, 2013).
This simple paradigm has proven powerful to describe some of the ocean’s roles in climate and biogeo-
chemical cycles (Broecker, 1991). However it has been challenged by the observation that the ocean is
fundamentally chaotic (Gregg, 1987; Lozier, 2010) and the ensuing demonstration that tracer distributions
are shaped by turbulent mixing as much as they are by large-scale currents (Holzer and Primeau, 2006;
Naveira Garabato et al., 2017).

The chaotic nature of the ocean represents a formidable challenge for models of ocean tracer transports:
such models need to represent mixing along and across density surfaces in addition to capturing the large-
scale flows of mass. For example, prognostic Ocean General Circulation Models (OGCMs) employ uncertain
parameterizations of isopycnal and diapycnal mixing, which have a prominent influence on simulated tracer
distributions and transports (Jones and Abernathey, 2019; Oka and Niwa, 2013) and ultimately on the
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climate simulated by coupled ocean-atmosphere GCMs (Hieronymus et al., 2019; Pradal and Gnanadesikan,
2014). Similarly, inverse models that infer ocean transports from observed tracer distributions often resort
to a priori constraints and adjustable mixing parameters to reconstruct plausible three-dimensional transport
pathways (Hernández-Guerra and Talley, 2016; Holzer et al., 2021). The chosen constraints are partly
subjective and can have a substantial impact on the obtained solutions (Groeskamp et al., 2017).

These difficulties in mapping and modelling tracer transports limit our comprehension of global ocean
ventilation. Ocean ventilation signifies broadly the transport of tracers from the surface boundary layer to
deeper layers. Here we distinguish ’ventilation’ from ’subduction’ and ’circulation’, the latter two terms
traditionally referring to mass transports. Tracer transports result both from circulation (or advection) and
turbulent mixing (or diffusion). Ocean ventilation is an essential process in the climate system because
it affects the baseline climate state and controls the response of ocean heat and carbon reservoirs to
perturbations (Gregory et al., 2024; Kwon et al., 2011; Ödalen et al., 2018). In addition, ventilation shapes
the distributions of dissolved oxygen, nutrients and other biochemical substances in the ocean interior that
are critical to the functioning of marine ecosystems (Davila et al., 2023; Gupta et al., 2022). In spite of
these implications, there have been few comprehensive assessments of ventilation patterns and rates in the
modern ocean.

It is established that the deeper half of the ocean (below about 2 km depth) is ventilated primarily from
localized sources located in the subpolar North Atlantic and on Antarctic shelves (Orsi et al., 2001). Yet
the percentage volume filled from each source remains uncertain: studies estimate that the Antarctic source
represents between ∼ 70% and 300% of its North Atlantic counterpart (DeVries and Primeau, 2011; Gebbie
and Huybers, 2010; Holzer et al., 2021; Johnson, 2008). The composition of the voluminous mid-depth (1-3
km) Pacific is most uncertain because these waters do not fall on the mixing line (in temperature-salinity
space) between waters of Antarctic origin and North Atlantic origin (Worthington, 1981), nor do they lie on
the circuit of the global conveyor belt (de Lavergne et al., 2017; Holzer et al., 2021).

Relatedly, the pathways that connect the surface North Atlantic to the deep Pacific remain debated.
Talley (2013) proposed that the vast majority of dense waters formed in the subpolar North Atlantic (collec-
tively referred to as North Atlantic Deep Water, NADW) upwell near Antarctica, where they are converted
into colder Antarctic Bottom Water (AABW) which subsequently spreads northward in the abyssal Pacific.
A Lagrangian analysis (Rousselet et al., 2021) indicates a more direct route skipping upwelling at high south-
ern latitudes, whereby NADW advects eastward and gains density along the northern flank of the Antarctic
Circumpolar Current before moving north in the abyssal Pacific. Recent tracer-based studies highlight two
routes and suggest that denser varieties of NADW are incorporated in AABW at southern high latitudes
whereas lighter varieties spread diffusively at mid-depths (Holzer et al., 2021; Millet et al., 2023). Such
contrasting paradigms for the connectivity between the surface North Atlantic and deep Pacific carry large
implications for nutrient and carbon inventories and sensitivities in the global deep ocean (Baker et al.,
2023; Kwon et al., 2012).

In the upper half of the ocean (above about 2 km depth), ventilation has been traced primarily to
the production and subduction of mode and intermediate waters at latitudes between 30◦ and 60◦ (Gebbie
and Huybers, 2011; Samelson and Vallis, 1997). Yet the spreading processes and pathways of these water
masses in the ocean interior are poorly characterized (Sloyan and Rintoul, 2001; Toggweiler et al., 2019;
You, 2003). For example, the degree to which Subantarctic Mode Water and Antarctic Intermediate Water
spread into Northern Hemisphere oceans or into the abyssal ocean is largely unknown. The role of mixing
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in controlling ventilation by mode and intermediate waters in northern and southern basins is also subject
to debate (Fu et al., 2020; Urakawa and Hasumi, 2012).

Counter-intuitively, ventilation rates are often better known than ventilation routes and volumes. Indeed,
whereas estimating ventilation patterns generally requires combining numerous tracer distributions, venti-
lation rates can be constrained more directly using radiocarbon (Gebbie and Huybers, 2012; Holzer et al.,
2010) or chlorofluorocarbon (Orsi et al., 2001) measurements. Ventilation rate is usually quantified by the
ideal age of seawater, which is the time elapsed since this water was last at the surface. Because a given
interior water volume can be fed by different surface-to-interior trajectories of different duration, care must
be taken when estimating and interpreting the ideal age of a water volume, which is an effective average
across trajectories (England, 1995; Wunsch, 2002). Nuclear bomb radiocarbon (Broecker and Olson, 1960),
the Suess effect (Friedli et al., 1986), measurement limitations and temporal variability further compli-
cate ideal age reconstructions. Nevertheless, combining chlorofluorocarbon and radiocarbon measurements
provides strong constraints on upper-ocean and deep-ocean ventilation rates (Schlitzer, 2007). Generally,
studies indicate rapid ventilation in the deep Atlantic, slower ventilation of the deep North Pacific, reaching
a maximum age circa 1,500 years, with the deep Indian Ocean falling in between (DeVries and Primeau,
2011).

Despite the availability of observation-based climatologies of radiocarbon, chlorofluorocarbon and ideal
age (Cimoli et al., 2023; de Lavergne et al., 2017; Gebbie and Huybers, 2012; Key et al., 2004), these ob-
servations are seldom employed to evaluate OGCM-simulated ventilation rates (Dutay et al., 2002). Indeed,
although ideal age is frequently included in OGCM simulations, integration times are generally too short
to simulate steady ideal ages (e.g., Adcroft et al., 2019). Evaluation of climate-scale OGCM experiments
generally focuses on temperature and salinity distributions, mixed layer depths, and meridional overturning
circulation. Given the climatic implications of ocean ventilation and the influence of mixing on ventila-
tion, in-depth evaluation of ventilation patterns and rates that goes beyond overturning streamfunctions is
desirable (Dutay et al., 2002; England, 1995).

Here, we evaluate steady-state ventilation patterns and rates simulated by a global NEMO configuration
whose nominal horizontal resolution is 1◦ (Rathore et al., 2024). This simulation includes an ideal age tracer
and regional dye tracers that track ventilation emanating from six distinct ocean regions. The evaluation
is performed by comparing equivalent tracer distributions in two data-constrained inverse models: a recent
2◦ solution of OCIM (Holzer et al., 2021), and a 2◦ solution of TMI (Gebbie and Huybers, 2010; Gebbie
and Huybers, 2012). The three models are state-of-the-art but structurally different: in essence, NEMO
is dynamically constrained, TMI is observationally constrained, while OCIM is both observationally and
dynamically constrained. The employed models and tracers are described in more detail in the next section.
In section 3, we examine steady-state ventilation volumes, pathways and rates predicted by the three models.
Section 4 further explores salient questions raised by the comparison, namely (i) NADW pathways to the
deep Pacific, (ii) sensitivity of the maximum ideal age to mixing parameterizations, (iii) dynamics of the
subarctic Pacific and (iv) implications for the glacial ocean. We summarize our findings in section 5.

2 . Methods
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Figure 2.1: Surface regions used to define the six regional dye tracers. From south to north, these

regions cover Antarctic polar seas (AA), high southern latitudes (HS), mid southern latitudes (MS), low

latitudes (LL), the northern North Pacific (NP), and the northern North Atlantic and Arctic (NA). Region

boundaries mostly track longitude circles at 30◦N, 30◦S, 45◦S and 63◦S or 68◦S.

2.1 . NEMO general circulation model
We employ a global configuration of NEMO that has a nominal horizontal resolution of 1◦ and 75

layers in the vertical. We build upon the work of Rathore et al. (2024), who performed and evaluated three
thousand-year-long experiments with this configuration under climatological COREv2 forcing (Large and
Yeager, 2009). They showed that the simulated stratification and circulation are quasi-steady by model
year 1,000. In this study, we focus on their experiment ‘TRA’, which contains the most comprehensive
representation of diapycnal mixing by breaking internal tides (Rathore et al., 2024). We run this experiment
for an additional year with output at five-day frequency, and then use this output to propagate passive
tracers in offline mode. The offline mode implies that velocities, diffusivities and stratification parameters
are not computed again but instead read and time-interpolated from five-day output files (corresponding
here to model year 1,001), so as to evolve only the passive tracers. The numerical scheme for advection of
passive tracers is the same as that used in the online simulation: a second-order Flux Corrected Transport
scheme, which is computationally expensive but generates relatively low levels of spurious numerical mixing.

Seven passive tracers are included in the offline simulation: an ideal age tracer and six regional dye
tracers released in different regions covering the whole ocean surface (Figure 2.1). The ideal age tracer is
restored to zero in the top 10 m, and increases at a rate of 1 year per year deeper than 10 m. This tracer
was included in the online simulation and is thus extended offline for another 6,000 years. The regional dye
tracers are restored to 1 in the top 10 m within their source region, and restored to zero elsewhere in the top
10 m. Deeper than 10 m, they are conservative, that is, they are only affected by advection and diffusion.
The initial state for these dye tracers is zero at every grid point. Like the ideal age tracer, dye tracers are
evolved for 6,000 years in our reference offline simulation, which we call REF hereafter.

In order to study the impact of different mixing scenarios on global ocean ventilation, we perform four
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Simulation

name

Kz includes

subinertial

contrib.

Ki depends on Simulated

time

(years)latitude longitude depth

REF Yes Yes Yes No 6000

DIALOW No Yes Yes No 3000

DIAHIGH
Yes, tripled in

NP
Yes Yes No 3000

ISOCST Yes Yes No No 3000

ISO3D Yes Yes Yes Yes 3000

Table 1: Summary of NEMO sensitivity experiments. Diapycnal mixing does not change across exper-

iments except for the representation of mixing by subinertial internal tides.

additional offline simulations of 3,000-year duration, as summarized in Table 1. The reference (REF) offline
simulation follows the experiment ‘TRA’ of Rathore et al. (2024): it has an isopycnal diffusivity that is
independent of depth but varies with latitude and longitude according to the simulated stratification and
flow (Figure 2.2b). Two simulations, ISOCST and ISO3D, are used to assess the influence of isopycnal
mixing parameterization on ventilation. In the ISOCST experiment, isopycnal diffusivity varies only with
latitude (Figure 2.2a). In the ISO3D experiment, isopycnal diffusivity is set by the static three-dimensional
map of Groeskamp et al. (2020), based on observations and theory (Figure 2.2c,d). Note that ISO3D
and ISOCST share the same stratification, velocities and diapycnal diffusivities as REF: isopycnal diffusion
was not changed during the online simulations. Two more simulations, DIALOW and DIAHIGH, aim to
assess the impact of different diapycnal mixing parameterizations. These additional simulations were run
online for 1,000 years, then offline for 3,000 years; hence the impact of vertical mixing on stratification
and circulation is accounted for. The DIALOW experiment is identical to REF except that it excludes
the mixing contribution of subinertial internal tides (corresponding to experiment ‘NEW’ of Rathore et al.,
2024). The DIAHIGH experiment is identical to REF except that the power input to subinertial internal
tides in the North Pacific is tripled. Subinertial internal tides are bottom-trapped internal waves generated
by tide-topography interactions at latitudes where the tidal frequency is lower than the Coriolis frequency
(Chapman, 1989). They exist only poleward of 30◦ and their contribution to mixing is most significant in
subpolar and polar oceans (Müller, 2013).

Most of the forthcoming analysis will focus on the REF simulation, which shares the same isopycnal
mixing (Ki) or the same diapycnal mixing (Kz) scheme with other simulations. The different parameteriza-
tions will be discussed only in section 4. Hence, unless otherwise stated, all statements about NEMO refer
to experiment REF.
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Figure 2.2: Maps of the isopycnal diffusivity used in NEMO sensitivity experiments called ISOCST (a),
REF (b) and ISO3D (c,d). The diffusivity is independent of depth in both ISOCST and REF. In ISO3D, it
varies with depth and is shown here at depths of 200 m (c) and 1950 m (d).
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2.2 . Inverse models
We use two inverse models, TMI and OCIM, to assess global ocean ventilation and its representation

in our NEMO experiments. TMI was developed by Gebbie and Huybers (2010). It connects every point of
the ocean interior to every surface point by inverting six tracers: potential temperature, salinity, phosphate,
nitrate, oxygen and the oxygen-18 isotopic ratio of seawater. The method relies on the notion that any
grid box in the ocean interior exchanges volume with its six neighbours. Assuming steady transports in
the ocean, and using volume conservation, volume exchanges can then be deduced from gridded fields of
at least five independent tracers. This approach reconstructs connectivity across the global ocean but not
ventilation rates. Transport rates were later estimated by Gebbie and Huybers (2012) using the gridded
natural radiocarbon climatology of Key et al. (2004). We use the code available at https://github.com/
ggebbie/TMI.mat to simulate ideal age and regional dye tracers for 6,000 years. The simulated fields are
defined on a regular longitude-latitude grid of uniform 2◦ resolution, with 33 layers in the vertical. An
alternative TMI solution at 4◦ resolution was also explored but deemed less realistic; we thus restrict our
analysis to the 2◦ solution.

OCIM integrates both dynamical and observational constraints to estimate the mean state of the ocean
circulation (DeVries and Primeau, 2011). It uses a linearized dynamical ocean circulation model, with
adjustable forcing terms in the horizontal momentum equation determined through minimization of a cost
function (DeVries and Primeau, 2011). The density distribution is prescribed following the World Ocean
Atlas 2013 climatology (Locarnini et al., 2013; Zweng et al., 2013). In its most recent iteration (Holzer et
al., 2021), OCIM deduces isopycnal diffusivities as part of the optimization whereas it prescribes diapycnal
diffusivities using the three-dimensional map of de Lavergne et al. (2020). The cost function includes
differences between modelled and observed tracer concentrations. Six tracers are assimilated: potential
temperature, salinity, natural radiocarbon (∆14C), chlorofluorocarbon-11, chlorofluorocarbon-12 and helium-
3 (δ3He). Chlorofluorocarbon concentrations help to better constrain the injection of tracers into the
thermocline (DeVries, 2014) while δ3He helps to constrain the abyssal circulation (DeVries and Holzer,
2019). The resolution of the OCIM solution used here (Holzer et al., 2021) is 2◦ in longitude and latitude
and 48 levels in the vertical. As for TMI and NEMO, OCIM-derived transports are used to simulate ideal
age and six regional dye tracers for 6,000 years. The analysis of the three models will focus on steady-state
distributions, hence on final model years.

2.3 . Equilibration times
Dye tracers can be used to estimate the volume of the ocean filled as a function of model time. We

define the total dye as the sum of the six regional dyes. This total dye is uniformly equal to zero in the
initial state. From the first time step onward, it is restored to 1 everywhere at the ocean surface, and thus
gradually fills the ocean until its concentration reaches 1 in every grid cell. The total dye concentration in
a grid cell thus represents the fraction of the cell’s volume which has been filled or ventilated. Integrating
the total dye concentration over the global ocean volume yields the global volume filled. Steady state is
reached when this filled volume equals the model’s global ocean volume.

The evolution of the filled volume in TMI, OCIM and the reference (REF) NEMO experiment is shown
in Figure 2.3a. It takes almost 6,000 years to fill over 99% of the global ocean volume in REF, compared to
only about 3,000 years in TMI and 4,000 years in OCIM. The differences in filled volume across the three
models are relatively small during the first 500 years, then the difference between REF and inverse models
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increases markedly. This indicates that REF predicts slower ventilation of the weakly ventilated oceanic
realms. Indeed, we find that the discrepancy comes largely from the mid-depth Pacific shadow zone, where
the mean meridional advection is very weak (de Lavergne et al., 2017; Holzer et al., 2021). The phrase
’shadow zone’ refers here to an oceanic domain largely excluded from the meridional overturning circulation
(de Lavergne et al., 2017); it is analogous but distinct from upper-ocean shadow zones excluded from the
horizontal gyre circulation (Luyten et al., 1983). In REF, the core of this shadow zone, between 1.5 and
3 km in the North Pacific, resists complete ventilation for about 6,000 years (Figure 2.3b). Strikingly, this
filling time (taken as the time when the percentage volume filled surpasses 99%) is much larger than the
maximum zonal mean Pacific ideal age simulated by REF of about 2,500 years. Similarly, in TMI, the filling
time of the shadow zone is about 3,000 years whereas the maximum zonal mean Pacific ideal age is close to
1,600 years. OCIM produces a similar shadow zone as in REF (Holzer et al., 2021), albeit with a reduced
filling time of about 4,000 years. This filling time again far exceeds the maximum zonal mean ideal age in
OCIM’s shadow zone, which is close to 1,600 years.

The difference between filling time and ideal age can be understood as follows: ideal age equilibration
requires the uniform interior source to be balanced by transport from the surface sink, whereas dye tracer
equilibration requires unbroken transport from surface source to surface sink via the ocean interior. Hence,
dye tracer equilibration time is more akin to residence time, which is the sum of time since last surface
contact (ideal age) and time to next surface contact (resurfacing time). The large filling times found in the
three models, exceeding 3,000 years, underline the need for multi-millennial climate simulations to achieve
climate states without artificial deep ocean drift (Gebbie and Huybers, 2019; Jansen et al., 2018).

Figure 2.3: Panel (a) shows the percentage of the global ocean volume which has been filled as a

function of model time, in the reference (REF) NEMO experiment (blue), in OCIM (orange) and in TMI

(green). The vertical dashed line marks year 2,500. Panel (b) shows the Pacific zonal mean total dye

concentration at year 2,500 of the REF simulation. Even though the maximum zonal mean ideal age

is about 2,500 years in REF, the core of the shadow zone is only 60% filled by year 2,500.

Despite near-complete filling of the global ocean by year 6,000 in REF, the total dye concentration is
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not exactly equal to 1 in all grid cells. To estimate steady-state dye concentrations, we divide each dye
concentration by the total dye concentration in every grid cell. This correction assumes that dye proportions
at year 6,000 are representative of the steady state; an excellent approximation given the attained near-
complete equilibration.

Other NEMO experiments were not carried for 6,000 years and instead stopped at 3,000 years (Table
1). The different mixing parameterizations alter the rates of ventilation of the ocean: for the same year
at the same grid cell, the filled volume will vary across the different simulations. In order to compare the
different experiments, we first estimate steady-state dye concentrations for each experiment. By year 3,000,
about 90% of the ocean has been filled (Figure 2.3a) and dye concentrations evolve quasi linearly in time
(Fig. S2.1), so that extrapolation is feasible. We thus estimate the equilibrium concentration di(eq) of a
dye sourced in region i as a function local dye concentrations at model years 2,900 and 3,000:

di(eq) = di(3000) +
di(3000)− di(2900)∑
j [dj(3000)− dj(2900)]

×

1−
∑
j

dj(3000)

 (II.1)

The equilibrium dye concentration is thus the concentration at year 3,000 plus the product of the centennial
variation from year 2,900 to 3,000 and the corresponding number of centuries to equilibrium; the latter
number being estimated as the ratio of the volume fraction yet to be filled to the centennial variation of the
total dye. This extrapolation ensures that the equilibrium total dye concentration,

∑
j dj(eq), is equal to

1. We assess the accuracy of this extrapolation by applying it to REF, for which we know (to a very good
approximation) the true equilibrium concentrations. We find differences between true and extrapolated
equilibrium dye concentrations of less than half a percent in the Pacific zonal mean (Fig. S2.2). This
demonstrates the predictive accuracy of equation (1).

As with the dye concentrations, the ideal age tracer is not fully equilibrated after 3,000 years of sim-
ulation. A similar extrapolation can be performed to estimate the steady-state ideal age A(eq) in NEMO
sensitivity experiments:

A(eq) = A(3000) +
A(3000)−A(2900)∑
j [dj(3000)− dj(2900)]

×

1−
∑
j

dj(3000)

 (II.2)

Again, we validate this extrapolation by applying it to the REF experiment which was extended to 6,000
years. We find differences of less than 2.5% between extrapolated and true equilibrium ideal ages (S2.3).

3 . Results

We now compare the steady-state dye and ideal age distributions in REF, OCIM and TMI.
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3.1 . Dye volumes and distributions
The contributions of each surface source region to the volume of the global, Atlantic and Pacific oceans

are shown in Figure 2.4. In this and following figures, Atlantic and Pacific oceans are extended to Antarctica:
boundaries south of 32◦S are 68◦W, 25◦E for the Atlantic and 150◦E, 68◦W for the Pacific. There is good
agreement overall in the ventilated volumes across the three models. The northern North Atlantic (NA)
and Antarctic (AA) regions contribute each about a third of the global ocean volume, while high southern
latitudes (HS) contribute about a fifth (Figure 2.4a). In the Atlantic, almost 60% of the volume is ventilated
from NA, about two times more than from AA (Figure 2.4b). Conversely, in the Pacific, about 60% of the
volume is ventilated south of 45◦S (AA and HS), and only about 25% from the NA region (Figure 2.4c).
The 45◦S-30◦N latitude band (LL and MS) ventilates about 10% of the Pacific, Atlantic and global ocean
volumes. The northern North Pacific (NP) ventilates about 5% of the Pacific volume, and virtually none of
the Atlantic.

Figure 2.4: Percentage volume ventilated from each surface region. The contributions of Antarctic

(AA), high southern (HS),mid southern (MS), low latitude (LL), North Atlantic (NA) andNorth Pacific (NP)

surface regions—as defined in Figure 1—to the global (a), Atlantic (b) and Pacific (c) ocean volumes

are given. The blue circle corresponds to the REF experiment of NEMO, the orange cross to OCIM

and the green cross to TMI. Atlantic and Pacific basins are extended to Antarctica, thus spanning the

80◦S-65◦N latitude range.

Differences between REF and either OCIM or TMI are of the same order of magnitude as differences
between the two data-constrained models (Figure 2.4). REF tends to have more water of Antarctic origin:
the AA global volume fraction of REF is 0.04 and 0.11 higher than its TMI and OCIM counterparts,
respectively. At global scale, this excess is mostly compensated by a smaller volume contribution of the
neighbouring HS region. However, in the Atlantic, compensation occurs mostly through a deficit of NA
water. The most noticeable difference between the two inverse models is the larger contribution of NA
in OCIM, which manifests mostly outside of the Atlantic and goes with a weaker influence of HS and AA
regions.

Similarity in ventilation volumes does not warrant similarity in ventilation patterns. Ventilation patterns
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in the Atlantic are illustrated in Figure 2.5. In all three models, a clear layering is apparent: the top
two hundred meters equatorward of 30◦ are ventilated by the low latitude region (LL), thermocline waters
immediately beneath (0.2-0.5 km) largely originate from 45◦S-30◦S (MS), HS dominates the ventilation
of intermediate layers around 0.5-1.5 km depth, NA ventilates the bulk of the deep Atlantic between 1.5
and 3.5 km depth, and AA takes over in densest layers. The two data-constrained models display strong
resemblance of their dye distributions, despite weaker vertical gradients in TMI compared to OCIM. REF
shows the strongest layering, including a sharp separation between NA and AA dyes near 3.5 km depth.
This stronger layering in REF is associated with overly pure and abundant AA dye in the abyssal Atlantic,
and overly pure and abundant NA dye in the overlying mid-depths. This bias likely stems from the lack of
dense varieties of NADW overflowing from the Nordic seas (Rathore et al., 2024), a common deficiency of
OGCM simulations (Danabasoglu et al., 2014). It should be noted that REF has little bias in the overall
density stratification of the water column (Rathore et al., 2024); hence biases cannot be attributed to overly
dense AABW and overestimated deep stratification.

In the Pacific, zonal mean dye concentrations also show broad qualitative similarity between the three
models (Figure 2.6). The AA dye decreases from the bottom upward and dominates throughout much of
the deep Pacific, up to about 2 km depth. The HS dye is predominant between 0.5 and 2 km depth between
60◦S and 30◦N; it is also important in deeper layers within TMI. This indicates that ventilation from the
subantarctic zone spreads well into the Northern Hemisphere. By contrast, the NP dye is largely confined
to the Northern Hemisphere and depths shallower than 1.5 km. The NA dye has a strong but relatively
uniform influence throughout depths greater than 1.5 km. Finally the LL and MS dyes fill mostly the top
500 m of the low-latitude Pacific.

Major differences in Pacific ventilation patterns are also apparent. In TMI, the HS dye spreads downward
into the abyssal ocean, such that it plays a major role for the deep South Pacific ventilation (Figure 2.6j).
Such vertical penetration is less pronounced in OCIM and even less so in REF (Figure 2.6k,l). In the North
Pacific, the NP dye spreads deeper in the inverse models than it does in REF (Figure 2.6g-i), suggesting that
NEMO simulates vertical transports that are too weak within this region. REF also stands out for its distinct
mid-depth maximum of the NA dye up to about 20◦N (Figure 2.6o). This mid-depth maximum is visible in
the Southern Ocean of OCIM but altogether absent in TMI (Figure 2.6m,n). A mid-depth maximum of the
NA dye exists in all three models in the Atlantic sector of the Southern Ocean (Figure 2.5m-o); however in
REF this maximum is higher and less rapidly eroded in the Antarctic Circumpolar Current (Fig. S2.4). The
northward penetration of this mid-depth tongue of NA dye in the Pacific is due to isopycnal diffusion rather
than circulation (Millet et al., 2023).

A recurring feature in the analyzed dye distributions is the lower contribution of the HS surface region to
deep ocean ventilation in REF compared to OCIM and especially to TMI. Both TMI and OCIM predict the
HS dye to spread into the abyssal ocean, whereas REF does not. This difference may stem from differing
levels of deep diapycnal mixing and/or from differing degrees of entrainment of the HS dye in the lower
branch of the overturning (see Figures 2.5j-l and 2.6j-l). To shed light on these possibilities, we show in
Figure 2.7 the total dye concentration (minus the NA dye concentration) at depths of 300 m and 1 km in
the Southern Ocean, after only 100 years of simulation.

A ventilation minimum is visible in TMI, OCIM and REF at 300 m depth between the Polar Front and
the Antarctic continental slope (Figure 2.7a,c,e). We interpret this ventilation desert as the signature of
advective upwelling, which is focused in this area of the Southern Ocean (Gray et al., 2023; Styles et al.,
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Figure 2.5: Zonal means of the LL (a-c), MS (d-f), NP (g-i), HS (j-l), NA (m-o) and AA (p-r) dye con-

centrations over the Atlantic basin for TMI (left column), OCIM (middle column) and the REF NEMO

experiment (right column).
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Figure 2.6: Zonal means of the LL (a-c), MS (d-f), NP (g-i), HS (j-l), NA (m-o) and AA (p-r) dye con-

centrations over the Pacific basin for OCIM (left column), TMI (middle column) and the REF NEMO

experiment (right column).
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2024). The separation between the HS and AA regions (red line in Figure 2.7) largely tracks the ventilation
minimum, providing justification to the choice of boundary. Beyond these shared patterns, the ventilation
desert is evidently more pronounced in REF, such that AA and HS dyes barely mix in the subsurface Southern
Ocean, each following a distinct physical ventilation route. By contrast, ventilation is more geographically
diffuse in OCIM, and still more in TMI, such that AA and HS dyes intertwine at depth and partly share
antarctic and subantarctic ventilation routes. Furthermore, the surface released dye propagates faster and
deeper in the Antarctic Circumpolar Current in both inverse models (Figure 2.7b,d,f), suggesting higher
effective mixing there.

3.2 . Quantifying water-mass mixing
The foregoing qualitative analysis of dye distributions suggests that REF predicts stronger layering and

reduced mixing of the different dyes than do both inverse models. Here we quantify the degree to which
dyes mix with other dyes (Figure 2.8a) or mix across density surfaces (Figure 2.8b) in the three models.
The first measure of ‘diffusiveness’ does not distinguish between isopycnal and diapycnal mixing: it is simply
the average dye concentration weighted by dye volume. Each dye (i) occupies a global total volume Vi. At
every grid cell n, we know the volume of the cell V (n), the dye concentration Ci(n), and thus the volume
occupied by the dye Vi(n) = V (n)×Ci(n). We can thus compute the average dye concentration weighted
by the volume it occupies, Ci,avg, as follows:

Ci,avg =

∑
nCi(n)× Vi(n)

Vi
(II.3)

If this weighted average concentration is close to one, it implies that the dye is extremely pure on average;
in other words, it remains largely separated from other dyes. If instead the weighted average concentration
of a dye is close to the global volume fraction it fills (cf Figure 2.4a), dilution is maximum. We find that
REF is least diffusive in that its dyes tend to have higher weighted average concentrations (Figure 2.8a).
The difference is largest for the LL, MS and AA dyes, hence for the lightest and densest water masses,
which are much less diluted in REF than in OCIM or TMI. For the HS, NP and NA dyes, differences across
the three models are less pronounced.

The hierarchy between the three models and the different dyes is more obvious when only mixing across
density surfaces is considered. To quantify degrees of diapycnal diffusion, we first bin the ocean volume as
a function of annual mean σ2 (the potential density referenced to 2,000 dbars) in each of the three models.
We then repeat this calculation for each dye, that is, we bin dye volumes as a function of σ2. We thus obtain
the density distribution of total water volume, and the density distribution of dye volume, for each dye and
each model. Should a dye be completely mixed across the global ocean, its concentration would be uniform
and its distribution as a function of σ2 would mirror the distribution of total water volume. To measure the
degree of mixing, we thus normalize all distributions and calculate the Euclidean distance (Ei) between the
volume distribution for a given dye (Vi(σ2)) and the distribution for total water volume (V (σ2)):

Ei =∥ V (σ2)− Vi(σ2) ∥ (II.4)

The larger the distance, the lower the bulk diapycnal mixing. We find that this distance is systematically
larger for REF than for TMI and OCIM (Figure 2.8b). Differences between TMI and OCIM vary across
dyes: LL, MS and NP dyes spread more across isopycnals in OCIM, whereas HS, NA and AA dyes show
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Figure 2.7: Transient Southern Ocean ventilation in TMI (a,b), OCIM (c,d) and the REF NEMO exper-

iment (e,f). Shading shows the total dye concentration minus the NA dye concentration, at model

year 100 and at depths of 300 m (a,c,e) and 1 km (b,d,f). The red line corresponds to the separation
between AA and HS source regions.
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Figure 2.8: Intercomparison of diffusiveness across the three models. Panel (a) represents the aver-
age dye concentrationweighted by dye volume, andpanel (b)displays the Euclideandistance between
the density distribution of water volume and the density distribution of dye volume. Both metrics are

shown for each dye (x-axis) and each model (symbols). Blue circles correspond to the REF NEMO

experiment, orange crosses to OCIM and green crosses to TMI. The distributions have been normal-

ized prior to calculating the Euclidean distance, so that this distance only measures differences in the

shapes of distributions. Density is measured with σ2, the potential density referenced to 2,000 dbars.

stronger diapycnal spreading in TMI. These contrasted differences are consistent with qualitative patterns
visible in Figures 2.5 and 2.6. Our quantification demonstrates notably that the HS dye features the
largest discrepancies in diapycnal spreading across models (Figure 2.8b), indicating that ventilation from
the subantarctic zone remains poorly modelled and constrained. In addition, we find a consistent hierarchy
across dyes: the NA dye is the most well-mixed in the global ocean, whereas LL, MS and NP dyes are the
least well-mixed, as might be expected from their more regional realms.

Overall, these diagnostics demonstrate that NEMO is less diffusive than OCIM, itself less diffusive than
TMI. Since the density stratification is very similar in NEMO and inverse models (Fig. S2.5), this difference
suggests that diapycnal mixing is underestimated in our NEMO configuration. Importantly, it implies that
spurious numerical mixing by the model’s discrete advection schemes (Burchard and Rennau, 2008; Holmes
et al., 2021) is relatively weak (weaker than diapycnal mixing of the real ocean), making the addition of
physical sources of mixing beneficial. Sources of deep ocean mixing unaccounted for in REF include wind-
induced low-mode near-inertial waves (Alford, 2020) and interactions between geostrophic currents and
topography (Evans et al., 2022; Garabato et al., 2019; Yang et al., 2021). Efforts to faithfully parameterize
these processes in NEMO may contribute to more realistic simulation of ventilation rates and pathways.
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NEMO OCIM TMI

500 m 1492 902 878

2,000 m 2519 1640 1535

4,000 m 2022 1386 1527

Table 2: Maximum age in the North Pacific (north of the equator, excluding marginal seas) for the

three models, at 500 m depth, 2 km depth and along the seafloor.

3.3 . Ideal age
Steady-state dye distributions illustrate ventilation patterns of the global ocean but do not provide

information on ventilation rates. We now examine steady-state distributions of the ideal age tracer in the
three models. The ideal age predicted by TMI, OCIM and REF at 500 m depth, 2 km depth and the
seafloor is shown in Figure 2.9. The models share principal large-scale patterns. Waters are younger than
300 years at 500 m depth except in upwelling zones such as the equatorial Pacific and polar Southern Ocean
(Figure 2.9a,d,g). The maximum age at 500 m is actually located in the northwest corner of the Pacific,
signalling the upwelling of particularly old deep waters in this region (Millet et al., 2023; Sarmiento et al.,
2004; Toggweiler et al., 2019). A strong inter-basin contrast at 2 km depth features centenarian waters
in the Atlantic and thousand-year-old waters in the Pacific, with the Indian Ocean lying in between these
extremes (Figure 2.9b,e,h). Ideal age increases northward in the deep Indian and Pacific basins, consistent
with ventilation from the south (Figure 2.9b,c,e,f,h,i). In the Atlantic, age increases with depth below 2 km,
due to slower ventilation by AABW relative to NADW; the reverse is true in the deep Pacific and eastern
Indian oceans, where northward-flowing bottom waters are the youngest water mass (Figure 2.9b,c,e,f,h,i).

Major differences between models are also apparent. Most conspicuously, the REF experiment has
generally higher ages than inverse models (Figure 2.9). The largest difference is in the mid-depth Pacific
shadow zone, where ideal age peaks at about 2,500 years in REF, compared to about 1,600 years in TMI
and OCIM (Table 2). The location of the maximum age is also different: it lies at the northeast end of the
Pacific in REF, but near 35◦N in inverse models (Figure 2.9b,e,h) like the minimum in measured radiocarbon
(Key et al., 2004). The overly sluggish ventilation of the shadow zone in REF contributes to higher ages
at shallower depths in upwelling zones, especially in the subarctic Pacific (Figure 2.9g). In the Atlantic,
differences are less pronounced except at abyssal depths, where REF has higher ages associated with a deficit
of ventilation from the North Atlantic (see section 3.1).

Figure 2.10 shows the zonal mean ideal age in the Pacific for the three models. The range of values
in TMI and OCIM is similar, but the depth structure is not the same: TMI has a much weaker depth
dependence of age in the deep Pacific (Figure 2.10a,b). We attribute this difference to the radiocarbon data
used: TMI uses the GLODAP gridded product of bomb-corrected radiocarbon (Key et al., 2004), whereas
OCIM assimilates only local radiocarbon measurements from GLODAPv2 (Olsen et al., 2016) that have no
anthropogenic imprint (based on absence of chlorofluorocarbons). The latter method incorporates additional
measurements, avoids their interpolation and obviates the correction for bomb-produced 14C, which appears
to introduce biases in the deep ocean (Burke et al., 2015; de Lavergne et al., 2017). Thus, we posit that (i)
both inverse models predict realistic age maxima in the Pacific shadow zone, where natural 14C is directly
measured; and (ii) the spatial structure of age is more accurate in OCIM.

In the REF NEMO experiment, zonal mean Pacific ideal age has a similar structure to OCIM, but the
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Figure 2.9: Steady-state ideal age at 500 m depth (a,d,g), 2 km depth (b,e,h) and at the seafloor (c,f,i)
in TMI (a-c), OCIM (d-f) and the REF NEMO experiment (g-i).
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Figure 2.10: Pacific zonal mean ideal age in TMI (a), OCIM (b) and the REF NEMO experiment (c).
Marginal seas are excluded from the zonal average.

age exceeds that of OCIM across most of the basin (Figure 2.10b,c). Bottom waters entering and filling
the South Pacific abyss display the same age in OCIM and REF, thus the higher mid-depth ages in REF
do not stem from waters that are already too old when they enter the Pacific but rather from excess aging
within the Pacific. Note that the Pacific density stratification is not overestimated in REF (Fig. S2.5);
however, the Pacific abyssal overturning is slower in REF than in OCIM (Fig. S2.6; Rathore et al., 2024).
As we discuss in section 4, a lack of diffusive and/or advective upwelling in the subarctic Pacific of REF is
plausibly an important contributor to the age bias. The widespread overestimation of age apparent in Figure
2.9 further suggests that systematic underestimation of isopycnal and/or diapycnal diffusion in REF is likely.
We explore hereafter the sensitivity of simulated age and dye distributions to mixing parameterizations in
NEMO.

4 . Discussion

Comparisons detailed above highlighted three distinctive features of the Pacific Ocean simulated by the
REF NEMO experiment: (i) a mid-depth maximum of the North Atlantic dye concentration that pervades
the basin; (ii) excessive isolation of mid-depth waters; and (iii) an age maximum located in the northeast
corner of the basin, rather than further south as suggested by radiocarbon observations and inverse models.
We now explore ventilation processes underpinning these features and their sensitivity to mixing parameters,
resorting to NEMO experiments described in Table 1.
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4.1 . From the North Atlantic surface to the deep Pacific
Steady-state dye distributions do not always allow a clear identification of ventilation pathways. To aid

interpretation, we show in Figure 2.11 the transient spreading of the NA dye in the Pacific, at year 800 of
the REF simulation. Two pathways are clearly apparent: an abyssal pathway that tracks the circulation of
AABW, and a mid-depth pathway that transports the NA dye horizontally from its core in the Antarctic
Circumpolar Current (ACC) toward the north. The weakness of simulated overturning flows in this mid-
depth zone (Fig. S2.6) and the large latitudinal gradient in the NA dye suggest that isopycnal diffusion is
the main driver of this mid-depth propagation, consistent with recent proposals (Holzer et al., 2021; Millet
et al., 2023). Importantly, the northward propagation of the NA dye at mid-depths is at odds with the
common view that tracers move towards the south (along the conveyor) in this layer (Talley, 2013). We
argue that tracers can move either northward or southward in the mid-depth Pacific shadow zone, depending
on their large-scale isopycnal concentration gradient.

The role of isopycnal diffusion in the mid-depth spreading of the NA dye is further evidenced by analysis
of NEMO sensitivity experiments (Figure 2.12). We focus on steady-state distributions of the zonal mean
NA dye concentration in the Pacific. In ISO3D, which has substantially weaker isopycnal diffusivities than
REF in the deep ocean (Figure 2.2b,d), a mid-depth maximum of the NA dye is present but only south of
5◦N (Figure 2.12b). By contrast, ISOCST has a slightly stronger mid-depth tongue of NA dye than REF,
extending to 40◦N, consistent with higher average isopycnal diffusivities across the basin (Figure 2.2a,b).
Differences in isopycnal diffusivity outside the deep Pacific can also explain some of the differences in dye
distributions. In particular, ISO3D has smaller mean isopycnal diffusivities south of 45◦S (Figure 2.2); this
leads to weaker resurfacing and removal of the NA dye at the Southern Ocean surface, and thereby to an
overall increase in NA dye content within the ACC and across the global deep ocean (Figure 2.12b,c, Fig.
S2.4). Thus, changes in isopycnal mixing alone can modify the balance between northern and southern
ventilation of the deep ocean (Jones and Abernathey, 2019).

Diapycnal mixing also influences the northward spreading of the NA dye in the Pacific. Removing
the contribution of subinertial internal tides to diapycnal mixing (as in DIALOW) enhances the mid-depth
maximum of NA dye concentration, which then spreads to the northern boundary of the Pacific (Figure
2.12e). This is due to weaker diapycnal diffusion south of 30◦S, which reduces removal of NA dye in the
polar Southern Ocean, and to weaker diapycnal diffusion in the Pacific north of 30◦N, which reduces local
erosion of the mid-depth maximum. Tripling mixing by subinertial tides in the North Pacific (as in DIAHIGH)
does not significantly alter the NA dye distribution, because of weak vertical gradients already present in
REF north of 30◦N (Figure 2.12a,c).

Overall, the presence of a marked mid-depth maximum of NA dye in the Pacific sector of the ACC which
spreads northward in the basin near 2 km depth is a robust feature of our NEMO sensitivity experiments
(Figure 2.12). This maximum is stronger and shallower than that found in the ACC of OCIM (Figure 2.6n,o).
The light and shallow bias of NADW in our NEMO configuration (Rathore et al., 2024) may largely explain
this difference. Specifically, the lack of NADW in the abyssal Atlantic in NEMO may favour the mid-depth
pathway over the abyssal pathway connecting the surface North Atlantic to the deep Pacific (Figure 2.11).
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Figure 2.11: Pacific zonal mean NA dye concentration in the REF NEMO experiment after 800 years

of simulation. White arrows are a simplified depiction of the two pathways of NA dye spreading: in

the abyss along the abyssal overturning cell, and at mid-depth via isopycnal diffusion. Note the dye

concentration scale is different than in other figures, for improved visualization.

4.2 . The maximum age of the deep Pacific
Pacific ventilation rates display stronger sensitivity to mixing parameterizations than do ventilation

patterns. Figure 2.13 compares Pacific zonal mean ideal ages at steady state in the five NEMO experiments
and in OCIM. The broad structure is similar across all simulations, with a peak zonal mean age located
near 2 km depth in the North Pacific. However the magnitude of this peak age varies between 2,300 years
(DIAHIGH) and 3,000 years (ISO3D) in NEMO, compared to only about 1,600 years in OCIM. Hence all
NEMO experiments simulate an overly isolated Pacific shadow zone. The degree of isolation decreases
as bulk isopycnal diffusivity in the deep Pacific increases (from ISO3D via REF to ISOCST) and as bulk
diapycnal diffusivity increases (from DIALOW via REF to DIAHIGH). Puzzlingly, simulation ISO3D, which
includes state-of-the-art maps of diapycnal (Rathore et al., 2024) and isopycnal diffusivity (Groeskamp et al.,
2020), possesses the largest age bias. A more realistic three-dimensional structure of isopycnal diffusivity,
including a decrease of diffusivity with depth, thus reinforces the regional deficit of ventilation.

This result could imply that diapycnal diffusivity is substantially underestimated in the deep North Pacific.
However, tripling the mixing power of subinertial internal tides in the North Pacific reduces the peak age by
only about 150 years (compare DIAHIGH and REF, Figures 2.13a,e and 2.14h). This reduction is less than
that obtained by adding the mixing contribution of subinertial internal tides in the first place (compare REF
and DIALOW, Figures 2.13a,b and 2.14g). The increase in shadow zone ventilation rate from DIALOW to
REF is mostly due to regionally increased mixing in the Pacific north of 30◦N, since age differences at the
southern entry of the Pacific are relatively small (Figures 2.13a,b and 2.14g). Hence, increasing regional
diapycnal mixing further than tested in DIAHIGH may not achieve much further reduction in peak age,
unless the increase in diapycnal mixing is unrealistically strong or widely spread. We hypothesize that our
NEMO experiments misrepresent vertical mass transports in the subarctic Pacific (see section 4.3), and
thereby systematically overestimate deep Pacific age.
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Figure 2.12: Pacific zonal mean NA dye concentration at steady state, for each NEMO experiment.

White lines mark depths of 1.5 and 2.5 km. Panels have been organized so that isopycnal diffusion in

the deep Pacific increases toward the right, from ISO3D (b) via REF (c) to ISOCST (d), while diapycnal
diffusion increases toward the top, from DIALOW (e) via REF (c) to DIAHIGH (a).
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Figure 2.13: Pacific zonal mean ideal age at steady state in the different NEMO experiments: REF (a),
DIALOW (b), ISOCST (c), ISO3D (d) and DIAHIGH (e). The equivalent in OCIM is shown in panel (f).

Analysis of the spatial pattern of ideal age at 2 km depth corroborates some of these inferences. In
REF, DIALOW and ISOCST, the maximum age is found in the northeastern corner of the basin, near
140◦W, 55◦N (Figure 2.14a-c). By contrast, it is situated about 20◦ further south in ISO3D, DIAHIGH and
OCIM (Figure 2.14d-f), in accord with radiocarbon observations (de Lavergne et al., 2017). The addition
of mixing by subinertial internal tides, which is particularly strong along the Aleutian arc and in the Kuril
Straits (Müller, 2013), contributes to shift the peak age away from the northern rim of the basin and away
from the Bering Sea (Figure 2.14g,h). Reduced isopycnal diffusivity in the deep North Pacific, with lowest
values in the eastern half of the subpolar gyre (Figure 2.2c,d) as predicted by Groeskamp et al. (2020), also
favours the emergence of peak ages at middle latitudes offshore of North America (Figure 2.14i). Lower
isopycnal diffusivities enhance the footprint of large-scale circulation and diapycnal mixing patterns on the
age distribution, leading to a more complex and less meridional age distribution. Overall, the magnitude
and pattern of age biases across NEMO experiments suggest that REF overestimates large-scale isopycnal
homogenization rates but underestimates vertical communication rates, notably in the subarctic Pacific.
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Figure 2.14: Ideal age at 2 km depth in the North Pacific simulated by REF (a), DIALOW (b), ISOCST (c),
ISO3D (d), DIAHIGH (e) and OCIM (f). Red crosses indicate the location of the maximum value of age

in each simulation. The difference in age between DIALOW and REF (g), DIAHIGH and REF (h), and
ISO3D and REF (i) is also shown. Note that the ideal age of OCIM is multiplied by 2 in panel (f) to share
the range of other panels. For the same reason the difference between ISO3D and REF is divided by

2 in panel (i).
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Figure 2.15: Difference in NP (a,d), HS (b,e) and AA (c,f) dye concentrations between DIALOW and REF

(a-c) and between DIAHIGH and REF (d-f).

4.3 . Upwelling in the subarctic Pacific
Maps of ideal age at 500 m depth in TMI, OCIM and REF suggest localized upwelling of old deep waters

in subarctic Pacific (Figure 2.9a,d,g). The presence of such upwelling has been inferred previously from in
situ observations and regional tracer budgets (Holzer et al., 2021; Millet et al., 2023; Sarmiento et al., 2004;
Toggweiler et al., 2019; Warren, 1983). However it remains unclear what is the driver of tracer upwelling
from abyssal depths to the surface in this understudied region. Candidates include tidal mixing (Sarmiento
et al., 2004) and wind-driven upwelling (Toggweiler et al., 2019).

Internal tide-driven mixing in the subarctic Pacific is dominated by subinertial internal tides (Rathore
et al., 2024; Müller, 2013; Tanaka, 2023). Comparison of DIALOW, REF and DIAHIGH experiments may
thus shed light on the role of tidal mixing on vertical tracer transports in the northern North Pacific. Figure
2.15 shows zonal mean differences in dye concentrations across the three experiments. Sensitivity of dye
concentrations peaks north of 40◦N between 300 m and 2 km depth. Zonal mean concentrations of the
Antarctic (AA) dye tracer in this depth range increase by up to 0.03 from DIALOW to REF, and by a
similar amount from REF to DIAHIGH (Figure 2.15c,f). The increased upward spreading of the AA dye is
accompanied by increased downward spreading of the NP dye; both increases are compensated by a drop of
the HS dye (Figure 2.15a,b,d,e). This demonstrates that mixing by subinertial internal tides contributes to
vertical transports across the mid-depth shadow zone, and in particular to the upwelling of tracers from the
abyss to the near-surface in the subarctic Pacific. Nevertheless, the effect on dye distributions is limited: it
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Figure 2.16: Annual mean Ekman pumping velocity in REF (a) and the Mercator Ocean reanalysis (b)
in the North Pacific. The zonally averaged Ekman velocity in both REF and the reanalysis is shown in

panel (c). This averagewas taken over themain Pacific basin, excludingmarginal seas. Vertical velocity

at 300m depth (d) and 1000m depth (e) in REF. In panel (f), we plot the horizontally integrated vertical
velocity in the Pacific north of 0◦N (purple), and the same integral for negative-only (red) and positive-

only (blue) vertical velocities. The x-axis of panel (f) uses a logarithmic scale.

changes the overall balance of ventilation (Figure 2.6) by a few percent only.
Radiocarbon observations (Toggweiler et al., 2019) and the simulated age pattern at 500 m depth (Figure

2.9a,d,g) point to the area just east of the Kamchatka peninsula as the primary upwelling zone. This location
does not coincide with the strongest rates of tidal mixing, suggesting that other—likely advective—processes
are at play. To probe the representation of vertical flows in our NEMO experiments, we map the annual
mean Ekman pumping velocities implied by the wind stress forcing of REF (Figure 2.16a) and the equivalent
in a high-resolution ocean reanalysis (Figure 2.16b; extracted from https://doi.org/10.48670/moi-00185).
Both REF and the reanalysis feature Ekman upwelling across most of the subpolar gyre, including regionally
enhanced upwelling in the northeastern corner of the basin and off the Kamchatka peninsula. Averaged
zonally over the main Pacific basin, the annual mean Ekman pumping in REF is comparable to that of the
reanalysis (Figure 2.16c). Hence wind stress forcing in our experiments (which is based on the COREv2
normal year dataset; Large and Yeager, 2009) does not appear to underestimate Ekman suction in the
northern North Pacific.

However, the actual vertical velocities in REF do not simply reflect Ekman dynamics: while upwelling
dominates at 300 m in the cyclonic subpolar gyre, large vertical velocities of both signs are simulated along
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the boundary (Figure 2.16d). Note that vertical velocities include a parameterized eddy-driven component
(Gent and McWilliams, 1990) in addition to the resolved component; however we find the parameterized
component to be one order of magnitude smaller than the resolved component in this region (not shown).
Near-boundary vertical velocities vary substantially (and frequently change sign) from one grid cell to the
next, pointing to numerical artifacts (Figure 2.16d). The same is true at 1000 m depth (Figure 2.16e).
Vertical tracer communication in the subarctic Pacific in REF could thus be dominated by these large
opposing velocities. Horizontal integration of the vertical velocity across the basin north of 0◦N shows that
the net upwelling varies between 1 and 2 Sverdrups (Sv; 1 Sv ≡ 106 m3 s−1) between 0.5 and 5 km depth,
but is the residual of much larger upward and downward volume transports (Figure 2.16f). All in all, this
analysis suggests that our NEMO experiments do not faithfully simulate vertical flows along the northern rim
of the Pacific, and thus do not adequately represent the observationally inferred upwelling in the subarctic
Pacific.

4.4 . Perspectives on Pacific glacial ocean ventilation
While focusing on the present-day ocean, this study offers insights of potential relevance to understanding

ventilation of the glacial ocean. During the Last Glacial Maximum (LGM) about 21,000 years ago, the salinity
difference between bottom and intermediate waters is thought to have been larger than today (Ferrari et al.,
2014; Galbraith and de Lavergne, 2019), leading to a stronger deep ocean stratification (Adkins et al.,
2002) and a greater disconnect between NADW and AABW realms (Ferrari et al., 2014; Gebbie, 2014).
To draw apart AABW and NADW, models generally require a large increase in salt stratification, typically
achieved via enhanced brine rejection in the Southern Ocean (Bouttes et al., 2010; Jansen, 2017). Here,
our NEMO experiments simulate a rather strict separation between NADW and AABW (as measured by
the NA and AA dye tracers), especially in the Atlantic and Southern Oceans (Figure 2.5), despite having
a density stratification close to present day. This suggests that sharp separation between northern- and
southern-sourced water can potentially be achieved without a major change in density stratification. In the
modern climate, formation of slightly lighter NADW than currently observed, as is the case in our NEMO
experiments (Rathore et al., 2024), may indeed suffice to largely separate dense waters of North Atlantic
and Antarctic origins.

Millet et al. (2023) analyzed the oxygen-18 isotopic ratio of calcite within shells of benthic foraminifera
in sediment cores of the North Pacifc. They found a stronger mid-depth maximum of this quasi-conservative
tracer at LGM relative to the Holocene, suggesting increased layering of the deep (> 2 km) North Pacific at
LGM. This stronger mid-depth maximum could come from increased influence of isopycnal diffusion relative
to vertical transports in the region’s ventilation (Millet et al., 2023). The NA dye tracer distributions
simulated in present NEMO experiments corroborate these arguments: they demonstrate that a North
Pacific mid-depth maximum in conservative tracers can exist via isopycnal diffusion from the south, notably
via isopycnal spreading of tracers contained in mid-depth waters of North Atlantic origin. In addition, they
show that the strength of the mid-depth maximum is sensitive to the balance of isopycnal and diapycnal
diffusion in the deep Pacific. We hypothesize that reduced density of NADW relative to AABW, together
with reduced vertical transports in the deep North Pacific, may underpin the LGM ventilation patterns
inferred by Millet et al. (2023).

Finally, we have shown that the filling time of the ocean far exceeds the maximum ideal age of the
ocean (by a factor of about two), and varies strongly between basins. In the modern state, assuming steady
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circulation and mixing, we estimate that near complete (99%) renewal of the mid-depth (1-3 km) Pacific
requires between 3,000 and 4,000 years (Figure 2.3). Under changing boundary conditions, such as during
the last deglaciation (about 20,000 to 10,000 years ago), the mid-depth Pacific would be expected to adjust
with multi-millennial lag and to feature persistent disequilibrium with respect to the surface climate (Gebbie
and Huybers, 2019; Wunsch and Heimbach, 2014). Interpretation of proxy records of past climate changes
thus needs to account for spatially varying lags between deep sea states and global surface climate (Skinner
and Shackleton, 2005). The very notion of climatic equilibrium or steady state is questionable given the
presently inferred adjustment time of the mid-depth Pacific.

5 . Conclusion

In this study we compared a global configuration of the NEMO general circulation model to two data-
constrained inverse models, focusing on steady-state ventilation patterns and rates. More precisely, we
examined the volumes ventilated by different surface regions and the ideal age distribution of the three
model oceans. The three models share several important features. First, we find that the time needed to fill
(or renew) 99% of the ocean volume is roughly twice the maximum ideal age. The mid-depth Pacific hosts
the maximum age and takes the longest to fill. Given a steady modern circulation state as reconstructed
by the inverse models, over 3,000 years are needed to entirely renew the mid-depth Pacific. Second, global
volumetric contributions of each source region are fairly similar across the three models. The North Atlantic
(north of 30◦N) and Antarctic marginal seas each ventilate approximately one-third of the global ocean
volume (Figure 2.4a). About one-fifth of the ocean volume originates from the subantarctic zone where
Antarctic Intermediate Water and Subantarctic Mode Water are formed (Figure 2.4a).

Major differences between the models also reveal important biases and unknowns. First, ideal ages
are consistently higher in the NEMO simulations than in the inverse model states. When state-of-the-art
maps of isopycnal (Groeskamp et al., 2020) and diapycnal (de Lavergne et al., 2020, Rathore et al., 2024)
mixing are implemented in NEMO (experiment ISO3D), the maximum ideal age in the Pacific reaches 3,300
years, twice the inverse estimates of about 1,600 years constrained by radiocarbon data. This difference
occurs despite realistic representation in NEMO of the density stratification in the Pacific. A widespread
underestimate of both isopycnal and diapycnal mixing rates in the deep ocean of experiment ISO3D is
deemed likely. Nonetheless, sensitivity experiments suggest that plausible increases of diapycnal mixing are
unlikely to eliminate the age bias. In point of fact, NEMO appears to misrepresent vertical flows along
the northern rim of the Pacific, when these flows seem to play a key role in North Pacific tracer budgets
and ventilation rates (Millet et al., 2023; Sarmiento et al., 2004; Toggweiler et al., 2019). The drivers
and pathways of ventilation in the subarctic Pacific deserve further scrutiny. Second, NEMO experiments
exhibit stronger layering of the numerical dyes than the inverse models do. Several factors may underpin this
difference: (i) overestimation of diapycnal diffusion by the inverse models, especially by TMI; (ii) production
of NADW in a too narrow neutral density range (27.8-27.9 kg m−3) in NEMO; and (iii) underestimated
diapycnal mixing in the ocean interior of NEMO. The latter factor suggests that numerical mixing (that is,
spurious mixing due to the discretisation of advection) is sufficiently weak in our NEMO experiments that
parameterizing additional (non tidal) sources of deep diapycnal mixing would be beneficial.

Overall, present NEMO experiments, benchmarked against the two observationally constrained inverse
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model solutions, show more skill in the representation of ventilation patterns than ventilation rates. Indeed,
whereas dye volumes and distributions compare well across the models on basin scales, ideal ages appear
to be substantially overestimated in slowly renewed pools of the global ocean in NEMO. Such age biases
are of concern when modelling the Earth system’s response to anthropogenic change: they affect not only
the long-term response of the ocean but also the simulated base state of marine biogeochemistry, which
is tightly dependent on deep-ocean ventilation rates (Eggleston and Galbraith, 2018; Ödalen et al., 2018).
In other words, large biases in ideal age will affect the calibration of biogeochemical models and thereby
the simulated transient response of marine ecosystems and carbon cycling. Our sensitivity analysis suggests
that energetically plausible changes in mixing parameterizations may not completely overcome age biases
in this NEMO configuration, pointing to biases in resolved dynamics. More broadly, the present study
outlines a methodology to thoroughly assess ocean ventilation simulated by general circulation models.
Since ventilation of the ocean interior is a paramount climatic process, systematic assessments akin to the
present study may prove helpful for the calibration and evaluation of Earth system models.
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Supplementary Information

Figure S2.1: Figure showing the evolution of the zonal mean of each dye in the Pacific Shadow Zone

(PSZ) as a function of the sum of the dyes, in the REF experiment. The colouring represents the year

of the simulation to show the resistance to filling of the PSZ. The red cross in each panel marks the

mean dye concentration at year 3,000. The PSZ is defined as the volume within 30-60°N, 150°E-120°W,

and 1.5-3 km depth.
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Figure S2.2: Zonal mean difference between dye concentrations extrapolated to equilibrium from

year 3,000 and from year 6,000 in experiment REF. Note that simulated dye concentrations at year

6,000 and extrapolated concentration from year 6,000 are extremely close.
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Figure S2.3: Panel (a) represents the mean age of the Pacific Shadow Zone (PSZ) as a function of the

mean total dye concentration in the PSZ, in the REF experiment. The colouring represents the year of

the simulation and the red cross marks year 3,000. Panel (b) shows the difference between the age
extrapolated to equilibrium from year 3,000 and the simulated age at year 6,000, divided by the sum

of the dyes. The PSZ is defined as the volume within 30-60°N, 150°E-120°W, and 1.5-3 km depth.

Figure S2.4: The maximum of the NA dye concentration within 30-60°S below 1 km depth is shown

as a function of longitude, for REF (blue), TMI (orange) and OCIM (green). Another NEMO simulation,

ISO3D, is also represented as a dashed blue curve to show the impact of a different isopycnal mixing

scheme.
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Figure S2.5: A comparison of the stratification for the REF simulation in NEMO and the inversemodels

OCIM and TMI, for the global ocean (top left), Pacific (bottom left), Atlantic (top right) and subarctic

Pacific (bottom right). The southern boundary of the Pacific and Atlantic for this figure is 30°S. The

southern boundary of the subarctic Pacific is 30°N.

103



Figure S2.6: The overturning streamfunction in the different online NEMO simulations (representing

different diapycnal mixing parameterizations) used in this study, at the year 1000. DIAOLD was not

used in this study and represent the simulation ’OLD’ in Rathore et al. (2024).
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Abstract:	 Diapycnal	mixing	 in	 the	 ocean	 interior	 has	 diverse	 numerical	 representations	 in	
extant	 global	 ocean	 models.	 These	 representations	 affect	 the	 simulated	 transport	 and	
storage	of	oceanic	tracers	in	ways	that	remain	little	studied.	Here	we	present	the	impacts	of	
three	 different	 tidal	 mixing	 schemes	 in	 thousand-year-long	 simulations	 with	 the	 NEMO	15	
global	 ocean	 model	 at	 one-degree	 resolution.	 The	 first	 scheme	 includes	 local	 bottom-
intensified	mixing	 at	 internal	 tide	 generation	 sites	 and	 a	 constant	 background	 diffusivity.	
The	 second	 explicitly	 includes	 both	 local	 and	 remote	 tidal	 mixing,	 with	 no	 background	
diffusivity.	 The	 third	 scheme	 is	 identical	 to	 the	 second	but	 has	 the	 added	 contribution	of	
bottom-trapped	 (subinertial)	 internal	 tides,	 known	 to	 be	 important	 in	 polar	 regions.	 The	20	
three	simulations	show	broadly	similar	circulation	and	stratification	but	important	regional	
differences.	 Explicit	 representation	 of	 remote	 tidal	 mixing	 strengthens	 the	 Atlantic	
Meridional	Overturning	Circulation	by	up	 to	1.5	 x	 106	m3	 s-1.	 Inclusion	of	bottom-trapped	
internal	 tides	 reduces	 heat	 reaching	 Antarctica	 by	 eroding	 Circumpolar	 Deep	 Water	 at	
southern	high	 latitudes,	 and	 reduces	 the	mean	age	of	 the	global	deep	 (>	2	 km)	ocean	by	25	
10%.	The	results	call	for	more	observational	constraints	on	polar	ocean	mixing,	and	point	to	
multi-faceted	climatic	repercussions	of	tidal	mixing	representations.	

	

1.	Introduction	

The	 ocean	 can	 be	 viewed	 as	 a	 stack	 of	 density	 layers	 that	 exchange	 slowly	 with	 their	30	
neighbors.	Cross-layer	exchanges	of	heat	and	matter	occur	at	ocean	boundaries	via	surface	
and	 geothermal	 fluxes,	 and	 in	 the	 interior	 via	mixing	 of	 ocean	 tracers	 at	molecular	 scale	
(Walin	1982,	 Iudicone	et	al.	2008).	This	 irreversible	mixing	of	tracers	 is	catalyzed	by	small-
scale	turbulence,	which	effectively	controls	the	rate	at	which	layers	communicate	with	each	
other	 in	 the	 ocean	 interior	 (Gregg	 1987).	 By	 transferring	mass	 and	 tracers	 across	 density	35	
layers,	 small-scale	 turbulence	 thus	 shapes	 the	 physical	 ocean	 state	 and	 regulates	 the	
transport	and	storage	of	climatically	 important	tracers,	such	as	nutrients,	carbon	and	heat	
(Tuerena	et	al.	2019,	de	Lavergne	et	al.	2022,	Melet	et	al.	2022).	
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Global	 ocean	models	 do	 not	 resolve	 small-scale	 turbulence	 and	must	 therefore	 resort	 to	
parameterizations	of	its	effects.	The	common	approach	is	to	provide	a	vertical	(or	diapycnal)	40	
diffusivity	that	mixes	tracers	and	momentum	across	the	model	layers.	However,	methods	to	
determine	 the	diapycnal	 diffusivity	distribution	 vary	widely	 across	models.	 In	 the	 strongly	
mixing	surface	boundary	 layer,	energetic	considerations	and/or	classical	turbulence	theory	
are	 generally	 invoked	 to	 obtain	 a	 set	 of	 equations	 relating	 diffusivity	 to	 surface	 forcing,	
velocity	 shear	 and	 density	 stratification	 (Gaspar	 et	 al.	 1990,	 Large	 et	 al.	 1994,	 Reichl	 and	45	
Hallberg	2018).	In	the	deeper	ocean,	diffusivity	is	locally	enhanced	when	the	resolved	shear	
or	 stratification	 is	 unstable.	 But	 this	 falls	 short	 of	 capturing	 the	 effects	 of	 unresolved	
instabilities	energized	by	winds	and	tides.	To	account	for	the	latter,	most	models	combine	a	
static	background	diffusivity	(Jochum	2009)	with	a	representation	of	bottom-enhanced	tidal	
mixing	(Simmons	et	al.	2004).	Even	so,	the	choice	of	background	diffusivity	and	the	imposed	50	
tidal	mixing	distribution	vary	across	modelling	centers	and	across	model	configurations	(e.g.,	
Adcroft	et	al.	2019,	Kiss	et	al.	2020).	

Consequences	 of	 varying	 the	 oceanic	 background	 diffusivity	 or	 the	 tidal	 mixing	 energy	
distribution	have	been	recently	explored	using	climate	model	simulations	(Melet	et	al.	2016,	
Tatebe	et	al.	2018,	Hieronymus	et	al.	2019).	These	 studies	highlight	 important	 changes	 in	55	
the	 heat	 balance	 and	overturning	 circulation	 of	 the	 global	 ocean,	motivating	 the	 need	 to	
better	 constrain	diapycnal	mixing	 in	 the	ocean	 interior	 and	 to	 refine	 its	 representation	 in	
climate	 models.	 Studies	 also	 emphasized	 the	 need	 to	 develop	 energy	 constrained	
parameterizations,	 where	 diffusivity	 is	 not	 static	 but	 instead	 deduced	 from	 a	 three-
dimensional	 distribution	 of	 turbulence	 production	 (Huang	 1998,	 Eden	 et	 al.	 2014).	 This	60	
requires	tracking	energy	routes	from	forcing	to	small-scale	turbulence	production.	

The	main	such	energy	route	 involves	the	generation,	propagation	and	breaking	of	 internal	
tides—that	 is,	 internal	waves	of	 tidal	 frequency	 sparked	by	 interaction	of	barotropic	 tidal	
currents	with	sloping	topography	(Egbert	and	Ray	2000,	Vic	et	al.	2019,	de	Lavergne	et	al.	
2019).	 The	 traditional	 parameterization	 strategy	 is	 to	 estimate	 the	 rate	 of	 internal	 tide	65	
generation	at	the	bottom,	and	assume	that	a	third	of	this	power	dissipates	in	the	local	water	
column	 according	 to	 an	 exponential	 decay	 from	 the	 seafloor	 upwards	 (St	 Laurent	 et	 al.	
2002,	Simmons	et	al.	2004).	However,	it	has	become	clear	that	the	remaining	two-thirds	of	
power,	which	correspond	to	 large-scale	(or	 low-mode)	 internal	tides	able	to	propagate	far	
from	 generation	 sites,	 also	 require	 explicit	 parameterization	 (Eden	 and	 Olbers	 2014,	70	
MacKinnon	et	al.	2017,	de	Lavergne	et	al.	2019).	Indeed,	low-mode	internal	tides	explain	the	
bulk	 of	 observed	 dissipation	 patterns	 in	 the	 upper	 ocean	 beneath	 the	 mixed	 layer,	 and	
cannot	be	reliably	represented	by	a	constant	background	diffusivity	(Pollmann	et	al.	2017,	
de	Lavergne	et	al.	2020).	

Two	schemes	have	been	developed	to	track	the	propagation	and	dissipation	of	internal	tide	75	
energy,	 including	 that	of	 low-mode	 internal	 tides.	 The	 scheme	of	 Eden	and	Olbers	 (2014)	
prescribes	 two-dimensional	maps	of	 internal	wave	generation,	 split	between	a	high-mode	
and	 a	 low-mode	 compartment,	 and	 uses	 internal	 wave	 theory	 to	 redistribute	 this	 power	
horizontally	 and	 vertically	 within	 the	 simulated	 stratification.	 An	 alternative	 scheme	 (de	
Lavergne	 et	 al.	 2020)	 prescribes	 four	 two-dimensional	 maps	 of	 internal	 tide	 dissipation,	80	
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whose	power	is	then	distributed	vertically	within	the	simulated	stratification	according	to	a	
process-dependent	 vertical	 structure.	 The	 latter	 scheme	 thus	 neglects	 interactivity	 of	 the	
low-mode	 internal	 tide	 energy	 propagation,	 but	 allows	 for	 a	 realistic	 three-dimensional	
distribution	of	mixing	energy	at	low	computational	cost	(de	Lavergne	et	al.	2020).	

Neither	scheme	includes	subinertial	internal	tides,	that	is,	internal	tides	whose	frequency	is	85	
lower	than	the	local	Coriolis	frequency.	Such	internal	tides,	which	occur	poleward	of	74.5°	
for	 the	 dominant	 M2	 semidiurnal	 tide	 and	 poleward	 of	 30°	 for	 the	 K1	 diurnal	 tide,	 are	
trapped	 at	 the	 bottom	and	ultimately	 break	 to	 cause	mixing	 near	 the	 seafloor	 (Chapman	
1989,	Tanaka	et	al.	 2013,	 Falahat	and	Nycander	2014,	Tanaka	2023).	 They	are	 thought	 to	
play	 an	 important	 role	 in	mixing	 the	 polar	 oceans	 (Rippeth	 et	 al.	 2015,	 Fer	 et	 al.	 2020),	90	
where	 they	 dominate	 over	 their	 freely	 propagating	 counterparts	 (Müller	 2013).	 Yet	 the	
potential	 global-scale	 impacts	 of	 mixing	 by	 bottom-trapped	 internal	 tides	 remain	
unexplored.	

Here,	we	implement	the	parameterization	of	local	and	remote	tidal	mixing	proposed	by	de	
Lavergne	 et	 al.	 (2020)	 in	 the	Nucleus	 for	 European	Modelling	 of	 the	Ocean	 (NEMO),	 and	95	
document	its	behavior	in	a	long	integration	of	a	global	ocean	configuration	with	1°	nominal	
horizontal	 resolution.	We	also	examine	differences	with	two	twin	experiments:	one	which	
includes	the	additional	–	hitherto	neglected	–	contribution	of	subinertial	internal	tides,	and	
another	which	follows	the	traditional	choice	(Simmons	et	al.	2004)	of	a	constant	background	
diffusivity	 and	 local	 bottom-intensified	 tidal	 mixing.	 The	 configuration	 and	 mixing	100	
parameterizations	are	presented	in	detail	in	the	next	section.	In	section	3,	we	document	the	
main	characteristics	and	sensitivities	of	our	simulations.	We	conclude	with	a	summary	and	
discussion	of	results	(section	4).	

	

2.	Methods	105	

	 2.1	Configuration	overview	and	forcing	

Our	configuration	uses	version	4.2	of	NEMO	(NEMO	System	Team	2022),	which	solves	the	
primitive	equations	 in	Boussinesq	approximation.	The	ocean	model	component	 is	coupled	
to	the	SI3	dynamic-thermodynamic	sea	ice	model	(Rousset	et	al.	2015,	Vancoppenolle	et	al.	
2023).	We	employ	a	global	Mercator	grid	of	1°	nominal	horizontal	resolution,	referred	to	as	110	
ORCA1.	 The	meridional	 resolution	 is	 refined	 at	 high	 latitudes	 so	 that	 the	meridional	 grid	
spacing	matches	the	reducing	zonal	spacing,	and	refined	within	15°	of	the	equator	to	better	
resolve	equatorial	dynamics.	As	a	result,	the	average	area-weighted	horizontal	resolution	is	
0.69°	or	83	km	over	the	global	ocean;	in	the	Southern	Ocean	south	of	40°S,	it	is	0.57°	or	45	
km.	 In	 the	vertical,	 the	model	 includes	75	 layers	 that	 follow	geopotential	 surfaces,	except	115	
for	time-dependent	stretching	or	squeezing	of	 layers	to	accompany	changes	in	sea	surface	
height.	 The	 vertical	 grid	 spacing	 varies	 from	about	 1	m	near	 the	 surface	 to	 200	m	 in	 the	
abyssal	ocean.	Partial	cells	at	the	bottom	allow	for	a	better	representation	of	the	observed	
bathymetry.	The	domain	covers	depths	of	up	to	6000	m.	



	 4	

The	 model	 is	 ran	 for	 1,000	 years	 with	 a	 time	 step	 of	 45	 minutes.	 Initial	 hydrographic	120	
conditions	are	Conservative	Temperature	and	preformed	salinity	fields	calculated	from	the	
observational	 climatology	 of	 Gourestki	 (2019)	 using	 the	 Gibbs	 SeaWater	 Toolbox	
(McDougall	 and	 Barker	 2011).	 Preformed	 salinity	 is	 used	 instead	 of	 Absolute	 Salinity	
because	the	model,	while	employing	the	TEOS-10	equation	of	state	(IOC,	SCOR	and	 IAPSO	
2010),	does	not	represent	biological	(non	conservative)	sources	of	salt	included	in	Absolute	125	
Salinity.	For	brevity,	Conservative	Temperature	and	preformed	salinity	will	be	referred	to	as	
temperature	and	salinity	in	all	the	following.	At	the	simulation	start,	velocities	are	zero	and	
sea	ice	is	present	where	the	initial	sea	surface	temperature	is	within	0.5	°C	of	the	freezing	
point.	

At	the	bottom,	the	model	is	forced	by	geothermal	heat	fluxes	mapped	by	Lucazeau	(2019)	130	
(Supplementary	Figure	S1).	At	the	surface,	atmospheric	conditions	are	prescribed	following	
version	 2	 of	 the	 Coordinated	 Ocean-ice	 Reference	 Experiments	 (COREv2)	 normal	 year	
forcing	(Large	and	Yeager	2009),	which	represents	a	typical	year	of	the	instrumental	period	
(mostly	 between	 1979	 and	 2006).	 This	 forcing	 includes	 6-hourly	 fields	 of	 zonal	 and	
meridional	 wind	 at	 10	 m	 and	 of	 air	 temperature	 and	 humidity	 at	 10	 m.	 In	 addition,	 it	135	
includes	daily	mean	radiation	and	monthly	mean	precipitation	(rain	and	snow)	reaching	the	
surface.	Freshwater	 forcing	also	 includes	river	 runoff,	 iceberg	melt	 released	 in	 the	surface	
layer	 following	the	spatial	pattern	estimated	by	Merino	et	al.	 (2016),	and	basal	melt	 from	
Antarctic	 ice-shelf	 cavities	 released	 at	 depth	 over	 the	 mouth	 of	 cavities	 (Mathiot	 et	 al.	
2017).	Basal	melt	fluxes	from	each	cavity	and	the	total	magnitude	of	Antarctic	iceberg	melt	140	
are	prescribed	 according	 to	 estimates	of	Depoorter	 et	 al.	 (2013);	 they	 are	not	 interactive	
and	the	cavities	are	closed.	

Surface	fluxes	including	evaporation	are	computed	using	bulk	formulae,	as	a	function	of	the	
simulated	 sea	 surface	 temperature	 and	 sea	 ice	 cover.	 To	 compensate	 for	 missing	
atmospheric	feedbacks,	restoring	to	the	observed	seasonally	varying	sea	surface	salinity	(as	145	
mapped	 by	 Gouretski	 (2019))	 is	 activated,	 with	 a	 timescale	 of	 230	 days	 per	 50	 m	 of	
seawater.	 To	 ensure	 that	 the	 freshwater	 balance	 is	 globally	 closed	 and	 avoid	 drift	 in	 sea	
level,	the	global	mean	freshwater	flux	entering	the	ocean	is	calculated	at	each	time	step	and	
subtracted	 from	 evaporative-precipitative	 fluxes	 of	 every	 surface	 ocean	 grid	 cell.	 This	
uniform	adjustment	 adds	0.13	m	of	 sea	 level	 every	 year	on	average	 in	our	 simulations,	 a	150	
magnitude	that	can	be	compared	to	the	1.11	m	added	by	precipitation	every	year.	Closure	
of	 the	 freshwater	balance	 in	 forced-ocean	experiments	 is	 a	delicate	 issue:	our	experience	
shows	that	the	required	adjustment	can	grow	large	in	the	absence	of	careful	calibration.	In	
addition,	 this	 adjustment	 introduces	 a	 non-physical	 global	 interdependence	of	 freshwater	
fluxes	that	should	be	borne	in	mind	when	interpreting	temporal	variability	or	sensitivity	to	155	
forcing	and	physics.	

	 2.2	Representation	of	advection	and	diffusion	

The	vector-invariant	form	of	equations	 is	chosen.	Advection	of	momentum	uses	a	second-
order	 centered	 scheme,	 and	an	energy	 and	enstrophy	 conserving	 scheme	 for	 the	 relative	
and	planetary	vorticity	terms	(Sadourny	1975).	These	choices	allow	for	reduced	sensitivity	of	160	
the	 simulated	 circulation	 to	 artificial	 indentation	 of	 model	 isobaths	 (Nasser	 et	 al.	 2023).	
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Momentum	diffusion	 is	accomplished	by	a	 Laplacian	operator	and	a	prescribed	horizontal	
viscosity	of	20,000	m2	s-1,	reduced	to	1,000	m2	s-1	around	the	equator.	The	lateral	boundary	
condition	 is	 free	 slip.	 To	 aid	 downslope	 flow	 of	 dense	 water	 along	 the	 staircase-like	
topography,	 the	advective	 scheme	of	Campin	and	Goosse	 (1999)	 is	 activated.	A	quadratic	165	
bottom	drag	with	coefficient	1.0	x	10-3	is	included.	

Restratification	by	baroclinic	mesoscale	eddies	is	parameterized	by	downgradient	diffusion	
of	 isopycnal	 layer	 thickness,	 following	 the	 approach	 of	 Gent	 and	McWilliams	 (1990).	 The	
associated	 thickness	 diffusivity	 varies	 horizontally	 with	 the	 simulated	 stratification	
(Supplementary	Figure	S2):	it	is	proportional	to	the	square	of	the	Rossby	radius	and	to	the	170	
Eady	growth	rate	(Held	and	Larichev	1996,	Visbeck	et	al.	1997),	and	tapered	equatorward	of	
20°	to	account	for	the	increasing	sparsity	of	baroclinic	mesoscale	eddies	there	(Chelton	et	al.	
2011).	Restratification	of	the	surface	mixed	layer	by	submesoscale	eddies	is	parameterized	
following	Fox-Kemper	et	al.	(2008).	

Advection	of	all	tracers	is	performed	with	a	second-order	Flux	Corrected	Transport	scheme.	175	
Diffusion	of	tracers	along	isopycnals	by	mesoscale	and	smaller	scale	turbulence	(Redi	1982,	
Abernathey	et	al.	 2022)	 is	parameterized	with	a	diffusivity	 that	 varies	geographically	with	
the	local	Rossby	radius	and	Eady	growth	rate	(Supplementary	Figure	S2),	like	the	thickness	
diffusivity.	

Vertical	 diffusion	 of	 momentum	 and	 tracers	 is	 parameterized	 by	 three	 components:	 a	180	
Turbulent	Kinetic	Energy	(TKE)	closure,	a	convection	scheme,	and	a	tidal	mixing	scheme.	The	
TKE	closure	is	order	1.5:	it	includes	a	prognostic	equation	for	TKE	and	diagnostic	equations	
relating	mixing	parameters	and	TKE	 (Gaspar	et	 al.	 1990,	Blanke	and	Delecluse	1993).	 This	
scheme	 produces	 enhanced	 vertical	mixing	when	 the	 Richardson	 number	 of	 the	 resolved	
flow	 falls	 below	 a	 critical	 value	 of	 0.22.	Mixing	 is	 further	 enhanced	 near	 the	 base	 of	 the	185	
mixed	 layer	to	account	 for	 the	effects	of	unresolved	Langmuir	cells	 (Axell	2002)	and	near-
inertial	 oscillations.	 Near-inertial	 oscillations	 of	 the	 mixed	 layer,	 generated	 by	 high-
frequency	 winds,	 fuel	 intense	mixing	 at	 the	 base	 of	 the	mixed	 layer	 and	 relatively	 weak	
mixing	 in	 the	 deeper	 ocean	 (Plueddemann	 and	 Farrar	 2006,	 Alford	 2020,	 von	 Storch	 and	
Lüschow	 2023).	 In	 the	 TKE	 scheme	 of	 NEMO	 their	 contribution	 to	 upper-ocean	mixing	 is	190	
represented	 by	 adding	 a	 vertical	 profile	 of	 TKE	 that	 decays	 exponentially	with	 depth	 and	
that	peaks	at	a	small	fraction	of	the	surface	TKE.	Here	we	choose	the	fraction	to	be	8%,	and	
the	decay	scale	to	vary	from	1	m	at	the	equator	to	30	m	at	high	latitudes.	The	advantages	of	
this	scheme	are	its	simplicity	and	interactivity:	the	induced	mixing	depends	on	the	surface	
TKE	hence	on	the	instantaneous	wind	forcing.	The	drawbacks	are	the	ad	hoc	vertical	profile	195	
and	the	absence	of	constraint	on	the	power	consumed	by	this	mixing.	

The	convective	scheme	simply	consists	in	enhancing	the	vertical	diffusivity	to	10	m2	s-1	when	
stratification	 is	 statically	 unstable.	 No	 parameterization	 of	 double	 diffusive	 mixing	 is	
included	here.	Hence,	 in	our	experiments,	vertical	mixing	in	the	ocean	interior	(away	from	
the	surface	boundary	 layer)	 relies	almost	exclusively	on	the	tidal	mixing	parameterization,	200	
which	is	detailed	next.	

	 2.3	Tidal	mixing	parameterization	and	sensitivity	experiments	
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The	tidal	mixing	scheme	employs	four	static	maps	of	depth-integrated	internal	tide	energy	
dissipation	(de	Lavergne	et	al.	2020),	which	have	been	remapped	onto	the	ORCA1	grid	using	
an	 energy-conserving	 interpolation.	 Each	 map	 is	 associated	 with	 a	 distinct	 dissipation	205	
mechanism	and	a	corresponding	vertical	structure	of	turbulence	production,	which	depends	
on	the	simulated	stratification.	Hence,	at	each	time	step,	the	power	available	in	each	water	
column	 is	 distributed	 in	 the	 vertical,	 yielding	 a	 global	 three-dimensional	 distribution	 of	
turbulence	production	ε(x,y,z).	 The	 vertical	 diffusivity	Kρ	 is	 then	deduced	 from	 turbulence	
production	using	a	zero-order	closure,	Kρ	=	Rf	ε	N-2,	where	N	is	the	buoyancy	frequency	and	210	
Rf	 is	 the	mixing	efficiency	(Osborn	1980).	Mixing	efficiency	 is	known	to	vary	depending	on	
local	 flow	 and	 turbulence	 characteristics	 (e.g.,	 Mashayek	 and	 Peltier	 2013,	 Bouffard	 and	
Boegman	 2013,	 Vladoiu	 et	 al.	 2019).	 However	 there	 is	 no	 consensus	 about,	 nor	
comprehensive	model	of,	mixing	efficiency	variations	 in	 the	ocean,	 so	 that	 the	 traditional	
assumption	 of	 a	 constant	 Rf	 =	 1/6	 remains	 the	 standard	 choice	 (Gregg	 et	 al.	 2018).	 For	215	
simplicity,	we	take	Rf	=	1/6	in	all	three	experiments.	500-year	simulations	performed	with	a	
coarser	 (2°)	 resolution	 global	 ocean	 configuration	 showed	 only	 weak	 sensitivity	 of	 ocean	
circulation	to	mixing	efficiency	variations	when	parameterized	following	de	Lavergne	et	al.	
(2016).	An	upper	bound	of	10-2	m2	s-1	is	imposed	on	the	tidal	vertical	diffusivity.	The	lower	
bound	is	1.4	x	10-7	m2	s-1	for	tracers	and	1.4	x	10-6	m2	s-1	for	momentum,	corresponding	to	220	
molecular	 heat	 diffusivity	 and	 molecular	 viscosity,	 respectively.	 No	 differential	 mixing	
between	temperature	and	salinity	is	implemented.	

The	 mapping	 of	 internal	 tide	 energy	 dissipation	 performed	 by	 de	 Lavergne	 et	 al.	 (2019,	
2020)	 uses	 analytical	 estimates	 of	 internal	 tide	 generation	 that	 are	 valid	 only	 at	 seafloor	
depths	 greater	 than	 400	 m	 and	 equatorward	 of	 the	 turning	 latitude	 of	 each	 tidal	225	
constituent,	due	to	assumptions	in	the	analytical	theory	(Bell	1975,	Falahat	et	al.	2014).	To	
remedy	these	two	limitations,	we	turn	to	an	alternative	estimate	of	internal	tide	generation,	
obtained	with	a	high-resolution	ocean	general	circulation	model	(Müller	2013).	This	model	
estimate	 agrees	 broadly	 with	 the	 analytical	 calculation	 of	 Falahat	 et	 al.	 (2014)	 within	
overlapping	 validity	 regions,	while	 also	 including	 internal	 tides	 generated	 over	 shallow	 (<	230	
400	m)	topography	and	poleward	of	their	turning	latitude.	Müller	(2013)	provides	four	two-
dimensional	 power	 fields	 (available	 at	 https://www.wdc-
climate.de/ui/entry?acronym=DKRZ_lta_510),	 corresponding	 to	 the	 four	 tidal	 constituents	
(M2,	S2,	K1	and	O1)	included	in	the	simulation.	These	fields	have	positive	and	realistic	global	
integrals	 (Table	 1)	 yet	 contain	 frequent	 negative	 values,	 like	 the	 analytical	 estimates	 of	235	
Falahat	 et	 al.	 (2014).	 We	 correct	 for	 these	 negative	 values	 following	 de	 Lavergne	 et	 al.	
(2019):	we	 first	 set	 negative	 values	 to	 zero,	 then	multiply	 the	 resulting	 fields	by	 a	depth-
dependent	factor	that	preserves	the	original	depth-profile	of	 internal	tide	generation.	This	
procedure	is	ad	hoc	but	yields	plausible	distributions	(de	Lavergne	et	al.	2019;	Fig.1).	Within	
each	of	the	four	corrected	fields,	we	select	regions	where	the	tidal	frequency	exceeds	the	240	
Coriolis	 frequency	 to	 obtain	 the	 generation	 rate	 of	 trapped	 internal	 tides	 (Etra).	 In	 the	
remainder	of	the	ocean,	we	select	grid	cells	where	bathymetry	is	less	than	400	m	to	obtain	
the	generation	rate	of	shallow	 internal	tides	 (Esha).	The	total	power	available	from	each	of	
the	two	components	and	each	of	the	four	tidal	constituents	is	given	in	Table	1.	
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To	implement	these	two	components	in	the	tidal	mixing	parameterization,	we	sum	over	the	245	
four	 tidal	 constituents,	 using	 scaling	 factors	 (see	 Table	 1)	 to	 account	 for	 missing	
constituents,	 following	de	Lavergne	et	al.	 (2019).	We	 then	 remap	 the	 total	 fields,	Etra	 and	
Esha,	 onto	 our	 model	 grid	 (Fig.1).	 The	 two	 fields	 correspond	 to	 generation	 rates,	 not	
dissipation	rates,	hence	they	are	not	direct	estimates	of	 turbulence	production	 integrated	
over	the	water	column.	However,	we	expect	the	dissipation	to	be	near	local	in	both	cases,	250	
because	 subinertial	 internal	 tides	 are	 bottom-trapped	 (Albrecht	 et	 al.	 2006,	 Tanaka	 et	 al.	
2013,	Musgrave	et	al.	2016),	and	because	the	decay	time	of	internal	tides	implied	by	wave-
wave	 interactions	 is	very	short	 in	shallow	seas	 (de	Lavergne	et	al.	2019).	We	thus	assume	
local	 dissipation	 at	 the	 1°	 resolution	 of	 our	 configuration.	 Subinertial	 internal	 tides	 are	
expected	 and	observed	 to	 cause	mixing	 intensified	 near	 the	 seafloor	 (Tanaka	 et	 al.	 2013,	255	
Rippeth	et	al.	2015,	Musgrave	et	al.	2017):	we	choose	 the	 same	vertical	 structure	as	 that	
attributed	to	dissipation	at	critical	 topography,	 i.e.	an	exponential	decay	 from	the	bottom	
upwards	 with	 a	 decay	 scale	 determined	 by	 local	 topographic	 slopes	 (de	 Lavergne	 et	 al.	
2020).	Shallow	internal	tides	are	expected	to	dissipate	primarily	via	wave-wave	interactions:	
we	thus	distribute	their	power	in	the	vertical	as	proportional	to	the	square	of	the	simulated	260	
buoyancy	frequency	(Gregg	1989,	D’Asaro	and	Lien	2000).	

To	 investigate	 the	 sensitivity	 of	 the	ocean	 state	 to	 the	 representation	of	 tidal	mixing,	we	
performed	 three	 experiments.	 Experiment	 NEW	 includes	 explicit	 and	 comprehensive	
treatment	 of	 freely	 propagating	 internal	 tides;	 that	 is,	 it	 incorporates	 the	 tidal	 mixing	
scheme	of	de	Lavergne	et	al.	 (2020)	with	 the	added	contribution	of	 shallow	 internal	 tides	265	
(Esha),	implemented	as	described	above.	Experiment	TRA	is	identical	to	NEW	but	includes	the	
additional	contribution	of	subinertial	internal	tides	(Etra).	The	third	experiment,	termed	OLD,	
includes	a	constant	background	diffusivity	of	10-5	m2	s-1	and	local	bottom-intensified	mixing	
at	 internal	 tide	 generation	 sites	 (Simmons	 et	 al.	 2004).	 This	 bottom-intensified	mixing	 is	
specified	 by	 assuming	 that:	 (i)	 one-third	 of	 the	 power	 input	 to	 internal	 tides	mapped	 by	270	
Nycander	(2005)	fuels	turbulence	production	in	the	local	water	column;	and	(ii)	turbulence	
production	 decays	 exponentially	with	 height	 above	 bottom,	with	 a	 uniform	 500	m	 decay	
scale	(St	Laurent	et	al.	2002).	

The	 depth-integrated	 turbulence	 production	 implied	 by	 each	 of	 the	 three	 tidal	 mixing	
representations	 is	 mapped	 in	 Figure	 2.	 For	 the	 OLD	 experiment,	 the	 power	 implicitly	275	
consumed	by	the	background	diffusivity	is	included,	and	calculated	as	the	vertical	integral	of	
ρ0	Kρ	N2	Rf-1	with	ρ0	=	1026	kg	m-3	the	reference	density	of	seawater	and	N	the	annual	mean	
buoyancy	frequency	from	the	first	simulation	year.	The	global	total	power	amounts	to	1.12	
TW	 in	OLD,	 1.28	 TW	 in	NEW	and	1.40	 TW	 in	 TRA.	Although	 these	 totals	 are	of	 the	 same	
order	 of	 magnitude,	 they	 hide	 substantial	 differences	 in	 geographical	 patterns	 of	 mixing	280	
(Fig.2).	Explicit	representation	of	remote	tidal	mixing	creates	a	much	more	heterogeneous	
mixing	distribution,	reflecting	the	heterogeneous	sources	and	sinks	of	internal	tide	energy.	
Inclusion	 of	 trapped	 internal	 tides	 raises	 power	 availability	 poleward	 of	 30°	 and	 most	
conspicuously	in	the	subarctic	Pacific,	Arctic	and	Southern	Oceans	(Figs.	1a	and	2b,c).		

Similarities	and	differences	between	the	three	mixing	representations	are	further	illustrated	285	
in	Figure	3,	which	shows	turbulence	production	summed	over	depth	and	longitude	(Fig.3a)	
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or	along	geopotential	model	layers	(Fig.3b).	The	latitudinal	profiles	highlight	the	similarity	of	
bulk	mixing	rates	across	the	three	simulations.	Most	important	relative	differences	occur	at	
high	latitudes,	where	TRA	has	the	highest	power	input	to	mixing,	except	north	of	70°N;	the	
background	 diffusivity	 of	 OLD	 sustains	 unrealistically	 high	mixing	 in	 the	 Arctic	 pycnocline	290	
(Nguyen	et	al.	2009).	The	depth	profiles	highlight	the	large	proportion	of	power	contained	in	
the	top	500	m:	contrary	to	common	perception,	internal	tide-driven	mixing	is	prominent	in	
the	upper	ocean,	not	only	 in	the	deep	ocean	(Kunze	et	al.	2006,	de	Lavergne	et	al.	2020).	
The	tidal	mixing	parameterization	in	NEW	and	TRA	generates	more	mixing	than	OLD	in	the	
ocean’s	top	kilometer,	while	the	opposite	is	true	between	1	and	3	km	depth.	295	

It	must	be	emphasized	that	power	consumed	by	tidal	mixing	in	OLD	is	not	fixed	in	time:	 it	
evolves	 with	 stratification	 changes.	 The	 total	 power	 effectively	 consumed	 in	 our	 OLD	
experiment	 increases	 by	 1.5%	 over	 the	 full	 length	 of	 the	 simulation;	 a	 relatively	 small	
change	that	reflects	the	small	drift	 in	stratification.	However,	should	stratification	increase	
rapidly,	 for	example	under	a	strong	greenhouse	 forcing	scenario,	 the	power	consumed	by	300	
the	 constant	background	diffusivity	 could	 increase	 substantially	 (de	 Lavergne	et	 al.	 2020).	
The	map	and	curves	shown	for	OLD	in	Figures	2	and	3	are	thus	only	applicable	to	the	initial	
state	 of	 our	 experiment:	 the	 same	 diagnostics	 applied	 to	 a	 different	 model	 state	 would	
generate	different	magnitudes	and	patterns.	These	considerations	underline	the	inadequacy	
of	static	diffusivities:	they	ignore	energy	constraints	and	do	not	allow	for	a	realistic	response	305	
of	mixing	to	forcing	or	stratification	changes	(Eden	et	al.	2014,	Sigman	et	al.	2010).	

	 2.4	Ideal	age	and	offline	simulation	

To	investigate	ventilation	timescales,	the	simulations	include	an	ideal	age	tracer.	This	tracer	
is	advected	and	diffused	using	 the	 same	velocities,	diffusivities	and	numerical	 schemes	as	
those	transporting	temperature	and	salinity.	Ideal	age	is	restored	to	zero	in	the	top	10	m	of	310	
ocean,	and	increases	by	1	year	per	year	deeper	than	10	m.	It	is	initialized	with	uniform	null	
concentrations.	After	1,000	years,	 it	 is	still	far	from	equilibrium	in	the	deep	ocean,	despite	
relative	 stabilization	 of	 the	 circulation	 and	 stratification	 (Fig.4).	 In	 order	 to	 quantify	 deep	
ventilation	rates	in	the	near	steady	state,	we	extend	the	simulations	of	 ideal	age	in	offline	
mode,	 for	 an	 extra	 3,000	 years.	 The	 offline	 simulation	 uses	 physical	 variables	 (velocities,	315	
diffusivities,	 layer	 thicknesses,	 temperature	 and	 salinity)	 from	 the	 last	 year	 of	 the	 full	
simulation	to	evolve	the	passive	tracer	distribution.	 In	detail,	we	output	physical	variables	
from	year	1,001	of	each	experiment	at	five-day	frequency,	and	simulate	ideal	age	as	in	the	
online	simulation,	except	that	physics	are	not	computed	but	instead	read	from	this	five-day	
output	and	time-interpolated	at	each	time	step.	320	

	

3.	Results	

	 3.1	Drift	

The	global	mean	ocean	temperature	increases	by	0.29	°C	in	OLD,	0.34	°C	in	TRA	and	0.35	°C	
NEW	over	1,000	years	(Fig.4a).	The	drift	is	not	linear	and	slows	progressively.	Over	the	last	325	
century	of	the	simulations,	global	mean	temperature	increases	only	by	1.5	x	10-3	°C	in	OLD,	
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8.6	x	10-3	°C	in	NEW	and	4.3	x	10-3	°C	in	TRA;	increases	in	mean	deep	ocean	temperature	are	
similar	 or	 smaller.	 By	 construction	 (section	 2.1),	 the	 salt	 content	 of	 the	 global	 ocean	 is	
constant	over	the	simulation.	Redistribution	between	layers	can	nonetheless	occur:	over	the	
whole	 simulation	 length	 and	 across	 the	 experiments,	 the	 mean	 salinity	 in	 the	 upper	 km	330	
decreases	by	0.022-0.050	g	kg-1	whereas	the	mean	salinity	in	the	deeper	ocean	increases	by	
0.007-0.016	g	kg-1.	Overall,	the	drift	toward	warmer	and	saltier	deep	waters	can	largely	be	
explained	by	a	warm	and	salty	bias	at	North	Atlantic	Deep	Water	(NADW)	formation	sites,	
which	is	progressively	communicated	to	the	global	deep	ocean	(see	section	3.3).	

The	 overturning	 circulation	 shows	 relatively	 rapid	 stabilization:	 the	 Atlantic	 Meridional	335	
Overturning	Circulation	(AMOC)	and	the	lower	cell	of	the	MOC	reach	a	near-steady	strength	
after	a	few	hundred	years	(Fig.4c-e)	in	all	three	experiments.	The	strength	of	the	lower	cell	
is	diagnosed	in	density	coordinate	and	shown	both	for	the	latitude	of	peak	strength	(64°S;	
Fig.4d)	and	a	middle	latitude	(30°S;	Fig.4e).	The	eastward	transport	through	Drake	Passage,	
which	is	a	key	indicator	of	Southern	Ocean	circulation	and	stratification,	is	relatively	stable	340	
in	all	three	experiments	(Fig.4b;	mind	the	small	y-axis	range).	Specifically,	it	increases	from	
163	Sv	(1	Sv	is	106	m3	s-1)	in	the	initial	year	to	172	Sv,	174	Sv	and	181	Sv	at	the	end	of	the	
TRA,	NEW	and	OLD	experiments,	 respectively.	 The	positive	drift	over	 the	 tenth	 century	 is	
largest	in	TRA	but	lesser	than	0.4	Sv.	Observational	estimates	of	the	Drake	Passage	transport	
range	between	134	Sv	and	174	Sv	(Cunningham	et	al.	2003,	Donohue	et	al.	2016,	Xu	et	al.	345	
2020);	our	simulations	thus	lie	near	the	high	end	of	observations.	

To	bring	out	the	level	of	equilibration	of	the	model	stratification	and	circulation	in	the	final	
state	 of	 our	 experiments,	 we	 extended	 experiment	 TRA	 for	 an	 additional	 500	 years.	 The	
extended	time	series	show	that	the	circulation	of	TRA	is	quasi	steady	by	year	1000	(Fig.4b-
e).	Only	the	global	mean	ocean	temperature	displays	a	persistent,	weak	drift	of	3.6	x	10-3	°C	350	
per	century	(Fig.4a).	Given	the	small	degree	of	variability	and	drift	present	in	the	analyzed	
time	 series	 near	 the	 end	 of	 our	 millennial	 integrations	 (Fig.4),	 we	 focus	 hereafter	 on	
simulation	 characteristics	 averaged	 over	 years	 991-1000	 of	 each	 experiment.	 When	
discussing	 anomalies,	 we	 will	 take	 NEW	 as	 the	 reference	 experiment	 and	 examine	
differences	between	OLD	and	NEW	(OLD	–	NEW)	or	between	TRA	and	NEW	(TRA	–	NEW).	355	

	 3.2	Surface	boundary	layer	

The	surface	mixed	layer	is	central	to	ocean	ventilation,	being	the	layer	that	is	effectively	in	
contact	with	the	atmosphere.	The	depth	of	this	layer,	and	its	spatial	and	seasonal	variations,	
contribute	 to	 shape	 water-mass	 characteristics	 and	 transports	 throughout	 the	 ocean	
(Marshall	and	Nurser	1991,	Williams	et	al.	1995).	Figure	5	compares	the	mixed	layer	depth	360	
(MLD)	in	experiment	NEW	to	the	observational	map	of	Sallée	et	al.	(2021).	MLD	is	defined	
here	as	the	depth	at	which	potential	density	exceeds	its	10	m	value	by	0.03	kg	m-3	(de	Boyer	
Montégut	et	al.	2004).	The	broad	geographical	patterns	are	well	captured	by	the	model	for	
each	 season.	 The	main	 difference	 is	 a	 tendency	 to	 overestimate	MLD	 at	 high	 latitudes	 in	
winter	 and	 spring,	 indicative	 of	 overestimated	 winter	 deep	 convection	 and	 possibly	365	
underestimated	 spring	 restratification.	 Main	 deep	 convection	 sites	 in	 the	 model	 are	 the	
Labrador	 Sea,	 Irminger	 Sea,	 Norwegian	 Sea,	 southern	Weddell	 Sea	 and	 a	 band	 along	 the	
northern	edge	of	the	Antarctic	Circumpolar	Current	(ACC).	
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Overall,	 the	 simulated	 MLDs	 are	 weakly	 sensitive	 to	 the	 representation	 of	 tidal	 mixing.	
Principle	 differences	 between	 experiments	 occur	 in	 winter.	 Figure	 6	 shows	 the	 annual	370	
maximum	 MLD	 of	 NEW	 and	 anomalies	 in	 OLD	 and	 TRA	 relative	 to	 NEW.	 In	 the	 North	
Atlantic,	 OLD	 has	 shallower	 winter	 deep	 convection	 than	 NEW	 (Fig.6b),	 consistent	 with	
weaker	NADW	formation	and	a	weaker	AMOC.	On	the	other	hand,	OLD	has	deeper	winter	
mixed	 layers	 in	 the	polar	oceans	 (Arctic	and	near-Antarctic),	which	we	attribute	 to	higher	
levels	of	mixing	within	polar	haloclines	(Figs.	3	and	7)	that	precondition	winter	convection	375	
(Nguyen	et	al.	2009,	Morawitz	et	al.	1996).	Significant	anomalies	 in	subantarctic	MLDs	are	
also	apparent,	with	an	overall	shoaling	in	the	Atlantic	and	Indian	sectors	and	deepening	in	
the	Pacific	sector	 (Fig.6b).	These	changes	are	suggestive	of	slight	 frontal	 shifts	 in	 the	ACC,	
combined	to	local	preconditioning	of	deep	convection	by	interior	mixing	(Sloyan	et	al.	2010).	

Southern	 Hemisphere	 anomalies	 in	 TRA	 are	 qualitatively	 similar	 to	 those	 in	 OLD,	 albeit	380	
weaker.	 This	 similarity	 suggests	 that	 the	MLDs	are	 sensitive	 to	 the	bulk	mixing	across	 the	
high-latitude	permanent	pycnocline.	Both	TRA	and	OLD	have	stronger	average	mixing	across	
the	Southern	Ocean	pycnocline	than	NEW:	OLD	has	higher	mixing	throughout	most	of	the	
upper	ocean	while	TRA	has	higher	mixing	along	continental	slopes	(Fig.7).	 In	the	Northern	
Hemisphere,	 differences	 between	 TRA	 and	 NEW	 are	mostly	 found	 in	 the	 subpolar	 North	385	
Atlantic.	In	particular,	MLDs	deepen	in	the	Irminger	Sea	and	central	Labrador	Sea,	possibly	
contributing	to	a	slightly	stronger	AMOC	(Fig.4c).	

Sea	 ice	coverage	exerts	a	profound	 influence	on	deep	ocean	stratification	and	ventilation,	
particularly	in	the	Southern	Ocean	(Goosse	and	Fichefet	1999,	Haumann	et	al.	2016,	Klocker	
et	al.	2023),	and	can	be	sensitive	to	deep	ocean	mixing	(Tatebe	et	al.	2018).	 In	our	forced	390	
ocean	 experiments,	 sea	 ice	 is	 insensitive	 to	 the	 chosen	 tidal	 mixing	 scheme	 in	 both	
hemispheres	 (Fig.8).	The	 seasonal	expansion	and	 retreat	of	 the	 sea	 ice	pack	 is	 reasonably	
well	represented,	despite	Antarctic	sea	ice	dropping	too	low	in	summer	and	retreating	too	
late	 during	 the	 warming	 season	 (Fig.8b).	 Simulated	 deep	 mixed	 layers	 in	 southern	 polar	
waters	are	not	associated	with	openings	 in	the	sea	 ice	(Fig.5f,h).	We	will	show	in	the	next	395	
section	 that	 bottom	waters	 are	produced	on	Antarctic	 shelves	 rather	 than	 in	open	ocean	
convection	zones.	

	 3.3	Water-mass	characteristics	

The	zonal	mean	temperature	simulated	by	NEW	in	the	Atlantic	shows	a	warm	bias	at	mid-
depths	 (1.5	 to	 3	 km)	 and	 a	 cold	 bias	 in	 the	 deeper	 abyssal	 layer	 (Fig.9a,b).	 These	 biases	400	
reflect	important	biases	in	NADW,	which	is	too	warm	and	salty	(Fig.10),	and	which	does	not	
reach	as	deep	as	 in	the	observations.	Lack	of	realistic	overflows	from	the	Nordic	Seas	 into	
the	 Irminger	 and	 Iceland	 basins	 may	 partly	 explain	 this	 enduring	 bias	 of	 ocean	 general	
circulation	models	 (Danabasoglu	et	al.	2014,	Heuzé	2021).	Lack	of	 the	densest	varieties	of	
NADW	 can	 also	 stem	 from	 the	 use	 of	 climatological	 atmospheric	 forcing:	 interannual	405	
variations	 in	 atmospheric	 conditions	 are	 key	 to	 produce	 water-mass	 extremes	 and	 to	
simulate	realistic	ventilation	patterns	in	the	subpolar	North	Atlantic	(Marzocchi	et	al.	2021).	
The	absence	of	NADW	in	the	abyss	allows	Antarctic	Bottom	Water	(AABW)	to	take	over	this	
volume,	 leading	 to	 the	 cold	 and	 fresh	 bias	 deeper	 than	 3.5	 km.	 The	 density	 of	 bottom	
waters	in	NEW	compares	well	with	observations	(Fig.10),	so	that	the	shallow	bias	of	NADW	410	
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cannot	 be	 attributed	 to	 overly	 dense	 AABW.	 More	 generally,	 temperature	 and	 salinity	
biases	 tend	 to	have	opposing	 effects	 on	density,	 so	 that	 the	density	 distribution	matches	
observations	more	closely	than	temperature	or	salinity	(Fig.10).	

In	 the	 OLD	 experiment,	 deep	 hydrographic	 biases	 in	 the	 Atlantic	 are	 slightly	 enhanced:	
NADW	is	about	0.1	°C	warmer	and	AABW	is	0.2	°C	colder	than	in	NEW	(Fig.9c).	Nonetheless,	415	
at	 high	 southern	 latitudes,	 in	 the	Weddell	 Sea,	 the	 colder	 temperatures	of	OLD	bring	 the	
model	 closer	 to	 observations.	 In	 the	 TRA	 experiment,	 Atlantic	 biases	 are	 faintly	 reduced	
compared	 to	 NEW	 (Fig.9d):	 NADW	 reaches	 a	 few	 hundred	 meters	 deeper,	 leading	 to	
warmer	temperatures	below	3	km	depth;	and	the	subsurface	temperature	maximum	in	the	
Southern	 Ocean	 is	 reduced,	 diminishing	 the	 warm	 bias	 there.	 The	 addition	 of	 mixing	 by	420	
subinertial	 internal	tides	barely	affects	the	main	thermocline	(Fig.9d),	as	expected	from	its	
geographical	distribution	(Fig.1a).	

In	the	Pacific	Ocean,	all	three	experiments	show	smaller	biases	than	in	the	Atlantic	(Figs.10	
and	11).	The	main	bias	is	an	overly	strong	temperature	stratification	in	the	subarctic	Pacific,	
which	is	about	0.2	°C	too	cold	deeper	than	4	km	and	2-3	°C	too	warm	between	200	and	1500	425	
m	(Fig.11a,b).	Analysis	of	the	emergence	of	subarctic	Pacific	biases	during	the	first	decades	
of	 the	 simulations	 shows	 that	 the	 anomalous	 subsurface	 warmth	 comes	 from	 the	
subtropical	 gyre,	 pointing	 to	 overestimated	 northward	 heat	 transport	 across	 the	
subtropical-subpolar	gyre	boundary	in	the	North	Pacific.	The	inclusion	of	mixing	by	bottom-
trapped	internal	tides,	which	is	particularly	strong	in	the	Kuril	straits	and	along	the	Aleutian	430	
arc,	alleviates	subarctic	Pacific	temperature	biases	both	in	the	abyss	and	upper	ocean,	but	is	
insufficient	to	eliminate	them	(Fig.11d).	The	OLD	experiment,	on	the	other	hand,	simulates	
slightly	 colder	 Pacific	 bottom	 waters,	 as	 well	 as	 a	 colder	 thermocline	 and	 slightly	 colder	
North	 Pacific	 intermediate	 waters.	 The	 latter	 differences	 can	 be	 attributed	 to	 a	 smaller	
mean	 diapycnal	 diffusivity	 in	 the	main	 thermocline	 of	 the	 Pacific,	 due	 to	 the	 absence	 of	435	
explicit	mixing	 by	 the	 energetic	 low-mode	 internal	 tides	 of	 the	western	 Pacific	 (Fig.2,	 de	
Lavergne	et	al.	2019).	

In	the	Southern	Ocean,	the	Pacific	sector	zonal	mean	shows	again	that	OLD	and	TRA	have	
colder	 subsurface	 waters	 than	 NEW	 (Fig.11c,d).	 The	 spatial	 pattern	 of	 this	 mixing-driven	
cooling	 is	 unveiled	 in	 Figure	 12,	 which	 shows	 the	 maximum	 temperature	 of	 each	 grid	440	
column	 south	of	50°S.	 Experiment	NEW	has	 too	warm	Circumpolar	Deep	Water	 (CDW)	 in	
the	high-latitude	Southern	Ocean	 (Fig.12a,b).	This	bias	 is	 slightly	 reduced	 in	OLD	(Fig.12c),	
where	 stronger	background	mixing	 in	 the	pycnocline	of	 subpolar	 seas	 contributes	 to	 vent	
CDW	heat	to	the	atmosphere.	Mixing	by	subinertial	 internal	tides	is	even	more	efficient	at	
cooling	 CDW	 (Fig.12d):	 the	 temperature	 maximum	 in	 TRA	 is	 reduced	 throughout	 the	445	
subpolar	seas	by	a	 few	tenths	of	a	degree	or	more,	 the	effect	 reaching	over	1	 °C	 in	some	
regions	 adjacent	 to	 Antarctica.	 Thus,	 bottom-intensified	 mixing	 energized	 by	 subinertial	
internal	 tides	erodes	the	temperature	maximum	of	CDW.	The	distribution	of	CDW	cooling	
suggests	that	the	extra	mixing	accelerates	the	transfer	of	CDW	heat	to	the	mixed	layer	and	
ultimately	 to	 the	atmosphere,	 leaving	 less	heat	able	 to	 interact	with	Antarctic	 ice	shelves.	450	
This	 effect	 of	 tides	 –	 CDW	 alteration	 by	 vertical	 ocean	 mixing	 away	 from	 sub-ice-shelf	



	 12	

cavities	–	has	 the	potential	 to	damp	other	 tidal	effects	 that	were	shown	to	augment	heat	
exchanges	between	ocean	and	ice	shelves	(Padman	et	al.	2018,	Jourdain	et	al.	2019).	

It	is	noteworthy	that	all	three	experiments	have	a	well	preserved	subsurface	heat	reservoir	
in	the	high-latitude	Southern	Ocean	(Figs.	9	and	11).	This	realistic	structure	owes	much	to	455	
the	 absence	 of	 large	 open-ocean	 polynyas.	 Such	 polynyas	 frequently	 develop	 in	 global	
ocean	models	 and	 deplete	 intermittently	 or	 permanently	 the	 subsurface	 heat	 content	 of	
southern	subpolar	seas,	while	producing	AABW	(Martin	et	al.	2013,	Heuzé	et	al.	2015).	Here,	
we	find	that	bottom	water	production	occurs	on	the	shelves,	near	the	observed	present-day	
locations	 (Fig.13;	 Silvano	 et	 al.	 2023).	 Indeed,	 the	 bottom	 neutral	 density	 (Jackett	 and	460	
McDougall	1997)	does	not	peak	 in	areas	of	deep	mixed	 layers	 (Fig.5f),	but	 instead	at	 four	
main	 shelf	 sites:	 the	 southwestern	Weddell	 Sea,	 the	Prydz	Bay	area,	 the	Adélie	 coast	and	
the	Ross	Sea	(Fig.13b).	The	distribution	of	bottom	density	further	indicates	that	dense	shelf	
waters	 lose	 a	 (too)	 large	 portion	 of	 their	 density	 excess	 as	 they	 descend	 the	 continental	
slope,	but	remain	the	densest	bottom	waters.	A	numerical	dye	release	experiment	confirms	465	
that	bottom	waters	in	the	model	come	from	the	four	shelf	sites	(Fig.13c,d).	The	passive	‘dye’	
tracer	 is	 restored	 to	1	 in	 the	 top	10	meters	of	 the	ocean	and	propagated	 in	offline	mode	
using	velocities	and	diffusivities	from	the	last	year	of	TRA.	This	tracer	reaches	the	bottom	in	
the	locations	of	dense	shelf	water	formation	(bottom	neutral	density	>	28.5	kg	m-3)	and	then	
spreads	 along	 the	 seafloor	 downstream	 of	 these	 locations.	 We	 find	 similarly	 realistic	470	
ventilation	pathways	in	OLD	and	NEW	experiments.	

	 3.4	Overturning	circulation	

The	meridional	overturning	circulation	is	the	leading	conveyor	of	tracer	transport	between	
the	 surface	 boundary	 layer	 and	 the	 deep	 ocean.	 Viewed	 globally,	 it	 is	 composed	 of	 four	
principal	cells	(Lumpkin	and	Speer	2007)	that	are	well	captured	by	the	model	(Fig.14e,f):	(i)	475	
an	anticlockwise	circulation	linking	the	abyss	to	near-Antarctic	surface	waters,	known	as	the	
lower	 cell;	 (ii)	 an	overlying	 clockwise	 cell	 connecting	 both	poles	 and	 traversing	 the	upper	
half	of	the	ocean,	known	as	the	AMOC;	(iii)	two	subtropical	cells	confined	to	the	upper	few	
hundred	 meters	 and	 latitudes	 lower	 than	 40°,	 circulating	 clockwise	 in	 the	 Northern	
Hemisphere	and	anticlockwise	 in	 the	Southern	Hemisphere.	The	 coherence	of	each	 cell	 is	480	
evident	when	the	overturning	streamfunction	is	calculated	as	a	function	of	density	(Fig.14f)	
rather	than	depth	(Fig.14e).	Here	we	use	simulated	σ2	(potential	density	referenced	to	2000	
dbars)	 to	 bin	 meridional	 velocities	 and	 we	 reproject	 the	 resultant	 streamfunction	 onto	
pseudo-depth	(e.g.,	Zika	et	al.	2012)	(Fig.14b,d,f).	 In	the	reprojected	view,	both	the	AMOC	
and	 the	 lower	 cell	 have	 a	magnitude	 that	 peaks	 near	 the	main	 sinking	 site	 and	 declines	485	
monotonously	away	from	this	site.	In	experiment	NEW,	the	lower	cell	has	a	peak	magnitude	
of	15	Sv	at	64°S,	whilst	 the	AMOC	has	a	maximum	strength	of	21	Sv	at	59°N.	Subtropical	
cells	reside	essentially	 in	the	Pacific	and	 Indian	basins	 (Fig.14).	When	diagnosed	 in	density	
coordinate,	 the	 Indian-Pacific	subtropical	cells	of	NEW	attain	peak	strengths	of	32	Sv	near	
10°S	and	19	Sv	near	5°N.	490	

The	 decomposition	 between	 Atlantic	 and	 Indian-Pacific	 basins	 reveals	 that	 sinking	 in	 the	
lower	cell	occurs	in	both	sectors	of	the	polar	Southern	Ocean,	at	comparable	rates,	yet	the	
bulk	of	bottom	waters	is	channeled	toward	the	Indian-Pacific	(Fig.14b,d).	At	30°S,	the	lower	
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cell	of	NEW	has	a	strength	of	2.9	Sv	 in	 the	Atlantic,	2.4	Sv	 in	 the	 Indian	and	4.2	Sv	 in	 the	
Pacific.	These	transports	are	of	the	same	order	of	magnitude	but	smaller	than	recent	data-495	
constrained	estimates	(Holzer	et	al.	2021).	The	total	northward	AABW	flow	at	30°S	is	9.5	Sv	
in	NEW,	implying	that	about	5	Sv	of	AABW	upwell	between	64°S	and	30°S.		

In	 the	 North	 Atlantic,	 the	 AMOC	 has	 a	 strength	 that	 compares	 well	 with	 observational	
estimates	from	the	RAPID	mooring	array	(Sinha	et	al.	2018)	which	monitors	the	circulation	
at	26.5°N	(Fig.15).	At	this	latitude,	the	peak	magnitude	of	the	streamfunction	in	NEW	is	17	500	
Sv	both	 in	depth	and	density	space.	At	30°S,	 the	peak	magnitude	 is	16	Sv,	 indicating	 little	
upwelling	of	NADW	across	the	low-latitude	Atlantic	pycnocline	(Fig.14d).	The	bulk	of	NADW	
upwells	 in	the	high-latitude	Southern	Ocean	(Fig.14f).	Nonetheless,	a	significant	 fraction	 is	
inferred	to	enter	the	Indian	and	Pacific	basins	at	mid-depths	and	ultimately	upwell	at	lower	
latitudes	of	the	Southern	Hemisphere	(Fig.14b).	Overlap	between	NADW	densities	and	the	505	
return	branch	of	the	lower	cell	precludes	a	straightforward	quantification	of	each	upwelling	
pathway.	

Only	the	lower	cell	is	thought	to	rely	strongly	on	mixing	in	the	ocean	interior,	the	other	cells	
being	 firstly	 governed	 by	 surface	 momentum	 and	 buoyancy	 exchanges	 (Nikurashin	 and	
Vallis	 2012,	 de	 Lavergne	 et	 al.	 2022).	 In	 accord	 with	 these	 principles	 and	 the	 moderate	510	
perturbations	of	bulk	mixing	 imposed	(Fig.3,	section	2.3),	we	find	only	weak	differences	 in	
overturning	across	the	three	simulations	(Figs.	4	and	15).	For	example,	the	modelled	Atlantic	
overturning	streamfunction	at	26.5°N	has	a	stable	structure,	with	southward	flow	between	
about	1	and	4	km	depth,	biased	shallow	compared	to	RAPID	observations	(Fig.15).	The	main	
difference	 is	 a	 1	 Sv	 increase	 in	 peak	 AMOC	 strength	 from	 OLD	 to	 NEW,	 and	 a	 smaller	515	
increase	from	NEW	to	TRA	(Fig.15).	The	lower	cell	also	shows	a	very	stable	structure	across	
the	 three	 experiments	 (not	 shown),	 with	 small	 differences	 in	 magnitude	 (Fig.4d,e).	
Differences	are	largest	in	the	Pacific:	OLD	has	the	strongest	Pacific	AABW	inflow	at	30°S	(5.6	
Sv,	compared	to	4.2	Sv	in	NEW	and	4.6	Sv	in	TRA),	while	TRA	has	the	largest	overturning	rate	
in	 the	 subarctic	 Pacific	 abyss	 (1.1	 Sv	 at	 50°N,	 compared	 to	 0.4	 Sv	 in	NEW	and	OLD).	 The	520	
latter	finding	implies	that	mixing	by	subinertial	internal	tides	in	the	North	Pacific	invigorates	
the	flow	of	AABW	into	the	subarctic	Pacific.	

	 3.5	Ventilation	rate	

Despite	 small	 differences	 in	 overturning,	 we	 find	 important	 differences	 in	 deep	 ocean	
ventilation	rates,	as	measured	by	ideal	age	(Fig.16).	Indeed,	ideal	age	is	not	only	a	function	525	
of	 overturning	 rate	 but	 also	 of	 diapycnal	 and	 isopycnal	 mixing	 rates,	 which	 can	 play	 a	
dominant	role	in	ventilating	regions	where	the	overturning	is	weak	(Jones	and	Abernathey	
2019,	Holzer	et	al.	2021).	The	large-scale	distribution	of	ideal	age	is	however	closely	tied	to	
the	overturning	structure	(Figs.	14b,d	and	16a-c):	ideal	age	is	low	near	the	sinking	branches	
of	the	overturning	and	increases	along	the	circulation	cells	carrying	dense	waters	away	from	530	
their	sources.	The	maximum	zonal	mean	age	occurs	near	3.5-4	km	depth	in	the	Atlantic	and	
Indian	 basins,	 in	 the	 density	 range	 that	 separates	 NADW	 and	 AABW	 (Fig.16b,c).	 In	 the	
Pacific,	the	maximum	zonal	mean	age	lies	further	aloft,	near	2	km	depth	(Fig.	16a).	This	mid-
depth	zone	of	the	Pacific	 is	relatively	isolated	from	the	surface	ocean	because	it	 is	remote	
from	the	NADW	source	and	above	the	abyssal	overturning	(de	Lavergne	et	al.	2017,	Holzer	535	
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et	al.	2021).	In	experiment	NEW,	the	maximum	zonal	mean	age	reaches	about	2400	years	in	
the	core	of	this	shadow	zone	(Fig.16a),	where	the	overturning	is	largely	absent	(Fig.14b).	

As	 anticipated,	 the	 sensitivity	of	 ideal	 age	 to	 the	 tidal	mixing	 representation	peaks	 in	 the	
Pacific	 shadow	 zone,	 where	 OLD	 and	 TRA	 have	 ages	 up	 to	 250	 years	 lower	 than	 NEW	
(Fig.16d,g),	largely	due	to	higher	rates	of	bulk	diapycnal	mixing	within	the	mid-depth	North	540	
Pacific	(Fig.7).	But	OLD	and	TRA	also	have	lower	ages	than	NEW	throughout	the	realm	of	the	
lower	 cell,	 below	 about	 2.5	 km	 depth,	 indicating	 that	 AABW	 is	 younger	 from	 its	 source	
(Fig.16d-i).	 We	 attribute	 this	 difference	 to	 stronger	 pycnocline	 mixing	 in	 the	 subpolar	
Southern	Ocean,	which	lowers	the	age	(and	temperature)	of	CDW	entrained	into	AABW.	The	
effect	 is	 larger	 in	 TRA	 than	OLD,	 consistent	with	 greatest	 erosion	 of	 CDW	 near	 Antarctic	545	
margins	in	TRA	(cf	Fig.12	and	section	3.3).	Quantitatively,	the	volume-weighted	global	mean	
age	 below	 2	 km	 is	 1221	 years	 in	 TRA,	 1237	 years	 in	 OLD	 and	 1328	 years	 in	 NEW.	 The	
reduction	 of	 about	 10%	 of	 deep-ocean	 age	 in	 TRA	 relative	 to	 NEW	 is	 comparable	 to	 the	
percentage	difference	 in	 tidal	mixing	power	between	 the	 two	simulations	–	a	 rather	 tight	
dependence	which	owes	to	the	strength	of	subinertial	internal	tides	in	the	North	Pacific	and	550	
near	AABW	formation	sites	(Fig.1a).	

The	OLD	experiment	also	shows	a	slight	increase	of	age	across	much	of	the	upper	half	of	the	
ocean	 (Fig.16d-f),	 consistent	 with	 a	 slower	 AMOC.	 Additionally,	 a	 pronounced	 aging	 is	
simulated	between	1	and	2	km	depth	in	the	Indian	Ocean	(Fig.16e).	The	higher	ages	can	be	
explained	by	a	reduced	influence	of	young	and	fresh	Antarctic	 intermediate	waters,	which	555	
are	more	rapidly	eroded	 in	OLD	than	NEW	(not	shown).	The	same	occurs	 in	TRA,	but	to	a	
lower	extent,	 resulting	 in	 about	half	 as	 large	an	aging	 (Fig.16h).	 This	 local	 age	 increase	 in	
TRA	relative	to	NEW	demonstrates	that	increased	diapycnal	mixing	in	the	ocean	interior	can	
produce	reduced	ventilation	rates	on	a	regional	scale.	

	560	

4.	Discussion	and	conclusion	

We	examined	the	impact	of	a	comprehensive	representation	of	mixing	by	breaking	internal	
tides	in	a	1°	global	ocean	configuration	of	NEMO.	Simulations	were	ran	for	1000	years	under	
COREv2	 normal	 year	 forcing	 (Large	 and	 Yeager	 2009).	 Replacement	 of	 the	 constant	
background	 diffusivity	 of	 10-5	 m2	 s-1	 (experiment	 OLD)	 by	 an	 explicit	 representation	 of	565	
remote	tidal	mixing	(experiment	NEW)	increases	the	tidal	power	input	to	mixing	from	1.12	
to	 1.28	 TW	and	 generates	 substantial	 spatial	 contrasts	 in	 diffusivities	 (Figs.	 2	 and	 7).	 The	
improvement	causes	only	moderate	changes	in	the	simulated	broad-scale	hydrography	and	
circulation:	 the	 AMOC	 strengthens	 by	 about	 1	 Sv,	 the	 lower	 overturning	 cell	weakens	 by	
about	1	Sv,	salinity	changes	typically	by	less	than	0.1	g	kg-1	and	temperature	by	less	than	0.5	570	
°C.	 In	 general,	 the	 simulated	 hydrographic	 changes	 are	 much	 smaller	 than	 pre-existing	
model	biases.	This	finding	is	consistent	with	the	notion	that	atmospheric	forcing	and	surface	
boundary	layer	processes	–	unchanged	across	our	simulations	–	play	a	leading	role	in	setting	
water-mass	characteristics	and	circulation.	Nonetheless,	the	small	sensitivity	of	hydrography	
and	circulation	also	owes	 to	 the	small	differences	 in	basin-scale	bulk	diffusivities	between	575	
OLD	and	NEW	(Fig.3).	
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Adding	the	contribution	to	mixing	of	bottom-trapped,	subinertial	internal	tides	(experiment	
TRA,	otherwise	identical	to	NEW)	augments	tidal	diffusivities	at	high	latitudes	and	raises	the	
total	tidal	power	input	to	1.40	TW	(Figs.	1-3).	Again	this	modification	of	tidal	mixing	causes	
only	 modest	 changes	 to	 stratification	 and	 circulation	 at	 basin	 scale.	 However	 it	 induces	580	
some	important	differences	in	regional	hydrography	and	deep-ocean	ventilation	rates,	and	
tends	 to	 reduce	 known	 biases	 in	 our	 configuration.	 In	 particular,	 the	 extra	 mixing	 by	
subinertial	 internal	 tides	 causes	 cooling	 of	 CDW	 in	 southern	 subpolar	 seas,	 reducing	 the	
subsurface	 ocean	 heat	 that	 surrounds	 Antarctica	 (Fig.12),	with	 repercussions	 for	 ice-shelf	
melt	(Depoorter	et	al.	2013).	In	addition,	mixing	by	subinertial	internal	tides	reduces	deep-585	
ocean	age	by	up	to	250	years	in	the	Pacific	shadow	zone	and	by	over	100	years	on	average	
deeper	than	2	km	(Fig.16).	This	reduction	of	deep-ocean	age	has	consequences	for	carbon	
storage	at	depths,	 and	more	generally	 for	biogeochemical	 cycles	 that	depend	 strongly	on	
deep-ocean	ventilation	timescales	(Ödalen	et	al.	2018,	Eggleston	and	Galbraith	2018).		

Parameterized	 mixing	 by	 bottom-trapped	 internal	 tides	 thus	 has	 significant	 regional	 to	590	
global	scale	impacts	on	water	mass	transformation	and	passive	tracer	transport.	The	role	of	
bottom-trapped	 internal	 tides	 in	 mixing	 the	 subsurface	 Arctic	 Ocean	 is	 well	 recognized	
(Rippeth	et	al.	2015,	Fer	et	al.	2020).	Here	we	find	the	largest	impacts	in	the	subarctic	Pacific	
and	high-latitude	Southern	Ocean.	 The	elevated	mixing	along	Antarctic	 continental	 slopes	
has	particular	significance	because	it	affects	critical	water	mass	transformations	occurring	in	595	
this	 region,	 and	 contributes	 to	 shelter	 Antarctica	 from	 subsurface	 warmth	 contained	 in	
CDW,	 in	 synergy	 with	 subpolar	 gyres	 (Narayanan	 et	 al.	 2023).	 This	 finding	 calls	 for	 new	
observational	 and	 theoretical	 studies	 of	 this	 mixing	 process,	 notably	 in	 the	 subpolar	
Southern	 Ocean,	 in	 order	 to	 reduce	 uncertainties	 in	 the	 magnitude	 and	 distribution	 of	
parameterized	mixing.	 In	 the	 present	 study,	 a	model	 estimate	 of	 subinertial	 internal	 tide	600	
generation	 (Müller	 2013)	 has	 been	 employed	 to	 parameterize	 the	 associated	 mixing,	
assuming	 local,	 bottom-intensified	 dissipation	 (section	 2.3).	 The	 accuracy	 of	 the	 resulting	
mixing	distribution	should	be	assessed	in	future	work.	

Our	results	also	depend	in	part	on	configuration	and	calibration	choices,	and	the	associated		
model	 limitations	and	biases.	For	example,	experiment	NEW	simulates	relatively	high	ages	605	
in	 the	mid-depth	Pacific	 shadow	zone	 (up	 to	2400	years	 compared	 to	peak	ages	of	about	
1600	 years	 in	 data-constrained	 estimates;	 Gebbie	 and	Huybers	 2012,	 Holzer	 et	 al.	 2021).	
This	 feature	 could	 favor	 strong	 sensitivity	of	 the	 regional	 ideal	age	 to	 increased	diapycnal	
mixing.	 Similarly,	 biased	NADW	 formation	 processes	 and	 sites	 could	 affect	 the	 diagnosed	
sensitivity	of	the	AMOC	to	the	representation	of	tidal	mixing.	Perhaps	more	importantly,	the	610	
absence	of	an	interactive	atmosphere	and	of	interannual	variability	in	forcing	may	damp	or	
amplify	some	of	the	sensitivities	documented	here.	For	instance,	the	restoring	of	sea	surface	
salinity	toward	observations	tends	to	restrain	simulated	salinity	changes.	On	the	other	hand,	
this	 forcing	 protocol	 helps	 to	 achieve	 relatively	 realistic	 hydrography	 and	 circulation,	 and	
allows	to	perform	millennial	simulations	at	reduced	computational	cost.	Notably,	our	forcing	615	
and	calibration	choices	allow	the	simulation	of	AABW	production	near	observed	shelf	sites	
(Fig.13),	together	with	realistic	and	quasi-steady	density	stratification	across	the	global	deep	
ocean	 (Fig.10).	 This	makes	 the	 present	modelling	 framework	 suited	 to	 further	 studies	 of	
abyssal	ocean	ventilation	and	its	sensitivity.	
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Tidal	constituent	 M2	 S2	 K1	 O1	 All	
Power	Etra	(GW)	 1.7	 0.2	 60	 45	 113	
Power	Esha	(GW)	 149	 25	 37	 20	 236	
Scaling	factor	 1.050	 1.086	 1.126	 1.046	 	

	

Table	1:	Total	power	input	to	subinertial	internal	tides	(Etra)	and	shallow	internal	tides	(Esha).	
These	barotropic-to-baroclinic	conversion	rates,	based	on	Müller	 (2013),	are	given	for	each	of	
four	tidal	constituents	and	for	the	sum	of	the	eight	most	important	constituents	(last	column).	
The	scaling	factors	used	to	obtain	the	sum	for	all	eight	constituents	are	given	in	the	last	row.	

	

	

	

Figure	1:	Depth-integrated	 turbulence	production	by	 subinertial	 internal	 tides	 (a)	 and	 shallow	
internal	tides	(b)	remapped	onto	the	model	grid.	The	total	power	in	each	field	is	indicated	at	the	
top	left	of	each	panel.	Note	the	power	is	shown	on	a	log10	scale.	
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Figure	 2:	 Depth-integrated	 turbulence	 production	 implied	 by	 each	 tidal	 mixing	 scheme.	 For	
experiment	OLD	 (a),	 the	power	 shown	 includes	 the	 specified	near-field	dissipation	of	 internal	
tides	and	the	contribution	of	the	background	diffusivity	(calculated	as	the	vertical	integral	of	ρ0	
Kρ	N2	Rf-1	with	Kρ	=	10-5	m2	 s-1,	ρ0	=	1026	kg	m-3	 ,	Rf	=	1/6,	and	N	the	annual-mean	buoyancy	
frequency	from	the	first	simulation	year).	Experiment	NEW	(b)	has	no	background	diffusivity:	all	
tidal	mixing	 derives	 from	 the	 specified	 internal	 tide	 energy	 dissipation.	 Experiment	 TRA	 (c)	 is	
identical	to	NEW	except	for	the	addition	of	subinertial	internal	tides.	Note	the	power	is	shown	
on	a	log10	scale.	
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Figure	3:	Turbulence	production	implied	by	each	tidal	mixing	scheme,	summed	over	depth	and	
longitude	 (a)	 or	 over	 geopotential	 model	 layers	 (b).	 Experiment	 OLD	 is	 shown	 in	 black,	
experiment	NEW	in	light	blue	and	experiment	TRA	in	dark	blue.	
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Figure	 4:	 Evolution	 of	 global	 mean	 ocean	 temperature	 (a),	 Drake	 Passage	 eastward	 volume	
transport	(b),	maximum	of	the	Atlantic	meridional	overturning	streamfunction	at	26.5°N	(c),	and	
northward	Antarctic	Bottom	Water	(AABW)	transport	at	64°S	(d)	and	30°S	(e).	Experiments	OLD,	
NEW	and	TRA	are	shown	in	black,	light	blue	and	dark	blue,	respectively.	AABW	transport	is	the	
maximum	northward	transport	underneath	a	given	σ3	isopycnal	(for	σ3	>	1041.4	kg	m-3).	
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Figure	 5:	 Mixed	 layer	 depth	 in	 observations	 and	 experiment	 NEW,	 averaged	 over	 January-
February-March	 (a,b),	 April-May-June	 (c,d),	 July-August-September	 (e,f)	 and	 October-
November-December	 (g,h).	 The	 left	 column	 (panels	 (a),	 (c),	 (e),	 (g))	 corresponds	 to	 the	
observational	 climatology	 of	 Sallée	 et	 al.	 (2021),	 the	 right	 column	 (panels	 (b),	 (d),	 (f),	 (h))	 to	
experiment	NEW.	In	the	right	column,	we	also	show	as	red	contours	the	modelled	50%	sea	ice	
concentration	averaged	over	the	central	month	of	each	season.	
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Figure	6:	Maximum	mixed	 layer	depth	 in	experiment	NEW	 (a),	 and	anomalies	 in	OLD	 (b)	 and	
TRA	(c)	with	respect	to	NEW.	The	maximum	is	calculated	from	monthly-mean	output	over	the	
last	decade	of	each	experiment.	
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Figure	7:	Tidal	vertical	diffusivity	at	210°E	(or	150°W),	in	experiments	OLD	(a),	NEW	(b)	and	TRA	
(c).	 This	 diffusivity	 is	 that	 produced	by	 the	 tidal	mixing	 parameterization	 in	 each	 experiment,	
including	the	background	diffusivity	in	the	case	of	OLD.	Note	the	diffusivity	is	shown	on	a	log10	
scale.	
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Figure	 8:	 Seasonal	 evolution	 of	 Arctic	 (a)	 and	 Antarctic	 (b)	 sea	 ice	 extents	 in	 satellite	
observations	 (red)	 and	 experiments	 OLD	 (black),	 NEW	 (light	 blue)	 and	 TRA	 (dark	 blue).	
Observations,	 from	 the	 National	 Snow	 and	 Ice	 Data	 Center	 (Stroeve	 and	 Meier	 2018),	 are	
monthly	 averages	 over	 the	 period	 1979-2019;	 the	 thick	 red	 curve	 corresponds	 to	 the	
climatological	mean	while	thin	red	curves	denote	the	observed	range	for	that	period.	
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Figure	9:	Atlantic	zonal	mean	temperature	in	the	observational	climatology	of	Gouretski	(2019)	
(a)	and	experiment	NEW	(b).	Anomalies	in	experiments	OLD	(c)	and	TRA	(c)	with	respect	to	NEW	
are	also	shown.	
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Figure	10:	Basin-averaged	density	(a,d,g),	temperature	(b,e,h)	and	salinity	(c,f,i)	profiles	 in	the	
observational	climatology	of	Gouretski	(2019)	(red)	and	in	model	experiments	OLD	(black),	NEW	
(light	 blue)	 and	 TRA	 (dark	 blue).	 The	 Pacific	 Ocean	 (33°S-65°N)	 is	 shown	 in	 panels	 (a-c),	 the	
Atlantic	Ocean	 (33°S-65°N)	 in	panels	 (d-f)	 and	 the	Southern	Ocean	 (80°S-33°S)	 in	panels	 (g-i).	
Density	is	measured	as	σ2,	the	potential	density	referenced	to	2000	dbars.	
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Figure	11:	Pacific	zonal	mean	temperature	in	the	observational	climatology	of	Gouretski	(2019)	
(a)	 and	 experiment	 NEW	 (b).	 Anomalies	 in	 experiments	 OLD	 (c)	 and	 TRA	 (d)	 with	 respect	 to	
NEW	are	also	shown.	
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Figure	 12:	 Maximum	 temperature	 of	 the	 water	 column	 in	 the	 observational	 climatology	 of	
Gouretski	 (2019)	 (a)	 and	 experiment	 NEW	 (b),	 shown	 as	 a	 stereographic	 projection	 south	 of	
50°S.	Anomalies	in	experiments	OLD	(c)	and	TRA	(d)	with	respect	to	NEW	are	also	shown.	
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Figure	13:	Annual	maximum	neutral	density	at	the	seafloor	in	the	observational	climatology	of	
Gouretski	(2019)	(a)	and	in	experiment	TRA	(b).	Panels	(c)	and	(d)	show	the	concentration	of	an	
artificial	dye	tracer	in	the	bottom	grid	cell	of	the	model	(experiment	TRA),	respectively	10	years	
and	 30	 years	 after	 initialization.	 The	 dye	 tracer	 is	 restored	 to	 1	 in	 the	 top	 10	meters	 of	 the	
model	 and	propagates	 as	 a	 conservative	 tracer	 in	 the	deeper	ocean.	 This	 dye	 simulation	was	
done	in	offline	mode	using	five-day	output	from	year	1,001	of	experiment	TRA.	It	shows	that	the	
bottom	ocean	fills	from	the	four	sites	where	dense	shelf	waters	(neutral	density	>	28.5	kg	m-3)	
are	formed.	
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Figure	 14:	Meridional	 overturning	 streamfunction	 in	 experiment	 NEW.	 The	 streamfunction	 is	
shown	for	the	Indian-Pacific	(a,b),	Atlantic	(c,d)	and	global	(e,f)	oceans.	It	was	computed	both	in	
depth	 coordinate	 (a,c,e)	 and	 density	 (σ2)	 coordinate	 (b,d,f).	 The	 density-coordinate	
streamfunction	 is	 reprojected	 to	 depth	 using	 the	 pseudo-depth	 of	 isopycnal	 surfaces.	 The	
pseudo-depth	of	an	isopycnal	surface	within	a	given	latitude	band	is	the	geopotential	which	has	
the	same	volume	beneath	it	(e.g.,	Zika	et	al.	2012).	

	 	



	

Figure	15:	Meridional	overturning	streamfunction	at	26.5°N	in	the	Atlantic.	RAPID	observations	
(Sinha	et	al.	2018)	are	shown	in	red,	experiment	OLD	in	black,	experiment	NEW	in	light	blue	and	
experiment	TRA	in	dark	blue.	
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Figure	16:	Zonal	mean	ideal	age	simulated	by	experiment	NEW	(a-c).	Anomalies	in	OLD	(d-f)	and	
TRA	 (g-i)	with	 respect	 to	NEW	are	 also	 shown.	 The	 zonal	 average	was	 taken	 over	 the	 Pacific	
(a,d,g),	Indian	(b,e,h)	or	Atlantic	(c,f,i)	basin,	each	extended	due	south	to	Antarctica.	
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Supplementary	Figure	S1:	Geothermal	heat	flux	through	the	seafloor	from	Lucazeau	(2019).	This	
flux	is	included	as	a	bottom	thermal	forcing	in	all	three	experiments.	



	

Supplementary	 Figure	 S2:	 Map	 of	 the	 isopycnal	 tracer	 diffusivity	 (a)	 and	 isopycnal	 thickness	
diffusivity	 (b)	 averaged	 over	 the	 last	 decade	 of	 experiment	 TRA.	 Both	 diffusivities	 are	
independent	of	depth	but	vary	horizontally	with	the	simulated	stratification.	
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CHAPTER III

NEMO SIMULATION: EVALUATION OF A
TEMPERATURE BIAS IN THE SUBARCTIC

PACIFIC

The upwelling of abyssal tracers in the modern subarctic Pacific was inferred in Chapter I. In Chapter II we
examined model outputs to study global ocean ventilation volumes, rates and pathways. Ventilation rates in
the deep Pacific were poorly represented in analysed NEMO experiment: the ideal age there far exceeded that
deduced from radiocarbon observations and from inverse models that assimilate those observations. Figure
3.1 shows the depth profile of potential density referenced to 2000 dbars (σ2), conservative temperature
and absolute salinity, horizontally averaged over the subarctic Pacific (40-65◦N), in the different NEMO
experiments explored in Chapter II and in the observational climatology of Gouretski (2019). This figure
shows that the hydrography of the subarctic Pacific is also poorly represented in these NEMO experiments:
a strong warm bias is present in the upper 2 km.

Warren (1983) inferred the upwelling of deep waters was necessary in the North Pacific to explain low
surface temperatures and evaporation rates. In this region NEMO experiments display a warm bias in upper
waters and an old bias in deep waters. Both age and temperature biases could potentially be explained by
a lack of deep water upwelling, since stronger upwelling of relatively cold and young abyssal waters may
rejuvenate and cool shallower waters. Diapycnal mixing could play a role in causing the ascent of deep
waters to the surface (Sarmiento et al., 2004). A lack of diapycnal mixing in NEMO is a plausible candidate
given that its degree of ’diffusiveness’ quantified in Chapter II is lower than that of data-constrained inverse
models. A lack of wind-driven upwelling is also plausible: cyclonic wind stress within the subpolar gyre
promotes upwelling, and coastal upwelling phenomena could occur along the northern rim of the Pacific
(Toggweiler et al., 2019).

Both hypotheses have been partly tested in Chapter II:

• The addition of mixing by sub-inertial internal tides (DIALOW → REF, see Chapter II) proved to have
a substantial impact on ventilation rates, but it was insufficient to eliminate the age bias. Meanwhile,
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the impact of mixing by subinertial internal tides on the subarctic Pacific temperature bias is weak,
even though it shifts the profile towards a better estimate (Figure 3.1).

• Figure 16 of Chapter II showed that no major differences could be observed within the North Pacific
between the wind stress of a state-of-the-art reanalysis product and the wind stress forcing in our
NEMO experiments. The parameterized eddy-driven vertical velocities were found to be weak in
this region in NEMO, and are therefore unlikely to cause a muted response to wind-driven Ekman
pumping. Thus, wind-driven upwelling in the subpolar gyre is probably not to blame for temperature
and age biases of NEMO.

These findings indicate that: (i) diapycnal mixing and wind-driven upwelling are likely not the only
processes underpinning the observed biases in the subarctic Pacific; (ii) the age and temperature biases,
although possibly reinforcing each other, may be largely decoupled. In this chapter, we will diagnose and
assess the processes that lead to the subarctic Pacific temperature bias in NEMO.

Figure 3.1: Vertical profile of potential density referenced at 2000 m (σ2), absolute salinity and conser-
vative temperature, horizontally averaged over the subarctic Pacific (40-65◦N), in DIAHIGH (orange),

DIALOW (light blue), and REF (dark blue) from Chapter 2, and in the observational climatology of

Gouretski (2019) (black).
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1 . Introduction

The biological pump is highly dependent on nutrient availability in the shallow ocean. This nutrient
availability is contingent on the upwelling of nutrient-rich deep water at high-latitudes, in the Southern Ocean
(Toggweiler and Samuels, 1993) and in the North Pacific (Sarmiento et al., 2004; Toggweiler et al., 2019).
Those upwelled nutrients are advected into the thermocline via mode waters in the Southern Hemisphere
and North Atlantic and via North Pacific Intermediate Water (NPIW) in the North Pacific (Sarmiento et al.,
2004). Correctly modelling the dynamics of the North Pacific is thus essential to adequately represent
marine biogeochemical cycles.

Next, we will present the dynamics of the North Pacific, including an overview of NPIW formation
and properties both in observations and in NEMO experiments. Finally, we will identify the source of the
temperature bias in NEMO simulations before giving some perspectives.

2 . Methods

In addition to NEMO outputs that have been presented in Chapter 2, we will use annual-mean tem-
perature and salinity from the WOCE global hydrographic climatology Gouretski and Koltermann (2004).
Additionally, we will use the reanalysis products from E.U. Copernicus Marine Service Information, specif-
ically gridded fields of horizontal velocities (https://doi.org/10.48670/moi-00021) and wind stress (https:
//doi.org/10.48670/moi-00185). Horizontal velocities that we will show are averaged over the years 2010
to 2014, while surface wind speeds and wind stress are averaged over years 2013-2014.

The wind stress field is used to show the boundary between the subtropical and subpolar gyres. Let us
define the wind stress at the sea surface τ with its northward and eastward components, τN and τE . The
curl of τ is directly linked to Ekman upwelling, and the gyre boundary is often taken as the line of zero wind
stress curl:

−→
rot τ = 0 (III.1)

In order to compute average properties of NPIW water masses that we will define, we use a volume-
weighted average. Thus the average water mass property C is computed as:

C =

∑
iCi × Vi

V
(III.2)

where the index i refers to grid cells, Ci is the tracer value within each cell of volume Vi, and V is the
volume summed over all considered cells.

3 . Results
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3.1 . Presentation of the North Pacific ocean dynamics
Ocean dynamics in the shallow North Pacific are largely driven by winds. The mid-latitude westerlies

(peaking around 35°N) tend to separate the basin into two zones: an anticyclonic (clockwise) wind-stress
zone called the subtropical gyre (ranging from 10-35°N) and a cyclonic (anti-clockwise) one called the
subpolar gyre (from around 35°N to 65°N). Figure 3.2 represents temperature and salinity at the surface
and at 350 m depth in the North Pacific, as estimated in the WOCE climatology (Gouretski and Koltermann,
2004). The white dashed line in this figure represents the gyre boundary taken as the zero line of the curl
of the wind stress (see Methods). Figure 3.2 illustrates that surface waters in the subtropical gyre are warm
and salty whereas the ones of the subpolar gyre are cold and fresh. This contrast remains true for water at
a depth of 350 m, although the magnitude of the differences is less important. Interestingly, the absolute
salinity at 350 m (Figure 3.2d) presents a local salinity maximum along the Aleutian Arc, which reveals
deep waters upwelling at this location, as this signal cannot originate from the fresh subpolar surface waters.
This upwelling is potentially caused by the winds or enhanced diapycnal mixing near the topography, and
could be an important component of the North Pacific mass balance (Warren, 1983).

A local salinity minimum can be observed around 40°N, at 350 m depth east of Japan (Figure 3.2d):
it is the signature of North Pacific Intermediate Water (NPIW). Hasunuma (1978) describes this salinity
minimum formed at the junction of the Kuroshio and Oyashio currents, as the vertical boundary between
the subtropical and subpolar waters. NPIW is usually defined as the salinity minimum in the North Pacific
at depths of 300-700 m, within the neutral density range 26.7 ≤ γ ≤ 26.9, and is thought to be formed by
mixing between subtropical and subpolar waters (Talley, 1993). Subpolar waters influencing the intermediate
depths sink during wintertime when they are cooled, such that the wintertime temperature of these subpolar
waters ultimately sets the NPIW formation density (Talley, 1993).

Surface temperatures of subpolar waters being too warm would result in a warmer type of NPIW than
expected, which could ultimately warm the upper Pacific Ocean. We display in Figure 3.3 the annual
mean conservative temperature and absolute salinity difference between the REF NEMO experiment and
the WOCE climatology, at the surface and at 350 m depth. NEMO-simulated subpolar temperatures are
too cold at the surface, and too warm at 350 m depth (Figure 3.3c). Surface temperature biases can
thus be ruled out as a direct cause of excess subsurface warmth. The salinity of subpolar surface waters
is overestimated along the continental margins and in the Okhotsk Sea (Figure 3.3d), possibly linked to
underestimated local freshwater sources. This surface salinity bias does not propagate to the entire basin at
greater depths, although salinity at 350 m depth is overestimated in the Okhotsk Sea and near the NPIW
formation region (Figure 3.3e). At 350 m depth, biases in both salinity and temperature are maximum in
the NPIW formation region and in the Okhotsk Sea (Figure 3.3b,e), suggesting a role for one of those two
regions in setting the subarctic temperature bias in NEMO.

3.2 . NPIW formation and properties
The formation of NPIW seems to be either the cause or the direct consequence of the subsurface

temperature bias in NEMO. We thus examine in more detail its formation and properties. Neutral density
is not readily available from NEMO output, thus the density that we will compare between NEMO and
WOCE is potential density with a reference pressure of 0 dbar (σ0). Nevertheless, neutral density is useful
to track NPIW in observations, and we idendify NPIW in the WOCE climatology as the density range
26.7 ≤ γ ≤ 26.9 in the North Pacific north of 20◦N. The associated (T, S) properties are shown in
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Figure 3.2: Maps of conservative temperature (first row) and absolute salinity (second row) at the

surface (first column) and at 350 m depth (second column) in the North Pacific ocean. The white

dashed line represents the gyre boundary based on NEMO wind stress forcing.
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Figure 3.3: Conservative temperature (first row) and absolute salinity (second row) difference between

the final state of the REF NEMO experiment and the WOCE climatology, at the surface (first column)

and at 350 m depth (second column). In the third column (panels (c, f)) we show zonal mean differ-

ences as a function of latitude.
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Figure 3.4: Panel (a) shows a scatter plot of conservative temperature against absolute salinity of

NPIW, defined via its neutral density range in the WOCE climatology. We use the same spatial mask

to exhibit water properties at the same locations in NEMO in panel (b). Colours show σ0.

Figure 3.4a. A clear mixing curve can be seen between fresh and cold subpolar waters and warm and salty
subtropical waters. We examine the water properties at similar locations in NEMO (Figure 3.4b) and find
that the properties are much more heterogeneous: the density range is wider (see Table 1, ’WOCE’ and
’NEMO mask γ’) and the mixing line between the two different types of waters is less well defined.

This relative heterogeneity in NEMO-simulated water properties suggests that NPIW in NEMO is not
present at the same location as in the WOCE climatology. We thus look for NPIW in our NEMO simulation
by looking at different σ0 ranges. First, we select the water in NEMO that has the same σ0 density range as
the NPIW in WOCE (’NEMO mask σ0’ in Table 1): for the neutral density range mask that we previously
described (’WOCE’), we compute the σ0 associated and define the range of σ0 representing these waters.
The associated NPIW in NEMO (’NEMO mask σ0’) is slightly too warm, salty, and deep, but the averaged
properties are fairly close to our reference from the WOCE climatology (Figure 3.5a,b). However, the mixing
curve between subpolar and subtropical waters is not correctly represented; we infer that those waters do
not satisfy the formation mechanism of NPIW. We thus look for a more faithful definition of NPIW in
NEMO, using a similar range of potential density (as in ’NEMO mask σ0’), shifting this range until the
(T, S) curve resembles that of observations. Figure 3.5c shows the associated NPIW properties, referenced
as ’NEMO best’ in Table 1. The volume-weighted salinity and depth are the same as in ’WOCE’, but the
conservative temperature differs by about 2°C. Closer comparison of the ’WOCE’ and ’NEMO best’ NPIW
(Figure 3.5a,c) indicates that subtropical waters are too warm and subpolar waters too fresh in the latter,
consequently NEMO is unable to reproduce the correct NPIW density.

Figure 3.5d illustrates another possible definition of NPIW, slightly warmer than ’NEMO best’. This
example shows that there is no unambiguous definition of NPIW in NEMO. Nonetheless, the spatial distri-
bution of NPIW in ’NEMO best’ is most similar to ’WOCE’ (see Supplementary Information, Figure S3.1).
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σ0 (kg/m
3)

T (◦C)
S
(PSU)

depth

(m)min max mean

WOCE 26.58 26.81 26.7 6.38 34.15 425

NEMO mask γ 25.36 26.79 26.42 8.28 34.15 428

NEMO mask σ0 26.58 26.81 26.7 6.76 34.22 506

NEMO best 26.32 26.55 26.44 8.2 34.15 425

NEMO ex 26.18 26.41 26.3 8.95 34.12 396

Table 1: Table referencing theminimum,maximum andmean density, as well as the averaged conser-

vative temperature, absolute salinity and depth for the different NPIW definitions we use. Averaged

values are volume-weighted means. ’WOCE’ stands for the NPIW found with the WOCE climatology,

’NEMO mask γ ’ for the NPIW defined with the same spatial mask (based on neutral density) used in

WOCE, ’NEMO mask σ0’ for NPIW defined with the same σ0 as in WOCE, ’NEMO best’ as the NPIW de-

signed to have a similar salinity and depth as in observations, and ’NEMO ex’ for another example of

a possible definition.

Figure 3.5: Scatter plot of temperature against salinity for the different NPIW definitions of Table 1.
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Figure 3.6: Monthly mean conservative temperature at 334 m depth during the first year of the REF

online NEMO simulation.

Regardless, our analysis shows that the model generated NPIW is too light, primarily because it is too warm.
Excessive warmth of subtropical waters is not the cause: Figure 3.3 shows that the largest temperature

excess is in the NPIW formation region and in the Okhotsk Sea, and that the subtropical waters are not
very different from the observations. Hence, biases in circulation and mixing, including NPIW formation
processes, must be at play. We next investigate how subtropical and subpolar waters mix during the early
spin-up stages of the NEMO REF experiment.
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Figure 3.7: Subarctic Pacific (lat ≥ 40◦N) averaged conservative temperature profiles. The WOCE pro-

file and the equilibrium NEMO profile are represented as pink and black dashed curves, respectively.

Solid curves depict intermediate stages of the REF online NEMO simulation: year 1 (blue), year 10 (or-

ange), year 50 (green), year 100 (red), year 200 (purple) and year 800 (brown).

3.3 . Origin of the temperature bias
We represent the monthly averaged conservative temperatures at 334 m depth, for the first year of

the REF NEMO simulation, in Figure 3.6. This figure shows that a tongue of warm subtropical waters
gradually forms and extends northward along the east coast of Japan. This warm water intrusion occurs
at the junction of the Kuroshio and Oyashio currents and thus near the NPIW formation region. Can this
circulation-driven bias explain the long-term drift toward higher temperature that we observe in the upper
subarctic Pacific? What could cause this drift?

The mean temperature profile of the subarctic Pacific (north of 40°N) in the equilibrated state of REF
is warm-biased in the upper 2 km. In Figure 3.7 we show the mean temperature profile of the subarctic
Pacific (excluding marginal seas) in the WOCE climatology, in the final state of REF and at different stages
of the spin-up of this simulation. At the start of the REF simulation (year 1), the temperature profile is very
close to the WOCE climatology, as expected since REF was initialized from observations. As the simulation
progresses, the averaged temperature profile moves toward the equilibrium state, very quickly in the shallow
ocean, and more gradually at greater depths. By year 800, the hydrography in the top 2 km has reached
equilibrium (Figure 3.7). The evolution of the profiles suggests that the warm bias first establishes in shallow
(subsurface) waters and then diffuses downward over centuries.

The temperature bias seems to emerge at the junction of the Kuroshio and Oyashio currents. To evaluate
the quality of the representation of these currents in the model, we use the horizontal seawater velocities
of the reanalysis product from Mercator Océan International. We compute the current speed v from zonal
(ux) and meridional (uy) velocities as v =

√
u2x + u2y. Maps of current speed at 334 m are shown in Figure

3.8, together with the zonal average computed over the North Pacific. The reanalysis product shows an
important current that flows along the east coast of Japan and that leaves the shore below 38°N. This
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Figure 3.8: Maps of current speed at 334 m depth in the Mercator reanalysis (a) and in the final state
of REF (b). Panel (c) shows the zonal mean current speed in the North Pacific (excluding marginal

seas). In all three panels the red dashed line marks the 38°N parallel.

current is also present in NEMO although less strong (Figure 3.8c). Crucially, the Kuroshio in NEMO does
not turn sharply toward the east at 37°N, and instead extends further north while feeding a broad eastward
current centered around 39°N (Figure 3.8b). This misrepresentation of the structure and position of the
Kuroshio current very likely contributes to an excessive penetration of subtropical waters into the subpolar
gyre. Representation of western boundary currents like the Kuroshio in coarse (1-degree) ocean models is
a well-known difficulty (e.g., Penduff et al., 2007). Subduction at major fronts, such as the one separating
subtropical and subpolar waters near 38°N off Japan, is also notoriously challenging to simulate, because it is
influenced by mesoscale and submesoscale phenomena (e.g., Garabato et al., 2001). Our analysis indicates
that these expected difficulties in capturing Kuroshio and frontal dynamics have large repercussions on the
simulated hydrography of the subarctic Pacific.

Misrepresentation of dynamics associated with the Kuroshio seems to be a major factor behind the North
Pacific temperature bias. However, it might not be the only factor. In particular, biases in isopycnal diffusion
may also play a role in amplifying or spreading the bias across the subpolar gyre. Figure 3.9 shows maps
at 334 m of the isopycnal tracer diffusivity in REF and in the observation-based climatology of Groeskamp
et al. (2020) (used in the ISO3D offline simulation in Chapter 2). Whereas REF has isopycnal diffusivities
that peak within the front between modelled subpolar and subtropical waters near 39°N (Figure 3.9a,c), the
observation-based estimate has weaker diffusivities within the observed front (Figure 3.9b,d). A bias in the
magnitude and spatial structure of the isopycnal tracer diffusivity in REF is thus likely, and could contribute
to excessive north diffusion of subtropical warmth across the gyre boundary. Unfortunately, we do not have
an online NEMO simulation with the isopycnal diffusivity of Groeskamp et al. (2020) to quantify the effect.
Nonetheless, we hypothesize that suppression of meridional isopycnal diffusion by the swift zonal Kuroshio
extension (Ferrari and Nikurashin, 2010), which is accounted for by Groeskamp et al. (2020) but not by the
mixing scheme of REF, is an important process in this region that awaits faithful representation in NEMO.

4 . Perspectives
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Figure 3.9: Isopycnal tracer diffusivity at 334m deoth in the REF experiment (a) and in the climatology

of Groeskamp et al. (2017) (b). The second row showsconservative temperature at 350m depth in REF

(c) and in the WOCE climatology (d).
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Figure 3.10: Maps of ideal age at 500 m depth in NEMO (a) and OCIM (b), over the area where age
exceeds 800 years and 500 years, respectively. The area of upwelling was defined as the area where

the age is superior at 800y in NEMO and 500y in OCIM. Panel (c) shows the age profile averaged over
these areas, in OCIM (green) and in REF after 3000 years (blue) and 6000 years (orange) of offline

simulation.

Our understanding of the subarctic Pacific temperature and age biases in NEMO has improved but
several questions remain. Regarding the temperature bias, an online simulation with the best up-to-date
isopycnal mixing scheme would be welcome, to diagnose the impact on stratification and hydrography.
Additionally, improving numerics influencing the representation of the Kuroshio current (e.g., Nasser et al.,
2023) could reveal key in mitigating the simulated temperature bias. Such experiments could also bring
additional information on the effect of the temperature bias on the age bias in the North Pacific: it is more
difficult for waters to ascend if the stratification is too strong in the upper ocean.

The Pacific age bias of our NEMO experiments has not been addressed in this chapter. A detailed analysis
of dynamics and numerics along the northern rim of the North Pacific would be a first step. Simulations with
perturbed wind stress over the subpolar North Pacific or with a strengthened Pacific abyssal overturning
could also shed light on likely factors underpinning the systematic overestimation of age in the deep ocean.
Figure 3.10 illustrates the areas of deep water upwelling in OCIM and in the REF offline NEMO experiment,
and shows age profiles averaged over this area. Upwelling areas, as defined here, are fairly similar in the
two models (Figure 3.10a,b). The age profiles are, however, very different (Figure 3.10c). The age bias in
NEMO is higher after 6000 years than after 3000 years, and it increases with depth. This suggests that the
age bias may originate in the abyss and may progressively diffuse upward in the water column. Whether a
lack of upwelling and/or a lack of abyssal overturning is to blame for the emergence of the bias remains
unanswered.

159





BIBLIOGRAPHY

Ferrari, R., & Nikurashin, M. (2010). Suppression of eddy diffusivity across jets in the southern

ocean. Journal of Physical Oceanography, 40(7), 1501 –1519. https : / /doi .org / 10 . 1175/
2010JPO4278.1

Garabato, A. C. N., Leach, H., Allen, J. T., Pollard, R. T., & Strass, V. H. (2001). Mesoscale sub-

duction at the antarctic polar front driven by baroclinic instability. Journal of Physical
Oceanography, 31(8), 2087 –2107. https://doi.org/10.1175/1520-0485(2001)031<2087:

MSATAP>2.0.CO;2

Gouretski, V. (2019). A new global ocean hydrographic climatology. Atmospheric and Oceanic
Science Letters, 12(3), 226–229. https://doi.org/10.1080/16742834.2019.1588066

Gouretski, V., & Koltermann, K. P. (2004). Woce global hydrographic climatology. Berichte des
BSH, 35, 1–52.

Groeskamp, S., LaCasce, J., McDougall, T., & Roge, M. (2020). Full-depth global estimates of

ocean mesoscale eddy mixing from observations and theory. Geophysical Research
Letters, 47(18). https://doi.org/10.1029/2020GL089425

Groeskamp, S., Sloyan, B. M., D., Z. J., & McDougall, T. J. (2017). Mixing inferred from an ocean

climatology and surface fluxes. Journal of Physical Oceanography, 47(3), 667 –687. https:
//doi.org/10.1175/JPO-D-16-0125.1

Hasunuma, K. (1978). Formation of the intermediate salinity minimum in the northwestern

pacific ocean. Bull. Ocean Res. Inst, 9, 47.
Nasser, A.-A., Madec, G., de Lavergne, C., Debreu, L., Lemarié, F., & Blayo, E. (2023). Sliding or

stumbling on the staircase: Numerics of ocean circulation along piecewise-constant

coastlines [e2022MS003594 2022MS003594]. Journal of Advances in Modeling Earth Sys-
tems, 15(5), e2022MS003594. https://doi.org/10.1029/2022MS003594

Penduff, T., Le Sommer, J., Barnier, B., Treguier, A.-M., Molines, J.-M., & Madec, G. (2007).

Influence of numerical schemes on current-topography interactions in 1/4°deg; global

ocean simulations.Ocean Science, 3(4), 509–524. https://doi.org/10.5194/os-3-509-2007

161

https://doi.org/10.1175/2010JPO4278.1
https://doi.org/10.1175/2010JPO4278.1
https://doi.org/10.1175/1520-0485(2001)031<2087:MSATAP>2.0.CO;2
https://doi.org/10.1175/1520-0485(2001)031<2087:MSATAP>2.0.CO;2
https://doi.org/10.1080/16742834.2019.1588066
https://doi.org/10.1029/2020GL089425
https://doi.org/10.1175/JPO-D-16-0125.1
https://doi.org/10.1175/JPO-D-16-0125.1
https://doi.org/10.1029/2022MS003594
https://doi.org/10.5194/os-3-509-2007


Sarmiento, J. L., Gruber, N., Brzezinski, M. A., & Dunne, J. P. (2004). High-latitude controls of

thermocline nutrients and low latitude biological productivity. Nature, 427(6969), 56–
60. https://doi.org/10.1038/nature02127

Talley, L. D. (1993). Distribution and formation of north pacific intermediate water. Journal
of Physical Oceanography, 23(3), 517 –537. https : / /doi .org/ 10 . 1175/1520- 0485(1993)

023<0517:DAFONP>2.0.CO;2

Toggweiler, J., Druffel, E. R., Key, R., & Galbraith, E. D. (2019). Upwelling in the ocean basins

north of the acc: 1. on the upwelling exposed by the surface distribution of ∆14c.
Journal of Geophysical Research: Oceans, 124(4), 2591–2608. https : / /doi .org/10 . 1029/
2018JC014794

Toggweiler, J. R., & Samuels, B. The global carbon cycle (M. Heimann, Ed.). In: The global carbon
cycle (M. Heimann, Ed.). Ed. by Heimann, M. Berlin: Springer, 1993, pp. 333–366.

Warren, B. A. (1983). Why is no deep water formed in the north pacific? Journals of Marine
Research, 41, 327–347. https://doi.org/10.1357/002224083788520207

162

https://doi.org/10.1038/nature02127
https://doi.org/10.1175/1520-0485(1993)023<0517:DAFONP>2.0.CO;2
https://doi.org/10.1175/1520-0485(1993)023<0517:DAFONP>2.0.CO;2
https://doi.org/10.1029/2018JC014794
https://doi.org/10.1029/2018JC014794
https://doi.org/10.1357/002224083788520207


Supplementary Information

Figure S3.1: Maps at 300 m depth (first column) and 500 m depth (second column) showing the NPIW

density σ0, where NPIW is defined from neutral density in the WOCE climatology (first row) and as in

’NEMO best’ (second row).
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Figure S3.2: Figure showing themean velocity averaged over the North Pacific as a function of latitude

in each of the 4 cardinal directions: north (a), east (b), south (c), and west (d). On each panel the 38°N
parallel was represented.
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CHAPTER IV

THE OXYGEN ISOTOPE RATIO OF
SEAWATER IN THE MODERN DEEP

OCEAN: A CLEAR MARKER OF WATER
ORIGIN?

In the Chapter II, we saw that the North Atlantic passive tracer progressively erodes as it travels farther
away from the North Atlantic sector. A maximum in the vertical of its dye concentration is seen around the
Southern Ocean at mid-depth (or mid-densities). Yet, uncertainties remain on the dilution and removal of
this passive tracer across different models, and thus on the North Atlantic’s role for ventilating the global
ocean. Assessing the amount of North Atlantic waters ventilating the Southern Ocean and the other basins,
could be key to quantify mixing of this water mass along its pathway.

Southern Ocean waters ventilated by the North Atlantic (NA) lie between freshly ventilated waters formed
in the Southern Ocean: intermediate waters often referred as Antarctic Intermediate Water (AAIW) and
the deep Antarctic Bottom Water (AABW) (cf ventilation desert in Figure 2.7 of Chapter II). Those waters
circulate around the Southern Ocean and subsequently influence the Indian and Pacific Oceans (Chapter
I). In Chapter II, models show that the presence of a mid-depth maximum of NA dye concentration in the
Pacific is possible, yet its magnitude varies across the models. The sustained thesis is that the δ18Osw

enrichment in the mid-depths of the Pacific, observed in Chapter I, is attributable to the influence of North
Atlantic waters.

In this Chapter, I show the potential of δ18Osw to constrain ocean ventilation. I first show and discuss
δ18Osw data that I produced during this thesis and that I compiled from various databases. In the mid-
densities of the different ocean basins, a mid-depth δ18Osw can be observed that we attribute to the
difference in the surface regions of the AABW and NADW ventilation regions. Then, we use the δ18Osw

data compiled in the Southern Ocean and the OCIM-simulated dyes of Chapter II, to constrain end-member
values for the different surface patches associated to the dyes. This results in a 3D gridded δ18Osw product
which convincingly represents the structure of δ18Osw in the deep ocean. The discussion focuses on the
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validation of this product by comparing it to the LeGrande and Schmidt (2006) δ18Osw, and the data that
we compiled. Finally, we discuss the potential of the δ18Osw to further constrain deep ocean ventilation,
from individual datasets to the implementation of this tracer in inverse models.
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1 . Introduction

Waters last ventilated in the Labrador and Nordic Seas, referred as NADW, flow and diffuse southward
in the Atlantic before rejoining and upwelling in the Southern Ocean (Kuhlbrodt et al., 2007; Lumpkin and
Speer, 2007; Schmitz Jr., 1995; Talley, 2013). They provide a key inflow for the formation of dense waters
along the Antarctic margin, and a fraction of NADW is incorporated into the dense shelf waters cascade
down the continental slope; this mixture is referred to as AABW (Anilkumar et al., 2021; Orsi et al., 1999;
Silvano et al., 2023). Tamsitt et al. (2017) showed that the upwelling of NADW in the Southern Ocean
occurred in a south-eastward direction. Using an idealized model, Jones and Abernathey (2019) links the
amount of NADW upwelling and the strength of isopycnal mixing in the Southern Ocean. The inherent
uncertainties associated to the parameterizations of mixing in the models thus limit our understanding of
the fate of the NADW in the Southern Ocean.

The deep Pacific and Indian Ocean share similar ventilation patterns: an abyssal overturning cell and a
south to north diffusion-dominated ventilation in the mid-depths (see Introduction; de Lavergne et al., 2017;
Millet et al., 2023). Notable differences between the two basins include: (1) the Indian Ocean is overall
shallower than the Pacific (the abyssal plains are narrower) (2) it is closer to the Atlantic Ocean, which
means that the waters coming from the south that ventilate the Indian mid-depths may have a stronger
Atlantic signature, (3) the Indian Ocean does not extend as far north as the Pacific, (4) the Indian is divided
into many sub-basins, so that its abyssal circulation is quite complex (Huussen et al., 2012; Solodoch et al.,
2022), and (5) a small advective portion of NADW gets through the Aghulas leakage (Talley, 2013).

The oxygen isotope ratio of seawater (δ18Osw) is a conservative tracer, which means that it is only
affected by mixing and advection, making it an ideal water mass tracer. The introduction of the thesis
pointed out the difference in δ18Osw values for the NADW and AABW end-members, thus highlighting the
potential of using δ18Osw to measure the influence of NADW versus AABW on modern ocean ventilation.
This difference is due to the different mechanisms leading to water mass sinking in the North Atlantic
and near Antarctica. NADW is ultimately derived from evaporated tropical waters (Talley, 2013), which
make them enriched in δ18O, while AABW is depleted in δ18O, as it is formed largely by brine rejection
and ocean-ice interactions in ice-shelf cavities (see Introduction; Schlosser et al., 1990; Weiss et al., 1979;
Weppernig et al., 1996).

The sparsity and uneven distribution of the δ18Osw measurements (from dense to sparse sampling)
between the surface and the deep ocean and between the Atlantic and Pacific basins makes it such that
the structure of δ18Osw in the deep Pacific is very uncertain, especially given the deep gradient appears
to be the lowest of all the ocean basins. Although uncertain, the observed mid-depth δ18Osw maximum
within the Pacific does seem to be robust as it is present in multiple individual datasets (e.g. Herguera
et al., 1992; Keigwin, 1998; McCave et al., 2008). Millet et al. (2023) used δ18Osw, in conjunction with
other conservative tracers, to show that the Pacific mid-depths are largely ventilated by isopycnal diffusion.
Here we try to constrain the contribution of AABW vs NADW in the Southern, Indian and Pacific oceans,
by compiling existing δ18Osw data. The compilation of δ18Osw measurements is made difficult by inter-
laboratory offsets which leads to uncertainties in the absolute δ18Osw values of the deep ocean, and the
impact of these offsets will be frequently commented on.

This study will try to reconstruct the path that the North Atlantic ventilated waters take once they
leave the Atlantic for the Southern Ocean and measure the extent to which they influence other basins. We
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will do so by using δ18Osw, both data that we compiled, and new Pacific measurements that were made
at the LOCEAN laboratory. In a second step, we will use the OCIM fractions presented in Chapter II to
construct a deep δ18Osw product. This product will be compared to a δ18Osw product produced by OCIM
using the LeGrande and Schmidt (2006) surface values that are being propagated in the model to the deep
ocean, and the product from LeGrande and Schmidt (2006). This comparison will give us the opportunity
to discuss in more depth the magnitude and extent of the δ18Osw mid-depth maximum in the Pacific. The
new δ18Osw product will logically lead to a qualitative assessment of the OCIM fractions, and the δ18Osw

product of LeGrande and Schmidt (2006).

2 . Methods

In this chapter we will represent the δ18Osw alternatively as a function of depth or density. This change
in representation depends only on the basin where we represent the data. In the Southern Ocean, the
isopycnals are strongly tilted in the meridional direction, which makes the depth coordinate less relevant, as
water masses tend to follow isopycnals. In the Indian or Pacific Ocean, mid-depth isopycnals are largely level
(de Lavergne et al., 2017), thus the representation along density is no longer necessary. An obvious parallel
will be made between the mid-densities in the Southern Ocean and the mid-depths in the other basins.

2.1 . Measurements at LOCEAN
The δ18Osw in the deep Pacific ocean is largely under-sampled (166 data points in total for the deep

Pacific and Indian oceans in LeGrande and Schmidt, 2006), which motivated the addition of new measure-
ments. The samples measured were obtained by serendipity:

• The first samples originate from the SR-2113 cruise that sailed in 2021. It was a cruise of opportunity,
and the sample collection for the analysis of the δ18Osw was not the aim of it, and the sample location
is not ideal for our purposes.

• The second set of samples were collected in the GP15 cruise that sailed in 2018 which collected
samples along the 152°W meridian. This cruise is one of the various legs of the GEOTRACES legs
through the Pacific (specifically designed to look at the distribution of tracers in the ocean). The
GP15 samples could not be analyzed after the cruise due to pandemic issues; when we decided to
analyze them, they had been preserved in a fridge for 5 years in a non-optimal storage. Multiple
GEOTRACES legs were supposed to be used for new δ18Osw measurements in this thesis but they
eventually never materialised due to the COVID19 pandemic.

The location of the two stations measured from SR-2113 and the four stations measured from GP15, ranging
from 0 to 32°N, are represented in Figure 4.1. Some of the samples measured were quality-controlled for
possible evaporation using the ’d-excess’ (Reverdin et al., 2022).

I made the measurements using a Picarro, in the LOCEAN laboratory, which is a cavity ring-down
spectrometer which is exhaustively described in Reverdin et al. (2022). The measured standard deviation
averaged across the samples is of 0.063‰ for δ18Osw, and 0.28‰ for the δD. The data that we produced
can be found on the latest version of the LOCEAN-CISE database (https://doi.org/10.5194/essd-14-2721-
2022 SEANOE, 2023).
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Figure 4.1: A map of the different stations that were measured at LOCEAN.

2.2 . Data compilation
Most of the data we use come from the GISS compilation and the datasets are accessible at: https:

//data.giss.nasa.gov/o18data/ (Schmidt et al., 1999). The data compiled in this database originates from
different laboratories so it might be hard to compare absolute values due to inter-laboratory offsets. This is
why most of the figures that we will show represent individual datasets and we will focus more on the shape
of the profiles than on the absolute δ18Osw values.

Additionally, we will use δ18Osw data kindly provided by Helen Bostock from the TAN1302 cruise which
occurred in 2013, and measured by Bass et al. (2014). The cruise was supported by the National Institute
of Water and Atmospheric Reseach of New Zealand.

In the following, we will investigate different basins to look at the distribution of δ18Osw. For practical
purposes, we define the Southern Ocean as south of 40°S. We thus assume that waters to the north of
40°S belong either to the Atlantic (70°W-20°E), Indian (20°E-120°E) or Pacific basins (150°E-70°W), using
natural boundaries between these.

3 . Results

First, we will present the different datasets that have been found in the GISS database, the data we
produced at LOCEAN as well as data coming from collaborators. Secondly, we will use the OCIM product
previously described (Chapter II), and the data presented, to construct a climatology of δ18Osw. The quality
assessment of this product will be made as a part of the discussion.

3.1 . Presentation of the δ18Osw data
The data that we will show in this part comes from different laboratories, which use different standards

for their measurements; the isotopic data will thus have inter-laboratory offsets.
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3.1.1 . Southern Ocean
The subset for the Southern Ocean (lat ≤ 40◦S) in the GISS database gives a compilation which

contains 23 different individual datasets. Each dataset is uniquely identified by a specific combination of
cruise and the laboratory where it was measured. Out of those 23 datasets, only 8 of them have isotope data
spanning the density range of interest (27 ≤ γ ≤ 28.6) at a useful resolution and with acceptable variability.
To select them the datasets were quality-checked visually and those that appeared overly noisy compared
to the expected variability and typical analytical uncertainty were excluded. Based on their geographical
dispersion we have subdivided some of the quality controlled datasets leading to 12 different datasets. Figure
4.2 shows those 12 profiles of δ18Osw plotted as a function of neutral density in the Southern Ocean, and
a map representing the locations of these profiles. Neutral density for each bottle was computed using the
climatology of Gouretski and Koltermann (2004), and interpolated at the bottle location. The numbering
on Figure 4.2 has been done in such a way that the further we move southward and eastward away from
the Atlantic sector, the greater the number, prioritizing in a first order the meridional displacement, and in
a second order the zonal displacement.

All profiles in Figure 4.2 exhibit a local maximum in δ18Osw at mid-density (27.93 ≤ γ ≤ 28.15),
associated with a maximum in salinity. The closer the dataset is to the Antarctica margin, the higher the
density gets for the associated δ18Osw maximum (1 → 2 → 4, 8 → 7). A similar variation can be observed
in salinity, where the salinity associated to the δ18Osw maximum decreases as we get closer to Antarctica.
The salinity highlights the impact of the North Atlantic in ventilating and setting up the δ18Osw maximum,
most conspicuously in the datasets that are closest to the Atlantic sector, where we observe the highest
salinity values (profiles 1, 2, 8). The compilation also shows an eastward decrease in the salinity associated
to the δ18Osw maximum (1 → 8 → 9 → 12). This decrease is consistent with the eastward decrease of the
NA dye in the Southern Ocean seen in Chapter II, and probably signals the continuous mixing with AABW
and AAIW that eventually leads to freshening of the North Atlantic-origin waters. The southward erosion of
the salinity and higher associated density can be linked to gradual transformation during upwelling, including
diffusive downwelling fluxes of fresher and lower δ18Osw surface water at densities γ < 28 (Naveira Garabato
et al., 2017).

The map of the stations in Figure 4.2 clearly shows the uneven sampling of the Southern Ocean, with
only a few stations measured in the Pacific sector. Dataset (12), that represents the Southern Ocean in
the Pacific sector, is the only profile which does not display a clear mid-depth maximum. Nonetheless,
this seems to be mainly due to the high isotopic signature of the intermediate waters at this location, as
a gradient can still be observed between the mid and high densities, which represents the NADW/AABW
contribution difference for the ventilation. In order to fill the gap in the GISS compilation between dataset
(11) and (12), we present new data from Helen Bostock that were measured but never published (see Bass
et al. (2014) for methodology). Figure 4.3, shows the stations which were selected, as well as their δ18Osw.
We selected only stations that have a maximum depth exceeding 3000m to avoid complex features near the
Antarctic margin. The represented dataset displays a maximum in δ18Osw at a comparable density to those
from the GISS database. The presence of this pronounced mid-density maximum in the δ18Osw so close
to the Pacific sector, confirms the idea that waters last ventilated in the North Atlantic reach the Pacific
sector of the Southern Ocean.

Waters last ventilated in the North Atlantic reach into the Southern Ocean, spiral and upwell in a
southeastward direction (Tamsitt et al., 2017), so that most reach the near-surface or Antarctic margins
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Figure 4.2: The top panel displays the geographical distribution of our 12 datasets in the Southern

Ocean, found from the GISS database. For each numbered dataset, we then show measured δ18Osw

as a function of neutral density in the lower set of panels. The dataset number is given in the top-left

corner of each panel, and the shading shows salinity. The dashed horizontal line in each panel marks

the density where δ18Osw peaks.
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Figure 4.3: δ18Osw profile of the stations near the Antarctic margin shared by Helen Bostock (left) and

the associated map of the measured bottles (right).

west of Drake Passage (DP). As such, datasets (2) and (3) from our Southern Ocean compilation yield
some interesting information. The dataset (2) includes both stations sampled within the Drake Passage and
stations sampled in the Atlantic sector of the Southern Ocean. As these locations may not represent the
same bodies of water, we have separated them in Figure 4.4, where dataset (3) is also represented. The
waters in the Drake Passage (panels (3) and (2) DP) show a slight mid-density δ18Osw maximum. This
maximum advocates for the persistence of the NA dye (or waters being ventilated by the NA), throughout
the circumpolar current. In the other panel, dataset (2) Atl represents the Atlantic sector, and we observe
the high salinity-heavy δ18Osw signal at mid-densities typical of the NADW. One can also note that the
density at which the δ18Osw maximum is present in the DP is around 27.93, within the density range of
UCDW and matching the δ18Osw maximum in the Pacific in Chapter I.

Therefore, it would seem that the influence of the North Atlantic for the ventilation of deep waters can
be observed all around the Southern Ocean. The next step is thus to look at the influence of the North
Atlantic on the other basins, which occurs via the Southern Ocean, the cross-roads of the World Ocean.

3.1.2 . Indian Ocean
The basin next influenced by waters last ventilated in the North Atlantic is the Indian Ocean. In Chapter

II, we mainly focused the discussion on the NA dye diffusion in both the Southern and Pacific Oceans, leaving
the Indian out. Figure 4.5 shows the zonal mean of the NA dye from the 3 previously studied models (NEMO,
OCIM, TMI) averaged over the Indian Ocean. All 3 models show a maximum in the NA dye at mid-depth,
in contrast to the Pacific where TMI did not. For NEMO and OCIM the mid-depth maximum of the NA
dye is stronger in the Indian basin than in the Pacific. This may be due to two factors: (i) a direct advective
transport of NADW near the Aghulas (Talley, 2013), (ii) erosion of the NA dye as it moves away from the
Atlantic. For OCIM, the maximum extends up to the northern boundary of the basin, again contrasting

172



Figure 4.4: Figure showing dataset (3) and (2), from Figure 4.2. Dataset 2 was separated into an Atlantic

sector, (2) Atl, and a Drake Passage sector, (2) DP.

Figure 4.5: Zonal mean over the Indian Ocean of the NA dye in TMI (a), OCIM (b) and NEMO (c).

with the Pacific. The 3 models show the major role of the NA dye in ventilating the deep Indian Ocean
(> 1km) as they contribute to 40, 38 and 29% respectively in NEMO, OCIM and TMI; and especially for the
mid-depths (1.5 ≤ depth ≤ 3km) as this contribution reaches up to 50, 42, and 31 %. The NA influence
decreases as waters diffuse northward. As a consequence of the deep NA dye structure in the Indian Ocean,
we expect a maximum for δ18Osw in the mid-depths that decreases as we move away from the Southern
Ocean.

Figure 4.6 shows the two datasets in the GISS database (Schmidt et al., 1999) that we found suitable
to represent the deep Indian Ocean: one near Madagascar around 30°S and another one that has multiple
stations across the Indian Ocean. The first dataset originates from the same study as Southern Ocean
dataset (9) from Figure 4.2 previously shown, and we represent it with dataset (9) as well on Figure 4.6.(1).
It shows the equivalence of displaying the profile in depth-space or density-space for the Indian Ocean, and
it also shows the meridional decrease of the δ18Osw maximum. Indeed, dataset (1) shows a mid-depth
maximum relative to the abyss that is weaker than for dataset (9) which is located about 15° (1600 km)
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Figure 4.6: The top panel represent the geographical distribution of the 2 datasets in the IndianOcean,

extracted from the GISS database. For each numbered dataset, we then show measured δ18Osw as

a function of neutral density in the lower set of panels. The dataset number is given in the top-left

corner of each panel, and the shading shows salinity. The transparent data points in panel (1), and on

the map, represent data from the Dataset (9) of the Southern Ocean compilation, which originates

from the same lab.

southward. The northward reduction of the difference between the abyss and the mid-depth presumably
reflects vertical mixing. Above 1.5km, the isotope values show different water masses: AAIW with light
δ18Osw and low salinity in the south, and intermediate waters which are saltier and heavier in δ18Osw further
north, where they are influenced by low latitude waters (Figure 4.6, intermediate depths of the left panel).
Additionally, high-salinity waters coming from the Persian Gulf spread southward in the basin influencing
the upper km of the Indian Ocean. The influence of those heavy δ18Osw waters is not visible in dataset (9).

The second dataset does not show a clear pattern in the upper part of the water column due to the
spatial dispersion of the dataset resulting in different intermediate waters at the stations. Nonetheless, the
δ18Osw gradient between the abyss and the mid-depth persists. The Indian Ocean thus presents an isotope
maximum at mid-depths, with a northward decrease in its maximum value. This reduction is likely due to
vertical mixing which erodes tracer maxima.
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Figure 4.7: Figure representing the Pacific profiles that were found in GISS (a) and two stations from
Glodap (b), (c). The stations coordinates of the Glodap profiles are 43.99°N and 153.51°E (b) and
44.99°N and 152.81°E (c).

3.1.3 . Pacific
As the Pacific is located farther away from the Atlantic Ocean (in terms of the major flow path of

deepwaters), one can wonder to what degree and manner it is impacted by NA waters. Figure 4.7 represents
three datasets that contain δ18Osw data found in the North Pacific in the GISS dataset (a), and in Glodap
(Key et al., 2015; Olsen et al., 2016) (b) and (c) near the Kamchatka trench. Here the δ18Osw mid-depth
maximum relative to the abyss is less evident than in the other basins, as the expected signal becomes close
to analytical uncertainties. Hence, more data is required to resolve the expected signals within the analytical
noise (yet there is less data compared to the other basins). It is hard to know if the mid-depth enrichment
relative to the abyss observed in (b) and (c) is due to the diffusion of NA ventilated waters from the south,
analytical noise, or possibly some influence of intermediate waters with high δ18Osw. In order to try and
resolve this issue, we decided to measure some more oxygen isotope data.

Figure 4.8 shows the δ18Osw data generated for this study. The two stations measured near Cocco’s
Ridge are represented on the same panel, given their geographical (see Figure 4.1) and δ18Osw values
proximity. The errorbars on the Figure represent the standard deviation of the Picarro associated to each
measurement. A clear gradient between the abyss and the mid-depth cannot be seen: any signal would be
masked out by the uncertainties associated to the measurement. However, the trend in the data suggests a
possible enrichment between 2-3km relative to the underlying waters. It is noteworthy to point out that the
densest waters of the ocean (AABW, γ ≥ 28.11) do not flow into the East Pacific (east of the East Pacific
Rise, see Extended Data, Figure 1 de Lavergne et al., 2017), which could cause higher δ18Osw bottom
waters there than in the other basins. The East Pacific being shallower than the main Pacific basin could
also explain a faster northward erosion of the δ18Osw maximum: the depth-distribution of the seafloor in
this region can be expected to produce more mixing between abyssal and mid-depth waters.

The second set of data Figure 4.8b represents stations that were collected during the GP15 cruise
(see Figure 4.1). Stations to the south and north of the represented stations were measured in Calstate
Sacramento. Replicate measurements to compare laboratories were measured in LOCEAN and suggested
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Figure 4.8: Figure representing δ18Osw data that were produced near Cocco’s Ridge (a), and along the
152°Wmeridian (b). In (a), the different stations measured were highlighted by using different colors,

and a GAM fit was passed through the data. In (b), a dashed lines was plotted at zero to show the

relative enrichment of the δ18Osw in the mid-depths.

major issues with the measurements done in Sacramento; the measurements made in Sacramento were thus
considered too unreliable to be used. Sadly, the unavailability of a complete north-south transect of δ18Osw

from the Pacific weakened the initial idea of following the decay of the mid-depth maximum in the Pacific.
A more detailed description of the differences between the two methodologies (Calstate, Sacramento and
LOCEAN, Paris) as well as the subsequent analysis can be found in the Supplementary Information. Like in
Figure 4.8a, no clear gradient is observed; nonetheless, more positive values are observed in the mid-depths
relative to the abyss. Although not statistically significant this result points to a potential δ18Osw maximum
in the East Pacific mid-depths. Together, given the spatial sampling and analytical noise, the new data
remain inconclusive as to the existence of a mid-depth δ18Osw maximum in the main Pacific basin.

3.2 . Reconstruction of the δ18Osw with OCIM fractions
Our δ18Osw compilation allowed us to show the persistence of the North Atlantic ventilated waters

across the Southern Ocean and its incursion in the Indian Ocean. The magnitude of the incursion in the
Indian and Pacific Oceans can still be questioned however. In this part, we will use the inverse model OCIM
and our δ18Osw compilation to constrain the deep δ18Osw structure. We are going to study two different
products: one that propagates the surface ocean δ18Osw product of LeGrande and Schmidt (2006) directly
with OCIM, and a second one that we will construct from the fractions studied in Chapter II and that we
call RECONS.
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3.2.1 . OCIM δ18Osw product
The product of LeGrande and Schmidt (2006), hereafter referred as the LS product, was made using

salinity-δ18Osw relationships for different end-members. This product is more accurate at the surface than
in the deep ocean, due to the low data density in the latter. OCIM can be used to map the surface origin of
any interior ocean grid point; that is, it allows quantify the volume contribution of each surface grid point to
every interior ocean grid cell (Holzer et al., 2021). Coupled with the surface δ18Osw from the LS product,
OCIM can thus produce an estimated 3D gridded field of δ18Osw in the ocean, that we call OCIM-LS. We
will use the previously shown δ18Osw data compilation to assess the quality of such a reconstruction.

The Southern Ocean is the ideal basin to study the δ18Osw reconstruction, as major deep ocean water
masses can all be found there (see Chapter II). Figure 4.9 displays the 12 compiled datasets for the Southern
Ocean and the OCIM-LS values associated to the samples locations of each dataset. The reconstruction
appears to be acceptable at first order: the structure is overall correct, it reproduces roughly the shape of
the profile, and the values are about the same as the original data. However, one pattern stands out: the
δ18Osw mid-density maximum is not pronounced enough and the densest waters have an isotopic signature
that is too heavy. Hence, the δ18Osw gradient between the mid and high densities is too small in the
OCIM reconstruction. This bias may be caused by (1) inaccuracy of OCIM-predicted ventilation, with an
over-estimation (respectively under-estimation) of AABW (respectively NADW) in the mid-densities of the
Southern Ocean, and reversely at high densities, (2) the surface δ18Osw values used as end-members being
incorrect, or (3) processes such as subsurface glacial meltwater input that are not captured by the OCIM-
LS reconstruction. From here on, we will assume that the ventilation patterns of OCIM are correct and
investigate hypothesis (2). Hypothesis (3) will be a part of the discussion. Finally, in the conclusions we
emphasize that the δ18Osw might be used to further constrain the ventilation of inverse models.

3.2.2 . Reconstructing the deep δ18Osw structure
In order to test the hypothesis in which the surface δ18Osw values are the primary cause of the bias we

devise a method to modify and optimize end-member values using the surface patch water fractions detailed
in Chapter II. This method therefore reduces the precision of OCIM’s ventilation, since only 5 patches
are used to constrain it. Our reconstructed product aims at correctly representing the deep (or dense)
waters δ18Osw variability, and the end-member values found are designed to correctly represent the δ18Osw

signatures of the different deep water masses rather than surface end-member values. Such differences are
expected given the relevance of sub-surface processes in setting the δ18Osw of water masses (discussed
later). Here, the LL and MS patches of Chapter II are combined into a single patch referred to as LLH.

Before reconstructing the deep δ18Osw profile with the computed fractions of OCIM, we need to verify
first that a reconstruction using a single end-member value for those large surface patches (which in reality
are definitely not homogeneous) is sufficient to represent the deep δ18Osw variability. In order to test this, we
use the previously presented OCIM-LS reconstruction (δ18Op), to investigate if we can roughly reconstruct
its deep structure with the OCIM fractions (fi) and associated end-member values (δ18Osw(i)) so that we
have: δ18Op ≈

∑
i fi × δ18Osw(i).

Figure 4.10 shows the reconstructed profiles with the 5 dyes and the δ18Osw of OCIM, at 3 different
locations; one in the Atlantic near the Southern Ocean, another in the North Pacific, and one in the
Southern Ocean. The δ18Osw values of the different surface patches, referenced in Table 1, were manually
found so that the deep structure of the various profiles would be correct. An optimization to find the best
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Figure 4.9: Figure representing the data compiled and first showed in Figure 4.2. The colouring based

on salinity was removed from this figure and we instead show in red the δ18Osw predicted by the

OCIM-LS reconstruction at the measurement locations.
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Figure 4.10: Figure representing 3 different δ18Osw profiles that represent different locations, South

Atlantic (left), North Pacific (middle) and in the Southern Ocean (right). Each panel show the δ18Osw

depth profile of the OCIM product (blue) and the associated reconstructed profile using 5 surface

patches and end-member values referenced in Table 1.

End-member AA HS NP NA LLH

δ18Osw OCIM -0.3 -0.3 -0.35 0.08 0.4

δ18Osw mean optimization -0.45 -0.29 *** 0.31 ***

Table 1: Table referencing the values that were manually selected to correctly reconstruct the δ18Osw

product of OCIM with only 5 surface patches, and the end-member δ18Osw values found from our

optimization.

values was not made here, because of the complexity of representing the whole world ocean by 5 surface
patches, but it should give a result somewhat similar. The values of δ18Osw for the NP and LLH surface
patches are not so relevant as their influence on deep ventilation is small. The conclusion from this simple
reconstruction is that the deep δ18Osw from OCIM-LS can be theoretically reconstructed using 5 fractions
and their associated δ18Osw surface patch values. However, our reconstruction has limits, as the signal in
the shallow and intermediate depths will be badly reconstructed, since more complex processes with a higher
degree of spatial variability affect them.

Now we will use our Southern Ocean δ18Osw compilation, to constrain the δ18Osw surface values of the 5
patches. For each dataset, we try to minimize the difference between the measured δ18Osw (δ18Osw(meas))
and the reconstructed δ18Osw which is computed with the OCIM fractions at the measurement location
(fi,meas) and the δ18Osw surface patches values (δ18Osw(i)). Our variables are thus the 5 δ18Osw(i) values
and are found by using the scipy.optimize function in python that minimize the following:

min

∣∣∣∣∣∑
meas

δ18Osw(meas)−

(
5∑

i=1

fi,meas × δ18Osw(i)

)∣∣∣∣∣ (IV.1)
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Figure 4.11: Figure representing the different end-member values that were found using our optimiza-

tion for the 12 datasets compiled in the Southern Ocean. The number of the dataset on the x-axis

refers to the numbers in the top-left of the panels of Figure 4.2.

The obtained averaged values are referenced in Table 1. LLH and NP δ18Osw values are not referenced as
they have little impact on the dense-water structure of our Southern Ocean compilation, and the obtained
values hold little interest. The surface and subsurface patterns are not meant to be captured by our
reconstruction, so in order to compute the surface patch values, bottles that were collected shallower than
150m were left out of the optimization. In addition, we set bounds of (-1, 1) for the δ18Osw surface
patches values, so that the surface patches associated to low fractions (LLH and NP) do not over-impact
our optimization. The optimization was performed independently for each dataset, so that our optimization
is not affected by potential laboratory offsets.

Figure 4.11 shows the δ18Osw end-member values obtained for each dataset; the average values over the
datasets for each surface patch are represented by dashed lines. Datasets (4) and (12) display some anomalies
with respect to the other datasets, so they were left out of the computed average. The optimization gave
around the same results for NADW and AABW in Dataset (12), but AAIW exhibited a signal which is
too heavy in comparison to the other datasets, as such we do not include it in the average. The standard
deviation associated with the 3 averages is of ∼ 0.1‰ which seems reasonable (considering lab offsets and
the actual differences that can be expected from different sites).

Figure 4.12 shows the Southern Ocean in situ data previously presented that we use to find the surface
end-member δ18Osw values. Furthermore, in each panel, we also represent two reconstructions using the
OCIM fractions: one that uses the δ18Osw end-member values found for each dataset respectively (orange)
and another one that uses the average of the end-member values (red) referenced in Table 1. The first
reconstruction, which uses the end-member values found for each dataset is thus changing from panel to
panel, depending on the end-member values found for each optimization which are represented in Figure 4.11.
The reconstruction obtained by using the average of the end-member values is referred to as RECONS. On
top of each panel of Figure 4.12, we indicate the root-mean-square error associated to the two reconstructions
(that are differentiated by their color). Necessarily, the error is lower for the reconstruction using the end-
members found for each dataset rather than the average. Nonetheless, for most datasets the difference
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between the two reconstructions is relatively small, and it seems that for most datasets, much of the
difference could be explained by a constant offset, potentially originating from inter-laboratory offsets.

The RECONS reconstruction correctly represents the δ18Osw maximum at mid-densities and the gradient
with the abyss seen in the in situ data. The highest variability is observed in the less dense waters, as
different intermediate waters may lead to different δ18Osw values. Overall, we deem that our δ18Osw

reconstructed product is convincing enough in the Southern Ocean, so we look at other basins to verify that
our reconstruction extends well in other basins.

Figure 4.13 represents the data (depth ≥ 150m) that we found for the Indian Ocean as well as the data
in the Southern Ocean from Helen Bostock, and the associated maps of the stations. The quality of the
reconstruction varies across the 3 datasets: (1) is almost exactly similar to the original data, (2) is badly
reconstructed but it would seem that a constant offset between the reconstruction and the original data
would be sufficient to explain most of the deviation. Finally, (3) seem to have the overall same structure,
but the original data variability is much larger. This does not come as a surprise since we do not expect
a 2-degree-resolution inverse model and our simple reconstruction to correctly represent the complexity of
the observed signals near Antarctica. Furthermore, instrumental noise and uncertainties associated to the
measurements will obviously not be represented by our reconstruction. Overall, the RECONS product seems
to agree rather well with the data, which gives us confidence in our reconstruction so that we in turn look
at the Pacific basin.

We show the zonal mean of the original δ18Osw OCIM product, the LS product, and our reconstruction
RECONS in Figure 4.14. The OCIM product and the reconstructed product with the average end-members
show overall similar structure in the Pacific as tehy derive from similar ventilation patterns. Relative to the
OCIM-LS product, RECONS presents a larger gradient between the abyss and the mid-densities in both
the Southern Ocean and in the main Pacific. However, the δ18Osw mid-depth maximum remains much less
pronounced in RECONS than in the LS product (Figure 4.14b,c).

It is noteworthy that the HS and AA dye diffuse more in the Indian and Pacific mid-depths, in OCIM
than they do in NEMO (Chapter II). This diffusion tend to suppress the potential maximum associated
to the NA dye diffusion in the mid-depths. Consistent measurements from the Southern Ocean up to the
North Pacific and across the Southern Ocean could provide useful constraints on the amount of waters last
ventilated in the North Atlantic in those basins. Furthermore, the intermediate waters of the dataset (12)
from Figure 4.2, seem to be heavier in δ18Osw than the other datasets, potentially linked to a different
water mass, but which could contribute to a mid-depth maximum diffusion in the Pacific.

The foregoing analysis leads to different questions, that we will adress in the discussion:

• How confident are we about the surface end-member values used for our δ18Osw reconstruction?

• How does our product compare to the two previous products in other basins? What could be done
to improve it further?

• Where would new measurements of δ18Osw be most useful to further constrain global ocean ventila-
tion?

4 . Discussion
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Figure 4.12: Figure representing the 12 datasets shown in Figure 4.2, and the reconstructionmade with

the end-member δ18Osw values found through the optimization for each dataset (orange) and with

the average end-member values (red). On top of each panel, themean of the quadratic error between

the reconstructed product and the original data is represented in their respective color.
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Figure 4.13: On top is the map where the stations were sampled. In the second row, the two datasets

from the Indian Ocean, the dataset from the Southern Ocean of Helen Bostock are represented (blue)

along our reconstruction with the average δ18Osw end-member value (red). The first 2 datasets are

represented in depth-space and the last, in density-space.
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Figure 4.14: Zonal mean of the δ18Osw in the Pacific from (a) the original OCIM product, (b) the LS

product and (c) the reconstructed product with the average end-member δ18Osw values.

The reconstructed δ18Osw product presented is based on the steady-state ventilation fractions of OCIM
and associated δ18Osw surface end-member values. The fractions (or regional dye concentrations) of OCIM
were assessed in Chapter II: they are deemed an excellent representation of modern ocean ventilation. Thus,
we will investigate the plausibility of our end-member δ18Osw values.

4.1 . Quality assessment of our reconstruction

4.1.1 . Surface end-member values
To assess the quality of the δ18Osw surface end-member values, one should keep in mind that those values

were found to match the deep variability of δ18Osw in the Southern Ocean, and that they represent a very
large surface area. Thus, they cannot realistically represent surface and upper-ocean patterns. Nonetheless,
investigating how the deep waters could acquire the resulting δ18Osw signature, and the apparent gradient
between AABW and NADW, is important to assess the feasibility, and thus quality of our product.

The bottom waters formed in the Weddell Sea were long thought to be the main if not the only
contributor to AABW formation; a view that has evolved since then as more sources were found in the
Ross Sea and off the Adélie Coast and Cape Darnley (Meredith, 2013). Many studies have used δ18Osw

to describe the different water masses leading to AABW formation in the Weddell Sea (Schlosser et al.,
1990; Weiss et al., 1979; Weppernig et al., 1996). Weiss et al. (1979) typically gives a δ18Osw AABW
end-member values of -0.2‰, as it results from a mixture between deep waters in the circumpolar current
and waters that cascade down the continental slope of Antarctica. Values as depleted in δ18Osw as the
value we found (-0.45‰), can only be found from waters that incorporate significant continental ice melt.
The question thus remains, can the surface δ18Osw value inferred from our optimization be found at the
surface?

Aoki et al. (2023) published a new dataset of δ18Osw off the Antarctic coast between 80 and 150°E.
The shallow ocean (depth ≤ 250m) over the continental shelf exhibits strong longitudinal δ18Osw variability
ranging from -0.2‰ to -0.5‰. From their sections, and the deep δ18Osw values they infer an AABW value
of about -0.25‰ to -0.3‰. This is in agreement with our product that predicts a value of -0.27‰ around

184



Figure 4.15: Same as Figure 4.14, but in the Atlantic.

these depths, and at this location near the continental slope. It is noteworthy, that the OCIM fractions
there already indicate a mixture of around 65% AA, 25% NA and 10%HS.

Solodoch et al. (2022) also highlights the fact that the 4 ventilation sources of AABW do not ventilate
the same basins. Our reconstruction was made using the available data around the Southern Ocean but
probably represents mainly AABW formed in the Weddell Sea and Cape Darnley, which influence the Atlantic
and Indian Ocean more than the Pacific. The Adélie Coast is the only formation region where dense shelf
waters do not interact with an ice-shelf cavity (Silvano et al., 2023), so the bulk of AABW should incorporate
significant glacial meltwater, that eventually leads to depleted δ18Osw values.

Similarly to the multitude of AABW sources, NADW is also associated with different sources, questioning
its representation using a single surface patch value. Figure 4.15 shows the zonal mean of δ18Osw in the
Atlantic for the three products. RECONS misses the very enriched δ18Osw values that spread up to 1.5km
depth. Those enriched values are caused by (1) low-latitude waters with high δ18Osw that penetrates deep in
the subtropical gyre and (2) waters coming from the Mediterranean Sea. On the other hand, it does a much
better job at representing deep δ18Osw values than the OCIM-LS product (by comparison to the δ18Osw

LS product), thus giving credit to our NA surface patch value. Frew et al. (2000) analysed the δ18Osw in
the North Atlantic and found δ18Osw surface values of ∼ 0.3‰ and deep waters of ∼ 0.2‰ which agree
well with the values found in RECONS. The distinction between the different deep waters originating from
the Nordic Seas and the Labrador Sea could potentially improve our RECONS δ18Osw product.

The depleted δ18Osw tongue that can be observed around ∼ 800m in the Atlantic in Figure 4.15
corresponds to the penetration of AAIW coming from the Southern Ocean. It seems to penetrate further
northward and have a stronger influence in RECONS than in the other products, but a heavier δ18Osw

surface value for the LL patch would suppress this feature (not shown). Additionally, the HS end-member
value that was found to reconstruct the OCIM-LS product with the OCIM fractions, and the ones inferred
from our optimization are almost similar (see Table 1); thus this HS δ18Osw value is judged broadly correct.

185



Figure 4.16: Figure showing the averaged depth profile of the root-mean-squared error between the

data from GISS and the OCIM, LS and our reconstructed product. The averaged was made over the

whole ocean (a), the whole ocean without the Southern Ocean (b), and the Atlantic Ocean (c). Panel
(d) shows the number of points with which the RMSE was calculated as a function of depth.

4.1.2 . Quantitative inter-comparison of the δ18Osw products
RECONS is sensitive to the surface patch values, we can thus wonder how our product compares to the

others. We expect it to be better constrained in the Southern Ocean, as we use the data there to constrain
the surface patch values, but how does it compare elsewhere? Our reconstructed product is designed to
represent the deep δ18Osw structure, so we can wonder if there is a depth below which our product fares
better than the other two when it comes to representing the deep δ18Osw variability. In order to test this,
we thus take the GISS database for the whole ocean, and we estimate the difference between the δ18Osw

measured data and the three δ18Osw products (LS, OCIM-LS, RECONS). For each depth, we compute
f(d) which represents the average of the root-mean-square difference between the measured δ18Osw data
(δ18Osw(di)) located below this depth (d) and the associated δ18Osw product values (δ18Op(di)):

f(d) =

√∑
di≥d

(δ18Osw(di)− δ18Op(di))2 (IV.2)

Ideally, f(d) gives the depth below which our δ18Osw reconstructed product is best at representing the
δ18Osw variability. Figure 4.16 shows f(d) computed for the three products over the global ocean, the global
ocean without the Southern Ocean and over the Atlantic Ocean alone. Figure 4.16d shows the number of
points that were used to compute f(d) at each depth level, obviously decreasing with depth. Overall, Figure
4.16 shows that the OCIM-LS product is the least suitable product to represent δ18Osw in the ocean. The
LS product is evidently superior at representing the δ18Osw in the upper 1500m of the ocean. Below this
depth our reconstructed product and the LS product have overall similar errors (Figure 4.16a). We deemed
necessary to represent f(d) using data found anywhere but in the Southern Ocean (Figure 4.16b) as the
RECONS product was constructed using the data there, so we expect the error to be much lower in the
Southern Ocean. However we find that excluding or not the Southern Ocean does not change the picture
(Figure 4.16a,b), and that both products are comparable below 1.5km.

Interestingly, in the Atlantic f(d) is lower below 2km for RECONS than the LS product. Zooming in
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on this difference (not shown), we see that the more southern δ18Osw data are overall too heavy in the LS
product, in regard to the measured data, while these locations are correctly represented in RECONS. We
think that this must mean that AABW penetration in the South Atlantic is not correctly captured by the
LS product. It also emphasizes OCIM’s ability to correctly represent the ocean ventilation there.

The differences observed between the RECONS and OCIM-LS products also raise an interesting problem.
The fact that the OCIM-LS product error is so large in the Atlantic Ocean (Figure 4.16c) could be explained
by multiple reasons: (1) the OCIM ventilation is wrong, (2) the surface δ18Osw distribution from GISS is
wrong in some key locations where deep ventilation occurs in OCIM, (3) the deep ventilation occurs at
the wrong place in OCIM (4) OCIM does not account for processes such as subsurface glacial meltwater
input. We exclude (1) since RECONS correctly represent the deep δ18Osw, and the RECONS and OCIM-
LS products share the same OCIM equilibrated ventilation. The places where deep ventilation occurs in
the North Atlantic is thought to be strongly constrained in OCIM, by the CFC measurements that are
incorporated in the inverse model, making hypothesis (3) unlikely. Subsurface processes such as glacial
meltwater input or brine rejection only act to reduce the δ18Osw, which is already too low in the deep
North Atlantic in the OCIM-LS product, thus ruling out hypothesis (4). Differences between the LS and
the OCIM-LS product near the continental margins (Groënland, Labrador Sea) seem to quickly (with regard
to depth) propagate in the ocean interior (not shown). Representing the processes that influence δ18Osw

could be key to constrain ventilation sources, but may be too complex to parameterize. Not discussed so
far, is the resolution of OCIM (2 degrees) which may induce some error in the δ18Osw that is propagated
in the deep ocean, as the mean of this tracer over a 2 degree surface grid-cell may not represent the actual
δ18Osw of deep waters sinking; and especially at the continental margins. Whether the problem is linked to
an error of the GISS surface values, a misrepresentation of the deep water formation locations in OCIM, or
the resolution of OCIM is of no importance in our reconstruction. Indeed, assigning constant end-member
values over the large surface patches allows us to represent the δ18Osw of the waters contributing to deep
water formation, without necessarily finding the origin of the bias.

4.2 . Further constrain ocean ventilation from δ18Osw observations
Tamsitt et al. (2017) highlight the southeastward upwelling of North Atlantic ventilated waters in the

Southern Ocean using Lagrangian particle modelling. The proportion of North Atlantic-originated particles
transported around the Southern Ocean thus decreases similarly as the NA dye from Chapter II. Our δ18Osw

compilation presented in Figure 4.2, allowed us to support the fact that waters coming from the North
Atlantic penetrate and circumnavigate within the ACC. However, the magnitude of the erosion cannot be
assessed with our compilation since it is largely under-sampled from 120°E to 60°W.

Figure 4.17 shows the NA dye maximum found at each longitude below 1km for the 3 models presented
in Chapter II. For the three models, we see that the NA dye is maximum in the Atlantic sector of the
ACC, and that it decreases as we get farther away from the Atlantic sector. Although, the magnitude and
erosion of this maximum varies across the three models. An additional NEMO simulation ’ISO3D’, also
presented in Chapter II has been added to the plot to highlight the impact of isopycnal mixing schemes on
tracer budget in the Southern Ocean: less isopycnal mixing in the Southern Ocean leads to reduced NA dye
tracer removal at the Southern Ocean surface (Jones and Abernathey, 2019). ISO3D implements the best
isopycnal mixing scheme currently available and this is the simulation where the NA dye is the strongest.
Therefore, the North Atlantic signal attenuation in the Southern Ocean is very uncertain and we propose
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Figure 4.17: The North Atlantic dyemaximum found in the Southern Ocean from 60-30°S below 1km is

represented as a function of longitude, for NEMO, TMI and OCIM. Another NEMO simulation, ISO3D,

is also represented as a dashed line to show the impact of a different isopycnal mixing scheme.

that δ18Osw could be used to quantitatively constrain it through a targeted δ18Osw sampling campaign.
Moreover, the ventilation of the mid-depths in the Pacific or Indian Ocean remains poorly characterized

(see Introduction and previous chapters). Meridional transects of δ18Osw measurements from the Southern
Ocean, then penetrating in the Indian or Pacific basins, up to the equator, should provide constraints on
the relative roles of vertical and isopycnal diffusion for the ventilation of ocean mid-depths. Additionally, it
should provide information on the amount, and fate of northward flowing AABW in these basins. Figure 4.18
shows additional data extracted from Reverdin et al. (2022), in the south-west Indian Ocean, from 40-90°E
and 60-30°S below 500m, with the zonal mean of the two products on this same spatial range. Separate
calculations for both the RECONS and LS product show that to minimize the error between the products
and the associated dataset from Reverdin et al. (2022), an offset of 0.15‰ must be applied. The data
are thus corrected accordingly on Figure 4.18. The mid-depth δ18Osw values of both products indicate a
maximum, but it would seem that our product is more realistic than the LS product. A systematic sampling
could thus highlight the amount of diffusion and add solid constraints on the impact of isopycnal diffusion
on tracer budgets in the Indian and Pacific Oceans.

5 . Conclusion and perspectives

In this Chapter, we analyzed pre-existing δ18Osw measurements and presented new δ18Osw data to show
the utility of this tracer to constrain ocean ventilation. Through this study, we also propose a new δ18Osw

product constructed with the GISS δ18Osw database as well as the OCIM fractions. Although the absolute
δ18Osw values associated to this dataset can be questioned, we expect the deep δ18Osw pattern to represent
something close to the real ocean structure. Improvements to this product could be made by distinguishing
the δ18Osw values for for the different low-latitude patches, accounting for the difference in the water mass
formations sites (different types of NADW, AABW and AAIW), accounting for inter-laboratory offsets, and
a more thorough assessment of the NPIW δ18Osw value.

188



Figure 4.18: Zonal mean (60-30°S, 40-90°E) of the δ18Osw from the RECONS product (a), and the LS

product (b). Measurements from the CISE-LOCEAN database for the same geographic region were

added on both plots.

We saw that the deep δ18Osw structure can be reconstructed with a few fractions and the associated
δ18Osw end-member values. If sufficiently sampled and measured, δ18Osw should thus give key constraints
on deep ocean ventilation. The implementation of δ18Osw in OCIM could reveal complex, but might prove
worthwhile to represent deep ventilation. In addition, intermediate waters show the highest contrast in
regard to other water masses. The intermediate waters at low latitudes (LL) or at high-latitudes (AAIW and
NPIW) all have characteristic δ18Osw values. This feature could in turn be used to constrain the diffusion
of those water masses in the deep ocean, and thus help place constraints on the magnitude of diapycnal
mixing within OCIM (see Chapter II). However, we acknowledge that the many processes that affect the
δ18Osw in the surface ocean might represent a challenge too difficult to overcome.

Additionally, the differences in absolute values between laboratories can be a key issue as seen in this
study. However, having comparable full-depth profiles of δ18Osw, which can lead to simple conjectures on
their respective offsets. Here we used optimization methods to reduce to a minimum the inter-laboratory
offsets and we believe that if done in a systematic way, this approach could lead to a correct representation of
absolute δ18Osw values. The δ18Osw gradient between the NADW and AABW water masses, both present
in the Southern Ocean, offers a really good mean to compute the offset based on the shape of the full-depth
profile. Finally we suggest that targeted sampling campaigns zonally in the Southern Ocean and meridionally
in the Pacific and Indian could help constrain the patterns and mechanisms of ocean ventilation.
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Supplementary Information

I made measurements both in Calstate Sacramento under the supervision of Amy Wagner, and at the
LOCEAN under the supervision of Claire Waelbroeck and Gilles Reverdin. The machines used both employed
cavity ringdown spectroscopy to perform the δ18Osw measurements. In Calstate, measurements were made
using a Los Gatos Research Liquid Water Isotope Analyzer (LWIA-24d) while in the LOCEAN laboratory I
used a Picarro. Methodologies to measure and analyze the raw δ18Osw data differed between laboratories.
A batch of samples that were measured in Sacramento were also taken back to Paris to be measured in
LOCEAN. The idea behind this was to potentially measure the difference in δ18Osw between the laboratories,
such that the dataset (comprised of both LOCEAN and Calstate measurements) could be corrected for this
offset. Figure S4.1 shows the station that was measured in both labs, and we see that the data obtained do
not look alike with a much larger than expected variation in the values from Calstate. Furthermore, they
do not have the same shape, and a constant offsets cannot be applied to obtain similar values.

We can wonder as to why those differences originate from. The main difference between the two
measurement systems is that the Picarro had a salt trap present before the water vapor is being added into
the machine. Single measurement of δ18Osw for a bottle of seawater are made by injecting the associated
vaporized water in a cavity. Based on laser spectrometry, the raw δ18Osw is then measured; this process is
repeated around 8 to 9 times. The first 3 measurements are often ignored due to the memory effect of the
machine, and then the raw δ18Osw are computed from the other measurements.

When the water is being vaporized, residual salt crystals can remain in the pipes of the machine that
links the vaporizer to the cavity, if no salt trap is present. The problem associated with residual salt crystals
in the machine’s pipes is isotope fractionation. In fact, salt crystals can absorb water vapor at any time.

Figure S4.1: Station 14 (32°N) sampled during the GP15 cruise. Measurements were made in Calstate

represented by × sign and in LOCEAN represented by + sign. A coloring was implemented for the

measurements made in Sacramento to show the different runs.
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These salt crystals can then reject the accumulated water vapour at any time, during other measurements for
example, thus distorting the results. In order to avoid the problem caused by salt for δ18Osw measurements,
the method in Calstate was to measure freshwater samples between each seawater measurement. There are
two major problems with this approach: (1) the freshwater that was passed had isotopic ratios very different
to the one of the seawater possibly leading to large possible memory effects, and (2) it doubles the length
of the run.

5.1 . Memory effect
The memory effect is difficult to avoid, and in addition, measuring water samples that have around

the same isotopic signature is key to reduce the uncertainties associated to the measurements. Freshwater
samples that were passed between each measurement at Calstate had values ∼ −11‰ (d18o) and ∼ −73‰
(dH). The Pacific signal that we are looking at mid-depths, probably presents a relative maximum between
the abyss and the mid-depths that would be of the order of 0.1‰, with absolute values around 0‰. Thus,
the presence of 1% of freshwater vapor would explain the magnitude of the signal.

5.2 . Length of the run
Passing freshwater samples between each measurement, doubles the length of the run, and it complicates

the measurements, as there is a drift associated with each machine as the number of samples passed increase.
This drift, can be measured with the standards that are passed during the run. Figure S4.2 shows the drift
associated to both machines, the δ18Osw offset is computed by taking the difference between the predicted
value of the standard (VSMOW) and the raw value of the measurement. The δ18Osw offset from LOCEAN
was put to the same scale, but the absolute values does not hold much information and it is the variations
that we are interested about. We see that the range of the variations are about the same, in the first 20
bottles measured, for the different machines (although a bit lower for the Picarro). Afterwards, the drift
for the Los Gatos machine drastically increase, which leads to an uncertainty increase to put the measured
value on the VSMOW reference.

The uncertainty associated to the length of the run thus increases with the number of bottles measured.
Internal standards are measurements that are done within a run on a sample of which we know the δ18Osw

value beforehand. They are made in order to verify the consistency of the method, and that the machine
is working alright. Figure S4.3 shows the δ18Osw values found for the internal standard for each run that
was made. We see that the spatial dispersion of this value is big as the standard deviation associated is of
0.22‰ far exceeding expected uncertainties.

Thus we concluded that the method used in Sacramento introduced large artefacts compared to our
measurements at LOCEAN. At first, some efforts have been made to try to quality control the dataset, but
finally we decided to reject the dataset altogether in order to avoid the risk of biases within the data.
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Figure S4.2: Deviation of the standards within a typical run using a Los Gatos instrument (blue) and a

Picarro (yellow). The index on the x-axis represent the number of the bottles that has beenmeasured.

Figure S4.3: The values found for the different runs performed in Sacramento are shown here, with a

line indicating the mean vaue of the internal standard. the errorbars displayed indicate the standard

deviation for the measurement.
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CHAPTER V

GLACIAL CHANGES IN OCEAN
VENTILATION: INSIGHTS FROM ISOTOPIC

RECORDS AND TEMPERATURE
RECONSTRUCTIONS

The modern δ18Osw distribution was previously used in Chapter IV to show how this tracer can help constrain
the fraction of ventilated waters in the deep ocean from the North Atlantic and the Southern Ocean. In
Chapter I, we argued that the δ18OCaCO3 is conservative and we used a δ18OCaCO3 compilation in the
North Pacific to bring constraints on the glacial ventilation. The UCDW and AABW end-members were
defined by using sediment cores found in the South Pacific. We argued that the glacial δ18OCaCO3 gradient
that we observed in the North Pacific between the mid-depths and the deeper ocean could be related to the
difference in the end-member δ18OCaCO3 values:

• The change in AABW δ18OCaCO3 between the LGM and Holocene should be small, because temper-
atures associated to the modern AABW are already close to freezing point, and any addition of salt
during the LGM should occur via brine rejection which causes little fractionation leaving the AABW
end-member relatively depleted in δ18Osw.

• The NADW δ18OCaCO3 change should be large, since modern NADW is relatively warm, allowing
glacial temperatures to be much colder. The high density of modern NADW water is obtained through
elevated salinity (leaving δ18Osw relatively enriched).

The argument put forward in Chapter I was thus that the temperature changes between AABW and NADW
drive the δ18OCaCO3 changes, and implicitly that the δ18Osw gradient does not significantly change. A
δ18Osw change of about ∼ 1‰ is expected for the global ocean due to the glacial sea level change (Duplessy
et al., 2002), but glacial estimates show regional differences in the changes in δ18Osw between the Holocene
and the LGM (Waelbroeck et al., 2002). In the modern ocean, the δ18Osw and temperature differences
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Figure 5.1: Transects at 200°E (a) and 25°W (b) of the δ18OCaCO3 of C. wüellerstorfi computed with

observed temperatures (as used inOCIM) and the δ18Osw computed in Chapter IV, followingMarchitto

et al. (2014).

between the AABW and NADW counter-balance each other resulting in a relatively uniform δ18OCaCO3

structure (Figure 5.1). In this Chapter, we will look at the potential of δ18OCaCO3 of the Cibicidoides genus
to constrain the glacial ocean ventilation.

First, we need to assess the changes in δ18OCaCO3 of the two deep water masses. Figure 5.2 represents
the locations of the sediment cores in the World Atlas database of Mulitza et al. (2022) that have a
Cibicidoides isotopic record. It clearly shows the uneven sampling of the different ocean basins, and we see
that the Southern Ocean only has a few sediment cores. The reasoning used for the δ18Osw in Chapter
IV thus cannot be reproduced with δ18OCaCO3, so other means are needed to constrain the end-member
δ18OCaCO3 values. In order to find the δ18OCaCO3 signature of the deep glacial water masses, we will try
two methods: (1) select sediment cores that "truly" represent the different glacial water masses, (2) infer
their values from the glacial δ18OCaCO3 structure in the different ocean basins.

This Chapter will first look at the changes in the δ18OCaCO3 of the end-members, before trying to
constrain changes in the LGM ventilation based on δ18OCaCO3 of Cibicidoides. In order to tackle these
problems, we will use different sediment cores and compilations produced in other studies, and show new
data that I generated at the LSCE. We show that the hypothesis made in Chapter I is more uncertain than
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Figure 5.2: Map of the sediment cores with a Cibicidoides isotopic record in the World Atlas database

(Mulitza et al., 2022).

previously thought. We also show a strong change in the δ18OCaCO3 signal in the mid-depths of the North
Atlantic, between the Holocene and the LGM.

199



1 . Introduction

Changes in the deep ocean ventilation between the LGM and Holocene are still debated. However,
the most likely changes are a shallower northern component of deep water formed in the North Atlantic
(Curry and Oppo, 2005; Ferrari et al., 2014), and a colder and saltier global ocean, with enhanced deep
stratification due to salinity rather than temperature (Adkins et al., 2002). Those combined effect, likely
caused by sea ice export, are supposed to drive a disconnection between the upper and lower cell of the
glacial ocean, thus isolating deep waters. As a conservative tracer the associated changes in the δ18OCaCO3

of deep water masses are rarely discussed, but could provide key information for inferring changes in the
glacial ocean structure.

We have relatively few constraints on the changes in temperature and δ18Osw of deep water masses
during the LGM (Adkins et al., 2002; Wunsch, 2016), and thus on their relative contribution to the observed
δ18OCaCO3 changes. Brine rejection decreases the δ18Osw of the underlying waters, which could suggest
a relative decrease of the δ18Osw of glacial AABW in respect to other glacial water masses (Introduction).
However, the increase in the extent of the Antarctic ice sheet during the LGM may have led to a change
in the mechanisms leading to the formation of AABW relative to today (Williams et al., 2019). Today the
addition of glacial meltwater within sub-ice-shelf cavities leads to very depleted δ18Osw. This effect may
have been suppressed during the LGM due to i) reduced access to continental shelves and sub-ice-shelf
cavities, occupied by the expanded ice sheet, and ii) colder Circumpolar Deep Water (CDW), whose heat
ultimately drives ice-shelf melting today. Studying the δ18OCaCO3 close to deep water formation sites may
help us understand potential changes in water mass formation.

Finding appropriate sediment cores to represent key water masses proved to be complicated. First,
because the extent and influence of the different glacial water masses is largely debated. Additionally, high
dissolution rates and sea-ice cover complicate the generation of foraminiferal isotopic records in the Southern
Ocean. Stefan Mulitza created a database which aims to compile all of the foraminiferal oxygen and carbon
isotope data generated to date, and associated radiocarbon ages (Mulitza et al., 2022). Systematic compila-
tion processing of large foraminiferal δ18OCaCO3 databases has proved to be useful for paleo-reconstructions
(Gray et al., 2023). The increased number of deep sediment cores should be useful to constrain end-member
changes.

Here, I present a series of questions, that try to answer possible changes in the LGM ventilation relative
to present. First, I use single sediment cores that I think are the closest to represent a "true" end-member for
the glacial AABW and NADW. However, I later discuss the complications and caveats of relying on single
locations to determine end member changes, and I show how a quality-checked compilation of isotopic
records of sediment cores in the Atlantic can hold significant information on past ventilation changes.
Finally, I present a compilation that I generated during this thesis of deep Cibicidoides δ18OCaCO3 isotopic
records in the Pacific. I also present new isotopic data and temperature reconstructions in the Pacific that
I made during this PhD.

2 . End-member change
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End-member NADW AABW

Holocene value 2.68 3.26

Glacial maximum value 4.84 4.7

Glacial-Holocene difference 2.16 1.44

Table 1: Table referencing the LGM and modern δ18OCaCO3 values found for the NADW and AABW.

First, we try to constrain the δ18OCaCO3 values of the water masses contributing to the deep glacial
ventilation by taking a single, ideally-placed core. Here, I propose two cores, that I think are representative
for both the modern and glacial AABW and NADW. Gebbie (2014) shows that the glacial NADW was
centered around 2 km in the Atlantic. Those depths in the North Atlantic are also largely ventilated by
the modern NADW, so we select the core MD95-2003 (47.45°N, 8.3°W, 2174 m) to represent modern and
glacial NADW. Finding a suitable core to represent the AABW does not leave us with many options, since
only two cores are available at the Antarctic margin. We take the only one of those two cores that has an
isotopic record for C. wüellerstorfi with a suitable resolution over the last 30 ky: JR179-TC493 (71.13°S,
119.914°W, 2077 m).

Table 1 provides δ18OCaCO3 values for the Holocene and the LGM for our two cores. For MD95-2002,
the Holocene value was selected as the minimum in the last 4 ky. For JR179-TC493, the record does
not have sufficient resolution and no representative Holocene value can be extracted. We thus computed
the theoretical δ18OCaCO3 value by following Marchitto et al. (2014) using the δ18Osw value found in
Chapter IV, and the ocean freezing point temperature. An alternative definition of modern AABW, more
representative of waters along the Antarctic continental margin given by Weiss et al. (1979), that has
temperature of −0.4°C and a δ18Osw of −0.2‰ leads to about the same δ18OCaCO3 value (3.21‰).
Using the predicted modern δ18OCaCO3 of Figure 5.1, the Holocene NADW value falls in reasonable range
(∼0.05‰) to the observed one. The LGM δ18OCaCO3 value for both end-members was selected as the
maximum between 18 to 23 ky. The difference between the end-member glacial values is small, suggesting
that the absolute δ18OCaCO3 contrast between the two sources may be difficult to use to reconstruct glacial
ventilation changes, although the glacial δ18OCaCO3 value for AABW remains slightly more depleted than
that of NADW.

Figure 5.3 depicts the variations of the δ18OCaCO3 from present day to about 30 ky. The scale goes
from 0 to about 2, as each record was subtracted from its modern value, referenced in Table 1. The
∆δ18OCaCO3 of the two cores show an interesting contrast: that of NADW shows a variability of 2.16‰,
whereas that of AABW varies only by 1.44‰. A change of 1.1‰ is expected from sea level variation alone
(see Introduction), and the rest of the change is either due to temperature or δ18Osw. The bigger variation
in the δ18OCaCO3 for the North Atlantic core is probably principally due to the changes in temperature.

It would seem that the glacial δ18OCaCO3 gradient between the two deep water end-members is rather
small, and could prove difficult to use to reconstruct past ventilation changes. However, for sediment cores
lying in the deep Atlantic, although the glacial δ18OCaCO3 values might not be enough to infer changes in
ventilation, the variation between Holocene and LGM may give us insights on ventilation changes. Indeed,
a sediment core that is lying in the modern and glacial NADW core should have a variation of about 2‰.

The modern volume fractions predicted by the Ocean Circulation Inverse Model (OCIM) and presented
in Chapter II indicate that, at the core location selected to represent the "true" AABW end-member, the
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Figure 5.3: The δ18OCaCO3 difference between the Holocene value (referenced in Table 1) and the

isotopic record for the sediment cores MD95-2002 (blue) and JR179-TC493 (yellow), representing re-

spectively NADWandAABW. Both time series have been fitted by aGAM, and the dashed line indicates

the change of δ18OCaCO3 implied by the sea level change alone.

202



Figure 5.4: Atlantic compilation of the sediment cores used.

Antarctic (AA) fraction is of 56%, the North Atlantic (NA) fraction of 32% and the high-latitude Southern
ocean (HS) fraction of 10%. If we assume those fractions to be correct in the modern, then it is already hard
to say that this core represents the true Antarctic end-member, while it lies on the Antarctic continental
slope. If similar end-member fractions were present at the LGM, then it could explain partly why the change
in δ18OCaCO3 is larger than first expected in Chapter I. Overall, this analysis highlights the difficulty of
constraining an end-member value from a single sediment core. The use of multiple cores seems the only
viable way to constrain potential changes in ventilation.

3 . Can we observe ventilation changes in the deep At-
lantic Ocean?

The Atlantic Ocean has a lot of sediment cores with Cibicidoides (Figure 5.2) and both AABW and
NADW water masses should be present at the LGM. Here, we present an Atlantic compilation of sediment
cores that have both isotopic records of Cibicoides wuëllerstorfi, küllenbergi or pachyderma and age models,
represented on Figure 5.4. The isotopic record and associated age model of the different sediment cores that
we use in this compilation have been manually selected and quality-checked by Waelbroeck et al. (2019).
Since every sediment core has an associated age model, we can select a δ18OCaCO3 value for the Holocene
and the LGM based on computed ages. The Holocene value is averaged between 0 and 3 ky or 6 ky if
there are no values in the first interval. Similarly, the LGM value is obtained by averaging the δ18OCaCO3

between 19 and 21 ky or 18 and 23 ky if the first interval has no data.
Figure 5.5 shows the δ18OCaCO3 values obtained for the Holocene, the LGM and the difference in

δ18OCaCO3 (∆δ18OCaCO3) between the two periods. The Holocene values show a constant gradient with
depth confirming the deep δ18OCaCO3 structure observed in Figure 5.1b. The glacial deep δ18OCaCO3 seems
to be fairly uniform below 2 km and no clear gradient can be observed there. However, the ∆δ18OCaCO3
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Figure 5.5: δ18OCaCO3 values of the Atlantic sediment cores compilation, for the Holocene (a), the
LGM (b) and the difference between the two (c).

shows an interesting pattern: between 2 and 3 km, the sediment cores show the biggest difference in
δ18OCaCO3. The signal is even clearer if we take the Holocene (respectively LGM) value as the minimum
(respectively maximum) and not the average of the Holocene (respectively LGM) age interval (see Figure
SI).

This large ∆δ18OCaCO3 signal in the mid-depths of the Atlantic coincides with the proposed core of
glacial NADW (Gebbie, 2014), and seems logical based on the expected temperature change of glacial
NADW. Since this maximum is seen only at mid-depths and not in the deep Atlantic, it begs the question
of whether or not this signal can be interpreted as a change in ventilation source in a certain depth range.
Indeed, this change cannot be seen in the deepest part of the basin, which may indicate a change of
ventilation source there, e.g. shifting from a modern NADW to a glacial AABW. However, as ∆δ18OCaCO3

varies both as a function of temperature and δ18Osw, a ventilation change cannot be directly quantified
from this: the temperature and δ18Osw of the modern NADW end-member are not constant with depth,
resulting in a non-homogeneous δ18OCaCO3 in the deep Atlantic (Figure 5.1b).

Figure 5.6 shows the change between the Holocene and LGM in δ18OCaCO3 and δ13CCaCO3 of the
presented Atlantic compilation. The sediment cores of our compilation were grouped by depth and then
averaged to show the ∆δ18OCaCO3 signal with depth averaged over the basin. The ∆δ13CCaCO3 has the
same structure as the ’canonical’ structure from Curry and Oppo (2005), that was interpreted as the change
from northern source end-member to southern-source end-member for the deep glacial ocean, although this
interpretation has been questioned (Gebbie, 2014; Kwon et al., 2012). The averaged ∆δ18OCaCO3 exhibits
a gradient between the mid-depths and the deep (excluding the deepest point) of about ∼0.3‰. Following
Marchitto et al. (2014), this δ18OCaCO3 change, if driven by temperature alone, would be associated to
about 1.5°C change, which coincides with the modern temperature variation between 2 and 4.5 km deep
at 30°N in the WOCE climatology (Gouretski and Koltermann, 2004). Thus if glacial temperatures were
uniform between these depths, the ∆δ18OCaCO3 change would be explained only by this temperature change,
and not necessarily a change in the ventilation source. If there were a similar temperature difference between
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Figure 5.6: Change in δ18OCaCO3 (a) and δ13CCaCO3 (b) between the Holocene and LGM of the Atlantic

compilation (Waelbroeck et al., 2019) as a function of depth. Sediment cores were grouped by depth

and then averaged.

2 and 4.5 km at the LGM than at the present, then this ∆δ18OCaCO3 change indicate a change of ventilation
source (and thus δ18Osw). Hence, the signal we observe in the North Atlantic could indicate two things:

• Deep waters are much more homogeneous in the glacial Atlantic Ocean with almost no gradient
between mid-depths and bottom waters.

• NADW was shallower than at present and centered around 2 km depth, and probably replaced in the
deep Atlantic by waters last ventilated in the Southern Ocean.

At this point, it is not possible to further argue for one or another hypothesis. However? the use
of glacial surface temperature reconstructions coupled with the δ18OCaCO3 of benthic foraminifera could
provide some constraints on the deep δ18Osw content in the North Atlantic. This would eventually help to
confirm or reject either of the above hypotheses.

4 . What do we observe in the Pacific?

The glacial North Pacific sediment cores compilation presented in Chapter I displayed a pronounced
δ18OCaCO3 mid-depth maximum. The former hypothesis that this change was due to the glacial δ18OCaCO3

end-members is uncertain because the gradient in sediment cores supposed to represent these end-members
cannot be found, or is at least smaller than expected. In the next section, we will focus on the LGM
δ18OCaCO3 signal across the Pacific basin, to see if the signal is propagating through the mid-depths as
previously thought. We will show data that I produced at the LSCE, as well as some analysis on a compilation
of sediment cores that I put together.
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Latitude (°N) Longitude (°E) Depth (m)

MD97-2115 -43.1822 -171.8003 2160

MD97-2116 -46.0465 -176.5577 4165

MD01-2385 -0.2200 134.2420 2606

MD98-2183 2.0100 135.0200 4388

Table 2: Location and depth of the different sediment cores that were used to generate new isotopic

records.

Figure 5.7: Crossesmark the locations of the sediment cores nearNewZealand (MD97-2115 andMD97-

2116) and near Indonesia (MD01-2385 and MD98-2183).

4.1 . Isotopic records of benthic foraminifera

4.1.1 . New isotopic records produced
Following the North Pacific compilation of Chapter I, and the idea that Upper Circumpolar Deep Water

(UCDW) was heavier in δ18OCaCO3 than AABW, we wanted to track the different water-mass signatures as
they diffuse across the Pacific. We thus decided to generate some new benthic isotopic data for two pairs
of locations, one in the mid-latitude Pacific near Indonesia, and one in the South Pacific near New Zealand
where deep waters "enter" the Pacific. For each location, we analyzed one core at mid-depths (MD97-2115
near New Zealand, and MD01-2385 near Indonesia) supposed to represent UCDW and one near the seafloor
(MD97-2116 near New Zealand, and MD98-2183 near Indonesia) supposed to represent AABW. The exact
locations and depths of these cores are referenced in Table 2. Figure 5.7 shows their locations.

We analyzed the δ18OCaCO3 , and the δ13CCaCO3 on different foraminifera species. Here, we only
show the data associated to various species of the genus Cibicidoides and additional data of the benthic
species Globobulimina affinis are presented in the Supplementary Information. The different foraminifera
species isotopes were measured using a GV Isoprime 100 at the Laboratoire des Sciences du Climat et
de l’Environnement (LSCE). The measurements are reported versus Vienna Pee Dee Belemnite (VPDB)
standard defined with respect to the NBS19 standard. The mean external reproducibility (1σ) of carbonate
standards is ±0.06‰ for δ18OCaCO3 ; the different mass spectrometers are regularly inter-calibrated and
the data are corrected, depending on the devices, for nonlinearity and the common acid bath.
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Figure 5.8: The δ18OCaCO3 (represented in blue) and δ13CCaCO3 (represented in red) of the mid-depth

core MD97-2115 (a) and the deep core MD97-2116 (b) near New Zealand. Circles indicate data points

that are associated to Cibicidoides wüellerstorfi and crosses indicate Cibicidoides küllenbergi. A GAM

was passed through the data for both the δ18OCaCO3 and δ13CCaCO3 of the C. wüellerstorfi of MD97-

2115 and the C. kullenbergi of MD97-2116. The x-axis represents core depth.

We analyzed either Cibicidoides wüellerstorfi or Cibicidoides küllenbergi that are thought to have about
the same δ18OCaCO3 signature. Both species were present in MD97-2115 and a consistent δ18OCaCO3

record does not show a constant difference between the two species (see Figure 5.8a), so we hypothesize
that the two species record the same environmental conditions. In Figure 5.8, we present the δ18OCaCO3 and
δ13CCaCO3 associated to our two sediment cores near New Zealand. Both records show the last deglaciation,
with a stable δ18OCaCO3 value at the top of the core representing the Holocene, and a maximum around 100
cm for MD97-2115 and 280 cm for MD97-2116, that corresponds to the LGM value. The relative δ18OCaCO3

change between the Holocene and the LGM yields a value of 1.77‰ for the abyssal core and 1.64‰ for
the mid-depth core, thus there is a larger change in the abyssal ocean than at mid-depth. Furthermore,
the absolute LGM value is also larger for the deeper core. Those results challenge the proposed thesis in
Chapter I, which postulated that a δ18OCaCO3 maximum diffused from south to north at mid-depths in the
glacial Pacific.

MD97-2115 has relatively low sedimentation rates (twice lower than MD97-2116), and the sediments
display indication of major bioturbation in the upper 200 cm (see SI), which raises doubts as to whether the
"true" glacial value has been found. We thus look at the other mid-depth core, MD01-2385, to see if we
can find a heavy LGM δ18OCaCO3 value. Figure 5.9 shows the δ18OCaCO3 of this record: in comparison
to MD97-2115, the δ18OCaCO3 Holocene value is a bit lighter, but the glacial value is of the same order,
further questioning the validity of our hypothesis in Chapter I. It is noteworthy, however, that the δ13CCaCO3

of the record indicates more depleted glacial values for MD01-2385 compared to MD97-2115, consistent
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Figure 5.9: δ18OCaCO3 (blue) and δ13CCaCO3 (red) isotopic records of C. wüellerstorfi analyzed in the

MD01-2385 sediment core.

with the south to north ventilation of the mid-depth Pacific in the glacial state detailed in Chapter I.
The isotopic records we produced in the Pacific mid-depths thus do not support the idea of a pronounced

δ18Osw mid-depth maximum spreading northward across the glacial Pacific, as hypothesized in Chapter I.
From the isotopic records we produced, and the glacial North Pacific compilation we showed, it is hard

to know if a clear δ18OCaCO3 mid-depth maximum could be observed in the Pacific LGM, so we decide to
find more isotopic records in the Pacific.

4.1.2 . Pacific compilation of sediment cores
One objective of this PhD was to compile a sufficient number of benthic records to constrain the

ventilation of the glacial Pacific. At first, this arduous process was carried out by retrieving data from
various databases (NODC, NOAA, PANGAEA...). However, during the course of the PhD, Mulitza et al.
(2022) published a large database which aims to compile all the foraminiferal oxygen and carbon isotopes
data, and associated radiocarbon ages (the author estimates v1 included around 30% of all available data).
Thus, the compilation of Cibicidoides that I previously made turned out to be worthwhile in the end because
we found over 70 isotopic records of different species that we had and that were not in the original version
of the database. In addition to sharing these, I also shared the data that I produced during this PhD to
contribute to the v2 of this database (that has a thousand more cores), and became a co-author.

The sediment cores used in our compilation have age models from the different studies where they were
published. In the same way as before LGM values were taken as the average over the 19-21 ky age interval.
Figure 5.10 shows the map of the sediment core locations and the associated glacial δ18OCaCO3 LGM values
in the Pacific as a function of depth and latitude. We see that the high δ18OCaCO3 mid-depth values that we
found in the North Pacific (around 50°N) cannot be seen anywhere else, except in the South Pacific where
one core exhibits a high value (which was used in Chapter 1 as the UCDW sediment core). It is noteworthy
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Figure 5.10: (a) Pacific δ18OCaCO3 LGMvalues fromour compilation as a function of depth and latitude.

(b) Locations of the sediment cores included in panel (a), coloured according to seafloor depth.

however that most of the mid-depth sediment cores in the equatorial Pacific may not adequately represent
waters ventilating the main Pacific because of their locations: all of these data come from semi-enclosed
seas, namely the China Sea, the Panama basin, and the Ontong Java Plateau (Figure 5.10).

4.2 . LGM profiles of BWT and δ18Osw from the subarctic Pacific
In Chapter I we saw that a depth profile of benthic foraminiferal δ18OCaCO3 in the North Pacific

displayed a distinct mid-depth maximum during the LGM. To better understand the temperature and δ18Osw

contributions to this profile we analysed Mg/Ca on benthic foraminifera Uvigerina spp from a suite of
sediment cores forming a depth transect in the subarctic Pacific used in Chapter I (Keigwin, 1998). Between
10-20 individual benthic forams were picked, cleaned, and measured at the foraminiferal trace element
laboratory at LSCE. Note, because of the time required to learn the methodology that we describe here-
after and the low number of samples that we were going to measure, I did not generate the data myself:
the sample preparation and subsequent analysis was performed by Hélène Rebaubier.

Cleaning followed a modified version of the protocol of Barker et al. (2003). Foraminiferal tests were
gently opened between two glass plates and the resulting fragments were loaded into acid leached micro-
vials. Clays were removed through repeated ultrasonic cleaning with 18.2 MΩ water. Fe-Mn oxyhydroxide
coatings were removed using the protocol of Boyle and Keigwin (1985). Samples were reductively cleaned in
a solution of hydrazine and ammonium citrate for 20 minutes at 80°C. In order to remove potential organic
contaminants, the samples were oxidized using a solution of 1% H2O2 buffered with 0.1 M NH4OH

for 20 minutes at 80°C. The final cleaning treatment consists in a rapid leaching with 0.001 M HNO3,
before dissolution in 0.15 M HNO3. Samples are centrifuged immediately after dissolution and transferred
to a new acid-leached centrifuge tube, leaving a residual ∼ 10 µl, which helps exclude any remaining
undissolved contaminants. Trace metal grade (NORMATOM) acids are used throughout and a boron-free
MilliQ cartridge is used to generate clean water. All work was carried out in a dedicated laminar-flow hood
within an over-pressured clean lab, with boron-free HEPA filters fitted throughout.
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A 10 ul aliquot of sample was utilised to determine the calcium concentration. Aliquots of each sample
were then diluted to a calcium concentration of 1 mM [Ca], to match that of the bracketing standards. A
suite of major and trace elements (Li, B, Na, Mg, Al, Ca, Mn, Sr, Cd, Ba, Nd, U) were analysed on an
Analytik Jena PlasmaQuant ELITE quadrupole ICP-MS at LSCE. Analysis followed a modified version of
the method of Yu et al. (2005) against in-house standards prepared from single elementary solutions. In
order to minimise boron blanks a solution of 0.5 M HNO3 and 0.3 M HF is used as the matrix for the
samples and standards as well as the rinse, following the method of Misra et al. (2014). This results in low
and stable boron blanks, with a [B] detection limit typically less than 10 ppt. Instrumental precision was
determined based on multiple replicates of a standard solution of known composition. Mg/Ca has a long
term precision of <2% (2RSD), and analysis of external standard NIST RM 8301 Foram gives a value of
2.65±0.02 (1σ), in excellent agreement with the stated value of 2.62±0.14 (Stewart et al., 2021). Al/Ca
was <20 µmol/mol in all samples indicating efficient removal of clays. Repeated cleaning/analysis (n=10)
of the LGM sample from core NES 25-1 GG27 indicates a total analytical uncertainty of ±0.01 mol/mmol
(1σ), equivalent to an RSD of <3%.

Mg/Ca was converted to temperature following the equation (Gray, 2014) :

Mg/Ca = 0.095± 0.006(BWT ) + 0.58± 0.04

where BWT stands for Bottom Water Temperature. This equation is based on a global compilation of
coretops, including data from the North Pacific; it has a similar temperature sensitivity to existing equations
(Elderfield et al., 2006) but indicates no detectable influence of carbonate ion saturation on Mg/Ca in
Uvigerina. The standard error is equivalent to a temperature uncertainty of ±1.25 °C.

Another hypothesis to explain the observed mid-depth maximum in δ18OCaCO3 in the North Pacific
was a possible inversion in the temperature profile, with abyssal waters warmer than the mid-depth waters
due to geothermal heat trapped in the salty abyss (see Chapter I, 4.3). This hypothesis was deemed to
be rather unlikely. Here we examine again this hypothesis using the calculated BWTs shown on Figure
5.11. Along with the BWTs, measured coretop temperatures from the sites are around 1°C warmer than
instrumental temperatures reconstructions (although falling within the standard error), and we adjust the
LGM temperatures by this anomaly; however, we interpret relative changes in temperature with depth only
(i.e., the vertical profile). The data show a profile very similar to the modern one, with very little change
in temperature with depth. This confirms that the observed changes in the δ18OCaCO3 profile must be
driven by changes in δ18Osw, rather than temperature, ruling out the geothermal heat trapping hypothesis.
We calculate δ18Osw using the Uvigerina equation from Marchitto et al. (2014), correcting for the 1 per
mil whole ocean change (Adkins et al., 2002). The resulting δ18Osw profile shows much larger vertical
gradients in δ18Osw, with a strong mid-depth maximum, and more depleted values in both the intermediate
depths and abyss. Apart from the mid-depth δ18OCaCO3 maximum, we observe a very large gradient in
δ18Osw between 1-2 km depth. Such a large gradient in δ18Osw can only be driven by the advection of
a depleted δ18Osw water mass in the intermediate depths and indicates the presence of enhanced North
Pacific intermediate overturning. The measurements thus point towards enhanced NPIW formation as the
driver of the enhanced ventilation of the intermediate North Pacific observed in non-conservative tracers
during the LGM (Keigwin, 1998; Matsumoto et al., 2002; Rae et al., 2020). While shoaled NADW is seen
as a ’canonical’ feature of the LGM ocean, deepened NPIW is not, yet it provides an equally large signal to
test the overturning response in climate models under glacial forcings.
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Figure 5.11: Vertical profiles in the subarctic Pacific of (left) δ18OCaCO3 as measured by Keigwin (1998),

(center) reconstructed BottomWater Temperature, and (right) calculated δ18Osw based on δ18OCaCO3

and BWT profiles combined with the equation of Marchitto et al. (2014). Blue filled points indicate

glacial values while the points that are not filled represent modern values. Rectangles indicate that

the species used are Uvigerina peregrina and circles indicate Cibicidoides. Black dashed lines represent
the modern profiles, extracted from LeGrande and Schmidt (2006) for δ18Osw, extracted from the

WOCE climatology for temperatures, and computed with the latter two for δ18OCaCO3. GAMs have

been fitted to the different profiles to help show the different structures. The dotted line shows the

modern δ18OCaCO3 profile adjusted by the mean offset between LGM and Holocene.
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5 . Conclusion & Perspectives

The first objective of this chapter was to study the causes of the North Pacific LGM δ18OCaCO3 mid-
depth maximum commented on in Chapter I. A large compilation of data and generation of new records
show that the mid-depth maximum we observe in the northern North Pacific is not observed across the wider
basin. It could imply that the mid-depth glacial signal is badly represented by the sediment cores compiled
here, or that we initially over-interpreted the North Pacific glacial profile.

Nonetheless, we would like to draw the reader’s attention to the fact that the glacial circulation structure
proposed in Chapter I is qualitatively compatible with the ventilation patterns simulated by NEMO in
Chapter II. NEMO experiments indeed demonstrate that a mid-depth maximum in Pacific conservative
tracers generated by isopycnal diffusion of a signal contained in NADW is plausible, even with a modern-like
density stratification in the Pacific. In these NEMO experiments, necessary ingredients appear to be merely
(i) a small light and shallow bias of NADW relative to modern observations (Rathore et al., 2024), and (ii)
relatively weak bulk diapycnal mixing rates (Chapter II, section 3.2).

The emergence of a database that compiles all isotopic records and associated radiocarbon ages leaves
room for coherent reconstructions of the glacial properties. We deem crucial to find methods that allow
one to treat the sediment cores and associated ages in a systematic way (Supplementary Information). In
addition to potentially help constrain ventilation changes, the variation of the different glacial water masses
may allow us to understand the changes in the mechanisms that led to the deep water masses.

Furthermore, the strong intermediate δ18Osw signal in the North Pacific advocates for an expansion of
the glacial NPIW. Finding appropriate sediment cores to study the reach and extent of this glacial water
mass might be key to infer changes in glacial biogechemical cycles, given its importance in modern cycles
(Sarmiento et al., 2004).
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Supplementary information

Figure S5.1: Similar to Figure 5.5, but by selecting the LGM and Holocene by taking as the maximum

and minimum of their age interval.

Bioturbation in MD97-2115
The results from the sediment core MD97-2115 that we analyzed and on which we put a lot of work

suggest in underwent substantial bioturbation. We show evidence of this by first showing the differences in
δ18OCaCO3 and δ13CCaCO3 between two benthic species, and second by showing planktonic and benthic
radiocarbon ages.

Differences between Globobulimina affinis and Cibicidoides wüellerstorfi
While picking Cibicidoides to be analyzed in the sediment of the MD97-2115 core, we came across

specimens of the species Globobulimina affinis. It was demonstrated that the difference in δ13CCaCO3

between G. affinis and the C. wüellerstorfi can be linked to oxygen in Hoogakker et al. (2015). Figure S5.2
shows the difference in δ13CCaCO3 and d18o between the two species for the MD97-2115 core. The number
of G. affinis was not constant across the sediment core: a lot more specimens were found near the glacial
levels (Depth ≥ 100cm) than at the top of the core. Figure S5.2.b show the δ18OCaCO3 difference between
the two species for every depth where they were both found. If all specimens lived around the same epoch,
then the ∆δ18OCaCO3 should be a constant line. We see that it is mostly the case (blue points) but some
exceptions (red points) are visible and mainly in the first 100cm of the core. In order to compute the mean
∆δ13CCaCO3 for both periods, we exclude the levels for which the ∆δ18OCaCO3 exceeds by 0.3‰ the offset
between the two species (Hoogakker et al., 2010, of 0.9‰ following), that are represented by red points
for both panels of Figure S5.2.

We find values of oxygen of 173 and 102 µmol/kg for the modern and LGM at the core location.
Interpolating the oxygen product of Glodap v2 (Olsen et al., 2016), we find a modern oxygen value of 167
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Figure S5.2: δ13CCaCO3 (a) and δ18OCaCO3 (b) differences between the G. affinis and C. wüellerstorfi
species. Red points indicate levels that have been rejected based on their δ18OCaCO3 difference and

blue points indicate levels that were accepted. The horizontal dashed grey lines in panel (b) indicate
the δ18OCaCO3 interval that we used to discriminate the different levels. In both panels, the vertical

dashed grey line indicate the separation between the Holocene and Glacial intervals.
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Figure S5.3: Planktonic and benthic radiocarbon ages measured in MD97-2115.

µmol/kg at the core location, giving credit to our result. A 70 µmol/kg decrease in oxygen during the LGM
would imply a large increase in the amount carbon stored in these deepwaters by the biological pump.

Benthic and Planktonic ages
Prior to this thesis, radiocarbon ages were measured at the CEA Globigerina bulloides, and various

benthic foraminifera species which thus led to both planktonic and benthic ages. The ages are not calibrated
and are represented on Figure S5.3, and we see that in the upper 150cm of the core, the benthic ages are
younger than the planktonic. This is not supposed to happen in theory, as the 14C age is usually older for
deep waters than surface waters. This inversion in the ages is attributed to bioturbation caused by worms
that live in the sediments and that results in an uneven mixing of the foraminifera species.

Consistent use of the World Atlas
The World Atlas of late Quaternary Foraminiferal Oxygen and Carbon Isotope Ratios (World Atlas)

presented in Mulitza et al. (2022) is a database that compiles foraminiferal oxygen and carbon isotopic
records. Radiocarbon measurements that allow the calculation of age models associated to the isotopic
records are also available in this database: 1001 radiocarbon series will be available in the v2 of the database,
associated to the 3047 isotopic records. Reaching this number of isotopic records and radiocarbon series, it
becomes really time-consuming to analyze each record independently. A part of this thesis therefore focused
on trying to process the database in a systematic way. We think that it is all the more important as each
database update adds new isotopic records, and could be instantly processed if adequate methods were
implemented. Among the ideas that were investigated are: the systematic calculation of age models based
on radiocarbon measurements, and analyzing the differences in timing of the glacial signal between benthic
and planktonic species. We will discuss both ideas in turn.
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Age models
Radiocarbon series are available in the The World Atlas , but this is not sufficient to get the age model:

the ages need to be calibrated. Indeed, the 14C concentration in the atmosphere is not constant through
time due to the influence of the Earth’s magnetic field and solar activity on long timescale, and more
recently nuclear bomb testing and the burning of fossil fuels. In order to calibrate the radiocarbon ages,
we use Bacon which is a software that divides a sediment core up into equally-sized sections, and assumes
a linear accumulation within each section (Blaauw and Christen, 2011). Accumulation rates can change
between the sections, and it can use radiocarbon dates, and calibrates them as it runs. For the calibration,
different calibration curves can be used and we use Marine20 in most cases which is the calibration curve
for the marine organisms.

In addition to calibrating the age, another thing needs to be accounted for: the reservoir ages. Planktonic
foraminifera incorporate the 14C signal of their environment: the surface ocean. The reservoir age thus
refers to the concentration difference in 14C between the surface ocean and the atmosphere. The reservoir
age varies a lot as a function of latitude, since it depends both on the time that surface waters have to
equilibrate their 14C concentration with the atmosphere through sea-gas exchange. Hence, it cannot be
approximated to a single value for the surface ocean. It is easily obtained in the modern ocean by taking the
14C value of the surface ocean at the location above the sediment core. This value needs to be corrected
however from the anthropogenic 14C emissions, but is available in the product of Key et al. (2004). For
other periods such as the LGM and the deglaciation, it is much more complicated to know how surface 14C

may have varied. We take the values found by Butzin et al. (2017), that simulated the marine radiocarbon
ages of surface waters using a three-dimensional ocean circulation model for the past 50,000 years. For
now, we deduced the reservoir age based on the calibrated age that we found using MarineCal and the
modern reservoir age. This can be called into question, as the reservoir ages influence the computed ages
and can thus affect the calibrating of the ages. A more precise method would be to compute a few iterations
of the calibrated ages by correcting it from the reservoir ages calculated from the first iteration, until the
corrected and calibrated ages converge to a unique solution. However, given the uncertainties associated to
the calibration of the ages we do not think that it will lead to big differences.

Before computing the age models, we excluded the radiocarbon series with a single value. Figure S5.4
shows a typical output of the age model from bacon calibrated and corrected from the reservoir ages. The
age model shown derives from many different 14C dates, and the sediment cores has high sedimentation
rates (mean at 26.5 yr/cm). However, not all age models are this neat, and we can wonder about the
quality of computing the age models without quality checks.

We decided to use the cores from The World Atlas in the Atlantic and the computed age models to
try the same exercise as the one presented in Section 3. In Figure S5.5, we present the δ18OCaCO3 of the
Holocene, LGM and the difference between the two of these sediment cores, similarly as in Figure 5.5. We
see that for the three periods, the patterns that were discussed before are overall noisier, but nonetheless,
it would seem that they are still present. Figure S5.6 shows the same information as Figure 5.6 but for the
sediment cores of the World Atlas. The ∆δ18OCaCO3 contrast between the mid-depth and the abyss in the
Atlantic is reduced in the World Atlas compilation. We attribute this to isotopic records and age models
that are less trustworthy as they were not quality checked.

The limits of our methodology are shown here, as we are unable to reproduce the quality of a manually
checked signal. However, finding criteria to discriminate between cores and age models would seem to be the
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Figure S5.5: δ18OCaCO3 values of the sediment cores found in the Atlantic in theWorld Atlas database,

for the Holocene (a), the LGM (b) and the difference between the two (c).

Figure S5.6: Changes in δ18OCaCO3 (a) and δ13CCaCO3 (b) between the Holocene and LGM for the

the sediment cores found in the Atlantic in the World Atlas database, integrated as a simple depth

profile. Grey dashed lines indicate the values that were found for the mid-depth and deep ocean in

the previous Atlantic compilation (Figure 5.6).

221



next logical step to improve the quality of our results. Two basic criterias were imagined to select suitable
cores: a minimum sedimentation rate of 5cm/kyr, and a sufficient sampling resolution with at least a point
every 3ky through the isotopic record. Some attempts were made to try to measure the "noisiness" of an
isotopic record by fitting a GAM through the record, and then measuring the root mean-squared error, but
it over-penalized records with many data points, and led to other issues. This thesis did not had time to
fully explore the isotopic record processing and age models, but we believe that this is important and that
it can lead to significant developments in the automation of generating paleo-climatic reconstructions.

Differences in glacial timing
The LGM δ18OCaCO3 value of an isotopic record is thought to be the most recent δ18OCaCO3 maximum

value, even though we refer at a specific time period (19-21ky). Nevertheless, previous studies have shown
that the δ18OCaCO3 maximum for deep benthic species could vary across different ocean basins (Lisiecki
and Stern, 2016). The idea of looking at possible differences in glacial timing arose after Chapter 2, when
the different pathways for the North Atlantic dye to reach the pacific were shown and the resulting long
time scale to fill the shadow zone. We wanted to show possible differences in the δ18OCaCO3 glacial timing
between the mid-depths and the deep Pacific, but no clear signal with the current isotopic records and age
models could be found.

A second idea emerged to show differences in the δ18OCaCO3 glacial timing: using both planktonic
and benthic species to show the differences in glacial timing. At first, we wanted to measure the depth
difference in the sediment core between the maximum (or LGM) δ18OCaCO3 value between the benthic and
planktonic species. However, since the δ18OCaCO3 of planktonic largely reveals temperature patterns, we
are not sure that the plantkonic δ18OCaCO3 maximum exactly gives the timing for the LGM. Since we are
interested in the difference of glacial timing between the mid-depth and the deep Pacific, we need two cores
that are closely located with both benthic and planktonic species. We did the analysis in the cores near
New Zealand, and no clear signal could be found. We believe even if a signal was present the bioturbation
present in the upper 200cm of the sediment core could not allow us to correctly represent it. In the World
Atlas, we did not look yet for closely located mid-depth and deep cores, but the presence of many different
foraminifera species for some of the sediment cores means that there must surely be cores validating these
conditions.
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This thesis explored the processes influencing the ventilation of the deep Pacific and their representation
in the OGCM NEMO. Here we propose an answer to the three questions studied in this thesis:

1. What are the processes and pathways of Pacific deep ventilation?

2. What do oxygen isotope observations tell about ventilation of the modern ocean (δ18Osw) and
ventilation of the LGM ocean (δ18OCaCO3)?

3. How well is the modern ocean ventilation represented in OGCMs? Which aspects of OGCMs need to
be improved to accurately model the ventilation of the deep Pacific Ocean?

Processes and pathways of deep ventilation in the Pacific: a snail
race between isopycnal and diapycnal diffusion

Isopycnal diffusion plays a major role in ventilating the mid-depths (1.5-3 km) of the Pacific. In the
abyss, AABW flows northward, upwells and returns back toward the south under the influence of diapycnal
diffusion and geothermal heating. Chapter I highlighted an upwelling pathway of tracers from the abyss
to the surface in the subarctic Pacific. This upwelling seems to have the largest influence in ventilating
the mid-depths north of 35°N. Likely candidates to explain this tracer upwelling are diapycnal mixing and
wind-driven upwelling. No firm answer emerged from our study on their respective roles and future work is
needed on this aspect.

It was hypothesized in Chapter I that the location of the radiocarbon minimum in the Pacific, which
corresponds to the oldest waters in the global ocean, was determined by this combined influence of (1)
ventilation by isopycnal diffusion from the south, in the mid-depths and (2) ventilation through tracer
upwelling along the northern boundary of the Pacific. The different mixing parameterizations used in NEMO
in Chapter II confirmed that the location of the age maximum depends on both isopycnal and diapycnal
diffusion. The waters of the deep Pacific are thus ventilated through a balance between isopycnal mixing
and diapycnal transports.

Modern conservative tracer distributions are quasi-uniform in the modern deep Pacific. However, the
potential of isopycnal diffusion at mid-depths for setting strong tracer gradients in the deep Pacific is shown
through the passive tracer representing waters originating from the North Atlantic. Precisely, these tracer
differences might have occurred during the LGM, as a clear δ18OCaCO3 maximum is observed in the North
Pacific. The glacial geochemical evidence suggests a stronger layering of the waters during the LGM, with
less connection between the abyss and the mid-depths of the Pacific (although, as detailed below, evidence
for such changes in the South Pacific is lacking). Interestingly, a density bias in the NADW in our modern
NEMO simulations results in a more layered ocean, and suggests a relative disconnection between NADW
and AABW water masses is possible even with a small density difference between the two. Overall, our
results show the potential of isopycnal diffusion to dominate mid-depth Pacific ventilation under a different
climate state.
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Constraints on modern and past ocean ventilation using oxygen
isotopes

The oxygen isotope ratio of the seawater exhibits large differences between the two major contributors
to deep ocean ventilation: AABW and NADW. The difference in their isotopic signature allows for simple
reconstructions on their relative contributions in the Southern Ocean. A persistent δ18Osw maximum is
observed throughout the whole Southern Ocean at mid-densities. Moreover, we show that more systematic
sampling in the Indian and Pacific basins could help constrain mixing of the Southern Ocean waters as
they flow and diffuse in the Indian and Pacific basins. The role that this tracer could play in measuring
the penetration of intermediate waters into the ocean has not been fully explored, but could be of major
interest. Targeted sampling campaigns zonally in the Southern Ocean and meridionally in the Pacific and
Indian could help constrain the patterns and mechanisms of ocean ventilation.

Whether a δ18OCaCO3 gradient exists between the two deep water masses during the LGM remains
uncertain. Initially, the observed mid-depth δ18OCaCO3 maximum in the North Pacific advocated for a
significant difference between the water masses in the South Pacific. Reconstructions of bottom water
temperatures, using trace elements, further support that the observed signal is principally linked to a change
in the δ18Osw profile. However, through systematic exploration across different databases, and the analysis
of relevant sediment cores, we do not obtain clear evidence for a δ18OCaCO3 maximum in the South Pacific,
required to explain the North Pacific δ18OCaCO3 maximum via diffusion at mid-depths.

Moreover, the analysis of relevant sediment cores show that significant differences may not exist in
the δ18OCaCO3 of glacial deep end-members. Uncertainties associated to glacial fractions at the sediment
core locations, on top of experimental, sampling and analytical uncertainties further limit this study. We
emphasize that the creation of methods to use emerging paleoceanographic data in a systematic way, may be
the only way to overcome these inherent hurdles. In Chapter V, we use an Atlantic sediment core compilation
to show that the change in δ18OCaCO3 from Holocene to the LGM also holds interesting information and
either indicates a change in the glacial temperature gradient relative to present, or that the glacial NADW
core was shallower and centered at 2 km depth. Furthermore, the strong glacial intermediate δ18Osw

signal in the North Pacific advocates for an expansion of the glacial NPIW. Finding appropriate sediment
cores to study the reach and extent of this glacial water mass might be key to infer changes in the glacial
biogechemical cycling.

How well is the modern ocean ventilation represented in OGCMs?
Which aspects of OGCMs need to be improved to accurately
model the deep Pacific Ocean ventilation?

In Chapter II, we compared a global configuration of the NEMO general circulation model to two
data-constrained inverse models, focusing on steady-state ventilation patterns and rates. More precisely, we
examined the volumes ventilated by different surface regions and the ideal age distribution of the three model
oceans. The three models share several important features, among which the global ventilation volumes: the
North Atlantic (north of 30°N), and the Antarctic marginal seas ventilate about a third of the whole ocean
volume each; and the Southern Ocean region where the Antarctic intermediate waters and Subantarctic
mode waters are formed ventilates about a fifth. In addition, the three models show that it takes about
twice the maximum age to actually renew the water at a specific location, which has major implications for
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tracer equilibrium. However, major differences between the models exist and reveal important biases and
unknowns:

• Ideal ages are consistently higher in the NEMO simulations than in the inverse model states. State-
of-the-art maps of isopycnal and diapycnal mixing result in a maximum ideal age in the Pacific over
twice the one of the inverse model estimates. A widespread underestimate of both isopycnal and
diapycnal mixing rates in the deep ocean of NEMO is deemed likely. A misrepresentation of subarctic
Pacific upwelling is likely another key factor for the overestimated age in the North Pacific.

• The numerical dyes diffuse more across the isopycnals in the inverse models than in NEMO. Whether it
is related to an overestimation of diapycnal diffusion in the inverse models or only an underestimation
in NEMO remains unknown.

Additionally, we showed the impact of isopycnal mixing on tracer distribution, especially in the Southern
Ocean where it seems to control to some extent the return path to the surface of deep waters. Overall,
NEMO better represents ventilation patterns than ventilation rates. The inability of NEMO to correctly
represent ocean ventilation seems to be partly linked to a misrepresentation of turbulent mixing in the ocean
and calls for better parameterizations of mixing in the ocean.

The temperatures of the upper 2 km in the subarctic Pacific are poorly represented in NEMO. The
Kuroshio boundary current seems to be poorly represented, which, combined with biases in the isopycnal
mixing scheme, contributes to this temperature bias. This results in a misrepresentation of the NPIW density
and penetration, which is key for biogeochemical cycling in the North Pacific Ocean.

Perspectives

The answers given to the different questions during the thesis, also led to interesting perspectives.
Firstly, key processes in NEMO seem to be badly represented and deserve more attention. When the

best mixing parameterizations are implemented in this state-of-the-art ocean model, the maximum of age
in the Pacific is correctly located, but the waters are twice as old as the one inferred from the observations.
Characterizing what the model is missing to correctly represent ages in the Pacific seems to be a crucial
step to our understanding of ocean ventilation.

This thesis highlighted the return path of abyssal tracers to the subarctic Pacific surface. I pointed out
in turn the winds or diapycnal mixing to drive this return to the surface, but no consensus could be made
on the role of each one. The study of the contribution on each of these mechanisms to tracers upwelling
may be key to correctly represent the biogeochemistry of the North Pacific. The sensitivity of this upwelling
to the winds has not been tested here, but should provide useful information for the modern and the glacial
climate state.

Additionally, the δ18Osw climatology produced during this thesis could be subject to several improve-
ments. First, separating the surface patch of the low latitudes into three patches, one for each basin, would
help representing the regional differences. Second, the product could benefit from distinguishing key regions
such as the Mediterranean or the Labrador Sea to better represent the deep Atlantic structure. Third, the
deep averaged error of the product relative to the observation below 1.5 km is of about ∼ 0.1‰. The
analysis that led to the construction of this product showed roughly similar, if not greater, discrepancies
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between the data produced in different laboratories, so that it might prove difficult to further lower the error
associated to the reconstruction without accounting for this. Finding a method to systematically account
for inter-laboratories offset might be the most critical aspect to further improve the product.

Finally, the part that leaves the most doors open is surely the glacial one. The increased number of
sediment cores that are becoming available with isotopic records and associated age models leaves room for
numerous studies. One of the most interesting one might be the study of the different "time lags" between
isotopic signals. Indeed, we saw that the tracers roughly takes about twice the ideal age to equilibrate. Then
in the North Pacific mid-depths, where the oldest waters are located, the maximum glacial δ18OCaCO3 value
might occurs several millennias after the glacial deep water masses get their heaviest value. More generally,
the "lag" between the time the deep end-members get their maximum value and the time that the different
places of the ocean get their maximum value, might indicate ventilation rates of the glacial ocean. I believe
that improving the generation of age models, and more generally, methods to treat systematically sediment
cores records is the logical next step to reconstruct glacial ocean ventilation.
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