
HAL Id: tel-03828354
https://theses.hal.science/tel-03828354

Submitted on 25 Oct 2022

HAL is a multi-disciplinary open access
archive for the deposit and dissemination of sci-
entific research documents, whether they are pub-
lished or not. The documents may come from
teaching and research institutions in France or
abroad, or from public or private research centers.

L’archive ouverte pluridisciplinaire HAL, est
destinée au dépôt et à la diffusion de documents
scientifiques de niveau recherche, publiés ou non,
émanant des établissements d’enseignement et de
recherche français ou étrangers, des laboratoires
publics ou privés.

Emergence of temperature and salinity changes in the
ocean interior in response to climate change : timescales

and mechanisms
Yona Silvy

To cite this version:
Yona Silvy. Emergence of temperature and salinity changes in the ocean interior in response to
climate change : timescales and mechanisms. Geophysics [physics.geo-ph]. Sorbonne Université, 2022.
English. �NNT : 2022SORUS124�. �tel-03828354�

https://theses.hal.science/tel-03828354
https://hal.archives-ouvertes.fr


THÈSE DE DOCTORAT DE SORBONNE UNIVERSITÉ

École doctorale : « 129 - Sciences de l’Environnement d’Île-de-France »

Spécialité : Océanographie Physique

réalisée au

Laboratoire d’Océanographie et du Climat Expérimentations et Approches Numériques

présentée par

Yona SILVY

pour obtenir le grade de

Docteure de Sorbonne Université

Titre de la thèse :

Emergence des changements de température et de salinité
dans l’océan intérieur en réponse au changement climatique :

échelles de temps et mécanismes

Soutenue le 3 février 2022 devant le jury composé de :

Rapportrice Helene Hewitt Met Office Hadley Center, Exeter, Royaume-Uni
Rapporteur Laurent Terray CNRS, CERFACS, Toulouse, France
Examinateur Francis Codron Sorbonne Université, LOCEAN, Paris, France
Examinatrices Anne-Marie Tréguier CNRS, LOPS, Brest, France

Laure Zanna NYU, Courant Institute, New York, Etats-Unis
Directeurs de thèse Eric Guilyardi CNRS, LOCEAN, Paris, France

Jean-Baptiste Sallée CNRS, LOCEAN, Paris, France





Abstract

Abstract : Human-induced climate change is already affecting every inhabited region of the planet. Yet,
over 90% of the excess heat associated with human activities has been absorbed by the ocean since the
1970s, which acts to largely damp atmospheric warming, but has large impacts on human societies and
marine life. In this thesis, I explore when and where thermohaline changes in the ocean interior be-
come large enough to be unambiguously set apart from internal variability and investigate their asso-
ciated physical drivers, using ensembles of climate models and dedicated numerical experiments. We
find that the climate signal in the upper ocean water-masses emerges between the late 20th century and
the first decades of the 21st. The Southern Hemisphere mid-latitude Mode Waters emerge before their
Northern Hemisphere counterparts. The associated warming at these timescales is mostly caused by the
uptake of heat from the atmosphere, passively transported into the ocean interior. In the deeper parts
of the ocean, circulation changes play a more important role in the emergence timescales of the climate
signals. Increased buoyancy gain at the surface in the subpolar areas cause a slowdown in the meridional
overturning circulation. This warms the subsurface and abyssal waters in the Southern Ocean as soon as
the mid-20th century, adding up to the weaker passive uptake of heat, but counteracts it in the deep North
Atlantic over the 21st, delaying the emergence. Although climate models miss some important aspects
of the ocean response to climate change, they allow to shed light on the balance of processes at play, and
suggest anthropogenic influence has already spread to large parts of the ocean.

Key words : Thermohaline changes, emergence, anthropogenic signal, ocean interior, modelling
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Résumé : Le changement climatique d’origine humaine impacte déjà toutes les régions habitées de la
planète. 90% de l’excès de chaleur associé aux activités humaines a été absorbé par l’océan depuis les
années 1970, atténuant en grande partie le réchauffement atmosphérique, mais impactant fortement les
sociétés humaines et la vie marine. Dans cette thèse, j’explore à l’aide d’ensembles de modèles de cli-
mat et de simulations numériques dédiées, où et quand les changements de température et de salinité
dans l’océan intérieur deviennent assez grands pour être différenciés de la variabilité interne, ainsi que
les mécanismes physiques associés. Nous trouvons ainsi que le signal climatique dans les masses d’eau
de l’océan supérieur émerge entre la fin du XXème et les premières décennies du XXIème siècle. Les
eaux modales des moyennes latitudes de l’hémisphère Sud émergent plus tôt que leurs homologues de
l’hémisphère Nord. Le réchauffement associé à ces échelles de temps est principalement du à une ab-
sorption de chaleur transportée passivement dans l’océan intérieur. Dans les profondeurs de l’océan, les
changements de circulation jouent un rôle plus important aux échelles de temps d’émergence du signal
climatique. Le gain de flottabilité en surface dans les régions subpolaires provoque un ralentissement de
la circulation méridienne de retournement. Cela réchauffe les eaux intérieures et abyssales de l’Océan
Austral dès le milieu du XXème, venant s’ajouter au faible transport passif de chaleur, alors que cela le
contre dans les profondeurs de l’Atlantique Nord et retarde l’émergence. Bien que les modèles de climat
passent à côté de certains aspects importants de la réponse océanique au changement climatique, ils per-
mettent d’apporter des éléments sur l’équilibre de processus en jeu, et suggèrent que l’influence humaine
impacte déjà de grandes parties de l’océan.

Mots clés : Changements thermohalins, émergence, signal anthropique, océan intérieur, modélisation
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1. ON THE IMPORTANCE OF STUDYING THE OCEAN TO UNDERSTAND EARTH’S CLIMATE

"It is unequivocal that human influence has warmed the atmosphere, ocean and land" [IPCC, 2021b].
These resounding words are part of the opening statement in the Summary for Policymakers presenting
key findings of the Working Group I contribution to the Intergovernmental Panel on Climate Change
(IPCC)’s Sixth Assessment Report (AR6). This statement draws upon over 150 years of climate science
research, from the first discoveries and theories of the role of greenhouse gases in the climate system (e.g.
Foote [1856], Tyndall [1861], Arrhenius [1896]), the deployment of instruments enabling the first signs
and observations of such warming (e.g. Callendar [1938]), the development of climate models simulating
the response to a doubling in atmospheric carbon dioxide concentration [Manabe and Wetherald, 1975],
to the theoretical premises of detection and attribution (e.g. Hasselmann [1979]). Today, there have
been considerable advances in observing, modelling and overall understanding the climate system and its
response to ongoing human-induced climate change. In this thesis, we will explore the response of the
ocean, a major piece of the climate system, to increasing anthropogenic forcings, and its modulation by
internal variability. We will particularly try to link the question of signal-to-noise and emergence of the
climate signal from internal variations with a large-scale understanding of the physical processes at play
in the ocean. In this General Introduction, I will first rapidly present some broad characteristics of the
global ocean that make it such a unique subject to study, and the tools at our disposal to do so. Then, I will
draw upon the scientific literature to present how temperature and salinity have already changed today in
the ocean from observations and how they are expected to continue changing, whether these changes are
of anthropogenic origin, and finally the large-scale physical mechanisms possibly causing these changes.
This literature review will lay the groundwork to the scientific questions and aims of this thesis, addressed
in the last section of this introductory chapter.

1 On the importance of studying the ocean to understand Earth’s climate

The World Ocean is the largest body of water on Earth, with five major interconnected basins of salty
water, constituting 97% of Earth’s water reservoir and 71% of its surface. Its mass is 250 times larger than
the atmosphere’s, its volumic mass 1000 times larger, and, combined to its very large heat capacity, makes
it a huge reservoir of heat for the climate system, with great thermal inertia. It is also a central player
in the Earth carbon cycle, sequestering about 50 times more carbon than the atmosphere. The ocean is
much wider than it is deep (its mean depth is 3700m while the Earth’s circumference is about 40 000km)
and is warmed (and thus stabilized) by the sun at its upper surface, making vertical movements almost
everywhere much more difficult than horizontal movements. This gigantic body of water is however
in perpetual movement (from very small to very large spatial and temporal scales), caused primarily
by exchanges of heat, water and momentum with the atmosphere, allowing the connection of surface
conditions to the deepest parts of the ocean. How do these connections occur and why are they important
for climate? In this first section, I will briefly expose why the ocean is such an important piece of the
climate system - mainly through its physical aspects - and describe what tools exist to study it at global
scale through international community efforts.

1.1 Connecting the atmosphere to the abyss

One of the ocean’s main role in regulating climate is to transport the extra solar heat received in the
tropics to the poles via its circulation, where heat is then partly lost to the atmosphere (e.g. Trenberth
and Caron [2001]). The upper layers of the ocean are in direct contact with the overlying atmosphere,
exchanging water through evaporation and precipitation, heat through shortwave and longwave radiation,
sensible and latent turbulent fluxes, momentum through the winds and other elements such as carbon
dioxide and oxygen. The properties acquired at the surface are mixed vertically by turbulent motions
within this surface layer, which acts to integrate and modulate air-sea exchanges, having a direct role on
climate variability [Frankignoul and Hasselmann, 1977]. The surface mixed layer has very homogeneous
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properties on the vertical including its volumetric mass (or "density"). It is thus a bridge between the at-
mosphere and the deeper parts of the ocean. Below the surface mixed layer lies a large, less variable body
of water not in direct contact with the atmosphere. The boundary between these two layers is a thin layer
manifested by a very high density gradient (intense stratification), the pycnocline, preventing strong ver-
tical exchanges between surface and depth [Fieux, 2010]. When the mixed layer deepens (e.g. in winter)
because of strong winds (enhancing mixing), surface cooling or evaporation (making the surface waters
cooler and/or saltier thus denser, creating vertical motion), properties in the underlying layer are mixed
with those of the surface layer. When the mixed layer depth shoals, the deeper parts are disconnected.
The surface mixed layer has varying depth over the globe, its connection to the deeper ocean is thus very
different depending on the region of the ocean [de Boyer Montégut, 2004, Sallée et al., 2021]. Between
40ºN and 40ºS where surface waters are warm and more stable (figure 0.1 and 0.3), the pycnocline lies
around tens to several hundred meters. At higher latitudes, where waters are much colder and where
there is the presence of floating sea-ice at the surface, the ocean is less stable, vertical density gradients
are weaker and isopycnals (lines of constant density) are almost vertical. In these regions, if the surface
waters temporarily lose enough buoyancy (i.e., become heavier), vertical motions in the water-column
called convection can reach the bottom of the ocean [Fieux, 2010]. This can occur via two processes
during winter. Either surface waters lose enough heat to the atmosphere, and become cool enough (that
is, dense enough) to break the stratification barrier. Or, when sea-ice is formed, it captures fresh water,
making the liquid water saltier and dense enough to engender vertical motions. Large holes in the sea-
ice called polynias, associated with strong winds that keep pushing the newly-formed sea-ice away, can
reinforce these convection processes, by further letting the ocean release its heat directly to the very cold
atmosphere, resulting in cooling the water-column and enhancing deep convection [Morales Maqueda,
2004]. The entire water column is thus homogenized and the surface is directly connected to the deep
ocean, transferring the properties it has exchanged with the atmosphere (e.g. heat, carbon and oxygen) at
depth, where it can be transported and stored for decades to centuries.

The exchange of properties with the atmosphere, their mixing over varying depths and their transport
in the ocean interior along different layers of density is the process of water-mass formation and sub-
duction (see the long arrows in figure 0.1). Water-masses are defined by a volume of water with unique
temperature and salinity characteristics, acquired in the same location by air-sea and sea-ice exchanges
and propagated in the surface mixed layer. At the end of winter when the mixed layer has reached its max-
imum depth defined by the water-mass density, they can flow and spread in the ocean interior along equal
density lines, under lighter layers [Fieux, 2010] (figure 0.1). Their properties will change only by slowly
mixing with surrounding water-masses. Water-masses are thus the memory of climate variations. The
global ocean circulation, generated by the combination of winds and density gradients (the latter being
the "thermohaline" component) transports these water-masses and their properties acquired at a specific
time and location all over the globe, connecting all ocean basins, descending to the bottom of the ocean at
high latitudes and transported back at the surface along different routes. The majority of the ocean volume
is filled with deep and abyssal water-masses formed at high latitudes, in small convection regions of the
subpolar North Atlantic and Southern Ocean, and spread equatorward from their formation site (Johnson
[2008], DeVries and Primeau [2011] and see in figure 0.1: Antarctic Bottom Water (AABW) and North
Atlantic Deep Water (NADW)). A water-mass is considered to be young if it has been in recent contact
with the atmosphere (i.e. just formed, or "ventilated"), and old when it has spread in the ocean interior,
transported and mixed by the circulation. The time scales of the circulation and thus of the age of water-
masses can range from seasonal in the surface mixed layer, 10-20 years in the well-ventilated subtropical
gyres and 100-1000 years in deeper layers. It is considered to take hundreds of years for properties to
be transmitted along the ventilation and circulation routes of the "great conveyor belt" [Broeker, 1991],
although this representation of a unique looping pathway has been "deconstructed" [Lozier, 2010], and
other processes have been added [Marshall and Speer, 2012], improving the global understanding of this
large-scale circulation.

3



1. ON THE IMPORTANCE OF STUDYING THE OCEAN TO UNDERSTAND EARTH’S CLIMATE

Figure 0.1: Ocean heat uptake pathways. From IPCC AR5 FAQ3.1 Figure 1 [Rhein et al., 2013]

1.2 Temperature and salinity: two markers of climate variability and change

Together with pressure (p), temperature (T) and salinity (S) determine the ocean’s density through the
equation of state ρ = f(T,S,p). They are thus crucial tracers for ocean water-masses and for the global
thermohaline circulation, and can be modified by exchanges with the atmosphere, sea-ice and land or by
interior mixing.

Salinity is the oceanic signature of the Earth freshwater cycle: in regions where precipitation (P)
exceeds evaporation (E) (E-P<0 near the equator and at high latitudes, blue regions in figure 0.2, panels
C and D) there is a net input of freshwater, making surface waters less salty (blue regions in panels A and
B), and in subtropical regions where evaporation exceeds precipitation (red regions), there is a net loss of
freshwater, impacting how salt is distributed in the surface (figure 0.2) and subsurface (figure 0.3) waters
[Durack, 2015]. Since about 80 % of evaporation and precipitation fluxes occur at the ocean surface
[Baumgartner and Reichel, 1975] (with the remaining 20% over land), any change in the water cycle is
reflected in ocean surface salinity patterns. Because of vertical exchanges within the surface mixed layer
and horizontal currents, salinity integrates the highly-variable P-E fluxes and gives a smoother view of
the evolution of P-E. Moreover, since the rise of satellite observations, Sea Surface Salinity (SSS) has
been much easier to observe than evaporation and precipitation fluxes [Yu et al., 2020]. Salinity is also
modified by sea-ice melt and formation, by river runoffs at river mouths (arriving as a freshwater flux
with near-zero salinity) and by the melting of the Antarctic and Greenland ice sheets through iceshelf
basal melt and calving. Salinity’s role is particularly important at high latitudes where its influence on
the equation of state and thus on the ocean’s stability (with consequences on deep convection) is stronger
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than at lower latitudes, where temperature variations mainly control variations in density.

Figure 0.2: From Durack [2015]. Climatological mean 2004–2013 near-surface salinity (SSS; PSS-78;
A, B) and 1987–2013 evaporation minus precipitation (E–P; m yr–1; C, D) in modern observations (A,
C) and a representative model (ACCESS-1.0; B, D) from the CMIP5 suite.

The latitudinal distribution of Sea Surface Temperature (SST) primarily reflects the latitudinal depen-
dence of solar radiation, with the warmest waters in the tropics, decreasing as we go towards the poles. As
depth increases, temperature rapidly decreases, especially at low latitudes where the thermal stratification
is strong (figure 0.3, with temperature contours very close together between 40ºN and 40ºS). SST is a key
element both constrained by and determining the amplitude of net surface heat fluxes, but also impacts
freshwater fluxes and carbon and oxygen exchanges with the atmosphere. It thus has an important impact
on coupled air-sea processes. Integrated over the entire ocean volume, sea water temperature gives an
indication of the Ocean Heat Content (OHC). In an equilibrium state where the heat entering the ocean
is compensated by heat lost, OHC should be constant. When the climate system energy budget is not
closed (which is in fact never the case on multi-centennial time scales because of fluctuations in internal
variability and external forcings), there is an imbalance in radiation fluxes at the top of the atmosphere
(TOA), named Earth’s Energy Imbalance (EEI). On mutli-decadal time scales, due to the ocean’s large
heat capacity compared to other components of the Earth system (atmosphere, cryosphere, land), the ma-
jority of the imbalance is found in the OHC [Levitus et al., 2001, Meyssignac et al., 2019]. Tracking OHC
change is thus a way to estimate the state of the EEI.

1.3 What tools do we have to study the ocean and its changes at global scale?

1.3.1 Observation systems to monitor the ocean

In situmeasurements of ocean temperature and salinity have been collected by oceanographic vessels
since the 19th century, with a larger coverage of the upper ocean starting in the 1960s, using primar-
ily Mechanical Bathythermographs (MBTs), Expandable Bathythermographs (XBTs) and Conductivity-
Temperature-Depth (CTD) instruments. Sampling has been historically biased towards the upper ocean
(see figure 0.4), Northern Hemisphere, coastal regions and summer seasons due, among other factors,
to instrument and accessibility reasons. Considerable efforts were lead during the 1990s with the World
Ocean Circulation Experiment (WOCE) program, a global hydrographic surveywhich produced atlases of
ocean physical and chemical properties (http://woceatlas.ucsd.edu). Since then, the Global Ocean Ship-
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Figure 0.3: From Li et al. [2020]. Climatological mean zonally-averaged temperature and salinity, 1960-
2018.

based Hydrographic Investigations Program (GO-SHIP, https://www.go-ship.org) has been coordinating
repeat hydrographic sections and data access.

Ship-based measurements have been complemented by other means of in situ observations which do
not need continuous human presence including moorings, gliders, and since the early 2000s, the extensive
deployment of autonomous Argo floats sampling the upper 2000m of the ocean. The Argo program (https:
//argo.ucsd.edu) has drastically improved the spatio-temporal coverage of the ocean observing system, as
seen in figure 0.4. In the Southern Ocean, large data gaps in ice-covered regions have been filled in the
past couple decades by instrumented marine mammals with biologging techniques, coordinated by the
Marine Mammals Exploring the Oceans Pole to Pole consortium (MEOP, https://www.meop.net). Some
animals like elephant seals can dive several hundred meters underwater to feed, which is an opportunity
to measure vertical profiles of temperature, salinity and pressure otherwise difficult to obtain.

The deep and abyssal ocean (>2000m) is still largely under-sampled (figure 0.4). Observations there
consist for the most part of hydrographic sections. The recent development and deployment of deep-Argo
floats, designed to profile down to 4000m and even 6000m, provides a way towards a complete full-depth
observing system, necessary to close the heat and freshwater budgets of the ocean [Jayne et al., 2017].

An extensive review of historical oceanographic measurements of temperature and bias corrections
is provided by e.g. Abraham et al. [2013]. Using all available temperature and salinity profiles, monthly
multi-decadal globally-gridded products have been developed, using different types of objective analyses
and data correction, and are often updated with the addition of new profiles (e.g. Levitus et al. [2012],
Good et al. [2013], Ishii et al. [2017], Cheng et al. [2017, 2020]). These objectively-mapped products
can significantly underestimate OHC trends as they tend to relax to climatological values in data-sparse
regions [Durack et al., 2014b], and the different mapping choices lead to large uncertainties. However, as
coverage increases, the different estimates of OHC are more consistent with each other. These globally-
mapped products can therefore be very useful, but must be manipulated with caution when examining
long-term historical trends in regions where data gaps exist.

Observing the ocean hydrology and dynamics from space has been possible since 1979 for SST, 1992
for sea level anomaly (SLA) and 2010 for SSS. Since there are very few observations of ocean currents
below the surface, sea level anomaly is a particularly useful quantity to observe as it gives an indication
of geostrophic currents (geostrophy being the main equilibrium of the ocean, between the effect of the
Earth rotation and horizontal pressure gradients).

Because of the predominant role of the Atlantic Meridional Overturning Circulation (AMOC) in
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Figure 0.4: (Upper) Number of subsurface ocean temperature profiles per year by instrument type
1900–2017. [BT, Bathythermograph; CTD, Conductivity-Temperature-Depth; XCTD, Expendable
CTD]. (Lower) Percentage (%) of data coverage for 3 × 3 boxes over the global ocean area from 5 to
6000 m. From Meyssignac et al. [2019].

regulating climate, sustained observing programs have been led in the North Atlantic to directly monitor
the circulation and heat transport, such as the RAPID array, measuring the overturning circulation at 26ºN
since 2004 (https://rapid.ac.uk/index.php) and the OSNAP array measuring the circulation in the North
Atlantic subpolar gyre since 2014 (https://www.o-snap.org).

1.3.2 Theoretical frameworks of the ocean circulation

The ocean is a salty, stratified fluid on a rotating sphere. Its motions are governed by the general
laws of mechanics associated to the laws of thermodynamics, translated into the Navier-Stokes equations
(momentum conservation), the conservation of mass, salt and heat, and the equation of state of seawater
(relating density to temperature, salinity and pressure). The forces acting on any parcel of the ocean are
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gravity, pressure gradients, the Coriolis force (induced by the rotation of the Earth) if the parcel is moving,
friction forces, and tidal forces. Well before observations of the ocean were collected and made available,
theories of the ocean circulation were developed by making a number of simplifying assumptions and
solving the equations of motion, to progressively uncover the complexity of this fluid environment. The
theories of geophysical fluid dynamics and its applications to the ocean have been presented in several
textbooks over the years (e.g. [Vallis, 2017]). Here, I give a few examples of central theoretical advances
made in the 20th century, with applications on the gyre circulation, largely based on my first oceanography
course given by Michèle Fieux, whose book has been a reference for French students for years [Fieux,
2010].

Most often, the hydrostatic approximation is made in the ocean, so that the vertical pressure gradient is
balanced by gravity. When the horizontal pressure gradient is balanced by the Coriolis force, geostrophic
balance is satisfied (in a stationary state). The geostrophic balance generally applies at large spatial scales
in the ocean interior below the surface layer directly influenced by the winds, away from land boundaries
where friction forces are important and away from the equator where the Coriolis force is null.

The surface layer influenced by the winds has been theorized by Ekman [1905], who considered the
effect of a constant wind on a homogenized ocean, where the Coriolis force is in balance with frictional
forces. At the ocean surface, the wind transmits a horizontal frictional force by turbulent viscosity, which
engenders a horizontal current, directly deviated by the Coriolis force. The balance between these two
forces results in a surface horizontal current 45º to the right (left) of the direction of the wind in the
Northern (Southern) Hemisphere. This surface layer similarly generates a motion in the underlying layer
by turbulent viscosity, deviated by the Coriolis force, and so on going down in the water column. The
momentum transmitted by the winds at the surface penetrates in the ocean and is progressively rotated
compared to the direction of the winds (the "Ekman spiral"). The strength of the current generated by
the overlying layers decays exponentially, so that when it reaches the depth where it has rotated 180º,
its magnitude is very small. The water column above that depth is called the Ekman layer, i.e. the layer
directly influenced by the overlying wind, which, integrated over the vertical, yields a transport that is
perpendicular to the right (left) of the wind and proportional to the wind stress. This Ekman transport
results in convergence and divergence of water which lead to areas of downwelling and upwelling, with
particular cases at the equator and at the coast. The vertical velocity at the base of the Ekman layer is
proportional to the curl of the wind stress, thus, spatial variations in the winds can cause upward and
downward motion. The influence played by the winds on the surface layer of the ocean can explain most
of the oceanic surface horizontal circulation.

The wind can also impact the ocean circulation below the Ekman layer. Sverdrup [1947] considered
a stationary, homogenized ocean below the Ekman layer, and using the geostrophic balance, derived the
meridional transport in this layer as a function of the curl of the wind stress and the Coriolis parame-
ter. This relation is very useful to explain the basin-scale subsurface ocean circulation such as the gyre
circulation forced by the winds. However, it applies in a non-stratified deep ocean, away from physical
boundary conditions and considering no bottom boundary layer.

Stommel [1948] extended the Sverdrup balance by adding a linear friction term at the bottom and
found a solution including the westward intensification of the ocean currents now well-observed in the
gyre circulation (e.g. Gulf Stream, Kuroshio, Brazil current), that could be explained by the latitudinal
variation of the Coriolis parameter and by meridional boundaries. Munk [1950] further extended this
work by adding a lateral boundary friction term, more important than the bottom one, as well as a more
realistic distribution of the wind forcing, and derived a generalized solution of the wind-forced gyre cir-
culation.

The intensification of the Western boundary currents can also be explained by the conservation of po-
tential vorticity in the subtropical gyres, considering the balance between the wind forcing, the latitudinal
dependence of the Coriolis parameter and lateral boundary friction (that depends on the strength of the
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boundary current) [Fieux, 2010].

Many other theoretical frameworks were proposed over the years to explain other components of the
ocean circulation such as the Antarctic Circumpolar Current (ACC), or the abyssal circulation, and to put
these different pieces together. This is still an active area of research.

The growing number and means of oceanic observations, with higher time and space resolutions,
has enabled to confirm or reject historical theories. Acoustic drifters released in the Atlantic were, for
instance, able to confirm the existence of a deep western return current in the Atlantic ocean, theorized by
Stommel [1957]. Observations of the deep and abyssal ocean have also allowed to revisit the way abyssal
mixing and the returning upward branch of the circulation were thought to be forced (e.g. Munk [1966],
Munk and Wunsch [1998]).

The more processes are considered, at different scales, the more complex the systems become. Tech-
nical advancements have allowed to solve certain problems numerically. We now present how numerical
models can be important tools to study the ocean and its variations within the climate system.

1.3.3 Modelling the climate system and its changes

Numerical modelling of the ocean and climate

As mentioned before, the ocean is governed by the laws of physics. Its motion and properties can be
solved and studied by making a number of assumptions to simplify the complex set of equations. These
assumptions depend on the application and scientific questions. To solve the system under consideration,
the equations of motion and the thermodynamic relations are discretized in time and space, coded, and
solved by a computer, for each grid point and time step of the domain considered. This discretization step
relies on mathematical tools, and several methods exist. Depending on the spatial and temporal resolution
of the numerical model, different physical processes can be resolved or not by these equations, according
to their characteristic time and space scales. Those that cannot be resolved are said to be parameterized,
i.e. small-scale unresolved quantities are related to large-scale resolved quantities. The ocean model has
to be provided boundary conditions, i.e. values or fluxes exchanged at the limits of its domain, such as
heat, mass flux and momentum. When studying the ocean at global scale, its physical boundaries are the
atmosphere, sea-ice, land, and the bathymetry (the shape of the ocean floor). The ocean model can also
be coupled to other model components of the climate system, in which case the boundary conditions are
calculated interactively with the other components. A model has to first be initialized before it can run,
i.e. prognostic variables have to be provided at the initial time step. In the ocean, the temperature and
salinity fields are usually initialized to climatological observed values, and the velocity field is initialized
to rest. The model can then be run forward, and it can take several hundred to thousand simulated years
for an equilibrium to be reached when simulating the global ocean, considering the time scales of the
ocean circulation [Bryan, 1969].

Numerical models (of the ocean and the atmosphere) have many different applications, for diverse
research questions but also for societal services, such as weather forecast or met-ocean services for indus-
trial purposes. One application of these numerical models that has been developed in the past decades
are Global Climate Models (GCMs), also called General Circulation Models, which we will take interest
in here.

GCMs aim to represent the dynamics of the atmosphere and the ocean as well as the physical, chem-
ical and biological processes within the climate system and their variability from seasonal, interannual,
decadal to multi-decadal and centennial time scales. They are constituted of different components of the
climate system that are developed separately and coupled to each other through their physical and biogeo-
chemical interactions. Most GCMs today are composed of an ocean model, sea-ice model, atmospheric
model and land surfaces model. Once the components are coupled to each other, the GCM handles all the
energy exchanges, the carbon cycle and the water cycle across the components. Closure of the energy and
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water budgets is an important step of model development but is not necessarily verified due to numerical
losses by, e.g., the coupling interfaces and regridding between the model components. The spatial and
temporal resolution adopted depends on the scientific question and application. To simulate the evolution
of global climate since the industrial revolution to today and even in the future, the latest generation of
GCMs have a horizontal resolution of about 1º and a temporal time step of the order of 30 minutes to
an hour in the ocean and 15 minutes in the atmosphere. Scaling down the resolution (to possibly better
represent the oceanic and atmospheric circulations) demands more computing time, and is thus generally
applied today to regional climate modelling and shorter temporal periods.

Sources of climate variability and change

The climate system is chaotic and has internal variations, inherited from the non-linear equations gov-
erning its motion and thermodynamics, acting on a range of time and space scales [Franzke and O’Kane,
2017]. This means two particles initially side by side can end up, after a period of time, at two completely
unrelated locations. Or put another way, a climate initialized infinitesimally differently than a first one
will end up in two significantly different states (within the range of possible internal variations).

The climate system also responds to "external forcings", i.e. drivers of physical or biochemical change
coming from outside the realm of the ocean/sea-ice/atmosphere/land components. On time scales impor-
tant for current human societies (decadal to centennial time scales), two natural external forcings play a
role on climate interannual to multi-decadal variability: solar incoming radiation, which has a cycle of
about 11 years, modulating the amount of shortwave radiation received by the Earth [Lean, 2010], and
volcanic eruptions, which act to temporarily cool the climate system by releasing sulphate aerosols in the
stratosphere, reflecting part of the shortwave radiation [Cole-Dai, 2010]. Since about 1750, and mostly
since the industrial revolution, humans have increasingly contributed to introducing other external forc-
ings in the climate system ("anthropogenic forcings"). The dominant ones are the emissions of additional
greenhouse gases (GHGs), with the major two gases being carbon dioxide and methane, released in the
atmosphere by the combustion of fossil fuels extracted from the ground, by enteric fermentation (through
livestock farming), rice cultivation, deforestation and land use [Friedlingstein et al., 2020, Saunois et al.,
2020]. These additional GHGs act to increase the greenhouse effect, trapping more infrared radiation
within the atmosphere, creating an imbalance between incoming and outgoing energy fluxes at the top
of the atmosphere, resulting in a warming of the troposphere and cooling of the stratosphere [Forster
et al., 2021]. Other anthropogenic forcings include aerosols, small polluting particles released in the
atmosphere, which tend to reflect the sun’s radiation and thus cool the surface climate. Finally, ozone-
depleting substances like chlorofluorocarbons (CFCs) were largely released in the second half of the 20th
century (they were used in e.g. aerosol sprays and refrigerants), creating what is known as the "ozone
hole" in the stratosphere, observed since the late 1970s [Solomon, 1999]. The ozone hole was found to
have important consequences for the climate of the Southern Hemisphere (e.g. Thompson et al. [2011]).
After the Montreal protocol in 1996 which banned the use of these substances, the ozone hole started
slowly recovering [Solomon et al., 2016].

Simulating the historical climate

To simulate the evolution of the climate system from the pre-industrial era to today, observations of
all these external forcings (natural and anthropogenic) and their evolution are prescribed to global climate
models. Such simulations are called "historical" experiments, and run from ∼1850 to ∼today (depend-
ing on when they were conducted). The Coupled Model Intercomparison Project (CMIP) [Taylor et al.,
2012, Eyring et al., 2016] provides a common framework and protocol for climate models of all mod-
elling institutions to simulate (among else) the climate of the historical period, with prescribed fields of
historical radiative forcings, and common standardized outputs for multi-model studies. Before a histor-
ical simulation can start, the climate model has to be (quasi-)equilibrated (it is often not the case as this
can take several hundred to thousand simulated years, which can be computationally constraining). To do
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that, GCMs are initialized from climatological data and run forward without any external forcings. This
is called a "spin-up" simulation. Once a quasi-equilibrium has been reached, the model simulates the
"unforced climate" in what is called a Pre-Industrial Control (piControl) simulation. The historical simu-
lation is branched from a piControl, with historical external radiative forcings now prescribed. However,
exact conditions in 1850 were largely unknown, especially in the ocean. Initializing the historical simu-
lations from an unknown state thus means it is not possible to correctly reproduce the phases of internal
variations observed today. Consequently, in an endeavour to span the possible variations present in 1850,
historical simulations can be run multiple times by the samemodel (each simulation is called a "member",
which together form an "ensemble"), starting from a different climate state simulated by the model in the
piControl simulation. The different members then provide multiple realizations of possible climates; in
the real world, the observations correspond to one realization of the climate, of which we don’t know all
the conditions in 1850. The ensemble of members also provide a range of internal variability, and aver-
aging across members (when a large enough number of members have been performed) provides the best
estimate to retrieve the "forced response" (i.e. the long-term response to external forcings) as it damps the
variability [Deser et al., 2012].

GCMs have to be evaluated for their capacity to reproduce relevant observations and to reproduce
physical processes. There are several particularly useful metrics (which measure a distance between the
model and observations) or indicators to look at when evaluating a climate model: the mean state and
the annual cycle (compared to climatological observations) and the response to external forcings (the
trend in key variables in the historical period compared to the trend in observations). Differences in the
climate mean state are called biases. Multi-model biases are evaluated for each CMIP exercise and for
different parts of the climate system. For zonal mean potential temperature and salinity, the Coupled
Model Intercomparison Project Phase 5 (CMIP5) and Coupled Model Intercomparison Project Phase
6 (CMIP6) broadly show a warm and salty bias at mid and intermediate depths (and in the Southern
Ocean for temperature), and a cold and fresh bias in the surface layers [Eyring et al., 2021]. The origin
of these biases can be complex, depend on the resolution and are model-dependent. Getting a global
climate model to correctly reproduce the mean observed state is an entire research area. The coupling
itself between components can entirely modify the mean state obtained previously with a forced ocean or
atmosphere alone. The procedure relies on tuning a number ofmodel parameters (associated to unresolved
processes) to adjust the response of the model and make it as close as possible to an observed target (the
targets are usually a number of defined climate indices such as global surface air temperature, sea-ice
cover, etc...). The tuning process can be extremely time and energy (cpu time) consuming and rely a lot
on ad-hoc methods (e.g. Mignot et al. [2021]), so modelling groups are now shifting towards machine
learning methods to more objectively explore the space of parameter values yielding acceptable targets
(e.g.Williams et al. [2021], Hourdin et al. [2021]).

Attributing observed changes to climate drivers

Simulations over the historical period can also be run without anthropogenic forcings (natural forcings
only: "historicalNat" experiments), or without variations in natural forcings, or with only some anthro-
pogenic forcings (figure 0.5). This allows the evaluation of the climate impact of individual or groups of
forcings. When external forcings are constant, the climate system is referred to as being "unforced" (pi-
Control experiments). During the historical period, the climate forced with natural forcings alone cannot
reproduce the observed warming of global mean surface temperature (figure 0.5, Eyring et al. [2021])
and human activities are found to be the sole cause of the observed long-term warming since 1850.

These simulations are part of the Detection and AttributionModel Intercomparison Project (DAMIP).
Indeed, CMIP consists in core simulations (called the "Deck" in CMIP6) that have to be performed by
all the modelling centers to understand and compare the unforced simulated climates of different models
(piControl experiments), and their response to idealized (e.g. abrupt quadrupling or 1% per year increase
in atmospheric CO2 concentration) and historical forcings. Then, other specific MIPs are proposed to
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Figure 0.5: Observed warming (1850-2018) is only reproduced in simulations including human influ-
ence. From IPCC AR6 FAQ3.1 Figure 1 Eyring et al. [2021]

explore specific aspects and answer targeted questions 1.

Projecting the evolution of future climate

To project the possible evolution of future climate (usually until 2100 but also on longer time scales),
different scenarios of the 21st century are constructed under a range of socio-economic and mitigation
assumptions (i.e.what will society decide to do in response to man-made climate change), yielding GHGs
and pollutants emissions or concentrations in the atmosphere [Gidden et al., 2019]. The information
provided by climate model historical experiments and projections is (and has been for decades already)
crucial to understand the anthropogenic origin of current climate change and its impacts on societies and
ecosystems, and to inform citizens and decision makers.

When considering climate model projections, three sources of uncertainty have been reported: in-
ternal variability, model representation and scenarios [Hawkins and Sutton, 2009]. The uncertainty in
scenarios (i.e. which future will actually happen) is explored by constructing different pathways of emis-
sions; the choice of scenario is not visible right away on, for example, Global Surface Air Temperature
(GSAT), because of internal variability, but after a couple of decades [Lee et al., 2021]. The uncertainty in
model physics (do models realistically reproduce the "real" climate) is explored by considering the projec-
tions provided by multiple climate models, to span different alternative realities depending on modelling
choices. This is done through the CMIP exercises which provide precise protocols for model forcings and
outputs so that the intercomparison can be made successfully. In the past couple years, the 6th phase of
the project has seen the light with climate modelling institutions releasing their model data progressively
as the experiments were being conducted, and is still ongoing. Finally, uncertainty in internal variability
arises from the chaotic nature of the climate system and its internal modes of variability, and is large
on decadal time scales. Internal variability can indeed temporarily mask or amplify long-term trends in
response to anthropogenic forcings. The uncertainty in climate projections due to internal variability can

1. See e.g. https://www.wcrp-climate.org/modelling-wgcm-mip-catalogue/modelling-wgcm-cmip6-endorsed-mips
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be estimated from the spread between members of a single model initialized from different climate con-
ditions. This uncertainty is problematic when trying to provide relevant climate projections in the next
10 years or so, especially at regional scale. Research in decadal climate predictions aims to use observed
variability to constrain climate simulations and to provide skilful forecasts of climate variations from a
year to a decade ahead, primarily through the use of hindcasts (e.g. Boer et al. [2016]).

Before digging more into how we can use global climate models to explore possible future climates,
we now turn to oceanic changes already observed today.

2 The thermohaline structure of the ocean is changing

Since we started observing the ocean, clear multidecadal changes have surfaced in the thermohaline
characteristics of the ocean. In this section, I will give an overview of these large-scale multidecadal
observed changes, before assessing their significance - relative to natural climate variations - and their
anthropogenic origin in section 3 and the physical mechanisms causing them in section 4.

Since the focus of this introduction chapter is closely related to what was reported in several chapters
of the IPCC Working Group I AR6 [IPCC, 2021a], released in August 2021, I present when relevant the
confidence level they have assigned to the different ocean changes and their origin.

Note many changes are occurring in the ocean physical, chemical, biological properties, in their long-
termmean evolution but also in the frequency and intensity of extreme events [Bindoff et al., 2019]. Here,
the focus will be put on long-term changes in temperature and salinity and related quantities.

2.1 Changes in temperature and heat content

2.1.1 A broad surface warming

Since the beginning of the 20th century, the ocean surface has warmed broadly (figure 0.6): based
on the mean of four observation-based products (COBE1 [Ishii et al., 2005], COBE2 [Hirahara et al.,
2014], HadISST [Rayner, 2003], ERSST [Huang et al., 2017]), the warming trend in globally-averaged
SST has been evaluated at 0.62 ± 0.12 °C/century for the period 1900-2018 [Garcia-Soto et al., 2021],
with accelerated warming in the last decade (2.56± 0.68 ºC/century for 2009-2018). The AR6 evaluates
that “it is now very likely that global mean SST changed by 0.88°C [0.68-1.01°C] from 1850-1900 to
2011-2020, and 0.60°C [0.44-0.74°C] from 1980 to 2020”. This warming is not uniform, with the fastest
trends observed in the tropics and even some regions with observed cooling in the subpolar North Atlantic
(referred to as the "warming hole" or "cold blob") and the subpolar Southern Ocean.

2.1.2 A warming present on all vertical levels with varying horizontal patterns

Already in the early 2000s, broad, consistent ocean warming since the mid-20th century had been
observed in the subsurface and at depth [Levitus, 2000, Levitus et al., 2005, Gille, 2002, 2008]. Since
around 2005, the Argo array has allowed much better monitoring of the warming in the upper 2000m (e.g.
Roemmich et al. [2015], Wijffels et al. [2016]), while we still rely mostly on repeat hydrographic sections
to explore the deeper ocean >2000m [Purkey and Johnson, 2010, Desbruyères et al., 2016, 2017, Purkey
et al., 2019].

The most pronounced patterns of warming are located in the upper layers and follow the structures of
ventilation pathways, with a deeper penetration of warming in the subtropical gyres [Levitus et al., 2012,
Roemmich et al., 2015, Häkkinen et al., 2016, Desbruyères et al., 2017], see figure 0.7. Strong multi-
decadal warming is observed in the upper North Atlantic ocean along the Gulf Stream and North Atlantic
Current [Levitus et al., 2012, Häkkinen et al., 2016], but weaker warming or even cooling is observed
at depth [Desbruyères et al., 2016]. The Southern Ocean is contrasted in terms of warming trends, with
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Figure 0.6: From Huang et al. [2017]. Observed global mean SST anomaly relative to 1971-2000 for
different reconstructed products.

delayed warming in the upwelling region south of the ACC [Armour et al., 2016] but more rapid warming
in the top 2000m in and north of the ACC compared to global rates [Sallée, 2018, Roemmich et al., 2015].
Southern OceanMode and IntermediateWaters have warmed at a rate of 0.1-0.2ºC/decade [Sallée, 2018].
Changes in surface winds have caused enhanced southward and upward transport of Circumpolar Deep
Water (CDW), which have also warmed due to upper ocean increased stratification acting to decrease
mixing of CDW with the overlying surface waters, all of which with potential important consequences
for access to the continental shelf and iceshelf basal melt [Schmidtko et al., 2014, Auger et al., 2021,
Fox-Kemper et al., 2021].

Repeat hydrographic sections over all ocean basins since the 1980s have allowed the assessment of
deep (2000-4000m) and abyssal (4000-6000m) warming (Purkey and Johnson [2010], extended by Des-
bruyères et al. [2016]). The warming observed in these layers was found to be equivalent to a 0.065 ±
0.040 W.m-2 heat flux for 1991-2010, with significant trends at every pressure levels and with 2/3 of this
warming contained between 2000-4000m, although the less voluminous abyssal layer (>4000m) warmed
at a faster rate. The subpolar Southern Ocean was found to have a dominant role for both deep and abyssal
warming, contributing 67% of the global trend despite its small volume, and being the only region where
the deep warming trend is statistically significant from zero. A consistent warming was found in regions
of formation or fed by AABW, highlighting their key role as a clear pathway of ocean warming (and also
investigated by e.g. Purkey and Johnson [2013] and Purkey et al. [2019]). Combining Argo data in the
top 2000m and repeat hydrography below 2000m, Desbruyères et al. [2017] estimate the global ocean
warming in the last decade to amount to a 0.71 ± 0.09 W.m-2 heat uptake (applied over the Earth area)
with 90% of that warming taking place above 2000m. They also confirm that ocean warming is present
at every pressure level, with local maxima at the surface, at 1000m and at 4200m.

The AR6 assesses that "it is virtually certain that the upper ocean (0-700m) has warmed since 1971,
that ocean warming at intermediate depths (700-2000m) is very likely since 2006, and that it is likely that
ocean warming has occurred below 2000m since 1992". Furthermore, it gives “high confidence that deep
ocean warming below 2000m has been larger in the Southern Ocean than in other ocean basins due to
widespread AABW warming”.
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Figure 0.7: Figure downloaded from http://159.226.119.60/cheng/, based on IAP gridded data [Cheng
et al., 2017]. Mean ocean warming rate (0-2000m, linear trend) from 1960 to 2019. Figure shows vertical
section of the ocean temperature trends within 1960 to 2019 from sea surface to 2000m (60-year Ordinary
Least Squares linear trend). Shown are the zonal mean sections in each ocean basin organized around the
Southern Ocean (south of 60°S) in the center. Black contours show the associated climatological mean
temperature with intervals of 2°C (In the Southern Ocean, 1°C intervals are provided in dashed contours).

2.1.3 A globally-integrated warming that reflects the energy imbalance of the climate system

Additional greenhouse gases released by human activities in the atmosphere are trapping more heat
in the climate system, creating an energy imbalance at the top of the atmosphere. The global trend of
OHC reflects this earth energy imbalance, with 91% of the total energy gained in the climate system from
1971 to 2018 stored in the ocean (see figure 0.8, right panel) [Forster et al., 2021]. The remaining energy
went to heating the atmosphere (1%), land (5%) and melting ice (3%) (figure 0.8). OHC integrates the
natural variations within the climate system and better reflects long-term changes, compared with only
upper-ocean or surface temperature (compare figures 0.6 and 0.8) which can hide periods of ocean heat
absorption at depth while surface temperature is not rising, such as the warming "hiatus" of the 2000s
[Storto et al., 2021]. This makes OHC one of the key variables we ought to closely monitor to track the
evolution of ongoing climate change [Meyssignac et al., 2019].

The IPCC AR5 report [Rhein et al., 2013] estimated the rate of ocean heat uptake for the upper
2000m ranging from 0.20 to 0.32 W.m-2 for 1971-2010, and about 0.5 W.m-2 for 1993-2010. However,
these rates were probably underestimated, as Cheng et al. [2019] highlighted recent studies with extended
observation-based OHC estimates ranging from 0.36 to 0.39W.m-2 for 1971-2010, and 0.55 to 0.68W.m-2

in the decades after 1991. The 2nd World Ocean Assessment [Garcia-Soto et al., 2021] reports a rate of
0.34 ± 0.08 W.m-2 for 1955-2018 in the upper 2000m (mean rate from observation-based datasets Ishii
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Figure 0.8: (Left) From Fox-Kemper et al. [2021], Figure 9.6: global OHC anomalies in the upper
2000m, from observation-based estimates and CMIP6 multi-model means. (Right) From Forster et al.
[2021] box7.1 Figure 1: estimate of the net cumulative energy change (ZJ = 1021 Joules) for the period
1971–2018, per component of the Energy Inventory.

et al. [2017] and Cheng et al. [2017]). This rate has increased in the recent decades to 0.62±0.05 W.m-2

for 1999-2018 (mean of Ishii et al. [2017], Cheng et al. [2017] and a combination of Domingues et al.
[2008] and Levitus et al. [2012]). For 2009-2018, the mean rate rises to 0.65 ± 0.07 W.m-2. Finally,
the latest figures reported by the IPCC AR6 [Forster et al., 2021] give a corresponding warming rate of
0.34-0.62W.m-2 for 1971-2018 in the upper 2000m, 0.43-0.73W.m-2 for 1993-2018 and 0.40-0.89W.m-2

for 2006-2018.

A reconstruction of the full-depth OHC evolution since 1871 was proposed by Zanna et al. [2019b],
using observed SST fed to a representation of time-independent ocean transport processes, giving un-
precedented information about OHC below 2000m and at these time scales. Their reconstruction agrees
well with observation-based estimates in the upper 2000m (0.30 ± 0.06 W.m-2 for 1955-2017) and they
indicate a warming rate of 0.028 ± 0.026 W.m-2 below 2000m on the same period. New information
provided by this study also includes an OHC increase during 1921-1946 as large as during 1990-2015.

Global climate models from the CMIP5 and CMIP6 exercises simulate consistent multi-decadal OHC
increase compared to the latest observational estimates (see e.g. figure 0.8), with coherent vertical warm-
ing although they have a tendency to produce stronger trends than observed at depth and weaker trends
in the upper ocean [Eyring et al., 2021, Fox-Kemper et al., 2021]. Global ocean warming is projected to
continue in the coming decades under all GHG emissions scenarios with very high confidence, following
observed patterns of change with an uptake of heat particularly pronounced in the subtropical gyres, mode
waters, AABW, delayed warming in the upper subpolar Southern Ocean and in the deep subpolar North
Atlantic [Fox-Kemper et al., 2021]. The AR6 concludes on ocean warming projections: “there is high
confidence that there is a long-term commitment to increased OHC in response to anthropogenic CO2
emissions, which is essentially irreversible on human timescales”.

2.2 Changes in salinity

Global, multi-decadal patterns of salinity change have been observed at the surface and subsur-
face since the 1950s and confirmed by several independant studies [Boyer et al., 2005, Hosoda et al.,
2009, Helm et al., 2010, Durack and Wijffels, 2010, Skliris et al., 2014, Cheng et al., 2020]. These
global surface observations have shown intensified salinity patterns along the mean salinity field, with
evaporation-dominated regions getting saltier (e.g. the subtropical gyres and the entire Atlantic basin)
and precipitation-dominated regions getting fresher (e.g. the Pacific Warm Pool and the high latitudes),
consistent with an amplification of the water cycle. Coherent changes have also been observed in sub-
surface waters, with anomalies penetrating in the upper 1000m, freshening the high latitude waters (e.g.
the Antarctic Intermediate Water (AAIW)) and enhancing the already salty subtropical gyres (see figure
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0.9). The inter-basin contrast between the salty Atlantic and fresh Pacific basins has also amplified at the
surface and in the subsurface. This intensification of the climatological field in the subsurface suggests
that persistent surface anomalies of several decades have already propagated into the ocean interior. We
note however that on shorter timescales (interannual to decadal), the relationship between salinity change
patterns and water cycle amplification is not evident, due to ocean circulation, salt transport and natural
variability [Vinogradova and Ponte, 2017].

Figure 0.9: From [Cheng et al., 2020]. Ocean salinity trends for 1960–2017 from sea surface to 2000 m
as the zonal mean sections in each ocean basin organized around the Southern Ocean in the center. Gray
contours show the climatological mean salinity, with intervals of 0.2 g kg-1. The thick black contour
shows the global median of the climatological salinity.

The multi-decadal SSS Pattern Amplification (PA) has been estimated to range from 5-8% from ob-
served estimates [Hosoda et al., 2009, Durack et al., 2012, Skliris et al., 2014, Zika et al., 2018, Cheng
et al., 2020]. The spread in these estimates is suggested to come from errors in the different datasets
[Cheng et al., 2020]. However, the E-P (Evaporation – Precipitation) PA inferred from full-depth salinity
observations and water-mass transformation theory is much lower, around 3%/K (Skliris et al. [2016],
based on Zika et al. [2015]). Climate models also predict SSS PA at twice the rate of E-P PA [Durack
et al., 2012]. In investigating the cause of this ratio between SSS and E-P PA, idealized model studies
have shown that ocean warming, by increasing near-surface stratification, was partly responsible for the
amplification of the SSS pattern [Durack et al., 2012, Zika et al., 2018], and could explain close to half of
the observed SSS pattern changes between 1957-2016 [Zika et al., 2018]. The E-P fluxes are subject to
more high-frequency variability compared to ocean salinity, which acts as an integrator of the freshwater
fluxes. Furthermore, SSS is better observed (and easier to) than E-P, particularly since the satellite era,
with more coherence and less discrepancies in the pattern trends of various reconstructions [Skliris et al.,
2014]. Yu et al. [2020] provide an extensive review of water-cycle amplification estimates, both from
direct E and P measurements and from ocean salinity. Recently, using an improved estimate of upper
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ocean salinity since 1960 and correlation between salinity and E-P in CMIP5 models, Cheng et al. [2020]
derived an estimate of the water cycle amplification of 2.6%-3.2%/K.

The AR6 concludes on salinity changes and their cause with the following statement: "[...] subsurface
salinity trends are connected to surface trends (very likely), which are in turn linked to an intensifying
hydrological cycle (medium confidence) and increasing evidence from updated observational records in-
dicates it is now virtually certain that surface salinity contrasts are increasing".

There is little observational evidence of salinity changes in the deeper ocean, however a persistent
freshening of AABW below 1000m and in the deep and abyssal ocean was observed by repeated hydro-
graphic sections between the 1980s and 2000s in the South Pacific and Indian oceans with the strongest
trends near their formation site (i.e. near the Antarctic continental slope), a probable consequence of in-
creased continental ice melt [Rintoul, 2007, Purkey and Johnson, 2013, Jullion et al., 2013]. Overlying
salinification of CDW was also observed by these repeated transects. Another decade of hydrographic
sections provided additional evidence for recent AABW freshening [Menezes et al., 2017, Purkey et al.,
2019].

CMIP5 and CMIP6 models simulate similar consistent patterns of basin-scale surface and subsurface
salinity pattern amplification over the past decades, and the AR6 assesses the following for future changes:
"overall, projections confirm the SROCC assessment that fresh ocean regions will continue to get fresher
and salty ocean regions will continue to get saltier in the 21st century (medium confidence)"[Fox-Kemper
et al., 2021, Eyring et al., 2021].

2.3 Changes in stratification

Global ocean warming and high-latitude freshening has resulted in an increase in ocean stratification,
particularly in the upper ocean. There have been multiple ways of defining ocean stratification and re-
porting its multi-decadal changes. The IPCC AR5 [Rhein et al., 2013] reported a 4% increase in global
mean thermal stratification between the 0 and 200m layers between 1971 and 2010. The Special Report
on the Ocean and Cryosphere in a Changing Climate (SROCC) [Bindoff et al., 2019] based its definition
of stratification on the square buoyancy frequency N2 (or Brünt-Vaisala frequency, proportional to the
vertical density gradient), and reported a 2.18-2.42% increase in globally-averaged N2 defined between
0-10m and 190-210m between the periods 1971-1990 and 1998-2017. Li et al. [2020] report N2 changes
for 1960-2018 in the upper 2000m of the ocean using new gridded products of 3D temperature and salinity
[Cheng et al., 2017, 2020]. They find that N2 is increasing almost everywhere in the upper 2000m of the
ocean and in all basins, with the strongest trends in the top 200m and in the tropics. They report a 6.9%
increase in globally-averaged 0-200m N2, and 5.3% in the total 0-2000m layer. With the AR5 definition,
their product gives a 5.1 ± 2.1 % increase in upper 200m stratification during 1971-2010 (compared
to 4% reported in AR5). And when adopting the SROCC definition, they obtain a 4.3% increase from
1971-1990 to 1998-2017 (compared to the 2.3% reported in SROCC). They explain the underestimation
of previous reports by conservative biases in the datasets due, in part, to sparse observational sampling
in certain regions which results in infilled grid cells by climatological values and underestimated trends.
In investigating the relative importance of temperature and salinity in the stratification increase, Li et al.
[2020] find that temperature changes largely dominate the observed stratification increase but that salinity
changes can still play a role locally, especially in polar regions.

In an endeavour to follow the changes in stratification between the upper and deep ocean (i.e. in the
pycnocline) more closely, and to account for the different dynamical regimes across the ocean and their
evolution in time, Sallée et al. [2021] computed the multi-decadal evolution in mixed-layer depth and in
N2 at the base of the mixed layer, from a large combination of in-situ temperature and salinity profiles
between 1970 and 2018. They report a global mean summertime pycnocline stratification increase of 8.9
± 2.7%/dec, compared to the much lower value of 1.3 ± 0.3%/dec when computing stratification in the
fixed 0-200m layer (a value consistent with annual-mean estimates of previous studies, e.g. the 1.2 ±
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0.1%/dec of Li et al. [2020]). This suggests computing stratification changes over a fixed layer can hide
substantial increases in pycnocline stability (see the difference in trends at local scale in figure 0.10). Sal-
lée et al. [2021] also find that the contribution of temperature changes to the increased stratification has
been dominant due to global surface warming, except in the subpolar Southern Ocean; and they find an
intensification of the contribution of salinity to stratification mirroring the amplifying hydrological cycle
(i.e. the evaporation-dominated gyres are getting saltier thus increasing their destabilizing contribution to
upper ocean stratification, while precipitation-dominated regions especially in the cold Southern Ocean
are getting fresher, thus increasing the salinity-induced stability). This summertime increased stratifica-
tion of the pycnocline is associated with a reported deepening of the summer mixed layer of 5m-10m/dec
across the ocean, equivalent to a deepening of 2.9 ± 0.5%/dec compared to the local MLD climatology.
This result is new and counters the intuitive assumption that mixed layer depths are shoaling as surface
warming increases. A suggested explanation to this multi-decadal mixed layer deepening is an increase
of upper ocean turbulence driven by intensifying winds, large enough to counteract the expected shoaling
by surface buoyancy fluxes.

Figure 0.10: From [Sallée et al., 2021]. 1970-2018 trends in summer upper-ocean stratification (a) 0-
200m N2

200 and (b) pycnocline stratification N2.

Overall, the multi-decadal upper ocean increased stratification is assessed to be virtually certain in
the AR6, with a reported rate of 4.9± 1.5 % from 1970 to 2018 for the upper 200m with high confidence.

As the depth and strength of the pycnocline strongly control vertical mixing and the availability of
biochemical properties between the surface and deep layers, increased stratification of the ocean and
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changes in mixed layer depth have potential impacts for nutrient, oxygen, carbon and heat fluxes between
the upper and deep ocean, thus on water-mass ventilation and formation, with important biological and
climatic consequences [Bindoff et al., 2019, Li et al., 2020, Sallée et al., 2021].

In CMIP models, the upper ocean increase in stratification of the past decades is projected to continue
in the 21st century over most ocean basins, with a likely decrease in abyssal stratification [Bindoff et al.,
2019]. Contrarily to the observed deepening of summer mixed-layer depth, CMIP6 models project a
shallowing of the mixed layer by the end of the century [Fox-Kemper et al., 2021].

3 Are these changes significant compared to climate variability and are
they human-induced?

3.1 Disentangling internal variability from external forcings

The reported observed changes presented in section 2 point towards a robust and increasing influence
of human activities on the ocean over the past several decades. However, other factors can modulate
the response to anthropogenic forcings, such as strong internal variability and the response to natural
forcings, especially to volcanic eruptions. These other factors are not uniform and vary in space and time.
For example, the strong decadal warming observed in the Southern Ocean in the early 2000s-2010s was
proposed to be caused both by human activity and by an internal inter-hemispheric mode of variability
that temporarily strengthened the forced signal, but that already started to shift, thus slowing down the
ongoing decadal warming [Rathore et al., 2020, Wang et al., 2021, Zika et al., 2021].

How can we make sure the observed changes are related to a human-induced climate change signal?
How can we know when a reported change is large enough to surpass internal variability or variations
due to natural forcings? One application of global climate models in climate change studies is to for-
mally detect a change in the available observations, and attribute it to cause, using forced and unforced
experiments. Detecting an externally-forced change means that it cannot be explained by internal vari-
ability alone (identified by long unforced pre-industrial control experiments). The attribution process
aims to evaluate whether the observed change is consistent with the externally-forced model-produced
change, and the relative contributions of the external forcings. Different statistical methods have been
applied for Detection and Attribution (D&A) studies [Eyring et al., 2021]. The basic idea is first to de-
fine a model-based fingerprint, representing the forced climate response (to a single or multiple external
forcings). How this fingerprint is defined in time and space and how it is then related to observations is
method-dependent. Two major techniques on which most of the studies presented below are based are
the regression-based method and the pattern-based method [Eyring et al., 2021].

In the regression-based method, the fingerprint X represents the space-time pattern of the change
predicted by the model, following some spatial and temporal averaging of the variable in question, and
generally normalized using a long control run. The observations Y (with similar averaging as the fin-
gerprint definition) are regressed against the single or multiple fingerprints (one-signal or multiple-signal
regression), yielding a regression coefficient β and residuals ε representing internal variability, so that
Y = βX + ε (for a simple linear regression). A control run is also projected onto this fingerprint, yield-
ing a distribution of regression coefficients based on which a confidence level can be computed. If the
regression coefficient is significantly different from zero, the change in the observations is said to have
been detected. Furthermore, if the regression coefficient is close to one (within the confidence interval),
the observed change can be partly attributed to the forcing represented in the fingerprint. A statistical test
can be run on the residuals ε to evaluate their consistency with internal variability as defined from the
control run.

In the pattern-based method, the fingerprint is defined as the first Empirical Orthogonal Function
(EOF) from the externally-forced model simulation(s) (usually from a multi-model mean), thus reflecting
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the spatial change only. The observations are projected onto this fingerprint, yielding a time-evolving
pseudo-principal component, measuring the degree of spatial pattern similarity with the fingerprint. Long
control runs are also projected onto the fingerprint to evaluate internal variability. The linear trend can
be calculated in these pseudo Principal Component (PC) time series, and detection is found if the trend
in the pseudo-PC of the observations statistically surpasses the distribution of trends in the pseudo-PCs
of the control run. Another detection method consists in regressing the pseudo-principal component onto
the PC associated with the fingerprint and testing for significance on the regression coefficient.

Some of the reported temperature and salinity observed changes have already exceeded the range of
internal climate variability and have been partly attributed to human activity. We will here review the
main conclusions concerning the D&A of temperature and salinity changes in the ocean. Because the
D&A analyses rest upon different definitions of fingerprints, the results are tricky to compare to each
other, and it is important to understand what they represent.

3.2 Detection and attribution of thermohaline changes in the ocean

3.2.1 Temperature and ocean heat content

In 2000, Levitus [2000] released a multi-decadal gridded product of observed global OHC change
in the upper 3000m from the World Ocean Database (WOD). Following the publication of this product,
several modelling groups compared the simulated multi-decadal ocean warming in their coupled model to
the warming of this new estimate and tested whether it could be explained by unforced internal variability
alone or not. Levitus et al. [2001] showed that the globally-integrated 0-3000m 60ºS-60ºNOHC trend over
the period 1955-1996 from Levitus [2000] was consistent with that of an ensemble of fully-forced sim-
ulations (temporal variations in GHGs, sulfate aerosols, volcanic activity and solar irradiance) run with
the GFDL ocean-atmosphere coupled model; that the simulated positive radiative forcing of the second
half of the twentieth century came from the increase in emissions of anthropogenic GHGs, compensated
by a cooling caused by volcanic eruptions, and that the simulated warming trend was inconsistent with
internal variability alone estimated from all 41-year trends in a control run, providing evidence for a pos-
sible human influence on observed warming of the ocean. Sun and Hansen [2003] also found comparable
ocean warming to the Levitus estimate in another fully-forced coupled model (GISS SI2000 atmosphere
coupled to the HYCOM ocean model), as well as Gregory et al. [2004] with the Hadley Center (HadCM3)
model. It was noted however that even though the models reproduced the magnitude of the long-term ob-
served warming, none of them reproduced the strong decadal variability present in the Levitus dataset,
although this decadal variability was found to have large uncertainties due to sparse sampling and infilling
method [Gregory et al., 2004], and later found to be falsely augmented by instrumental biases [Levitus
et al., 2009].

It was Barnett et al. [2001] who conducted the first formal detection study of OHC change, using
the Levitus [2000] dataset and the Parallel Coupled Model (PCM) subsampled in grid boxes where there
were observations. They defined a fingerprint from the ensemble mean of GHG-forced simulations of the
PCM, based on 5 decadal averages (1955-2000) of temperature vertically integrated from 0 to 3000m and
horizontally-averaged in each of the 6 ocean sub-basins, concatenating the resulting 6 time series to form
a unique fingerprint representing the space/time patterns of OHC change. Projecting the GHG-forced
ensemble, a long control run and the observations onto this fingerprint, they found that a climate change
signal had occurred in the model and that observations were consistent with the anthropogenically-forced
model results.

Using the ECHAM4/OPYC3 coupled model forced by anthropogenically varying GHGs, sulphate
aerosols and tropospheric ozone, and an identical definition of the space/time fingerprint of OHC change,
Reichert et al. [2002] found similar results, with a simulated climate change signal detected both in the
upper 300m and 3000m of the ocean in the observations and attributed to anthropogenic forcings.
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A few years later, using an updated version of the observed dataset [Levitus et al., 2005], Barnett
[2005] and Pierce et al. [2006] extended the former D&A studies by looking for signals on every depth
level of the ocean in each oceanic sub-basin, instead of the former vertically-averaged single time series
of 6 concatenated sub-basins, using both the PCM and HadCM3 models. This allowed to illustrate the
geographical variations and vertical penetration of the warming signal. They found that the observed
warming in the top ∼100m of all ocean basins was stronger than that expected by internal variability,
reaching ∼300m in the North Atlantic and even deeper in the South Atlantic; that this warming could
not be explained by natural external forcings (solar fluctuations and volcanic activity, which were found
to present a signal indistinguishable from internal variability); and that the observed warming signal was
consistent with the anthropogenically-forced warming, illustrating the responsibility of human influence
in the warming of the upper layers of the ocean. Interestingly, Pierce et al. [2006] found that their model
fingerprint explained 80% of the variance of the observed signal in the top 75m, dropping to a minimum
at 150m, and rising again to significant levels between 250 and 600m, indicating promising attempts to
look for anthropogenic signals below the thermocline, even though they did not formally detect it yet at
these depths.

Pierce et al. [2012] further extended this work by defining amodel warming fingerprint based this time
on 20 models from the CMIP5 archive to look for anthropogenic warming in the updated and corrected
(for instrumental bias, Levitus et al. [2009]) observed estimate of Levitus et al. [2012], for the period 1955-
2004. In addition, instead of defining their fingerprint by averaging temperature per sub-basin, they used
10°x10° latitudinal and longitudinal boxes to better capture the spatial variations. In the global 3D (upper
700m) observed temperature field, they find a detectable signal of climate change, that cannot be explained
by internal variability nor natural external forcings, but that is consistent with the anthropogenically-forced
signal (although the inter-model spread can be large). When the fingerprint is calculated independently
at each depth level, the observed warming is detected in the top 300m of the ocean.

Gleckler et al. [2012] strengthened the evidence for a human-induced observed upper ocean warming
using a different approach of D&A where the spatial and temporal aspects are separated (pattern-based
method) when defining their fingerprint. They focus on vertically (0-700m), sub-basin averaged temper-
ature anomalies, in the CMIP3 archive and in 3 observational products corrected for instrumental biases
[Levitus et al., 2009, Domingues et al., 2008, Ishii and Kimoto, 2009]. The fingerprint is defined as the
first Empirical Orthogonal Function (EOF) of the multi-model mean response to fully-forced simulations,
and each observational dataset, model control run and ensemble mean is projected onto this time-invariant
fingerprint to produce pseudo-principal component time series, representing the time-dependent corre-
spondence between the fingerprint and each dataset. These time series are then used to derive signal and
noise estimates (linear trends) as a function of time, and a resulting signal-to-noise ratio (SNR). They
define the detection time as the year when this SNR exceeds and remains above a given confidence level.
When starting the detection analysis in 1970, they detect a human-induced warming signal in the 1980s
in all 3 observational datasets (at the 5% and 1% confidence level; in the 1990s with a 1960 start date)
with SNRs above 4 by 2003, indicating a well-established anthropogenic fingerprint of ocean warming
by the end of the 20th century in the upper ocean.

Continuing more recently on the detection of the large-scale warming, Tokarska et al. [2019] focus
on global mean temperature anomalies in 3 depth layers (0-300m, 300-700m, 700-2000m) using CMIP5
models to look for a climate change signal in the observed estimate of Levitus et al. [2012], during 1955-
2012. They conduct multiple Regularized Optimal Fingerprinting (ROF, Ribes and Terray [2013]) analy-
ses to estimate the influence of individual forcings (especially separating GHGs from other anthropogenic
forcings). Their results indicate that the observed warming is detected and attributed to the full anthro-
pogenic contribution as well as the GHG forcing alone, and point to no detection of the signal in response
to natural forcings alone.

Bilbao et al. [2019] also look at temperature anomalies in the upper 2000m, in an ensemble of CMIP5
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models and in 4 different observational datasets, for the period 1960-2005, and conduct a standard optimal
fingerprinting analysis (two signal and three-signal analyses), considering variations in both vertical layers
and time in their fingerprints. Their results strengthen the anthropogenic origin of the ocean warming in
the upper ocean, that cannot be explained by natural external forcings or internal variability alone. They
also provide information on individual forcings, with a detected signal for the natural forcings, GHGs and
other anthropogenic forcings, due to their accounting of the spatial-temporal structure of the response.
They found that the D&A analysis gave more positive results when the fingerprints were refined to take
into account both the vertical and regional structure rather than global means.

Two studies provided a dynamical constraint on their D&A analysis, by considering temperature
changes in an isotherm layer rather than within a fixed depth layer, thus removing isotherm displacement
which they argue lowers the influence of ocean circulation changes and dynamically-driven variability.
Comparing the temperature either vertically-averaged in the upper 220m or vertically-averaged above the
14ºC isotherm, in the EN3 observed estimate [Ingleby and Huddleston, 2007] and HadCM3 model, with
a fingerprint defined spatio-temporally over 5 sub-basins, Palmer et al. [2009] detected both the anthro-
pogenic and natural forcings influence in the temperature above the 14ºC layer, but neither of them were
detected in the fixed-depth layer. Weller et al. [2016] extended this analysis by applying it in the more
recent EN4 dataset [Good et al., 2013] compared to a CMIP5 ensemble of models and over a longer pe-
riod. They detect the influence of anthropogenic and natural forcings in both indicators of upper-ocean
temperature, but robust detection of the anthropogenic forcings is found only for the isotherm-following
indicator.

Two recent studies focused more specifically on detecting climate change signals in the Southern
Ocean, historically themost poorly sampled region. Swart et al. [2018] used the CanESM2 large ensemble
and all available hydrographic profiles between 1950-1980 and 2006-2015 to investigate the warming in
zonal-mean upper 2000m between 30ºS and 60ºS, as a function of depth and latitude. They show that the
observed changes are inconsistent with internal variability alone or natural forcings, and attribute them
primarily to the anthropogenic GHG forcing and secondarily to stratospheric ozone depletion, consistent
with the current comprehension of forced changes in the Southern Ocean. Hobbs et al. [2021] extended
this work by considering an ensemble of CMIP5 models selected based on their accurate representation
of Southern Ocean water-masses, instead of a single model, and by including the deeper ocean (0-5000m)
and all latitudes south of 30ºS (including >60ºS) in their D&A analysis. They confirm the evidence of an
anthropogenically-forced observed warming in the Southern Ocean, strongest in the Subantarctic Mode
Water (SAMW) and AAIW layers but also detected in the denser waters (CDW and AABW) for the first
time (although interpretation should be made carefully as the processes associated with AABW formation
are not well represented in CMIP5 models [Heuzé et al., 2013]). They find that the attribution of some
of the observed temperature change to non-GHG anthropogenic forcings such as stratospheric ozone
depletion and aerosols is model-dependent and so less robust than the GHG-forced response. These non-
GHG forcings are found to have possibly mitigated the GHG-induced warming, which alone is greater
than the total observed change (with possibly a warming induced by ozone depletion offset by a cooling
induced by aerosols).

Overall, we see that in the past couple decades, a number of studies using a variety of methods, models
and observational datasets have given hard evidence pointing to a warming signal that has been distinctly
detected from natural internal variability since the mid-20th century in observations of ocean temperature
and heat content, and consistently attributed to anthropogenic forcings, with a predominant role of GHGs.
We note that the influence of natural forcings (primarily volcanic eruptions) on upper ocean temperature
has been detected in the observations only when the temporal resolution adopted was high enough (i.e.
yearly or 2-year averages) [Palmer et al., 2009, Weller et al., 2016, Bilbao et al., 2019].

The AR6 concludes "it is extremely likely that human influence was the main driver of the OHC
increase observed since the 1970s, which extends into the deeper ocean (very high confidence)".
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3. ARE THESE CHANGES SIGNIFICANT COMPARED TO CLIMATE VARIABILITY AND ARE THEY
HUMAN-INDUCED?

Besides the generalized warming, the observed subpolar North Atlantic "warming hole" was found
to be of anthropogenic origin and to have recently emerged from internal variability, in a pattern-based
study by Chemke et al. [2020].

3.2.2 Salinity

A number of studies mentioned above [Pierce et al., 2012, Swart et al., 2018, Hobbs et al., 2021]
also considered salinity in addition to multi-decadal temperature changes, in their respective regions and
datasets, and found that they were also inconsistent with internal variability alone and of anthropogenic
origin. Furthermore, Pierce et al. [2012] showed that conducting the D&A analysis on joint temperature
and salinity changes yielded stronger human-induced signals than temperature or salinity alone. Based
on global means on individual levels, they detected human-induced salinity changes in the top 125m of
the ocean (compared to 300m for temperature, and 250m for joint the joint temperature-salinity analysis).

The first formal D&A analysis on multi-decadal salinity changes was conducted by Stott et al. [2008]
who focused on the vertically-averaged top 500m of the Atlantic basin per 10º latitudinal band, using
the observed estimate of Boyer et al. [2005] and Smith and Murphy [2007] and the HadCM3 model.
They show a persistent increase in salinity in the 20ºN-50ºN band, inconsistent with internal variability.
Their fingerprint of spatially-varying trends is detected in the observations and attributed to human forc-
ings for the period 1967-2006, but it isn’t for 1957-1996, displaying the progressive emergence of the
anthropogenic signal in the observations.

Another regional D&A study was led by Terray et al. [2012], who analysed near-surface salinity
data in the tropical Atlantic and Pacific oceans in a compilation of multi-decadal observed SSS datasets
compared to an ensemble of CMIP3 models. They aim to investigate whether the observed Pacific fresh-
ening, Atlantic salinification and increasing inter-basin contrast are consistent with internal variability
or attributable to external forcings. They find that human influence on the mean Pacific freshening is
detected (i.e. inconsistent with internal variability) using two different detection methods (the temporal
approach indicating a detection starting in the late 1990s), as well as on the strengthening inter-basin con-
trast but with one method only, while the mean Atlantic SSS change remains within the range of internal
variability. With a more regional approach, they find a robust human influence on the freshening of the
whole Pacific fresh pool, and on the salinification of the subtropical North Atlantic alone.

Using their new objective analysis of multi-decadal 0-2000m ocean salinity, Cheng et al. [2020] in-
vestigate the evolution of the observed surface and subsurface salinity contrast (the difference in salinity
between salty and fresh regions) compared to that of an ensemble of CMIP5 models. They find that the
salinity contrast between 1960-2017 has clearly emerged from natural variability, i.e. the mean salinity
pattern has amplified, with less contamination of interannual variability when integrated over the top
2000m than when just estimated at the surface.

Finally, the AR6 assesses the following: "at the global scale it is extremely likely that human influence
has contributed to observed surface and subsurface salinity changes since the mid-20th century (strength-
ened from the very likely AR5 assessment)". They add: "All available multi-decadal assessments have
confirmed that the associated pattern of change corresponds to fresh regions becoming fresher and salty
regions becoming saltier (high confidence). CMIP5 and CMIP6 models are only able to reproduce these
patterns in simulations that include greenhouse gas increases (medium confidence). Changes to the co-
incident atmospheric water cycle and ocean-atmosphere fluxes (evaporation and precipitation) are the
primary drivers of the basin-scale observed salinity changes (high confidence)".

Looking for anthropogenic climate change in the ocean in the past two decades has provided additional
evidence of human influence on the climate system. Considering multiple variables such as temperature
and salinity when detecting and attributing observed change to human influence strengthens the over-
all assessment, reduces uncertainties and provides information on the many ways human activities have
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already perturbed the climate system.

3.3 Looking for remaining undetected change in the ocean interior

While the D&A studies reviewed here have brought robust evidence of an anthropogenic signature in
upper ocean temperature and salinity changes, they have also revealed that such changes were detected
only in the top hundred meters of the ocean at basin or global scale, or when vertically-averaging through-
out multiple layers. No change has been detected, for instance, on a single depth layer lower than 300m.
We can think of several reasons why. First, current temperature and salinity changes are much weaker
at depth compared to the upper ocean, it is possible that they haven’t emerged from natural variability
yet (although natural variability is also much lower there, meaning the signal-to-noise ratio is potentially
still low). Second, observations before the Argo period remain sparse below the first hundred meters of
the ocean, uneven sampling can thus bias the total signal. Third, detecting an observed change on single
vertical levels or at more regional scales relies on models to have a correct representation of water-masses
and ocean circulation regionally or locally. This is not often the case (e.g. Sallée et al. [2013], Heuzé et al.
[2013], Heuzé [2017]), making such diagnostics at finer geographical scales difficult. The temperature
and salinity evolution in many regions of the ocean thus remains undetected. We can wonder when and
if, in the model world, they will emerge from internal variability of the climate system.

In the past decades, several studies have used global climate models to diagnose the Time of Emer-
gence (ToE) of the climate signal of different variables from internal variability noise, to search for the
time when a climate change signal becomes permanently greater than a noise (or the evolution of the
signal-to-noise ratio). Remaining in the model world allows such analyses to be led at global, regional
and local scales. Past studies have focused mainly on unraveling ToE for surface air temperature using
different methods and ensembles of models [Diffenbaugh and Scherer, 2011, Mahlstein et al., 2011, Deser
et al., 2012, Hawkins and Sutton, 2012, Mora et al., 2013, Lyu et al., 2014, Diffenbaugh and Charland,
2016, Lehner et al., 2017], revealing that although high latitudes are warming faster, earlier emergence
is found in the tropics because of the low noise level (i.e. weak internal variability). ToE has also been
investigated for precipitations [Giorgi and Bi, 2009, Deser et al., 2012, Mahlstein et al., 2012, Mora et al.,
2013], sea level rise [Lyu et al., 2014] and marine carbon cycle and marine ecosystem stressors [Keller
et al., 2014, Rodgers et al., 2015, Frölicher et al., 2016, Henson et al., 2017, Schlunegger et al., 2019]. The
underlying important implications of looking for emerging signals at local scale is whether or not a signal
becomes perceptible enough for a local observer (endemic species, crops, a fish, my grandmother) to be
aware of it, meaning are they already adapted to large interannual to decadal changes. This will depend
on their own individual vulnerability to ranges of different environmental variables characterising their
habitat, and their capacity to adapt to large and rapid changes. It also raises the question of which noise to
take into account (i.e. which envelope of variability), which can differ greatly when considering different
time scales (interannual, monthly, daily, hourly, etc...).

Emerging signals in temperature and salinity in the ocean interior have not been investigated yet in the
framework of ToE analyses. An early coupled model study has examined in which ocean variables and
where the earliest anthropogenic signal could be found, and concluded that subsurface temperature and
salinity were the best candidates, both on pressure and density levels, giving indications on which ocean
observations to focus on when wanting to detect change on a 30-year period [Banks and Wood, 2002].
They have also found that the signal to noise ratios of ocean temperature and salinity were spatially-
dependent, indicating that emergence of the anthropogenic signal is not uniform. Using repeated hydro-
graphic sections in the Indian sector of the Southern Ocean, Banks et al. [2000] showed that the observed
multi-decadal cooling and freshening of SAMW and AAIW on density levels between the 1960s and
the 1980s-1990s [Bindoff and Mcdougall, 2000] was reproduced in a coupled model including anthro-
pogenic forcings, and that the observed and simulated trends could not be explained by the simulated
internal variability alone. They also found that compared to Northern Hemisphere Mode Waters, SAMW
was a particularly good indicator of anthropogenic climate change with higher signal to noise ratios and
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4. WHAT PHYSICAL MECHANISMS ARE CAUSING THERMOHALINE CHANGES IN THE OCEAN?

earlier detection of trends, confirming that signal to noise ratios are not spatially uniform. They suggested
this was because SAMWhas much weaker decadal variability than its Northern Hemisphere counterparts,
because it is formed in large volumes with homogeneous density, thus averaging along density surfaces
allows a clearer detection of climate change signals, and because their changes give an integrated view
of surface forcings. In idealized experiments using the same coupled model, the surface forcings causing
this cooling and freshening were found to be predominantly the increased surface warming for SAMW,
with an important role of surface freshening (increased precipitation) for AAIW [Banks et al., 2002].
More generally, the subsurface cooling and freshening along isopycnals at midlatitudes, and warming
and salinification at lower and higher latitudes, was found to be a fingerprint of anthropogenic change in
the Indo-Pacific basin in the same coupled model, and caused by an overall surface warming [Banks and
Bindoff, 2003].

One aim of this thesis will be to extend this earlier work with ensembles of more recent climate models
(multi-model ensembles and single-model initial condition large ensembles) to robustly identify regions
and timings of anthropogenic emergence of ocean subsurface temperature and salinity change. We will
try to understand why changes in some regions such as the formation and export of SAMW and AAIW
can be detected earlier, and re-examine the drivers of change and their timing. Particular interest will also
go towards the deeper parts of the ocean, where there are few observations of multi-decadal temperature
and salinity changes. We will explore whether climate models show detectable changes in the deep and
abyssal ocean, how they compare to signals of the upper ocean, to what forcings they respond and on
which time scales, and what are the mechanisms driving these changes.

4 What physical mechanisms are causing thermohaline changes in the
ocean?

While diagnosing robust, human-induced multi-decadal thermohaline changes is an important ques-
tion, understanding how these changes take place in the ocean, i.e. what the physical processes involved
in driving these long-term changes are, is crucial to our comprehension of the ocean response to climate
change.

The ocean is forced at its surface and lateral boundaries by exchanges with the atmosphere, sea-ice
and land in the form of heat fluxes (shortwave and longwave radiation and turbulent fluxes), freshwater
fluxes (evaporation, precipitation, river runoffs and ice melt from sea-ice, icebergs and land ice) and
momentum (wind stress). Heat fluxes directly affect (and depend partly on) SST while freshwater fluxes
directly affect SSS. SST and SSS anomalies are mixed within the mixed layer and subducted in the ocean
interior by the circulation at different spatial and time scales, which constitutes the process of water-mass
formation. Heat and freshwater fluxes, by affecting ocean temperature and salinity, also drive variations
in density and thus on the thermohaline circulation, which can affect how heat and salt are transported
within the ocean interior. Similarly, winds drive part of the ocean circulation thus temperature and salinity
variability as well.

In this section, I will first give an overview of what we know about recent and projected changes
in these drivers of temperature and salinity variability, namely surface fluxes and the large-scale ocean
circulation. We will see that, in fact, we know much less about the changes in these drivers than in the
changes in ocean temperature and salinity characteristics, due partly to lack of historical observational
data, and poor model representation and agreement. Furthermore, it is difficult to relate past or future
thermohaline changes directly to changes in these drivers from observations or model outputs as the pro-
cesses interact with each other and the resulting changes are blended together. Thus, several frameworks
have been developed to propose a decomposition of these physical mechanisms driving temperature and
salinity changes in the ocean, and to diagnose them separately. In the second and third part of this section,
I present the results from the application of two main frameworks of decomposition (passive heat uptake

26



GENERAL INTRODUCTION

vs. circulation changes, and individual flux forcings), that rely mostly on model studies that I will use in
this thesis.

4.1 Changes in the drivers of temperature and salinity variability

We have seen that changes in temperature and salinity in the ocean can be caused by changes in surface
fluxes and in the ocean circulation. What do we actually know in the observations and projections, about
the evolution of these drivers of thermohaline changes?

4.1.1 Surface fluxes

Surface fluxes are harder to observe directly than ocean surface variables and their potential reported
changes come with more uncertainty [Cronin et al., 2019, Yu et al., 2020]. Since there are very little
observations of long-term air-sea fluxes, the AR6 [Fox-Kemper et al., 2021] assessed that direct observed
trends in heat fluxes, freshwater fluxes and wind stress have not emerged and are overwhelmed by spatial
and temporal internal variability. Changes in large-scale heat and freshwater fluxes are more reliably
inferred from changes in OHC and salinity, which is another reason why continuous observations of
the ocean are so crucial. Here we try to give a rapid overview of the few indications that we do have
concerning the changes in surface fluxes.

In global climate models, trends in heat fluxes are much weaker than observed for the multi-model
mean, suggesting low model agreement, although some regional patterns are reproduced such as the heat
uptake increase in the Southern Ocean and North Atlantic, which amplify and become more robust in
terms of model agreement by the end of the 21st century [Fox-Kemper et al., 2021]. Overall, we now
have a clear picture of globally-integrated ocean heat uptake from in-situ temperature measurements (as
described in section 2.1), as well as rather well constrained future increase. However, the regional patterns
of ocean heat uptake are less well understood and depend on ocean circulation and its changes.

Evaporation and Precipitation constitute the main fluxes of water seen by the ocean. In a warmer
climate, E-P is expected to amplify [Held and Soden, 2006]. Theoretically, saturationwater vapor pressure
increases at a rate of 7%/ºC following the Clausius-Clapeyron relation under constant relative humidity
(this means a warmer atmosphere can hold more water). This rate has been verified in observations of
atmospheric moisture content (i.e. precipitable water; Trenberth et al. [2005], Chung et al. [2014]). Under
a number of assumptions, including an unchanged large-scale atmospheric circulation, it is expected that
E-P amplifies at a similar rate as atmospheric moisture content, meaning that E-P spatial patterns remain
the same but the contrast between dry and wet regions increases as temperature increases [Yu et al.,
2020]. However, modeled amplification in the hydrological cycle shows a rate closer to about 2%/ºC
(e.g. Allen and Ingram [2002]). Direct observations of E-P over the last 30 years show an effective
upward trend, with E increasing at 9±3%/ºC and P increasing at 2±3%/ºC, however these trends are very
uncertain and inconsistent with reanalysis products [Yu et al., 2020]. The AR6 gives "low confidence in
direct estimates of trends in surface freshwater fluxes". Some coherent regional patterns are still present
within several products, with an intensification of the intertropical convergence zone (ITCZ) as well as
increased rainfall in the Southern Hemisphere high latitudes, and intensified subtropical dry zones in the
South Pacific and Atlantic, as expected from the "dry gets drier, wet gets wetter" paradigm [Yu et al.,
2020]. In CMIP6 models, 21st century trends still show large areas of low model agreement, although
some regional patterns become more robust, such as a wetter equatorial Pacific and high latitudes, and
drier Atlantic and southern subtropical Pacific and Indian oceans [Fox-Kemper et al., 2021].

Available wind speed estimates over the ocean show large disagreements in trends of the past decades,
but a convergence is found over the Southern Ocean with a strengthening of the wind speed, the largest
trend observed globally, alongside smaller positive trends in the western North Atlantic and tropical east-
ern Pacific since the 1980s [Gulev et al., 2021].
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The principal mode of variability in the Southern Hemisphere atmospheric circulation is the South-
ern Annular Mode (SAM), defined as the difference in zonal-mean pressure between the mid and high
latitudes, reflecting the strength and position of the westerly winds. Variations in the SAM are thus impor-
tant for the meridional overturning ocean circulation in the Southern Ocean. A trend towards the positive
phase of the SAM (i.e. stronger westerly winds) has been observed throughout the second half of the
20th century, along with direct measurements of intensified and poleward-displacing zonal winds dur-
ing the satellite-observing era, and linked to stratospheric ozone depletion (e.g. Thompson and Solomon
[2002], Marshall [2003], Thompson et al. [2011], Abram et al. [2014], Jones et al. [2016b]). Increased
concentrations of atmospheric greenhouse gases have the same fingerprint of change for the SAM index
and associated atmospheric circulation: the recent evolution of the SAM is thus driven by the balance
between decreased ozone-depleting gases and increased greenhouse gases, both of which are of anthro-
pogenic origin [Banerjee et al., 2020]. In the future, the increase in SAM is projected to continue in
response to GHG forcings [Bracegirdle et al., 2013, 2020].

Concerning overall regional trends in surface winds, the AR6 assesses that “there is only low confi-
dence in observed and projected wind stress trends in most regions because trends in oceanic wind stresses
during the satellite era have not emerged or are inconsistent with historical simulated changes.”

4.1.2 Large-scale ocean circulation

The oceanic circulation constitutes a complex interplay of processes, of different time and space
scales. A schematic of the "global conveyor belt" revisited by Marshall and Speer [2012] is presented
in figure 0.11. Important large-scale features include the Meridional Overturning Circulation (MOC), a
construction to look at the circulation in a depth-latitude frame. Its Atlantic wing (the AMOC) brings
heat northward along its upper branch and is associated, in the dominant and simplistic paradigm, with
the formation of NADW in the subpolar areas that return south along the lower branch [Lozier, 2010]. In
the Southern Ocean, there are two overturning cells, associated with the upwelling of CDW, which on the
northern side are exported north of the ACC and subducted as SAMW and AAIW, and on the southern
side feed the lower branch with deep convection and export of AABW [Speer et al., 2000]. The global
MOC thus connects deep and shallow layers as well as the opposite subpolar regions. How these circula-
tion systems change can affect the ventilation of the ocean and its physical characteristics in the deepest
regions. Large-scale horizontal (or barotropic) features are also important for the global circulation, with
the predominance of the ACC which flows around the Antarctic continent with no continental barriers,
and the wind-driven subtropical gyres in every basin.

Direct measurements of the AMOC strength and variations at 26ºN by the RAPID array since 2004
have shown a slowdown in overturning in the first years of observations, associatedwith awell-documented
long-term subpolar SST cooling [Smeed et al., 2014, 2018]. However, this short period of observations
doesn’t provide enough evidence to know whether this weakening is the subject of a long-term trend or
part of the strong decadal variability characterising the North Atlantic. Caesar et al. [2018] propose a fin-
gerprint of the AMOC constructed from North Atlantic subpolar SST to reconstruct the AMOC evolution
since the pre-industrial era, and show that according to this AMOC index, there has been a slowdown
since the mid-twentieth century (i.e. a subpolar gyre cooling in SST, due to reduced northward heat trans-
port and northward shift of the Gulf Stream). Combining proxy data and paleo reconstructions, Caesar
et al. [2021] suggest the overturning is currently at its minimum in the last millenium. However, due
to the limited observational evidence and the disagreement between observations and models on North
Atlantic mechanisms and drivers, the AR6 assesses this AMOC weakening with low confidence. More
years of direct observations will be needed to assess the evolution of the AMOC with more certainty.

Future projections of AMOC evolution in climate models reveal a very likely weakening over the 21st
century as assessed in the SROCC and in AR6, in all emissions scenarios. However, large uncertainties
lie in the timing andmagnitude of this decline, which results in "low confidence in quantitative projections
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Figure 0.11: Schematic of the updated global "conveyor" by Marshall and Speer [2012]. Cooler colours
indicate denser water masses, ranging from warmer mode and thermocline waters in red to bottom waters
in blue.

of AMOC decline in the 21st century, despite the high confidence in the future decline as a qualitative
feature based on process understanding" [Fox-Kemper et al., 2021].

NADW forms either by deep convection (upper NADW) or deep overflows (lower NADW) in the
subpolar Atlantic. Observed evidence of very large climate variability in this region gave the follow-
ing assessment in AR5 "it is very likely that the temperature, salinity, and formation rate of the Upper
NADW is dominated by strong decadal variability related to the North Atlantic Oscillation (NAO)" and
AR6 assessed "it is likely that any observed changes in temperature, salinity, and formation rate of the
Lower NADW are dominated by decadal variability". The long-term cooling previously reported in lower
NADW [Rhein et al., 2013] is then to be taken carefully considering this strong decadal variability.

Intensifying westerly winds in the Southern Ocean raise many questions concerning potential circula-
tion shifts in this region, since winds are an important driver of the Southern Ocean circulation [Rintoul,
2018]. The ACC’s mean position has been shown to be only weakly sensitive to intensifying westerly
winds [Bindoff et al., 2019, Fox-Kemper et al., 2021]. The upper cell however is expected to be reinforced
in response to intensifying winds, but the SROCC assessed there is only low confidence in an observed
long-term increase in its transport, and climate models only project a moderate increase. Mirroring the
upper cell’s potential increase, a slowdown in the lower overturning cell is expected and is consistent
with the observed decrease in AABW volume [Bindoff et al., 2019, Fox-Kemper et al., 2021]. Indeed, the
export of AABW down from the Antarctic continental slope and northward constitutes the lower limb of
the deep overturning cell and there is observational evidence that AABW volume has decreased in recent
decades, possibly due to a slowdown in formation rate and/or freshening and warming of AABW (i.e. a
renewal with lighter deep waters) [Purkey and Johnson, 2012, Azaneu et al., 2013]. The AR6 assessed
the slowdown in AABW circulation since the 1990s withmedium confidence, although they also assessed
with medium confidence the existence of short periods of lower-cell increases [Fox-Kemper et al., 2021].
The formation and export of AABWwill continue to decrease in the future due to warming and freshening
of surface waters in the subpolar Southern Ocean, which has been assessed with medium confidence in
the AR6 [Fox-Kemper et al., 2021]. The projected decrease in the lower cell in climate models might be
enhanced by increasing iceshelf basal melt [Bindoff et al., 2019].
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Overall, the recent changes in AMOC and Southern Ocean circulation rely on a too-short observa-
tional record to determine whether the anthropogenic response has overcome internal variability or natural
forcings [Eyring et al., 2021].

There is observational evidence from satellite altimetry of an intensification, expansion and poleward
shift of the subtropical gyres alongside with Western Boundary Currents since 1993, with the exception
of the Gulf Stream and the Kuroshio [Fox-Kemper et al., 2021]. Future projections indicate a continued
intensification and poleward extension of all subtropical gyres, along with an intensification of the East
Australian and Agulhas Current Extension and weakening of the Gulf Stream and Indonesian Through-
flow coherent with projected trends in winds [Fox-Kemper et al., 2021].

4.2 The role of passive transport of added heat vs. redistribution by the changing
circulation in ocean heat storage

The uptake of extra heat in the climate system by the ocean can be viewed as a passive process,
transmitted from the atmosphere to the ocean surface and transported in the ocean interior passively by
a range of processes (advection, diffusion, mixing), i.e. acting like a passive tracer which does not affect
ocean density. However, when ocean transport is perturbed, it can spatially redistribute pre-existing heat
which also ends up affecting OHC change locally (although this redistributive OHC change is equal to
zero when globally-averaged since it doesn’t encompass the additional heat that enters the ocean).

Untangling the relative roles played by the passive and redistributive components of ocean heat stor-
age has predominantly been investigated by modelling studies, either by introducing passive heat tracers
[Banks and Gregory, 2006, Xie and Vallis, 2012, Marshall et al., 2015, Armour et al., 2016, Gregory
et al., 2016, Garuba and Klinger, 2016, 2018, Todd et al., 2020, Dias et al., 2020, Couldrey et al., 2021],
by comparing experiments in which currents are fixed to climatological values to experiments where
currents evolve freely [Winton et al., 2013, Bronselaer and Zanna, 2020], by integrating tracer budgets
[Williams et al., 2021] or decomposing heat divergence into a mean-circulation effect and a changing cir-
culation effect [Hu et al., 2020] or by using a representation of climatological transport processes to trace
passive ocean heat storage from SST anomalies [Zanna et al., 2019b, Newsom et al., 2020]. These studies
have used coupled or ocean-only models generally forced by idealized scenarios of increased radiative
forcing (such as 1pctCO2/year, abrupt 4xCO2 and others).

The questions they aimed to answer was: can heat be considered as a passive tracer when it is being
uptaken by the ocean in a warming climate? Put another way, what role does the changing circulation
play in shaping ocean heat content change patterns? How do these two processes respond regionally?

In figure 0.12 we show a ventilation tracer (a), the passive heat tracer anomaly (b) and the temperature
anomaly (c) from Marshall et al. [2015] and in figure 0.13, the temperature anomaly in a fixed currents
(left) and freely-evolving currents (right) simulation from Winton et al. [2013]. The patterns of passive
(or "excess"/"added") warming, modelled by a passive tracer (e.g. figure 0.12b) or by fixed-current exper-
iments (e.g. figure 0.13 left), resemble closely those of a ventilation tracer (e.g. figure 0.12a). That is, the
amplitude of the patterns reflects that of the forcing modulated by the ventilation time scales of the ocean
(years to decades in the well-ventilated gyres, to centuries in the deeper ocean). Temperature anomaly
was found to act like a passive tracer (i.e. to follow these patterns) mostly in regions where the oceanic
circulation is primarily forced by winds like the subtropical gyres and where it is not too dependent on
temperature. In the Southern Ocean in particular (in and north of the ACC), heat uptake was thus found to
be largely passive [Marshall et al., 2015, Gregory et al., 2016, Garuba and Klinger, 2016, Armour et al.,
2016, Liu et al., 2018, Zanna et al., 2019b, Newsom et al., 2020, Bronselaer and Zanna, 2020, Couldrey
et al., 2021]. In this region, anomalous heat is largely taken up at∼60ºS at the southern flank of the ACC,
is transported northward by the background MOC, where it vertically accumulates at ∼45ºS [Marshall
et al., 2015, Frölicher et al., 2015, Gregory et al., 2016, Armour et al., 2016, Liu et al., 2018, Dias et al.,
2020, Couldrey et al., 2021]. This was found to be a feature of the ocean’s response to GHG forcing
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independently of geographic variations in the radiative forcing or changes in wind and freshwater fluxes,
shown in ocean-only studies where the radiative forcing imposed was constant and uniform with only a
damping term allowed [Armour et al., 2016, Marshall et al., 2015]. These two studies also concluded
that delayed warming in the subpolar Southern Ocean was fundamentally controlled by the background
ocean circulation (circumpolar upwelling of old water originating in the North Atlantic that haven’t seen
climate signals yet and surface northward transport) rather than processes within the atmosphere. This
control applies on time scales of decades to centuries, which means warming of these subpolar surface
waters is probably set by the time it takes for deep ocean waters to be warmed themselves [Marshall et al.,
2015, Armour et al., 2016].

Figure 0.12: From Marshall et al. [2015]. Zonal mean (a) Idealized ventilation tracer whose value at the
surface is set to unity (b) Passive temperature tracer anomaly (c) Temperature anomaly, after 100 years
of a simulation forced with homogeneous radiative forcing and a constant climate feedback parameter.

Figure 0.13: FromWinton et al. [2013]. Zonal mean temperature anomaly in years 81-100 of a 1pctCO2
simulation with fixed currents (left, corresponding to passive heat) and freely-evolving currents (right,
standard simulation).

However, redistribution of background temperature by the changing circulation and other transport
processes plays an important role in setting the regional patterns of heat storage on decadal to multi-
decadal time scales [Banks and Gregory, 2006, Xie and Vallis, 2012, Winton et al., 2013, Marshall et al.,
2015, Garuba and Klinger, 2016, 2018, Zanna et al., 2019b, Bronselaer and Zanna, 2020, Dias et al.,
2020, Williams et al., 2021, Zika et al., 2021]. Consequently, excess heat entering the ocean passively
cannot be used as a sole indicator of heat uptake patterns. The North Atlantic is a good example of
a region where excess and redistributed heat both play an important and opposing role on total ocean
warming. There, in response to the positive surface heat flux, large amounts of added heat accumulate
deep in the subsurface (due to the intense vertical mixing characterising this region), in addition to which
the region sees a strong redistributive cooling brought by a weakened AMOC resulting in less northward
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heat transport (see figures 0.12 and 0.13) [Xie and Vallis, 2012, Winton et al., 2013, Marshall et al., 2015,
Gregory et al., 2016, Garuba andKlinger, 2016, 2018, Bronselaer and Zanna, 2020, Todd et al., 2020, Dias
et al., 2020, Williams et al., 2021, Couldrey et al., 2021]. The AR6 assesses with "high confidence that
projected weakening of the AMOC will cause a decrease in northward OHT in the northern hemisphere
mid-latitudes" [Fox-Kemper et al., 2021].

At low latitudes, the anomalous surface heat uptake is small but there is positive heat storage, ex-
plained by a redistributive warming brought by anomalous equatorward heat transport (AMOC weaken-
ing in the Northern Hemisphere and enhanced upper cell in the Southern Ocean, along with a reduced
upwelling of cold waters at low latitudes), enhanced by an anomalous uptake of heat at high latitudes
stored at lower latitudes [Xie and Vallis, 2012, Winton et al., 2013, Gregory et al., 2016, Garuba and
Klinger, 2018, Hu et al., 2020, Bronselaer and Zanna, 2020, Dias et al., 2020, Couldrey et al., 2021].

A few studies found that redistribution allowed heat to penetrate deeper in the ocean than passive
warming alone [Banks and Gregory, 2006, Xie and Vallis, 2012, Garuba and Klinger, 2016]. However,
Armour et al. [2016] found that this was not the case in the Southern Ocean in an ocean-only experiment
forced with a uniform radiative forcing, because of upper ocean stratification acting to reduce mode water
formation, thus constraining heat in the surface layers, a result also found more generally by Marshall
et al. [2015] in a similar experiment (figure 0.12).

Bronselaer and Zanna [2020] used a series of fixed and free-current numerical experiments (similar
to Winton et al. [2013], see figure 0.13) to derive a constant relation between passive heat (difficult to di-
agnose from observations or historical model simulations) and anthropogenic carbon (which is possible
to retrace). This relation allowed them to reconstruct the passive component of heat storage in observa-
tions and CMIP5 historical experiments and scenarios, from the diagnosed anthropogenic carbon in these
datasets. They found that over the historical period, redistribution has a dominant effect on heat storage
patterns, but that over the 21st century, excess heat is projected to become increasingly important in shap-
ing ocean warming patterns since the warming signal will be increasingly important under increasing
GHG emissions.

When excess heat is taken up at the surface, it is transported in the ocean by the background circulation
(passive heat) as well as by the perturbed circulation (non-linear term). By comparing their passive heat
tracer in a control and warming experiment, Gregory et al. [2016] found that this non-linear term was of
second order for total added heat, confirmed by another study by Hu et al. [2020] when examining the
decomposition for ocean heat divergence. However, Couldrey et al. [2021], using the same methodology
as Gregory et al. [2016] and investigating more closely this term, found that it could be locally important,
particularly in the Arctic.

Studies that jointly investigated the role of the changing circulation on heat and carbon storage, found
that the effect of redistribution was much more important for heat than for carbon [Winton et al., 2013,
Bronselaer and Zanna, 2020, Williams et al., 2021]. Indeed, changes in the circulation redistribute pre-
existing gradients in the variable considered, which are far greater for heat than for carbon compared to
their individual change.

In modelling studies that use coupled climate models or ocean models forced in a way that allows a
feedback of the SST on air-sea fluxes (instead of fixed fluxes), SST anomalies arising from redistributed
heat can feedback on the surface heat flux, modulating the amount of heat being uptaken at the surface
and thus on global ocean heat storage. By implementing passive tracers that take specifically this effect
into account in an ocean-only model forced with restoring boundary conditions, Garuba and Klinger
[2016] find that this redistribution feedback increases heat uptake globally by about 25%, while Garuba
and Klinger [2018] find it amounts to 13% in slightly different experiments where all surface fluxes are
perturbed (see next section). In the Flux-Anomaly-Forced Model Intercomparison Project (FAFMIP)
protocol [Gregory et al., 2016], the SST coupled to the atmosphere to compute the heat flux is the SST
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impacted by redistribution only, so that ocean warming by added heat does not feedback on the heat
flux to dampen it [Bouttes and Gregory, 2014]. This means redistribution can feedback on the air-sea
anomalous heat flux. Dias et al. [2020] estimate this effect in FAFMIP simulations to account for 33%
of global ocean heat storage in an ocean model forced with bulk formulas. On the other hand, Couldrey
et al. [2021] find that the feedback is responsible for 10% more heat content change than the heat flux
perturbation should yield in an ensemble of coupled models. This additional heat input into the ocean
is explained by a weakening AMOC cooling the subpolar North Atlantic by decreasing northward heat
transport. This cooling feedbacks on the heat flux, causing more positive heat uptake in this region, which
further weakens the AMOC. This process thus creates a positive retroaction in the North Atlantic.

These processes can occur at different time scales. On decadal time scales, ocean circulation variabil-
ity can be strong thus influencing redistribution patterns. One example is the decadal variability of ocean
heat storage in the Southern Ocean. Ocean heat uptake and ocean heat content have been documented as
important in the Southern Ocean compared to other regions of the ocean (e.g. Roemmich et al. [2015],
Frölicher et al. [2015]). However, recent work suggests this particularly high heat storage has been partly
reinforced by decadal variations but has not been as important compared to the Northern Hemisphere in
the most recent years because of a different phase of these decadal variations [Rathore et al., 2020, Wang
et al., 2021].

One recent study proposed a new framework based on water-mass transformation to diagnose passive
and redistributive warming from observations only [Zika et al., 2021]. By considering the change in
the temperature-salinity volumetric distribution between two periods, they could infer and isolate the
added heat necessary to warm each water-mass (since in volumetric temperature-salinity space, pure
spatial redistribution of heat is not represented), and convert it back to vertically-integrated OHC change
geographically. They found that over the period 2006-2017 (the Argo-sampled period), there was a clear
widespread and spatially coherent added warming, but that the magnitude of redistribution patterns were
much larger on the time scales considered and explained much of the total OHC change patterns. This
reinforces the role of redistribution on decadal time scales because of internal variability, and the potential
for larger magnitudes of added heat patterns with increasing global warming.

In assessing the ability of climate models to correctly reproduce these relative patterns of change,
the AR6 concluded: "climate models have more skill in representing OHC change from added heat than
from ocean circulation change (high confidence). Since added heat dominates over redistributed heat on a
centennial scale (especially under high emissions scenarios) confidence in future modelled OHC patterns
at the end of the 21st century is greater than at decadal scale" [Fox-Kemper et al., 2021].

None of these studies, except Zanna et al. [2019b] and Bronselaer and Zanna [2020] to some degree,
explored the relative time scales of the passive and redistributive mechanisms under realistic long-term
radiative forcing such as happened since the pre-industrial era, nor their emergence from internal vari-
ability noise. There is also a lack of investigation of the passive and redistributive component of salinity
change. The idea is the same than with heat, except the added component takes the form of an increasing
contrast in salinity, with both positive and negative anomalies (saltier/fresher regions) depending on the
sign of the change in Precipitation-Evaporation+Runoffs regionally, in response to the hydrological cycle
amplification. The AR6 assesses “there is high confidence that, at annual to decadal timescales, regional
salinity changes are driven by ocean circulation change superimposed on longer term trends”. More work
is needed to investigate the regional patterns of salinity change and their attribution to passive/active
processes.

4.3 The role of individual surface fluxes

Changes in the circulation and other ocean transport processes (acting to redistribute heat and salt
in the ocean) necessarily originate from changes in buoyancy fluxes or wind stress. To investigate the
role of individual surface fluxes on circulation, temperature and salinity long-term changes in the ocean,
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a number of idealized modelling study have been led in which surface flux perturbations are imposed
separately, using coupled [Mikolajewicz and Voss, 2000, Fyfe et al., 2007, Gregory et al., 2016, Lago
et al., 2016, Liu et al., 2018, Shi et al., 2020, Todd et al., 2020, Couldrey et al., 2021] and ocean-only
models [Armour et al., 2016, Garuba and Klinger, 2018, Zika et al., 2018, Todd et al., 2020, Dias et al.,
2020, Patara et al., 2021].

Heat flux perturbation

Other than causing a widespread ocean warming (see figure 0.14 middle panel) explaining the main
patterns of the total response, the heat flux perturbation is the principle cause of an AMOC slow-down
[Mikolajewicz and Voss, 2000, Gregory et al., 2016, Garuba and Klinger, 2018, Todd et al., 2020]. There
is some disagreement as to the role of other surface fluxes: Mikolajewicz and Voss [2000] find that three
quarters of the AMOC weakening can be attributed to the heat flux perturbation and one quarter to the
freshwater flux, while Gregory et al. [2016] and Todd et al. [2020] find that the AMOC is not significantly
affected by freshwater and wind stress change. Coupled models reveal a clear feedback in the North
Atlantic reinforcing this AMOC weakening, with subpolar SST cooling enhancing the positive heat flux
perturbation into the ocean, which is itself enhancing AMOC weakening. Todd et al. [2020] quantified
this atmosphere-SST feedback to amount to 10% more AMOC weakening in coupled vs. ocean-only
models.

Allowing a feedback between the SST and the prescribed heat flux in their ocean model, Garuba and
Klinger [2018] show that imposing a surface heat flux perturbation leads to a 12% global heat loss (they
call this "active heat loss" i.e. due to the redistribution feedback) due mainly to surface warming in the
tropical Pacific caused by a weakening of the subtropical cells.

Looking at the response of SSS to a surface warming perturbation, Mikolajewicz and Voss [2000]
and Zika et al. [2018] show there is a pattern amplification of the SSS similar to the response to a hydro-
logical cycle amplification, in zonal mean patterns of SSS [Mikolajewicz and Voss, 2000] or for the full
latitude/longitude SSS patterns [Zika et al., 2018]. Zika et al. [2018] conclude that upper-ocean warming
(and the consequent increased stratification) was responsible for one third of the total SSS pattern ampli-
fication, underlying the important role of both surface fluxes in setting the global patterns and amplitude
of SSS.

Freshwater flux perturbation

The freshwater flux perturbation imposed alone causes a global redistributive surface cooling (see
figure 0.14, right panel), particularly in the subpolar North Atlantic and Southern Ocean [Mikolajewicz
and Voss, 2000, Gregory et al., 2016, Garuba and Klinger, 2018, Zika et al., 2018, Couldrey et al., 2021].
Garuba and Klinger [2018] find that the freshwater perturbation causes a large redistributive heat gain
(34% of total heat uptake) because of this surface cooling in the North Atlantic caused by a weakening
of the subpolar gyre. In the Southern Ocean, where the freshwater perturbation is positive into the ocean
(increased precipitation), the stratification of the surface layer is increased. This increased stratification
isolates the layer of warm waters below the surface (figure 0.14) and reduces vertical mixing between the
two layers, thus reduces the release of the underlying heat to the atmosphere as well as deep convection
near the Antarctic coast and the associated downward flush of cold waters, which creates the SST cooling
and subsurface warming [Gregory et al., 2016, Armour et al., 2016, Todd et al., 2020].

Wind stress perturbation

Just like changes in freshwater fluxes, if no redistribution feedback is taken into account, changes
in wind stress don’t directly add heat to the ocean. Changes in OHC due to wind stress arise from a
reorganization of the pre-existing ocean temperature field (i.e. pure redistribution displacing isotherms),
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Figure 0.14: From Couldrey et al. [2021]. Zonally-integrated OHC change in the final decade of FAF-
stress (left), FAF-heat (middle) and FAF-water (right); mean of 12 AOGCMs. 1EJ = 1018J. The FAFMIP
flux perturbations are computed as a multi-model mean from 1pctCO2 simulations at a time of doubling
CO2 concentration relative to piControl state. They are applied to each AOGCM similarly, as a constant
forcing for the full 70 years of each experiment, with no time-variation except for the annual cycle.

so that changes in OHC due to wind stress perturbations can be important regionally but compensate
when globally-integrated.

Changes in wind stress create the largest response in the Southern Ocean (see figure 0.14 left panel),
where increased and poleward-intensifying westerly winds enhance the northward Ekman transport and
subduction of heat between 40-50ºS, yielding a subsurface redistributive warming around 45ºS, sur-
rounded by a cooling at higher latitudes (brought by the Ekman-intensified upwelling south of 60ºS and
enhanced deep convection), and at lower latitudes (where there is reduced downward Ekman pumping)
[Mikolajewicz and Voss, 2000, Fyfe et al., 2007, Armour et al., 2016, Gregory et al., 2016, Liu et al., 2018,
Garuba and Klinger, 2018, Todd et al., 2020, Shi et al., 2020]. These patterns of change are consistent
with an intensification of the wind-driven Southern Ocean upper cell attributed to wind stress changes
[Liu et al., 2018, Patara et al., 2021]. Several studies conclude that the total Southern Ocean warming at
mid-latitudes and its structure are caused by a combination of wind stress (active heat uptake) and heat
flux changes (passive warming), with a dominance of the response to heat fluxes although the wind stress
change is key to set the latitudinal structure of the warming [Fyfe et al., 2007, Liu et al., 2018, Shi et al.,
2020]. Liu et al. [2018] find that wind stress changes are responsible for 1/8 of total basin-integrated
(south of 30ºS) ocean heat storage, and 20% of the total heat storage maximum (latitudinally). Shi et al.
[2020] find that 20% of total ocean heat storage south of 30ºS is due to wind stress changes.

For salinity, wind stress changes in the Southern Ocean have an opposite effect compared to freshwater
fluxes, partly damping the total response: surface waters get saltier due to the wind-intensified upwelling
of salty circumpolar deep waters and surface northward Ekman transport, while increased precipitation at
high latitudes tend to freshen the upper layer, creating a competition between these two forcings [Shi et al.,
2020]. More generally, there is often an opposing effect between changes in wind stress and buoyancy
fluxes, as increased buoyancy fluxes tend to weaken ocean ventilation while an increased wind stress tends
to strengthen ventilation [Patara et al., 2021].

Wind stress changes are found to more widely impact ocean circulation in these idealized numerical
experiments, with e.g. an intensification of the North Atlantic subpolar gyre [Mikolajewicz and Voss,
2000] and a poleward shift of the subtropical gyres and of the ACC [Mikolajewicz and Voss, 2000, Garuba
and Klinger, 2018]. The ocean warming found at the edge of the poleward-shifting subtropical gyres
creates active heat loss to the atmosphere when the redistribution feedback is accounted for, amounting
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to a global 12% heat loss in an experiment where only the wind stress perturbation is activated [Garuba
and Klinger, 2018].

Attributing ocean changes to individual surface flux perturbations as done by such modelling stud-
ies relies on the linear additivity of the forcings, i.e. the response to all forcings applied together should
replicate that of the sum to individual forcings. Several studies argue it is the case at the first order [Miko-
lajewicz and Voss, 2000, Fyfe et al., 2007, Lago et al., 2016, Zika et al., 2018, Shi et al., 2020], however
[Couldrey et al., 2021] show that in coupled models, non-linear interactions between individual fluxes
are non-negligible in the Arctic and subpolar North Atlantic and small in most of the ocean, although the
non-linear response is model-dependent.

We note many other processes and surface forcings not discussed here are also important to better un-
derstand the causes of observed and future changes, such as the role of sea-ice (e.g.Haumann et al. [2020])
and iceshelf melt (e.g. Bronselaer et al. [2018], Lago and England [2019], which is not yet represented
interactively in climate models).

A question of time scales

Tackling the question of the role of individual surface flux perturbation in altering ocean tempera-
ture and salinity patterns has mostly been done from idealized radiative scenarios mimicking an increase
of CO2 concentration in the atmosphere, in which the forcings time scales are not representative of the
evolution of actual emissions since the pre-industrial period, nor take into account the possible counter-
acting effects of other anthropogenic forcings such as aerosols. The transient response in temperature
and salinity changes is not explored, rather only the long-term changes and their cause are investigated.
Consequently, we can wonder how these different surface fluxes compete under realistic time scales of
human forcings and what it implies for the evolution of ocean temperature and salinity patterns: does
the response change sign because one mechanism temporarily overwhelms the others? As an example,
Southern Ocean increased ventilation was found to be mainly driven by wind stress changes since the
mid-20th century, but this process will only hold as long as the wind stress response surpasses the in-
creased stratification caused by increased buoyancy fluxes [Patara et al., 2021, Sallée et al., 2021]. Will
this balance be disrupted, and if so, when? Furthermore, do temperature and salinity changes generated
by individual fluxes surpass internal variability? Would a climate change signal significantly emerge in
the absence of other fluxes?

5 Scientific problem and aim of this thesis

Summary

In this General Introduction, I have tried to put forward pieces of evidence from the scientific literature
exposing the significant changes that the ocean has undergone in its thermohaline structure in the past
decades. Such changes have been observed thanks to years of repeated efforts to sample the global ocean,
from oceanographic cruises, to the deployment of autonomous floats and instrumented marine mammals.
Large sampling biases still exist, especially at depth and at high latitudes, and new programs are underway
to fill these gaps for the future of the ocean observing system.

Still, some of these changes have already been attributed to human activities disturbing the natural
variations of the climate system since the industrial revolution. The detection of multi-decadal tempera-
ture and salinity changes and their attribution to human activities has been made possible by combining
ocean observations with simulations of the climate system including - or not - the influence of human-
induced greenhouse gases, aerosols, and other forcings. However, due to poor historical coverage, this
attribution has essentially been done at relatively global scale and in the upper ocean. We still don’t know
if, when or where, at more local scale, long-term temperature and salinity changes have exceeded or will
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exceed natural climate variations in the ocean interior. Moreover, the mechanical studies that proposed to
isolate the causes of these large scale temperature and salinity changes in the ocean have mostly looked
at the equilibrium or long-term response. However, the balance between different mechanisms can dif-
fer in the transient response compared to what happens at equilibrium, such as the competition between
buoyancy fluxes and winds.

Questions

In this thesis, I will broadly investigate the emergence of large scale ocean temperature and salinity
changes, particularly under the mixed layer where the ocean has larger inertia and is further away from
the influence of rapid exchanges with the atmosphere. We will explore where and when we can expect to
detect forced changes, thus proposing a spatial mapping of the timing of emerging signals in the ocean
interior. We will examine the origin of these emerging signals in terms of physical processes, as well as
the time scales of potential physical drivers.

Keeping this general aim in mind throughout this thesis, I propose to address three targeted questions
which I briefly lay out here, and which will be further discussed at the end of the manuscript.

1. What is the balance of mechanisms that makes the region associated with SAMW and AAIW
such a key place for the detection of thermohaline changes of anthropogenic origin?
These water-masses have long been of particular interest as they play a fundamental role in upper ocean
ventilation and overturning [McCartney, 1977, Hanawa and Talley, 2001, Sallée et al., 2010, Morrison
et al., 2022]. This interest stemming from ocean observations has been confirmed by the repeated eval-
uation of these water-masses (their formation and hydrology) in the successive generations of climate
models as well as their sensitivity to projected climate change [Sloyan and Kamenkovich, 2007, Downes
et al., 2009, 2010, Sallée et al., 2013, Hong et al., 2021, Meijers et al., 2021]. SAMW and AAIW are
of great relevance for the climate system and its changes, as they have been identified as dominant path-
ways of anthropogenic heat and carbon uptake and storage [Khatiwala et al., 2009, Roemmich et al., 2015,
Frölicher et al., 2015, Zanna et al., 2019b, Morrison et al., 2022]. As they integrate fluctuations in surface
forcings at the density outcrops on large and homogeneous volumes subducted beneath the mixed layer,
they have been found early on to be key indicators of anthropogenic climate change signals, which can
possibly be detected earlier than in the Northern Hemisphere [Banks et al., 2000]. The detection of multi-
decadal observed subsurface temperature and salinity changes in these water-masses and their attribution
to human activity has been confirmed recently by two independent studies, using a large initial-condition
ensemble [Swart et al., 2018] and a CMIP5 multi-model ensemble [Hobbs et al., 2021]. If heat is taken
up as a passive process in SAMW and AAIW regions, we can expect the time scales of the emergence of
subsurface temperature changes to depend on the time scales of the surface heat input at high latitudes,
modulated by the typical time scale of the upper ocean overturning, as the overturning strongly controls
the rate of anthropogenic heat ventilation [Morrison et al., 2022]. However, depending on how quickly
or whether the overturning increases in response to poleward and amplifying westerly winds, these time
scales might be affected. Increased buoyancy fluxes might also play a role in stratifying the upper layers,
preventing heat from penetrating as deeply along the original heat uptake pathway. How these oppos-
ing forcings interact in the transient response will determine if the emergence of the heat content change
arises earlier or is delayed compared to the passive uptake.

2. What can we learn from climate models about deep and abyssal changes and their timing?
AABW and NADW, formed in relatively small areas in the high latitudes, fill large volumes of the ocean
in the deep and abyssal layers [Johnson, 2008]. Changes in their rate of formation and in their charac-
teristics can thus fundamentally change the thermohaline structure of the ocean deep interior. This has
consequences for the storage of heat, carbon and nutrients. Deep thermohaline changes have already been
observed (e.g. Purkey and Johnson [2010], Desbruyères et al. [2016], Purkey et al. [2019]), although ob-
servations are still sparse and the significance of these changes compared to internal variations is largely
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unknown. We will explore when, in climate models, changes at depth are predicted to emerge from inter-
nal variability and how they relate to high latitude processes. However, global climate models are known
to misrepresent the formation of these deep and abyssal water-masses [Heuzé et al., 2013, Heuzé, 2017,
2021, Mohrmann et al., 2021], as high latitude processes result from complex interactions and feedback
processes between the ocean, atmosphere and cryosphere which are poorly represented or not represented
at all, such as deep overflows and iceshelf basal melt. We will discuss what we can learn from these mod-
els for our understanding of deep ocean thermohaline changes, their timescales and drivers of change,
keeping all their limitations in mind.

3. What does emergence mean in different methodological frameworks, how do they compare
and what do we learn from them?
Finally, we will address a more analytical aspect, and aim to uncover whether some frameworks can
help detect earlier changes in the ocean. We will look at different methods, compare a local and global
approach, different estimates of climate variability, and different frameworks to analyse thermohaline
changes separately or together.

Approach and tools

Wewill tackle these questions largelywith the use of global ocean and climatemodels, and use gridded
observation-based products as validation tools. We will first adopt a multi-model approach and explore an
ensemble of CMIP5 models. The multi-model analysis allows to reveal common features and patterns of
change among diverse representations of the climate system. In particular, averaging across models can
reveal forced climate changes, compared to uncertainties in internal variability and across models. Then,
we will turn to a single-model initial condition large ensemble, to more specifically isolate the forced
signals in one model world, and identify uncertainties relating exclusively to internal variability. Finally,
we will take on a more mechanistic approach, by performing numerical experiments with a global ocean
model - the same ocean component as used in the coupled model large ensemble. A global view of ocean
processes will be adopted throughout this thesis. We will look at large-scale patterns of change and their
drivers, and use rather simple diagnostics to uncover the time scales and mechanisms at play in the ocean
interior.

Structure of the thesis

The results will be presented in four chapters, followed by a closing chapter where we will try to
discuss the implications of the work conducted across this thesis in a broader context. The first two
chapters will focus on providing diagnostics of time of emergence of temperature and salinity changes in
the ocean, while in the other two chapters, we propose a numerical framework to tackle more mechanistic
aspects and understand the underlying processes causing these global-scale changes to emerge.

In Chapter I, we present a CMIP5 multi-model analysis of thermohaline changes along density sur-
faces and their time of emergence. This work was published in the journal Nature Climate Change in
August 2020 [Silvy et al., 2020]. Supplementary material to this first paper is included in Appendix A.
We then extend the analysis of these density-compensated changes to the Institut Pierre-Simon Laplace
(IPSL) coupled model large ensemble, before discussing the implications of the density framework.

In Chapter II, we focus on this IPSL initial condition large ensemble, and look for ocean thermoha-
line changes and their emergence from internal variability in different frameworks of analysis and with
different methodologies. This work was not written for scientific publication, but to present temperature
and salinity changes and their time scales in the large ensemble before trying to understand their origins
in the following chapters. This chapter is also meant as a place to discuss possible frameworks to analyse
temperature and salinity changes, and what we can learn from each of them. A few supplementary figures
on ocean drift are provided in Appendix B.
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In Chapter III, we describe the numerical framework developed during the second part of the thesis.
The goal of this framework is to understand the forcing mechanisms of transient thermohaline changes
in the IPSL large ensemble in response to individual drivers of change. This meant implementing a new
configuration of ocean-only experiments. In this chapter, we try to present the main steps and a compre-
hensive view of the modelling work done. More specific considerations and sensitivity tests are addressed
in Appendix C. The work done on the heat budget of the ocean model was published in Appendix B of
Mignot et al. [2021]. Furthermore, the development of this numerical framework and the associated code
has benefited a team led by Matthieu Lengaigne at UMRMarbec, working on forced surface processes in
the Indian ocean. The code of the numerical configuration will be made freely available.

In Chapter IV, we use the numerical experiments presented in Chapter III to investigate, in a first
section, the processes and time scales of anthropogenic heat emergence in the ocean, in the context of the
IPSL large ensemble. This work is presented in the form of a manuscript that will be submitted to the
Journal of Climate in the weeks or so following submission of this thesis. Supplementary Material to be
submitted along with this manuscript is provided in Appendix D. In a second section, we present ongoing
work and perspectives for a study on the drivers and time scales of salinity changes, particularly on the
amplification of salinity climatological patterns. A few additional figures are featured in Appendix E.

These four chapters are meant to be understandable almost independently from one another, which is
why there might be some redundancies at times in presenting the IPSL model.

Finally, I was involved in a group effort at LOCEAN to quantify the carbon footprint of our research
practises, interrogate it in the light of the climate crisis, and propose low-carbon pathways for the lab. A
summary of the different steps that took place during the two years of fall 2018 - fall 2020 is presented in
Appendix F, based on a draft written collectively with colleagues of the working group "Climactions" in
the fall of 2020.
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1 Introduction

In this first chapter, we will focus on long-term thermohaline changes analyzed in density space in the
CMIP5 archive of global climate models, compare them to observations of change since 1950, and diag-
nose their associated time of emergence from climate variability. Before diving into this study, I come
back in this brief introduction to a few reasons why the density space has been commonly adopted to in-
vestigate climate trends. Particularly, I present the Bindoff and Mcdougall [1994] theoretical framework
that has been introduced to trace back mechanisms of ocean change to surface drivers, from the observa-
tions of temperature and salinity changes along both pressure and density surfaces. Considering density
as a coordinate is often employed as an oceanographic tool as it defines how the ocean is organized. Other
frameworks that have adopted a density approach include, for instance, looking at how surface heat and
freshwater fluxes convert water from one density range to another to quantitatively estimate the forma-
tion rates of water-masses [Walin, 1982, Speer and Tziperman, 1992]; or computing meridional ocean
transport that cannot be explored along standard pressure levels [Döös and Webb, 1994, Speer et al.,
2000].

1.1 A theoretical framework to investigate the mechanisms of ocean ventilation

Bindoff and Mcdougall [1994] introduced a theoretical framework to explain subsurface temperature
and salinity changes in response to separate atmospheric forcings. They proposed three ventilation mech-
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anisms, under a number of hypotheses, by which ocean properties could change below the mixed layer
on a given pressure surface.

• First, the "pure warming" process in which surface waters are warmed by an increased heat flux
into the ocean and subducted below the mixed layer, resulting in a temperature increase at a given
pressure level, no salinity change, and a density-compensated temperature and salinity change along
a given isopycnal due to its downward displacement in the water column caused by the surface
warming. These changes along isopycnals depend on the stability ratio of the water columnRρ, i.e.
on the relation between the vertical gradients of temperature θz and salinity Sz . In the subtropics,
Rρ = αθz

βSz
> 1 (where α and β are respectively the thermal expansion and haline contraction

coefficients) which means the pure warming results in a cooling and freshening along isopycnals.
• Second, the "pure freshening" processwhere surfacewaters are freshened by a change in Precipitation-
Evaporation and subducted, resulting in a freshening and no temperature change at a given pressure
level, and, similarly as the pure warming, a density-compensated temperature and salinity change
along a given isopycnal (also depicted as a cooling and freshening in the subtropics where waters
are saltier and warmer in the upper ocean than below).
• Third, the "pure heaving" process where isopycnals can move vertically in response to a change in
subduction rate (which was assumed constant in the two previous processes) caused e.g. by a wind
stress perturbation, resulting in a temperature and salinity change on a given pressure surface but
no signature on a given isopycnal.

We note here, isopycnal refers to a neutral surface [McDougall, 1987], and the term neutral density is
employed. In reality, these three ventilation processes often occur concurrently. In that sense, this frame-
work enables the decomposition of temperature and salinity changes to retrace their origin. Indeed, at a
given location and for each of the three processes, the changes in temperature and salinity along a given
pressure and a given density level can be constrained by a set of equations relating them to each other, to
the change in depth of the given isopycnal and toRρ, α, β, θz and Sz . This yields a system of 6 quantities
(with 2 independent variables), each of them due to a linear combination of the 3 processes, that can be
written in matrix form. Using an inverse method, it is then possible to estimate, under a choice of as-
sumptions (e.g. minimizing each process or considering the percentage variance of only one process at a
time), the proportion of each process responsible for the total temperature and salinity changes observed
at the same location (on pressure and neutral density surfaces) between two time periods (see Bindoff and
Mcdougall [1994]).

Using a repeated section at 34ºS in the Tasman Sea, Bindoff and Mcdougall [1994] show that pure
heave processes dominate on the seasonal timescale in the upper ocean, but pure warming dominates
decadal changes in the SAMW, illustrated by a warming at fixed depth, cooling and freshening on isopy-
cnal layers and a downward displacement of these isopycnals. They also find that at decadal timescales,
pure freshening dominates on denser levels, in a water-mass that outcrops ∼60ºS. It is interesting to see
that although the multi-decadal precipitation trend was unknown over the Southern Ocean (although they
already expected precipitation to intensify at these high latitudes according to numerical climate change
experiments), they already found evidence of a possible perturbation in the freshwater flux, expressed as
a freshening of surface water-masses at high latitudes that had been subducted equatorward, consistent
with the multi-decadal freshening of AAIW observed today. These findings (dominance of pure warming
in the SAMW and pure freshening in the AAIW) were confirmed in a subsequent study looking at multi-
decadal changes along a section at 32ºS in the Southern Indian Ocean [Bindoff and Mcdougall, 2000] and
later in an idealized scenario of increasing CO2 forcing in a global climate model [Banks and Bindoff,
2003].

To draw a possible link with the passive/redistributive framework presented in the General Introduc-
tion, since pure warming and pure freshening are defined under a stationary circulation (at fixed subduc-
tion rates), we could relate pure warming to passive warming (i.e. subduction of warmer surface waters
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due to increased heat flux into the ocean by the unperturbed circulation), pure freshening to passive fresh-
ening (subduction of fresher waters due to increased freshwater flux into the ocean by the unperturbed
circulation) and pure heave to all processes related to dynamic redistribution of pre-existing heat and salt
by the perturbed circulation, i.e. wind stress changes but also circulations changes caused by heat and
freshwater flux perturbations. Keeping in mind that these processes are idealized.

The Bindoff and McDougall framework is thus particularly interesting in observations or historical
simulations where the individual role of surface flux perturbations and of passive and redistributive pro-
cesses can’t be separated as they can be in dedicated numerical experiments. However, the linear system
of observables to solve pure warming, pure freshening and pure heave is underdetermined (as only two
variables are independent). Consequently, there are several mathematical solutions to this system, so an
understanding of physical processes is needed to correctly interpret the different possible solutions.

1.2 The density binning approach

This sparked interest in many subsequent studies to investigate observed thermohaline changes both
on density and pressure surfaces, although not always to solve the processes mentioned above. Here,
we present results from a project in collaboration with Paul Durack at the PCMDI in Livermore (and
others), that aimed to draw from the observed change along density surfaces [Durack and Wijffels, 2010]
and revisit them in a multi-model approach. All the binning code and outputs were developed before
this PhD. Because each model can have a different equation of state, the choice was made to transform
all the temperature and salinity CMIP5 outputs to a common density label: γa, an approximation of
neutral surfaces [McDougall and Jackett, 2005], much less costly than the γn computation [Jackett and
McDougall, 1997]. As shown by the agreement of long-term changes along density levels found across
studies that did not necessarily use the same density coordinate, this choice does not impact the large-
scale features investigated here. This density coordinate zooms on upper ocean water-masses, essentially
highlighting Mode and Intermediate waters, leaving the deeper ocean to reside in only a few density
classes. For a more intuitive visualization, the results are shown in this first study by remapping back to
pressure levels after all computations were done in density space, using a climatology to define a density-
depth relationship.

The following section presents the CMIP5 study published inNature Climate Change in August 2020.
The Supplementary Material published alongside the paper is attached in Appendix A. Then, we extend
the work to the large ensemble of historical members of the IPSL coupled model that was used for CMIP6
and that will be further analysed in the next chapter. Finally, we discuss the limits and interpretation of
the density binning approach.

2 Paper: Human-induced changes to the global ocean water-masses and
their time of emergence
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Observed ocean temperature and salinity changes have been 
partially attributed to human activities, with global ocean 
heat content change identified in the early 2000s1,2 and tem-

perature and salinity changes in the upper (0–700 m) and interme-
diate (700–2,000 m) ocean in more recent times3–11. A few studies 
focused on more specific regions, with detected human-induced 
changes to ocean salinity in the Tropical Pacific9, Atlantic10 and 
Southern Ocean11 regions. However, there are still vast regions 
of the World Ocean, particularly at depth, where anthropogenic 
change remains undetected. The lack of positive attribution can be 
due to poor observational coverage, weak changes or because natu-
ral variability is large and is hiding forced changes. Because of the 
slow transport of heat and salt in the ocean interior, some regions in 
the deep ocean may be isolated from human-induced changes for a 
long time, as the climate signal propagates from the surface to the 
ocean interior. Other regions, which are more directly connected 
to the surface by atmosphere–ocean exchanges, ocean circulation 
and mixing, may respond more quickly. On the basis of anthropo-
genically forced climate model simulations, it is possible to estimate 
where and when the human-induced signal emerges against the 
background variability in the ocean interior.

While investigating the timescale of anthropogenic signal emer-
gence in the climate system, past studies have focused on surface 
temperature12–17, precipitation18,19 and sea level rise20 as well as 
marine ecosystem drivers and ocean carbon cycle indicators21–26. It 
was shown that temperature and salinity are potentially good indi-
cators for detecting anthropogenic change in the next few decades27. 
Here, we investigate the emergence of human-induced salinity 
changes at depth, in basin-scale zonal means, using a multimodel 
framework. We focus on the ocean interior below the ‘bowl’ (that 
is, below the deepest winter mixed layer) and we use climate models 
participating in the fifth phase of the coupled model intercompari-
son project (CMIP5). Ocean circulation below the bowl primarily 
flows along density surfaces. Density surfaces can move vertically 
(heave) for several reasons including transient dynamical changes 
unrelated to atmosphere-forced and ocean-ingested heat or fresh-

water changes, that manifest as temperature and salinity changes 
when assessed on a given pressure level. In an endeavour to detect 
the earliest time of emergence (ToE), we remove from our analysis 
this transient dynamical change by investigating temperature and 
salinity changes on neutral density levels (see Methods). On a den-
sity surface, changes of salinity and temperature are by definition 
correlated, so to avoid redundancy we will hereafter only discuss 
salinity changes.

Observed zonally averaged salinity changes along density sur-
faces show remarkably similar structures across different basins 
in the Southern Hemisphere (Fig. 1a)28,29. These features include 
a subtropical freshening in the upper 1,000 m in the density range 
of subantarctic mode and intermediate waters (26.5–27.0 kg m−3), 
surrounded by a relatively strong salinity increase in the tropical 
shallow cells and a slightly more moderate salinity increase in the 
range of upper circumpolar deep waters (~50°–60° S, ~27.5 kg m−3). 
The Northern Hemisphere Pacific presents a similar geographi-
cal salinification/freshening/salinification pattern of change. The 
North Atlantic features a subpolar freshening extending into the 
subtropics along the 27.7–28.0 kg m−3 isopycnals as well as a fresh-
ening along the 27 kg m−3 isopycnal from the subtropics to the 
equator and southward, capped by a strong salinity increase in the 
upper ocean and smaller increase at depth. Strong salinification is 
observed in the North Indian region, spanning almost all density 
ranges and suggesting that the influence of marginal sea outflows of 
high salinity dominates.

These large-scale patterns of multidecadal change have been 
proposed to be caused by regional surface changes in freshwater 
fluxes29–32 (wet regions get wetter and dry regions get dryer), as well 
as from surface warming shifting isopycnal outcrops poleward and 
along which the signal penetrates the ocean interior30–32.

Although the amplitude of the change is weaker in the multimodel 
mean (MMM of 11 models; Fig. 1b) than in the observation-based 
estimate—which is expected for a multimodel ensemble mean as it 
washes out change patterns of water masses with slightly different 
geographies thus not exactly aligned—the main patterns of change 
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The World Ocean is rapidly changing, with global and regional modification of temperature and salinity, resulting in wide-
spread and irreversible impacts. While the most pronounced observed temperature and salinity changes are located in  
the upper ocean, changes in water masses at depth have been identified and will probably strengthen in the future. Here,  
using 11 climate models, we define when anthropogenic temperature and salinity changes are expected to emerge from natural 
variability in the ocean interior along density surfaces. The models predict that in 2020, 20–55% of the Atlantic, Pacific and 
Indian basins have an emergent anthropogenic signal; reaching 40–65% in 2050 and 55–80% in 2080. The well-ventilated 
Southern Ocean water masses emerge very rapidly, as early as the 1980–1990s, while the Northern Hemisphere water masses 
emerge in the 2010–2030s. Our results highlight the importance of maintaining and augmenting an ocean observing system 
capable of detecting and monitoring persistent anthropogenic changes.
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are reproduced. Indeed, the observed salinification/freshening/
salinification from equator to pole in the Southern Hemisphere 
of all three basins and in the Northern Hemisphere Pacific is rep-
licated in the models, although we note the mode water freshen-
ing in the Southern Hemisphere tends to appear on slightly lighter 
density classes in the models than in the observations (around 
26 kg m−3 in the models versus 26.5–27.0 kg m−3 in the observa-
tions), consistent with past studies11,31,33. The magnitude of change 
within the individual model ensembles is equivalent to observed 
estimates (Supplementary Fig. 3) and the change is robust across 
models in regions where the observed signal is the strongest, indica-
tive of a coherent forced change. The Northern Indian region shows 
a change pattern of opposite sign in the MMM than in observa-
tions, as models probably have trouble reproducing the two com-
peting sub-basin regimes in this region (the fresh Bay of Bengal 
and the very salty overflows of Red Sea and Persian Gulf waters). 
The subpolar North Atlantic also shows disagreement between the 
observations and model change. This is also a region that the mod-
els struggle to simulate correctly as it has large regional differences, 
numerous interactions with the ice and land, and many compet-
ing sources of ocean change and variability34. As the Durack and 
Wijffels 201029 (hereafter DW10) analysis ends in 2008 (Fig. 1a),  
we also compute the 1950–2017 change using the EN4 (ref. 35, v.4.2.1) 
observation-based objective analyses (Supplementary Fig. 2a).  
The EN4 spatial patterns of change are extremely similar to those 
of DW10, giving confidence in the robustness of these identified 
observed patterns. In the MMM, the patterns of change identified 
during 1950–2008 (Fig. 1b and Supplementary Fig. 1b) become 

more robust when extending the period to 2017 and the amplitude 
of the change increases (Supplementary Fig. 2b).

To more quantitatively compare the observed and simulated 
trends in water masses regionally, a diagnostic of the trends is shown 
in nine regions of interest, where the simulated change is coherent 
in sign with the observations (Fig. 1c); we thus don’t consider the 
North Indian and subpolar North Atlantic, as the observed change 
there is not captured by the models. In both observations and mod-
els, the nine regions correspond to the salinity increase in the sub-
polar Southern Ocean, the freshening in the Southern Hemisphere 
subtropics, the increase (freshening) in the northern subtropical 
Atlantic (Pacific) and the increase in the subpolar North Pacific. The 
coordinates are chosen to best capture these patterns and tailored to 
the water-mass ranges of each model, as those are not necessarily 
reproduced at the same locations. Approximate boxes are shown in 
Fig. 1a; the exact boxes can be found in Supplementary Fig. 1a for 
the observations and Supplementary Fig. 4 for each model. We also 
run the same diagnostic for EN4. Regional trends in the observa-
tional estimates and models (Fig. 1c) are within the same order of 
magnitude, although the DW10 values tend to lie systematically on 
the higher end of the model distribution or even outside in some sec-
tions of the poorly sampled Southern Hemisphere, suggesting that 
the models might simulate a conservative estimate of the change. 
In the well-sampled Northern Hemisphere, both observational esti-
mates fall within the model distribution. In all regions, EN4 yields a 
smaller trend than DW10, consistent with the respective methods of 
these estimates (in data-sparse regions, EN4 is restored towards the 
climatology, thus providing a very conservative estimate of change). 
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Fig. 1 | Observed and simulated salinity changes between 1950 and 2008, shown in patterns of 50-yr salinity changes, analysed on density surfaces.  
For ease of reading, all figures of this paper are projected back from density to pressure as vertical coordinate (see Methods). a, From Durack and  
Wijffels29 observation-based analysis. Contours show isopycnals and stipples where the trend is not significant at the 90% confidence level. b, From the 
MMM CMIP5 historical experiments. Contours show isopycnals and stipples indicate where less than 60% of models agree on the sign of the trend. 
The changes in original density coordinate are shown in Supplementary Fig. 1. c, Trend averaged in nine regions (approximate boxes shown in a) for 
two observational estimates (DW10 and EN4) and for the model distribution (boxes indicate first and third quartiles and the median; whiskers indicate 
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Overall, this gives us confidence in the ability of models to repro-
duce these regional patterns of change.

On the basis of the same model suite, we now determine the 
‘anthropogenic’ component of the change by subtracting from the 
salinity computed in the historical simulations, the salinity com-
puted in idealized coincident simulations where human-induced 
forcings are removed (historicalNat). At the end of the twentieth 
century, it is striking that the simulated historical change (Fig. 1b) 
is very close to the estimated ‘anthropogenic’ contribution (Fig. 2a),  
with a Pearson’s spatial correlation coefficient of 0.88, suggest-
ing that human-induced forcings are responsible for most of the 
observed salinity change during the second half of the twentieth 
century5,9–11. The pattern of the historical anthropogenic signal is 
further amplified from 2006 and into the twenty-first century under 
a high-emission scenario (representative concentration pathway 
RCP 8.5; Fig. 2b), confirming the robustness of the structures of 
the anthropogenic forced change over the observed time period. As 
this signal appears qualitatively robust and human-induced, we now 
investigate when it can be statistically unambiguously distinguished 
from natural background variability over the 1861–2100 period.

We define the ToE of salinity change as the year when the anthro-
pogenic signal (defined over 1861–2100) exceeds and never falls 
back below twice the typical natural variability ‘noise’ threshold (the 
interannual standard deviation of the historicalNat experiment), 
such that emergence is detected within the 95% confidence interval 
(see Methods). Unlike previous studies, we choose ‘natural’ (CMIP5, 
historicalNat) rather than ‘unforced’ (piControl) simulations from 

which to calculate our noise envelope. This choice encompasses 
the effects of natural forcings (including volcanic eruptions) in 
the noise in addition to the internal variability of the climate sys-
tem, which ensures that a conservative temporal estimate of forced 
signal emergence is calculated (see Methods and Supplementary 
Discussion). Nevertheless, early detection is found: in all regions 
showing a robust pattern of change, the multimodel median ToE 
falls between the late twentieth century and the first decades of 
the twenty-first century (Fig. 3a) and there is a noteworthy agree-
ment between models on the sign of the signal (see also intermodel 
spread in Supplementary Fig. 5). Regions that do not emerge show 
no agreement between models (grey areas in Fig. 3a). In 2020, most 
of the identified forced patterns have already emerged in the ocean 
interior, with 20–45% of the zonally averaged basin emerged in the 
Atlantic, 20–55% in the Pacific and 25–50% in the Indian (Fig. 3b, 
first to third quartiles). These numbers rapidly increase, reach-
ing 35–55% in the Atlantic in 2050 to 55–65% in 2080; 45–65% to 
60–75% in the Pacific; 45–65% to 60–80% in the Indian.

The earliest ToE are found in the Southern Hemisphere subtrop-
ical (40°–20° S) and subpolar (60°–40° S) areas, with a median ToE 
as early as the 1980s and overall earlier than 2020. The subtropi-
cal Southern Ocean is a dominant region for heat uptake associated 
with the formation and subduction of water masses ventilating the 
subtropical gyres with mode and intermediate waters33,36. The early 
emergence of the human-induced signal in this region is consistent 
with the observed changes that have been detected and attributed 
to anthropogenic forcings11. Model agreement in the southern  
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subtropical Atlantic from 40° S to 20° S is weak in the upper 1,000 m, 
reflecting that unlike the Indian and Pacific basins, this basin is not 
associated with a well-ventilated layer of subantarctic mode water36. 
Instead, the upper 1,000 m in the Southern Ocean Atlantic basin is 
populated with newly ventilated intermediate waters36, whose circu-
lation and subduction are poorly represented by the CMIP5 models33. 
The model spread is relatively narrow for the Southern Hemisphere 
subtropics (two to three decades for the interquartile range in the 
Pacific and Indian sectors; Supplementary Fig. 5) and slightly larger 
for the subpolar Southern Ocean. We note that the emergence in 
the subpolar Southern Ocean is to be assessed cautiously, with most 
models rapidly limiting spurious open ocean deep convection due 
to near-surface freshening37,38, therefore arguably warming at depth 
(1,000–2,000 m) much faster than in the real world (in the subpo-
lar Southern Ocean, deep convection acts to extract heat from the 
interior ocean and release it to the atmosphere39). The other regions 
featuring an emergent signal in the first decades of the twenty-first 
century are the northern Pacific between 10°–30° N and 40°–60° N, 
with a median ToE from the 2010s to 2040 and an intermodel range 
of a few decades. The signal in the North Atlantic also emerges in 
the early decades of the twenty-first century, mostly before 2020, 
with an interquartile range of two to four decades. The intermodel 
range gives a measure of the uncertainty that the climate models are 
providing and so a spectrum of possibilities for the real world to lie 
within. There is decadal to multidecadal variability between realiza-
tions and between models, as well as model errors, which means it 
is difficult to get that range below zero (10 yr).

Because each model can represent a given water mass at slightly 
different latitude or density, we again delineate model-specific water 
mass ranges that are uniquely defined for each model, so a clearer, 
quantitative water-mass-centric model intercomparison can be per-
formed (same regions as Fig. 1c; see approximate regions in Fig. 2b 

and exact boxes for each model in Supplementary Fig. 4 in density 
space). Additionally, and again to increase the signal-to-noise ratio, 
because each model can have a different climate sensitivity, here we 
associate, for each model member, the ToE of the anthropogenic 
signal in all nine regions to the corresponding global mean surface 
warming at that time under the RCP 8.5 scenario (global mean sur-
face air temperature (GSAT) increase relative to the pre-industrial 
era, Fig. 4). Supplementary Fig. 6 shows the same analysis, as a func-
tion of time (ToE axis instead of GSAT anomaly).

Most models predict that salinity change signals emerge between 
+0.5 °C and +2 °C of global mean surface warming, corresponding 
to a ToE between the late twentieth century and the first decades 
of the twenty-first century (Fig. 4). According to this distribution, 
there is a 100% probability for the anthropogenic signal in the 
Northern subpolar Pacific and in the Southern Hemisphere Pacific 
and Indian subtropics to emerge before a +2 °C warming, and 
over 75% probability to emerge before +1.5 °C—and even before 
+1 °C for the Pacific southern subtropics (note observed global 
mean surface warming to 2018 is about 1 °C; ref. 40). The subpolar 
Southern Ocean sectors have a relatively early median emergence 
(~0.8–1.3 °C) but a wide model spread, especially in the Pacific, 
probably reflecting model deficiencies in representing this part of 
the ocean37,38. The Northern Hemisphere subtropical water masses 
emerge slightly later than their Southern Hemisphere counter-
parts (except in the Atlantic basin), with about 75% probability to 
emerge before +2.25 °C. We expect the dependence of these results 
to slower warming scenarios to be limited, as most models pres-
ent a signal emerging before there is a notable difference between 
scenarios (see comparison of the RCP 4.5 and RCP 8.5 warming in 
Supplementary Fig. 7).

We repeat the same analysis on an idealized emission scenario 
where CO2 concentration in the atmosphere increases by 1% 
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every year (1pctCO2); that is, a much faster forcing than observed 
in the twentieth century or projected for the twenty-first cen-
tury (see Supplementary Figs. 6 and 8 and CO2 signal patterns in 
Supplementary Fig. 9). The overall agreement in the emergence of 
a climate signal in different water masses across the different mod-
els and the two types of very different timing of forcing scenarios 
(RCP 8.5, 1pctCO2) offers confidence in simulated emergence pat-
terns and confirms the dominant role of CO2 emissions.

In analysing emergence timescales in the climate system, pre-
vious studies20,21 showed that spatial patterns of ToE are strongly 
determined by the unforced variability, meaning that an earlier 
ToE arises in regions of weaker noise and vice-versa. We investigate 
whether this is the case by examining the relative contributions of 
signal and noise to the ToE regional pattern for each model, as well as 
the regional intermodel spread (see Supplementary Discussion and 
Supplementary Figs. 12 and 13). We find that the time-independent 
noise level is not sufficient to explain the ToE spread, which seems 
predominantly explained by the signal across regions and models; 

that is, either its strength or its decadal to multidecadal variability. 
This suggests that the low noise level of the ocean interior makes 
it a unique place for early detection of human-induced changes, 
even with the conservative estimate used here. Indeed, although 
the anthropogenic climate signal might appear at the surface first, 
strong background variability there can delay its emergence and 
counterintuitively earlier emergence can be found in the ocean 
interior, with geographical differences compared to the surface. 
Surface air temperature and sea surface temperature in the RCP 8.5 
scenario were found to emerge mainly within the early-to-middle 
twenty-first century, showing strong regional differences with ear-
lier emergence in the tropics due to the low noise level there than at 
higher latitudes14,15,20. ToE is especially late in the Southern Ocean 
for surface temperature, whereas we find the earliest emergence in 
this part of the world in the ocean interior. Half of the ocean area is 
expected to have emergent thermosteric sea level rise in the 2040s 
and, when including additional effects such as ice mass loss, as early 
as 202020. It is interesting to see that the timing of emergence of 
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changing patterns occurs differently for different variables, proba-
bly a testimony of their distinctive interactions and feedbacks in the 
Earth system. This is clearly illustrated by the very diverse patterns 
and timing of emergence of the change in the different components 
of the ocean carbon cycle26. The diversity of climate variables inves-
tigated collectively provides a comprehensive understanding of the 
ToE of human-induced change in the Earth system, into which this 
study is contributing additional insight.

This work suggests that a large portion of the observed change 
patterns in the ocean interior is human-induced and will continue to 
intensify with continuing CO2 emissions. If these patterns have been 
suggested to be primarily driven by an increased surface warming 
and water-cycle amplification29,31 (two processes that directly affect 
heat and salt in the ocean thus density and circulation), understand-
ing how these patterns will continue to amplify in the future in a 
more stratified upper ocean41 and with possibly modified ocean cir-
culation and mixing requires further investigation. In particular, 
deciphering which of the changing surface fluxes is likely to play 
a larger role, where and on what timescales, can be explored with 
model-specific flux-anomaly-forced model intercomparison proj-
ect (FAFMIP)-like42,43 mechanistic studies.

The hemispheric asymmetry in emergence, with earlier ToEs in 
the Southern Hemisphere subtropics is reminiscent of a number of 
recent studies stressing the importance of the Southern Ocean for 
ocean heat and carbon storage, associated with the overturning circu-
lation44–46. It is noteworthy that this part of the world is historically the 
most poorly sampled and therefore the worst positioned for detect-
ing a forced climate signal in observations47,48. The global pattern of 
human-induced fingerprint of ocean interior change can be used to 
guide the future development of a targeted global ocean observing 
system focused at monitoring and detecting future ocean change. The 
maintenance of this observing system along with continued invest-
ment in climate and ocean model development and evaluation, will 
provide the necessary measurements and model tools to best inform 
adaptation and mitigation strategies and policies going forward.
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Methods
Density binning of CMIP5 simulations. In this study, we use a suite of CMIP5 
climate models binned into a neutral density framework, using the McDougall and 
Jackett49 routine, to examine anthropogenic signals in the ocean on approximated 
neutral surfaces (γa) compared with natural climate variability. Zonal means are 
computed for each oceanic basin along neutral density surfaces, which allows for 
a more water-mass-centric assessment than is possible using a standard pressure 
level analysis. We note that some vertical movement (heave) of density surfaces 
can be due to climate change50,51 but we don’t investigate those here. In addition to 
providing a cleaner signal and reducing the noise, the density framework provides 
several other benefits, including a view of the ocean interior delineated by its water 
masses, useful for intermodel comparison33,52, as water masses can be defined by 
their density range. Additionally, along density surfaces, salinity and temperature 
changes compensate and thus have the same structure and sign, and consequently 
the same emergence timescale.

To allow for a simpler and more intuitive visual representation, zonally 
averaged values are then remapped back to a pseudo-depth coordinate using a γa to 
pressure relationship derived from the observation-based product EN4 (ref. 35) by a 
surface-to-bottom mapping of the ocean per density layer. Note that all remapping 
of this paper, irrespective of whether we are in the context of past, contemporary 
or future, is done with the exact same γa to pressure relationship which is based 
on contemporary observations. The remapping is purely a visual tool here, which 
does not introduce any signal: all signal, noise and ToE computations are done in 
γa space. All the data are trimmed at the bowl (that is, below the winter mixed layer 
depth), indicated by a dark grey shading in the figures.

ToE definition. ToE is computed both locally (for each gridpoint; Fig. 3) and 
regionally in a number of determined regions, using a manual fingerprint (that 
is, regional model-specific boxes fixed in time) to track the signal (Fig. 4). We use 
an ensemble of 11 models with a total of 35 realizations for the anthropogenic 
ToE and 13 single-member models for the CO2 ToE (see Supplementary Table 1). 
The ToE is computed for each individual member, then intermember medians are 
derived, yielding a multimodel distribution with the same weight for each model 
and thus an estimate of the uncertainty.

The anthropogenic signal is 240 yr long, ranging from 1861 to 2100. Over 
the historical period (1861–2005), it is defined at each yearly time step as the 
salinity difference between the CMIP5 historical experiment (fully forced) and the 
time-averaged CMIP5 historicalNat value (natural forcings only: solar fluctuations 
and volcanic eruptions). Over the projection period (2006–2100), it is defined 
at each yearly time step as the salinity difference between the CMIP5 RCP 8.5 
scenario (‘business as usual’) and the time-averaged historicalNat value (same 
baseline for both periods to ensure continuity). For each historical + RCP 8.5 
ensemble member, the historicalNat time series used as the baseline of the signal is 
the ensemble mean if multiple members exist.

We note that the correct term for the signal defined above should be ‘externally 
forced’ as the influence of external natural forcings can be present during the 
historical period; however, considering the greater influence of human-induced 
forcings over time and especially in the ocean interior, we therefore refer to this 
signal as ‘anthropogenic’. The possible influence of external natural forcings in 
the signal during the historical period will occur in terms of additional decadal to 
multidecadal variability.

The noise represents the bounds of background climate variability and is 
built from the interannual standard deviation of the historicalNat experiment 
(1861–2005, over 145 yr). Within several historical + RCP 8.5 members of a model, 
the noise is the same and is defined using the maximum standard deviation of 
all available historicalNat realizations within that model. The threshold of signal 
exceedance over noise is chosen at two on the basis of the large consensus in 
existing literature and because it represents a 95% confidence of signal emergence 
but sensitivity to this threshold is discussed in the Supplementary Information 
(see Supplementary Fig. 10). Overall, this definition makes it a rather high (thus 
conservative) estimate of the noise envelope (interannual noise, historicalNat 
choice instead of an annual mean pre-industrial control, two standard deviations 
as the threshold and picking the maximum among historicalNat members). The 
signal is considered to have emerged if it definitively exceeds the noise threshold 
at least 20 yr before the end of the projection to account for potential ‘false’ 
emergence—that is, if the signal were to go back within the bounds of climate 
variability afterwards20,53. Note that some internal variability (and natural variability 
over the historical period due to volcanic and solar forcings) remains in our signal 
definition, which is not exactly the purely forced response to anthropogenic 
forcings such as can be identified with the MMM of a large ensemble but is  
rather a change and thus more similar to what real observational time series  
would look like.

The historicalNat experiment is a coherent choice for estimating natural 
climate variability as it accounts for internal variability as well as external natural 
forcings, both included in the forced experiments. However, we do test how our 
results are affected by using the pre-industrial control (no external forcings) 
instead of the historicalNat experiment in defining the noise, as is often done, and 
do not find the ToE distributions to be much altered (see Supplementary Fig. 11). 
The change driven by the CO2 forcing alone can be estimated in a similar way, by 

taking the salinity difference between the yearly idealized 1pctCO2 experiment 
(140 yr) and the mean value of the pre-industrial control. The noise for CO2 ToE 
is then defined as the standard deviation of the pre-industrial control over the last 
240 yr (to have the same noise definition as done in Supplementary Fig. 11 for the 
turquoise boxes).

ToE distribution of basin zonal means. The gridpoint-per-gridpoint ToE 
distribution is calculated on the basis of the methodology described by Lyu et al.20. 
A signal is considered to have emerged if its ToE is at least 20 yr earlier than the end 
of the time series (2080 for the RCP 8.5, 120 for the 1pctCO2). At each gridpoint, 
the signal of each model realization can emerge with either a positive (salinity 
increase) or negative (freshening) change, or not emerge at all and stay within the 
bounds of natural climate variability. The distribution can be calculated if at least 
half of the runs emerge with the same sign of the signal or at least half of the runs 
show no emergence and if the outliers that have a different direction of change are 
less than 5 (5 for the anthropogenic signal, 1 for the pure CO2). We then compute 
the distribution by excluding the outliers, first by computing the intermember 
medians, then the multimodel distribution using these medians so as to give each 
model the same weight. If the conditions are not met, the location is labelled as ‘no 
agreement’. See supplementary material of ref. 20 for details and examples.

Manual fingerprint. The regional ToEs are calculated by averaging both signal  
and noise in selected regions (see Fig. 2b). Namely, we defined: the Southern 
Ocean subpolar range, encompassing signal associated with upper circumpolar 
deep water (around 40°–60° S; 27–28 kg m–3); the Southern Ocean subtropical 
range, encompassing signal associated with mode and intermediate waters 
(around 20°–40° S; 25.0–26.5 kg m–3); the Northern Hemisphere subtropical range, 
encompassing signal associated with Atlantic and Pacific mode waters (around 
20°–40° N; 25–26 kg m–3 in the Pacific; 26-27 kg m–3 in the Atlantic) and the 
subpolar North Pacific, encompassing signal associated with the North Pacific 
intermediate waters (around 40°–60° N; 26-27 kg m–3). The boxed coordinates are 
model-specific and were fixed (in γa space) on the basis of the zonally averaged 
spatial pattern of the signal at the end of the time series (see Supplementary Fig. 4). 
The regional emergence of the signal (Fig. 4) is based on a manual fingerprint for 
each region displayed, thus slightly sensitive to the precise boxes used. The patterns 
of change that already exist in the historical forced simulations continue to exist in 
the same locations and enhance in the twenty-first century simulations, giving us 
confidence in using boxes fixed in time.

Warming scale. Global surface warming at emergence was computed by taking 
each run’s GSAT (historical + RCP 8.5) smoothed with a 10-yr running mean, at the 
ToE in each region. GSAT anomaly is calculated relative to the 1850–1900 period. 
The same was done for the 1pctCO2 GSAT (Supplementary Fig. 8).

Percentage of basin emergence. We define the percentage of emerged area in 
basin zonal means and under the surface bowl at each time step by computing 
the cumulative sum over each basin of the number of grid cells that have emerged 
before that time step, weighted by the thickness of their respective density layer; 
and dividing it by the cumulative sum of each grid cell’s isopycnal thickness of that 
same basin zonal mean. The result is given in terms of area as the latitudinal grid is 
regular with a 1° resolution (all models were interpolated on that same horizontal 
regular grid). This is done for every model simulation, then the intermember 
medians are computed. Shown in Fig. 3b are the median, first and third quartiles of 
the multimodel distribution.

Data availability
All CMIP5 model data used in this paper are available through the Earth System 
Grid and freely available for download (https://esgf-node.llnl.gov/search/cmip5/).

Code availability
The analysis code for this paper is written in Python and is available on GitHub 
(https://github.com/ysilvy/ocean_toe_2020)54. The density binning code and data 
are available upon request to the authors.
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3 Extension to the IPSL-CM6A-LR large ensemble

The Institut Pierre Simon Laplace (IPSL) participated in CMIP6, with the development and configu-
ration of a new coupled model, IPSL-CM6A-LR [Boucher et al., 2020, Mignot et al., 2021], using it to
run the many experiments requested by CMIP6, through a large community effort that lasted over several
years.

32 historical members were run with the IPSL-CM6A-LR model, enabling a large sampling of in-
ternal variability (each member was initialized at a different year of the 2000-year pre-industrial control
simulation). The idea behind is that very little is known about the oceanic conditions in 1850; starting the
historical simulations from different initial conditions of internal variability (such as different phases of
the AMOC) allows to span a range of possible initial states [Hawkins et al., 2016]. Averaging across mem-
bers is a way to remove (some of) the noise of internal climate variability and isolate the forced response
since all members have the same external forcings but different initial states of internal variability. The
historical simulations are defined for the period 1850-2014 and the scenarios for 2015-2100 (scenarios in
CMIP6 changed from RCPs to SSPs - Shared Socioeconomic Pathways). An extended set of simulations
(entitled historical-EXT) outside of the CMIP6 request was run with the same 32 historical members for
the period 2015-2059 following ssp245 [Bonnet et al., 2021a]. This is a considerable addition since the
regular scenario experiments with IPSL-CM6A-LR have 6 to 11 members depending on the scenario.

In chapter II, we will explore different ways of investigating forced changes in this ensemble of his-
torical extended simulations. Here, we extend the work of the study presented above by running similar
analyses with this large ensemble of 30 members (2 members had data transfer problems) and different
ssp scenarios to fully test the dependence of the ToE results on the emissions scenario.

We find similar structures of change in IPSL-CM6A-LR (figure I.1, middle panels) compared to
the CMIP5 models and ensemble mean of the previous published study (figure I.1, top panels; note we
compare different amplitudes of change: the CMIP5 Multi-Model Mean (MMM) is computed for the end
of the century under RCP8.5 instead of the mid-century under SSP2-4.5 for IPSL-CM6A-LR). One main
difference lies in the sign of the change in the northern tropical Atlantic where there is a clear subsurface
freshening in IPSL-CM6A-LR instead of the opposite change in the CMIP5MMM, illustrating a possible
strong bias of this model. The freshening in the southern subtropical Pacific ocean is also much weaker
compared to the CMIP5 MMM, in which it was the most prominent pattern. Associated to the changing
structures in IPSL-CM6A-LR, we find structures of ToE (figure I.1, bottom panel) with very similar time
scales as in the CMIP5 study, i.e. an emerged signal between the late 20th century and the early decades
of the 21st century, with much of the patterns already emerged by 2020 (bold black line). The southern
subtropical Pacific ocean shows little emerging signal, consistent with the weak freshening.

Note here for data reasons we have used the intermember standard deviation for the noise estimate
instead of the piControl standard deviation. We will see in chapter II that this makes little difference,
provided deep ocean drift has been removed (see below and chapter II for the discussion on drift).

This time, with the IPSL-CM6A-LR model, we compare the ToE in different emissions scenarios,
shown in figure I.2 for ssp245, ssp460 and ssp585, with 6 members each (branching from the same his-
torical members). We note the historical-EXT (30 members following ssp245, figure I.1 bottom panels)
and ssp245 (6 members, figure I.2 upper panels) patterns of ToE are very similar, showing a good inter-
member coherence and almost no hidden emergence by the historical-EXT experiment which is limited
to 2059. Furthermore, we see very little differences in the structures and the timing of emergence be-
tween the 3 ssp scenarios (figure I.2), confirming that when a change pattern emerges in the ocean, it does
so before there are significant differences in surface warming scenarios. Additionally, when there is no
emergence (grey areas), a stronger warming scenario doesn’t induce one. This suggests human influence
and its continued emissions have already set the patterns of signal emergence in the ocean for the 21st
century.
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Figure I.1: (Top) Same as Fig. 2b of Silvy et al. [2020] but in the original density space: CMIP5 multi-
model mean salinity change in the last 20 years of RCP8.5 [2081-2100]. (Middle) IPSL-CM6A-LR
(historical-extended) ensemble mean salinity change in the mid-21st century and (bottom) ensemble me-
dian time of emergence, in basin zonal means. The bold black lines in the bottom panel indicate year
2020. Note emergence is capped at year 2056 since the historical-EXT experiment does not continue
further than 2059 in the 21st century and due to a few years missing after the density binning.

4 Caveats and discussion

4.1 Model drift

One significant limit of this study lies in the fact that model drift was not removed before conducting
the ToE analysis. This choice was made in the density binning project, as the density projection provides
a zoom on the upper ocean with very little drift. Residual drift can indeed persist in climate models, par-
ticularly in the deep and abyssal ocean, even after a long spin-up, when the ocean is still not in equilibrium
with the atmospheric forcing [Gupta et al., 2013, Irving et al., 2020].

Since drift in temperature or salinity is rarely significant in the upper ocean, omitting to remove it from
the CMIP5 outputs should not impact (or very little) the ToE analysis in the water-masses delineated in our
study. However, drift is often non-negligible below 2000m (i.e. in the very last density bins) in a number
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Figure I.2: Ensemble median Time of Emergence for the ssp245, ssp460 and ssp585 scenarios (6 mem-
bers each).

of models, contaminating the forced signal in the historical simulations as well as the noise envelope from
piControl runs, and thus the time scales of emergence of this signal from internal variability noise. For
example, the IPSL-CM6A-LR model has a quasi-linear cooling drift in global mean ocean temperature
of about -0.13 W.m-2 in the 2000-year pre-industrial control experiment (see Mignot et al. [2021] and
also the next chapters of this thesis). Signs of this drift can be seen in figure I.1 in the middle panels,
where there is a consistent sign in the change between members in the deep Pacific Ocean (no stipples
between 27.5-28 kg.m-3), but no emergence because of the large spread in the member’s initial state
leading to an anomalously large intermember standard deviation (see chapter II). This drift arises from a
negative net surface heat flux into the ocean over the piControl experiment (the heat budget of the ocean
component is closed, the drift is thus purely physical and not due to e.g. numerical errors), illustrating
an imbalance between the atmospheric and ocean physics in the coupled model, and is transmitted to the
deeper ocean below 2000m (i.e. upper ocean temperatures don’t drift but the deep ocean does as anomalies
are stored there on long time scales). Interestingly, when the same ocean model used in IPSL-CM6A-LR
(NEMO3.6) is forced with reanalysis atmospheric forcing instead of the LMDz atmospheric model, the
same drift exists in the first hundred years of the simulation but is slowly reduced after over a thousand
years of simulation (Casimir de Lavergne, personal communication), which is not the case in the coupled
model. A debate is undergoing to determine whether the cooling drift will eventually disappear if the
coupled model is run long enough. We examine the impact of this drift in chapter II.
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4.2 The heave-spice decomposition

Looking at zonal mean temperature and salinity on density levels instead of pressure has a number of
advantages for better capturing water-mass geographies. Namely, computing zonal means along isopycnal
layers has more physical sense than on pressure levels, which also holds for a model inter-comparison
exercise where the water-masses are better aligned in that framework (although models don’t necessarily
produce water-masses with identical densities due to different mean states). Changes along density levels
are also commonly extractable from observations (e.g. Durack and Wijffels [2010], Helm et al. [2010],
Purkey and Johnson [2013], Desbruyères et al. [2014], Häkkinen et al. [2016], Desbruyères et al. [2017],
Wang et al. [2021]) and so comparable to model outputs.

However, adopting this framework alsomeanswe are not capturing the full signal (for a local observer)
but only the density-compensated part ("spice"), commonly conceptually explained as "water-mass prop-
erty changes" (that is, if water-masses are defined and centered on constant densities through time, which
is only a partial view of what a water-mass is). The other part of the signal, "heave", is manifested on
multi-decadal time scales as a widespread deepening of almost all isopycnals in response to global warm-
ing bringing additional heat into the ocean [Häkkinen et al., 2016, Desbruyères et al., 2017]. A local
observer, like a fish, will perceive both spice and heave signals, i.e. the total change at a given depth. For
a complete impacts study, the total change should thus be considered, although every framework has its
limits (such as zonal means along pressure levels that mix different water-masses together).

The isopycnal displacement signal at the end of the 21st century is shown in figure I.3 (top) in density
space for the CMIP5 MMM, displaying an almost widespread deepening (positive downward). The as-
sociated ToE of this heave signal is also presented here (figure I.3, bottom), showing similar time scales
as those found in the spice signal, with more widespread emergence and more robust features (i.e. better
model agreement on the sign of the signal). The Southern Ocean Mode and Intermediate waters stand out
again as the regions with the earliest emergence of the deepening signal (∼1980s), although the strength
of the signal is similarly as large at the end of the century in other regions such as the subpolar North
Atlantic where the stronger noise delays the emergence.

The main advantages usually presented when looking at property changes along isopycnals is that it
removes the effect of dynamically-driven isopycnal displacements (caused by e.g. eddies, internal waves)
that can change properties on pressure surfaces without any changes along density surfaces. However,
we have seen that on multi-decadal time scales, the main cause of isopycnal deepening is the widespread
warming of anthropogenic origin. We note long-term changes in the winds can also add to the isopycnal
deepening. Hence, heave is also a marker of long-term changes in surface fluxes. For example, a warming
originating from an increased heat flux into the ocean, propagating from the surface to the interior (the
"pure warming" process from the Bindoff and Mcdougall [1994] framework), has a signature both on
isopycnal displacement and on along-isopycnal changes. The spice and heave mathematical decomposi-
tion, in this context, does not provide a sufficient framework to separate different physical mechanisms,
as they can be related to the same driver. However, solving the system for pure warming, pure freshening
and pure heave, as proposed by Bindoff and Mcdougall [1994], is a useful application to interpret sources
of change from temperature and salinity analyzed on both pressure and density levels.

Lyu et al. [2020] applied the Bindoff and Mcdougall [1994] framework to understand the processes
driving Southern Ocean upper ocean temperature and salinity changes in the CMIP5 ensemble of the 21st
century RCP8.5 scenario. They solved the proportion of pure warming, pure freshening and pure heave
and found that themid-latitude warming and deepening of isopycnals could be explained by a combination
of pure warming and pure heave, coherent with the additional heat input into the ocean at high latitudes
transported northward and subducted by the background circulation and with the response to enhanced
and poleward shifted westerly winds. They also found that the mid-latitude freshening was coherent with
the pure freshening process, driven by excess precipitation at high latitudes and northward subduction of
the freshened waters.
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Figure I.3: (top) Multi-model ensemble mean change in isopycnal depth (positive downward) and (bot-
tom) median time of emergence. Same method as in the paper.

Overall, I have found that looking at changes along density surfaces alone has a certain ambigu-
ity. Indeed, the drivers of change in terms of physical mechanisms remain entangled, and the density-
compensating framework makes it hard to understand which variable -temperature or salinity- is leading,
or whether the appeared sign of the change is simply a consequence of the heave/spice decomposition.
Furthermore, density space gives more emphasis to the upper ocean (which has strong density gradients)
than to the deep and abyssal ocean (with very low gradients, i.e. contracted to a few bins). Since the ob-
servational analyses have mainly focused on the top 2000m of the ocean, this was appropriate. But when
looking at changes deeper than 2000m, the density space compresses these parts of the ocean, making
it harder to interpret changes in their geographical structure. The heave/spice framework and the sign of
the possible changes according to the stability ratio of the ocean have been detailed in earlier papers from
the 1990s and 2000s.

Overall, our understanding is that decomposing thermohaline changes into changes along density
surfaces and vertical movement of isopycnals is not necessarily a way to separate physical mechanisms
but it is a mathematical decomposition, that mixes the pure warming, pure freshening and pure heave
processes. For instance, a downward displacement of an isopycnal layer (heave) can result both from a
pure warming signal which will change the temperature along both pressure and density surfaces, but
also from a pure heave signal related to circulation changes. Breaking down temperature and salinity
changes on pressure surfaces into spice and heave components is thus not enough to allow for a formal
decomposition into heat, freshwater and wind stress individual perturbations. Solving the pure warming,
pure freshening and pure heave mechanisms however requires to know both changes on pressure and
density surfaces, as well as the vertical gradients and isopycnal displacements.
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5 Key points

• In this chapter, we presented a multi-model analysis of anthropogenic salinity changes along
density levels in the ocean, in basin zonal means.

• We have found that models generally reproduced the observed large scale structures of
change, although on lighter density levels, and with important differences in basins where
the zonal average potentially mixes up different sub-basin signals, such as the northern In-
dian ocean and the subpolar North Atlantic.

• Using Time of Emergence diagnostics, we showed that in the regions that already expressed
robust changes across models in the historical period, these changes were found to emerge
from background climate variations between the late 20th century and the first decades of
the 21st century in the multi-model median, with an inter-model range of several decades.

• We focused on a few regions, with a manual delineation to take into account each model’s
specific water-mass geography, and looked at the emergence as a function of global mean
surface warming as well as time, finding that some regions emerged before the 1.5ºC thresh-
old with weaker inter-model spread in mid-latitude water-masses (except for the southern
Atlantic basin) than in the southern high latitudes, where model agreement is lower.

• Consistent with Banks et al. [2000], we found earlier emergence of the anthropogenic signal
in the Southern Hemisphere mode waters than in their Northern Hemisphere counterparts.
This feature is also found when looking at the isopycnal long-term displacement in the water
column.

• We find similar time scales of emergence in the IPSL-CM6A-LR model, although the inter-
nal organization of water-masses is different in some places than in the CMIP5 multi-model
mean.

• Overall, these results point to the ocean Mode Waters as particularly good places to detect
anthropogenic climate signals, with earlier detection in the Southern Ocean, providing a
different view than just looking at the surface, mapping out how these signals are spread
and organized in the ocean interior.
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1 Introduction

When looking at changes in climate variables, a multi-model analysis, such as the one presented in
Chapter I, can mix up different types of uncertainties, essentially uncertainties originating from internal
variability and from model-to-model differences [Hawkins and Sutton, 2009]. Especially in the case
where there are few members of the historical and scenario simulations per model, the difference between
the realizations of two different models could be due to either different phases of internal variations or
different model physics (including how internal variations are represented and how much a model warms
in response to increasing greenhouse gases). How much of the spread in Time of Emergence presented
in the previous chapter is due to model differences or internal variability is thus not quantifiable with the
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small number of members that were available. In this Chapter, we address the uncertainty associated with
internal variability in a single model, leaving out model-to-model differences.

Members in an ensemble are forced by the same external forcings and differ only by their initial condi-
tions, so that when a large enough number of members are performed, internal variability can be averaged
out. Large initial-condition model ensembles (also referred to as SMILEs - SingleModel Initial-condition
Large Ensembles, see https://large-ensemble.github.io) provide a robust way to isolate the forced response
across members, and estimate the intrinsic climate variability within a single model in transient simula-
tions [Deser et al., 2020]. Large ensembles have been used for many purposes in identifying forced
long-term signals compared to internal variability. These include investigating the uncertainty in the
emergence of surface warming (e.g. [Deser et al., 2012, Lehner et al., 2017]), detecting the warming
pattern in atmospheric observations [Santer et al., 2019] and detecting trends in ocean biogeochemical
variables [Rodgers et al., 2015, Schlunegger et al., 2019]. One study used a large ensemble to detect and
attribute observed changes in upper ocean temperature and salinity in the Southern Ocean [Swart et al.,
2018]. Some mechanistic studies have also been lead to understand the role of internal variability on
decadal time scales [Maher et al., 2020, Bonnet et al., 2021b]. Furthermore, estimating internal variabil-
ity by the across-member spread in externally-forced simulations enables to account for potential effects
of external forcings on internal variability (e.g. Maher et al. [2015], Swingedouw et al. [2017]) which
are not taken into account in unforced pre-industrial simulations. Large ensembles have thus proven to
be very useful tools, and quite relevant for the questions raised in this thesis.

How the members in such ensembles are initialized, their number and the period on which they are
run varies from one model to the other. Initialization can be performed by branching the historical mem-
bers start date from different states in a multi-century piControl simulation (e.g. the MPI grand ensemble
[Maher et al., 2019]), as in the CMIP protocol. This is referred to as macro-initialization, and spans
different possible oceanic as well as atmospheric conditions. Micro-initialization refers to applying in-
finitesimal perturbations in the initial atmospheric state (such as air temperature) of each member (e.g.
the CESM large ensemble [Kay et al., 2015], where the members are branched in 1920 from a historical
simulation that started from 1850 conditions). The range of internal variations expressed in a macro-
initialized ensemble is larger than when initializing from atmospheric conditions alone [Hawkins et al.,
2016]. Another similar initialization method consists in branching the members from a given year in
a historical simulation, and use consecutive days of a given month as the start date. For example, the
GFDL-ESM2M large ensemble [Rodgers et al., 2015] used conditions from 1-29 January 1950 as the
initial state for January 1st for each of the 29 members, meaning different initial conditions for both the
atmosphere and ocean components. One ensemble using the CanESM2 model has used both micro and
macro initialization [Kirchmeier-Young et al., 2017]. With CMIP6 taking place in recent years, many
other modelling groups have now run ensembles of a "large" number of historical members (often 30-
50 members, sometimes followed by many members of the SSPs), all macro-initialized from piControl
conditions (see a temporary table of the CMIP6 models with more than 15 historical members here:
https://www.cesm.ucar.edu/projects/community-projects/MMLEA/). Finally, some ensembles have also
run single-forcing simulations for the historical+future period, enabling attribution analyses.

Here, I will focus on the IPSL-CM6A-LR large ensemble of historical-extended simulations published
partly for CMIP6 [Bonnet et al., 2021a], which was briefly introduced in Chapter I and will be one of the
tools for the second part of this thesis (Chapters III and IV). Before exploring some of the mechanisms
causing the emergence of oceanic thermohaline changes in the ensemble in Chapter IV, I will discuss
here possible methods and frameworks with which we can investigate the emergence or detection of
forced signals in the context of this large ensemble. This transitional chapter is meant as a bridge between
the multi-model analysis of chapter I using only one method to look at the emergence of thermohaline
changes in the ocean interior, and the single model, more mechanistic approach used in the next chapters.
Here, I will more fully introduce and explore the framework of the large ensemble to look at ocean interior
temperature and salinity changes in response to increasing anthropogenic forcings.
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CHAPTER II. DETECTING FORCED OCEAN CHANGES IN THE IPSL-CM6A-LR LARGE ENSEMBLE

There have been multiple ways proposed in the literature to investigate the emergence or the detec-
tion of long-term changes, and many definitions of signal and noise (computing linear trends or running
means, applying low-pass filters, extracting an ensemble average, regressing onto a searched-for finger-
print, and many more statistical tools). Here, I will not go over all these possible methods, but the idea
is to show a couple of examples of the methods that can be applied to the large ensemble, in different
analysis frameworks, and discuss the advantages and drawbacks of each, and what understanding they
bring. The first part will be dedicated to a local approach as adopted in Chapter I (Time of Emergence
analysis), and the second to a pattern-based approach which I will introduce. The coordinate systems and
spatial averaging frameworks used here will be more simple or intuitive than the density framework em-
ployed in Chapter I, namely zonal mean temperature and salinity (along standard pressure surfaces) and
vertically-integrated heat and salt contents, which we will work with again in Chapter IV. The patterns
of thermohaline changes in these frameworks will not be described in details or given too many possible
mechanistic interpretations since this is the subject of Chapter IV. Before presenting these analyses, I will
briefly introduce the ensemble again and the drift removal procedure.

2 Model and drift removal

IPSL-CM6A-LR [Boucher et al., 2020] is the coupled model developped by the Institut Pierre-Simon
Laplace modelling center for CMIP6 [Eyring et al., 2016]. It is composed of the LMDZ6A-LR atmo-
spheric model [Hourdin et al., 2020], the ORCHIDEE land surface model [Krinner et al., 2005] version
2.0 and the NEMO3.6 ocean model [Madec et al., 2017]. The atmospheric component has a horizontal
resolution of 2.5ºx1.3º on a regular latitude-longitude grid and 79 vertical layers, while the ocean compo-
nent uses the eORCA1 tripolar grid with a nominal horizontal resolution of 1º refined to 1/3º at the equator,
with 75 vertical levels with varying thicknesses. The ocean physics component of NEMO3.6 is coupled
to the LIM3 sea-ice model [Rousset et al., 2015] and to the PISCES-v2 biogeochemical model [Aumont
et al., 2015]. The oceanic equation of state is estimated with a polynomial representation of TEOS-10
[Roquet et al., 2015]; the model prognostic fields are thus conservative temperature and absolute salinity.

An ensemble of 32 extended historical simulations was performed with the IPSL-CM6A-LR model
(see Bonnet et al. [2021a] for the presentation of the ensemble), following the CMIP6 protocol for the
historical period 1850-2014 and extended to 2059 following the ssp245 scenario - apart from the ozone
field which was kept constant to its 2014 values due to missing forcings at the time when the extensions
were performed. The 32 members were initialized at different branch points of a long piControl experi-
ment, spaced 20 to 40 years apart (macro-initialization). Some files were missing for member r2i1p1f1
and r16i1p1f1, so we only considered the other 30 members for the analysis. The initialization proce-
dure enables the ensemble to adequately sample the dominant, low-frequency mode of variability present
in the model. Indeed, the IPSL-CM6A-LR model has a bi-centennial mode of variability affecting the
AMOC and linked to low-frequency variability in the freshwater exchanges between the North Atlantic
and the Arctic basins (this is explored by Jiang et al. [2021]). As a result, this bi-centennial variability
modulates Global Surface Air Temperature (GSAT) trends [Bonnet et al., 2021a]. We illustrate this in
figure II.1, showing global mean SST and the AMOC evolution in the 2000-year piControl and in each
historical-extended simulation branched at a different point in the piControl. The first decades of the his-
torical simulations are driven by the low-frequency oscillations of the piControl. Because the members
sample different phases of these oscillations, averaging across them removes the effect of the decadal and
centennial oscillations and isolates the forced signal (bold orange line in the inset plots in figure II.1).
When the effects of greenhouse gases rapidly rise up in the 21st century, the ensemble spread around the
mean decreases as the forced signal takes over internal variations.

The observed GSAT anomaly has been found to lie within the spread of the ensemble [Boucher et al.,
2020], although the ensemble mean warms more towards recent years. Observed global ocean heat con-
tent change in the upper 2000m fits with the ensemble mean for the period 1970-2018, although the
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ensemble mean warms more than observations in the 0-700m range and has lower warming in the 700-
2000m [Bonnet et al., 2021a], a feature possibly explained by the overestimated stratification of the model
[Boucher et al., 2020].

Figure II.1: Global mean SST (top) andmaximum of the meridional overturning streamfunction between
10ºN and 60ºN in the Atlantic basin (bottom) in the 2000-year piControl run (grey) and in the historical-
extended members (colored lines, plotted from their branch point in the piControl). The historical-
extended ensemble is also shown in the inset plots, put back on the 1850-2100 axis.

The piControl in IPSL-CM6A-LR has a quasi-linear cooling drift in global mean ocean temperature
(corresponding to a heat flux of about -0.13 W.m-2), particularly marked below 2000m, originating from
a mean net surface heat loss [Mignot et al., 2021]. This drift is propagated in the historical simulations
branching from different points in the piControl and strongly influences the temperature evolution of the
deep ocean, as shown in figure II.2 (top left panel and inset plot top right panel). The drift in salinity has
a more quadratic shape at the global scale and is much less important than the temperature drift (0.7ºC
difference in temperature below 2000m during the 2000-year piControl, versus 0.02 pss between the low
and high points). Removing the temperature and salinity drift is necessary before analyzing any long-term
changes and trends. Because we will use information at the grid point level in the following analyses, the
drift needs to be removed at each grid point.

We show in Appendix B the time series for a few example grid points in the 2000-year piControl
and at different depths. This reveals that the drift in temperature and salinity is mostly present at depth.
In regions of strong low-frequency internal variability, such as the Atlantic ocean, the cooling trend is
superimposed on the (bi)-centennial variations characterising this model. In regions less affected by
internal variability, such as the deep Pacific ocean, the evolution of temperature is quasi-linear with very
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small variations around the cooling trend. The sign of the drift in salinity depends on the region of the
ocean. In the North Atlantic for instance, the evolution of salinity has a negative trend on top of the large
low-frequency variations (similarly to temperature), when in the South Atlantic it has a positive trend. In
the Pacific and Indian oceans, deep ocean salinity has a marked quadratic drift. For consistency between
temperature and salinity, we thus fitted a 2nd order polynomial to the 2000-year piControl annual means
at every grid point, knowing that the quadratic fit captures the linear trends anyways. Fitting over the
longest possible period allows to isolate the drift without mistakenly picking low-frequency modes of
internal variability (such as the bi-centennial mode in the North Atlantic) [Gupta et al., 2013]. Moreover,
in the upper ocean where there is barely any drift, the quadratic fit will simply capture no change.

Figure II.2: Global mean ocean temperature (top) and salinity (bottom) below 2000m in the 2000-year
piControl run (grey) and in the historical-extended members (colored lines), before (left) and after (right)
the gridpoint-by-gridpoint dedrifting procedure.

We remove the corresponding 210-year period (corresponding to the historical-extended 1850-2059
period) of this quadratic fit from every member, that is, on each member’s respective period of the pi-
Control. Then, we add the same mean state back to each member. This mean state is defined as the mean
of the piControl calculated over the period where the historical-extended simulations were performed,
i.e. 1870-2680 in piControl time (figures II.1 and II.2). This mean state is added so as to keep physical
values of temperature and salinity as opposed to anomalies after removing the drift. Note also that with
this procedure, all 30 members are ensured to have exactly the same mean state, and they only differ by
their different phasing of internal variability set by the initial conditions from the piControl. Figure II.2
shows global mean temperature and salinity below 2000m before and after removing the drift at the grid
point level in the piControl and the historical-extended simulations. This has an important impact for
temperature as the cooling drift is quite intense (-0.1ºC in 200 years below 2000m, same order of mag-
nitude as the forced signal, figure II.2). We can see how before dedrifting, the historical ensemble mean
didn’t show a clear warming below 2000m because of the opposing cooling inherited from piControl in
the first hundred years. Moreover, the spread is large before dedrifting because as the piControl drifts, the
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initialization of the historical members puts each of them at a different mean state. Removing the drift
and realigning each member on a similar mean state allows the warming signal to be clearly marked and
the intermember spread to be reduced and much more coherent to real differences in internal variability
rather than differences in climatic mean states. At global scale, removing the drift in salinity does not
have much effect, as internal variations in the historical simulations seem to be larger than their drift, and
the drift in piControl is strongest after the period when the historical members were launched (figure II.2).

Unless otherwise stated, all results will be presented for data in which the drift has been removed from
the original outputs (piControl and historical-extended ensemble).

3 Local approach: time of emergence

Here, we investigate the ToE of externally-forced ocean changes (in the sense of chapter I) at local
scale in two simple averaging frameworks: zonally-averaged temperature and salinity (on regular pressure
levels), and vertically-integrated heat and salt contents. We choose these frameworks because they are
most often adopted to look at changes in the ocean interior on a 2D plane and complement each other
rather well.

The definition of ToE used here is similar to the one used in chapter I, but we adjust it to the large
ensemble and to better compare the effect of drift removal. Namely, for each member and each grid point
(in the zonal mean or vertically-integrated framework), the signal is now defined as the anomaly relative
to the 1850-1899 reference period and the noise is defined as the intermember spread (although we test
the sensitivity to using the noise from the long piControl). Defining the anomaly in this way instead of
relatively to a piControl mean state ensures that it is centered around zero at the beginning of the period.
On the contrary, in a situation where the piControl is drifting (thus on a different mean state), the first
approach yields an uncentered anomaly which can end up outside of the noise envelope already in the
beginning of the simulation, wrongly passing the threshold exceedance test. Of course, this situation only
occurs in some regions of the deep ocean and not after removing the drift.

3.1 Zonal mean temperature and salinity

3.1.1 Results

The ensemble mean salinity in global and basin zonal means (figure II.3) shows strong opposing
anomalies in the upper ocean, penetrating in the top hundred meters, with overall freshening at high
latitudes and salinification in the subtropics, although the "fresh gets fresher, salty gets saltier" patterns
are not clear. We will see in chapter IV that circulation changes influence salinity changes by breaking
the fingerprint of hydrological cycle amplification transmitted by the freshwater fluxes.

In the deeper ocean, a small but significant (compared to the intermember spread; no stipples) fresh-
ening appears along the formation and export pathway of Antarctic Bottom Waters, all the way to the
bottom of the ocean and spreading northward. This freshening is consistent with observations from these
parts of the deep and abyssal ocean (e.g. Purkey et al. [2019]). A larger freshening appears on the entire
water column in the Nordic Seas (around 70ºN in the Atlantic basin), where deep convection is strong
in the model pre-industrial mean state. In chapter IV, we will show that deep convection shuts down in
the subpolar North Atlantic (particularly in the Greenland and Labrador Seas where the mixed layer is
deepest in the piControl).

The internal variability as estimated by the intermember spread (second row in figure II.3) is largest
in the subtropical gyres and in the interior North Atlantic where the overturning circulation and deep con-
vection are strong. Large values are also found near the surface at high latitudes where internal variations
of salinity are partly driven by the exchange of freshwater with the sea-ice. On the edge of the continental
slope near Antarctica where deep water formation is intense (with unrealistic open-ocean deep convec-
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tion, as global climate models regularly convect too much in the open ocean compared to what is observed
[Heuzé, 2021]), the large values penetrate to 1000m.

Figure II.3: (Top row) Zonal mean salinity anomalies in the ensemble mean for [2040-2059] relative to
[1850-1899]. Stipplings show where the absolute value of the anomaly is lower than twice the intermem-
ber spread. (Second row) Intermember spread in [2040-2059]. (Third row) SNR in [2040-2059]. (Fourth
row) Median Time of Emergence for SNR>2. Grey shading means no emergence. (Bottom row) Spread
(max-min) in Time of Emergence for SNR>2. Grey shading means at least one member in the ensemble
has not emerged.

By dividing the anomalies by the intermember spread, we obtain the signal-to-noise ratio (SNR, third
row in figure II.3) and associated ToE when the SNR exceeds a threshold of 2 (and remains above it).
This reveals broken out patterns of emerging signal in the 21st century in the subsurface (for the median
ToE, fourth row), with even earlier emergence (before 2000) in the Nordic Seas at depth, and in the
deep layers of the three basins (around 3000m in the Pacific and Indian and around 4000m in the North
Atlantic). The earliest emergence is revealed to be for the export of AABW, from 1500m south of 60°S to
the abyssal ocean, with a median emerging well before 1980. However, this is contrasted by a very large
intermember spread in the ToE (close to 100 years, fifth row), suggesting the emergence is influenced by
internal variability within each member, so that a SNR of 2 is too low to isolate the emergence of the
forced signal. This also suggests that the region associated with the export of AABW in the model is
very sensitive to small changes. The large grey areas in the ToE spread shows that it is frequent to find
members that have not emerged by 2059.
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Now we look at the changes and associated emergence for zonal mean temperature (figure II.4). The
sign of the change is now much more homogeneous as compared to salinity, with widespread warming,
strongest in the upper ocean in the subtropical gyres and in the subpolar North Atlantic and Pacific.
The warming spreads at depth with coherent signals in the abyssal layer. The few regions expressing
significant cooling are the subpolar North Atlantic at depth, and the Atlantic and Pacific sectors of the
Southern Ocean in what could be the range of old upwelling Lower Circumpolar DeepWaters, albeit with
weaker cooling. Overall there is a collocation of large changes and large noise levels, as these are set in
regions most influenced by atmospheric variability, and are similar to those found for salinity variability
(apart from sea-ice covered regions).

The earliest emergence of the warming signal is found, as for the freshening signal, in the export
pathway of AABW, with even wider patterns than for salinity. Areas showing an emerged signal by 1980
spread beyond the equator. Again, this very early emergence is associated with a very large intermember
spread in ToE, highlighting once more this interesting part of the World Ocean as possibly very sensitive
to forced changes, but governed by mechanisms associated with strong dependence to initial conditions in
internal phases of variability. More coherent emergence in the full ensemble with narrower intermember
spread in the ToE distribution is found in the regions associated with the subduction of SAMWand AAIW
in all three basins (emerged signal by 2020 in the median), down to almost 2000m. Their counterparts in
the North Atlantic and Pacific subtropical gyres are contained in the upper 500-800m. A notable feature
is the emergence by 2020 of a large portion of the deep Pacific basin (2000-4000m) from 40ºS to its
northern bound, the least ventilated region of the ocean (DeVries and Primeau [2011] and see figure V.1
showing the water-mass age in the model). The inter-member spread however is almost as large as for the
AABW.

In the following subsections we test the sensitivity of these results (for temperature only) to the choice
of SNR threshold, of noise (comparing the piControl to the intermember spread), and to the effect of drift
removal.

3.1.2 Sensitivity to the SNR threshold

We now look at the patterns of emergence in zonal mean temperature for a larger threshold of SNR
(figure II.5). A threshold of 5 SNR naturally shifts the emergence of the warming signals later in time,
with smaller areas of the ocean emerging before 2060. It also highlights which regions have shifted away
from the piControl distribution with more certainty. Various features in the upper ocean (the SAMW and
AAIW, the subtropical gyres, the subpolar Pacific and subsurface equatorial Pacific and Atlantic) now
have a very narrow intermember spread in the ToE (a couple of decades), indicating that the forced signal
is coherent in the entire ensemble and internal variability acts to modulate the forced component on time
scales of maximum 20 years in these regions. Some parts of the AABW still emerge quite early, at the
turn of the century for the earliest grid points. But the earliest emergence is still associated with a wide
spread or no emergence of the full ensemble, confirming that these areas are potentially dominated by
internal variability on centennial time scales. On the opposite, the gridpoints in the AABW that emerge
later in the 21st century (the upper contours) are associated with a narrow spread of 10-20 years. In these
regions, the forced signal in the full ensemble is not masked by internal variability.

Overall, this shows that some regions of the ocean require a larger SNR to fully isolate the forced signal
from large internal variability, while others have a distinct and rapid enough warming in all members for
the forced signal to be clearly identified in the full ensemble for low threshold values. In regions such as
the subpolar Southern Ocean, the larger spread could be understood because of different timings in deep
convection events in-between members, possibly modulating the response to anthropogenic changes on
time scales of several decades. To surpass the choice of SNR threshold, we could add a criterion on the
intermember spread in ToE, and look at the ToE when the spread becomes lower than e.g. 20 years.
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Figure II.4: As in figure II.3 but for zonal mean temperature.

Figure II.5: Ensemble median (top) and min-max spread (bottom) Time of Emergence for SNR>5.

3.1.3 Sensitivity to the choice of noise

We show in figure II.6 the intermember standard deviation in zonal mean temperature (as in figure II.4
but averaged over the entire historical-extended period) compared to the 2000-year interannual standard
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deviation in the piControl. The two estimates are almost identical (spatial correlation of 0.99 in the global
zonal mean and spatial root mean square error of 0.018ºC), yielding similar patterns and values of ToE
(not shown). The only difference in ToE between the two methods is essentially in the Nordic Seas below
1000m where the internal variability as estimated from the intermember spread is clearly reduced in the
21st century (compare figure II.4, second row with figure II.6, first row). Consequently, the cooling in this
region emerges with the intermember noise and not with the piControl noise. Note however for a SNR of
5 the cooling hasn’t emerged (figure II.5).

Figure II.6: (Top row) Intermember standard deviation averaged over [1850-2059]. (Bottom row) Inter-
annual standard deviation from the 2000-year piControl.

3.1.4 Sensitivity to drift removal

We now show in figure II.7 what the analysis of figure II.4 would have given if the drift had not been
removed. Essentially all the signal that emerged below 2000m in the dedrifted analysis is now masked by
the much larger intermember spread due to the different initialization times in a drifting piControl. The
time series for two example grid points in the deep and abyssal Pacific ocean are shown in figure II.8.
The ensemble mean (not dedrifted, red line) shows the clear cooling drift in the deep ocean (left panel),
that doesn’t emerge because of the large intermember spread caused by the different mean states in each
member. After removing the drift, the ensemble mean reveals a small warming trend and because the
spread is then much reduced, the ensemble mean exceeds the noise envelope during the late 20th century.
The intermember noise envelope now coincides well with the dedrifted piControl envelope. Similarly, in
the abyssal ocean (right panel in figure II.8), the intermember spread is reduced when removing the drift.
In this region there is a warming trend appearing in the ensemble mean already in the initial data, but it
is delayed by the drift.

The upper ocean on the other hand is not much affected by the drift and thus by drift removal. Because
the deep and abyssal oceans are represented by a small density range, the ToE analysis in density presented
in chapter I is only affected in the very last density bins (∼27.7-28 kg.m-3) by the impact of the drift, or
not at all, depending on the definition of ToE chosen (not shown).

3.2 Vertically-integrated heat and salt contents

The same analysis is now shown in figure II.9 for vertically-integrated Ocean Heat Content (OHC)
and Ocean Salt Content (OSC). OHC shows broad warming except in some parts of the Southern Ocean,
with intensified patterns in the subpolar North Atlantic and in the zonal band at the northern bound of
the ACC. OSC shows freshening over the entire subpolar Southern Ocean, over the Atlantic sector of the
Arctic, and over the Western Indian ocean. Salinification is found mostly in the Atlantic basin with a
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Figure II.7: Ensemble median (top) and min-max spread (bottom) Time of Emergence for SNR>2. As
in figure II.4 bottom panels but the analysis was applied on the data prior to removing the drift.

Figure II.8: Time series of the ensemble mean temperature anomaly at 3ºS in the deep (∼3700m, left)
and abyssal (∼5000m, right) Pacific ocean, before and after removing the drift.

strong signal along the North Atlantic Current, and in the Western part of the south Pacific subtropical
gyre. Overall the salinity signal is less clearly identified than the heat signal, which we can see by the
lower SNRs. There are similar features shared between OHC and OSC, such as the positive change in the
subpolar North Atlantic, tropical Atlantic and western parts of the Pacific and Atlantic subtropical gyres.
This points to possible common changes driven by changes in the circulation.

Internal variability in OHC is larger at high latitudes. For OSC, there is a hemispheric asymmetry: it
is dominated by the Arctic and North Atlantic, with relatively low values in the ACC compared to OHC.

As already found in the zonal mean framework, the signal in salinity emerges in much less area
than for temperature. Their common feature is the early emergence (1980s for OHC, 2000s for OSC) in
the Eastern tropical Atlantic, but associated with a particularly large (>100 years) intermember spread.
This signal integrates the warming at different vertical levels, with large SNRs in the upper ocean and
in the abyssal ocean for heat (see figure II.4). Whereas for salt content, it mainly represents the positive
salinity changes in the upper ocean, with much smaller SNRs below (figure II.3). Otherwise, the salinity
emerging patterns are scattered and emerging towards the mid-21st century. A notable exception is very
early emergence of the freshening signal near the Antarctic continent, in regions associated with deep
convection, but also associated with several decades of intermember spread. OHC emerges by 2020 all
around the Southern Ocean with patterns centered around 40ºS, in almost the entire Atlantic basin, the
northern Indian ocean, the northern and north-eastern bounds of the Pacific basin and part of the Arctic
ocean. The intermember spread is larger than a century in the tropical and North Atlantic, and about
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Figure II.9: (Top row) Vertically-integrated heat and salt contents in the ensemble mean for [2040-2059]
relative to [1850-1899]. Stipplings show where the absolute value of the anomaly is lower than twice
the intermember spread. (Second row) Intermember spread in [2040-2059]. (Third row) SNR in [2040-
2059]. (Fourth row)Median Time of Emergence for SNR>2. Grey shadingmeans no emergence. (Bottom
row) Spread (max-min) in Time of Emergence for SNR>2. Grey shading means at least one member in
the ensemble has not emerged.

30-50 years in most of the other regions, apart from those where the full ensemble hasn’t yet emerged.
The large spread in the Atlantic basin may be linked to the model’s bicentennial variability.
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4 Pattern-based approach: detection times

I will now present another method that can be employed to investigate the time when a forced change
can be detected in a large ensemble. This is largely based on the study by Santer et al. [2019] who apply
the method to two large ensembles and look at the warming around the globe in the lower andmid to upper
troposphere and at the cooling in the lower stratosphere. The general idea is to define a spatial fingerprint
of change based on the ensemble mean and to search for this fingerprint in each member as well as in
observation-based products to determine the "detection times", i.e. the time when the fingerprint can be
significantly detected in the large ensemble and in the observations. This kind of pattern-based analysis
has also been applied to multi-model ensembles on different climate variables, also in the context of
climate change detection (e.g. Gleckler et al. [2012], Bonfils et al. [2020]). Here, I will try to briefly
present the method, before applying it to the zonal mean and vertically-integrated frameworks in the
IPSL-CM6A-LR large ensemble. Finally, I will apply this method to another framework: the volumetric
distribution of temperature and salinity in the ocean.

The ToE presented above gave local results, at the grid point scale. Here, the distribution of "detection
times" in the large ensemble will be given for an entire spatial pattern, a more global approach although
taking into account information at the grid point scale through Principal Component Analysis.

4.1 Method

Fingerprint definition The method is based on an estimate of the "true" climate change signal in re-
sponse to a set of forcings. Here, we use the historical-extended simulations, so the forcings include both
natural and anthropogenic influences. The fingerprint F (x) is defined as the leading Empirical Orthog-
onal Function (EOF) of the centered ensemble mean, for a given variable (e.g. after all sorts of spatial
averaging: here zonal means and vertically-integrated values). We will use the historical-extended period
1850-2059 to determine this fingerprint, with annual values. F (x) is time-independent (x represents the
spatial dimension).

Signal time series and trends The goal is then to determine the similarity over time of this fingerprint
with the geographical patterns of change in each member of the ensemble. The changeH in each member
i is thus projected onto the fingerprint F (x), yielding time-varying pseudo-principal components:

Z(i,t) =

Nx∑
x=1

H(i,x,t)F (x) (II.1)

with Nx the length of the spatial dimension, and t the time. The pseudo-PCs Z(i,t) are called the signal
time series, defined here over 1850-2059 and give an indication of the strength of the fingerprint in each
member, and of its evolution over time. For each signal time series Z(i,t) we fit a linear trend over
increasing lengths of time L, starting with a 10-year trend. If the start date is 1850, the first trend (L=10)
will be fitted over 1850-1859 in Z(i,t). L is increased by one year until the time period reaches the final
year (e.g. 1850-2059, L=210). The signal Si(L) is then defined as the L-year trend over the increasing
L-year periods.

Noise estimates To determine whether the time-varying pattern similarities (the signal time series)
show a statistically significant increase, we need an estimate of internal variability noise in which there is
a priori no expression of the fingerprint except by chance. We will test several estimates of internal vari-
ability. The first estimate is simply deduced from the intermember standard deviation of the L-year trends
across members: N1(L) = σSi(L). The second estimate is derived from the long 2000-year piControl
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run, which we project onto the fingerprint to obtain a 2000-year pseudo-PC:

N(t) =

Nx∑
x=1

C(x,t)F (x) (II.2)

with C(x,t) the change in the piControl relative to the mean state. N(t) is referred to as the noise time
series. N2(L) is defined as the standard deviation of the distribution of all possible L-year trends in the
piControl noise time series N(t). Santer et al. [2019] use all non-overlapping trends in the noise time
series but other versions of this method include all possible L-year segments. We have tested the impact
of the increment. If we use all possible non-overlapping segments, the 210-year distribution does not have
enough realizations to give a confident estimate of a null distribution, meaning we need to use overlapping
segments. Using overlapping segments shifted by one year or 10 years yields similar results, so to speed
up the computation, we have used all segments shifted by 10 years. A third estimate that will be used later
on is derived similarly as the piControl estimate, but instead of the long piControl, we construct a long
time series by concatenating each historical members’ difference to the ensemble mean, and project it on
the fingerprint. We also obtain a noise time series, compute the distribution of L-year trends and deduce
the standard deviation of this distribution N3(L).

Detection times To determine the time at which the fingerprint can be unambiguously detected in each
member, we compute the time-dependent signal-to-noise ratio Si(L)/N(L). The signal is detected when
the SNR exceeds for the last time a chosen threshold (we will show the results for 2σ, 3σ and 5σ). The
detection time is then defined as the final year of the trend length at which detection occurred (e.g. if
detection is found for L=100 and the start year was 1850, the detection time is 1949). The detection time
is calculated for each member of the ensemble, so that the results are presented as a distribution.

As opposed to the definition of ToE calculation presented in section 3, we now have an estimate of
the noise which is time-dependent and accounts for the period over which the signal trends are computed
(the L-year periods), meaning a decreasing noise level with time, as the period considered increases.

Different choices could have been made in the definition of signal and noise. For instance, Bonfils
et al. [2020] use linear regression coefficients between the signal/noise time series and the PC associated
with the ensemble mean fingerprint F (x), instead of the trends of signal/noise time series themselves.

Detecting observed changes Finally, the goal of such analyses is to project observational estimates
onto the model fingerprint to try to find a detection time in the observations (the time and space covered
would be adapted to the observational coverage). The method is the same as for individual members: the
observations are projected onto F (x), yielding on observation-based signal time series. L-year trends
are calculated and compared to the same estimates of noise, and a detection time is determined, and
can then be compared to the distribution of detection times in the large ensemble. I have not yet tested
that on ocean observation-based products. This requires treatment of the data in similar ways in the
observations and the model (such as temporal and spatial data coverage), but it is a possible perspective
of this exploratory work. This however relies on the assumption that the IPSL-CM6A-LRmodel simulates
a realistic response to external forcings in the ocean, which is a strong assumption, especially when using
grid point level data. This is why multi-model ensembles can potentially be better-suited to capture the
across-model response, andwhy large spatial averaging such as sub-basin and vertical averages are usually
applied (e.g. Gleckler et al. [2012]).

4.2 Zonal-mean fingerprint

4.2.1 Absolute changes

We start by investigating the fingerprint of change for zonal mean temperature and salinity (in the
global zonal mean for brevity). The dedrifted annual values have been bilinearly interpolated to a regular
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1ºx1º grid before zonally averaging, and then linearly interpolated on a regular vertical grid every 100m.
This way, each grid point, in the zonal mean framework, has the same weight and all parts of the zonal
mean ocean are represented equally in the computations as we don’t want the upper ocean to be over-
represented in its number of grid points in the EOF. This treatment was not applied in the local ToE
analysis as the grid point results are independent. Note we don’t further weight by the longitudinal volume
as a weighting has already been applied in the zonal average: the goal is simply to choose a first way to
average or integrate to look at a two-dimensional change, and then simply make sure that the gridding
within that framework is regular. The piControl noise is tested in the next section on vertically-integrated
heat and salt content; here we simply use the intermember spread in the trends as our noise estimate.

Figure II.10: Zonal mean temperature (top) and salinity (bottom). Leading EOF of the ensemble mean
change relative to its mean state (the fingerprint, left) and associated PC (right, bold line). The numbers
in the titles on the left represent the percentage of variance explained by this first mode. Thin solid lines
on the right are the signal time series (pseudo-PCs) of individual members, i.e. the projection of the zonal
mean change onto the fingerprint. A scaling is applied so that the PC has unit variance (divided by the
square-root of its eigenvalue).

In figure II.10 we show the fingerprint for temperature (top left) and salinity (bottom left) change (the
leading EOF of the ensemble mean). On the right panels, the associated PC to the fingerprint is plotted
in the bold line and the thin lines are the signal time series (pseudo-PCs) of the individual members, that
is the projection of each member onto the fingerprint 1.

1. The analysis is run with the Python package eofs.xarray: https://ajdawson.github.io/eofs/latest/index.html [Dawson,
2016].
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The fingerprint clearly resembles the global zonal mean temperature anomaly in the large ensemble
shown in the previous section (figure II.4), although the vertical resolution has been strongly downgraded
in the upper 1000m and slightly upgraded in the deeper ocean. The time evolution of this fingerprint
largely resembles that of global mean SST (figure II.1), a testimony of the upper ocean driving the co-
variance of the zonal mean temperature change. This is also revealed by the clear influence of volcanic
eruptions creating temporary cooling steps in the increasing curves.

The zonal mean salinity fingerprint also represents the anomaly as shown in figure II.3, but there is
much larger internal variability in-between ensemble members in the signal time series, with a decrease
in the last couple decades of the period. This time evolution is in fact representative of the Arctic change
with a surface freshening and subsurface salinification (the latter which is showing here larger magnitudes
than in figure II.3), as expressed by the grid points time series between 80-90ºN (not shown). This shows,
again, that the analysis is dominated by grid points that have the largest signals.

Figure II.11: Signal trends, noise, SNR and detection times for zonal mean temperature change. The
analysis is conducted on the entire period 1850-2059, starting the trend analysis in 1850. The xaxis shows
the length of the trends L on the top spine and the corresponding year (last year of the trend) on the bottom
spine. The whiskers in the bottom right plot show the 5-95 percentiles of the distribution, with the crosses
representing the outliers. The box shows the 25-75 percentiles, the red line the median and the red dot is
the detection time computed from the mean of the signal distribution. The red shading is the violin plot
of the distribution of detection times.

We show the detection results for temperature in figure II.11, with the evolution of the signal trends,
standard deviation of these trends, SNR and detection times. For trend lengths of 10 to 50 years (1860-
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1900), the intermember spread is large, with trends of both signs in the ensemble. The intermember spread
quickly decreases (divided by 2 in 10 years), broadly following an exponential decay as the individual
signal trends grow more coherent to each other and increase over time. This yields increasing SNRs from
1900 to 2059. The distribution of detection times is extremely wide for the 2σ threshold (SNR>2, about
110 years), with a median detection time in 1985 but a quarter of the distribution detected before 1970.
This is not too surprising considering there is an early warming in the 20th century in the signal time
series (figure II.10) followed by a brief pause, which makes the warming in some members detectable
while others have different phases of internal variability which delay the detection of the forced signal to
a later point when the warming is strongest. The SNR>3 threshold reduces the spread of the distribution
in detection times (now 65 years for the full distribution) and shifts the median to 1995. A SNR of 5
further reduces the spread (30 years) and may thus be a more suitable diagnostic to detect the long-term,
clearer warming in the full ensemble with more intermember coherence, with detection in the first couple
decades of the 21st century for 75% of the ensemble, and detection in the full ensemble by 2030.

Compared to the local approach (figure II.4), the median detection time for SNR>2 (1985) is found
earlier than most grid points ToE in the upper ocean. This could be explained by the decreasing noise level
with time in the present method, which was not the case for the ToE method. This could also suggest that
a fingerprint at global scale, although its signal is mostly representative of the surface signal, can be an
interesting method to detect early signs of anthropogenic warming. However, a better comparison would
imply applying the trends method at local scale to see whether the difference found is attributable to the
use of trends instead of time series, or to the global fingerprint.

4.2.2 Normalized changes

Because temperature (and salinity) don’t vary with the same orders of magnitude in different parts
of the ocean, the upper ocean, or more generally regions which have the highest absolute changes, are
dominating in the fingerprint and are thus over-represented in the time-varying pseudo-components (the
signal time series). Instead, now we want to see how the fingerprint can represent the evolution of the
ocean temperature relatively to its local variability. This is a similar question as what we did in the ToE
analysis by dividing by the intermember spread to obtain a SNR. This is translated for the EOF analysis
into normalizing the input data (after centering it, as was already done before), i.e. dividing the variable
at each grid point by its standard deviation. This is often done when the fingerprint is defined using joint
fields of different climate variables: because they don’t have the same unit, the data is normalized (e.g.
Bonfils et al. [2020]). Here, for coherence, instead of dividing the ensemble mean and each member by
its interannual standard deviation, we divide all the data by the intermember spread. This is equivalent
to dividing by the piControl interannual variability (as shown in the previous section), which gives an
estimate of each grid point’s internal variability without the climate change trend in the envelope.

We show the analysis on the normalized data (denoted as "reduced" on the figures) in figure II.12 for
temperature and II.13 for salinity. The zonal mean temperature fingerprint is now unitless and reflects the
change compared to the local variability, which is why we find similar patterns as the SNR in figure II.4,
with the largest values located in the SAMW and AAIW. The evolution of the strength of this fingerprint
in time in each member, expressed by the pseudo-PCs signal time series, now shows a much smoother
and almost exponential increase. There are fewer effects of volcanic forcings, and less "pollution" by
internal variability. The signal trends still show a wide spread in the first several decades before gradually
decreasing. The median detection time for the 2σ level is shifted by 40 years earlier (1940-45) with a
distribution spread out over much of the 20th century (and even late 19th century), but already less so than
the previous analysis without normalizing the data (<100 years). Detection in the full ensemble is reached
by 1970. The 3σ threshold shows similar values as 2σ for the median and last member, shifted by about
10 years later, but the spread is narrower (50 years, first member to be detected in 1930). For 5σ, the entire
distribution shows detection times between 1960 and 2000, with a median in 1985, about 30 years earlier
than previously found. This suggests that considering the entire ocean depth-latitude structure, normalized
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by the local variability, can lead tomuch earlier detection of the global fingerprint of temperature change in
the ocean under increasing anthropogenic forcings, compared to not normalizing, which pulls the weight
of the analysis towards the more variable surface ocean. The deeper ocean, because of its low internal
variability, is a particularly interesting place to look for forced changes. This also reinforces the fact that
the deep and abyssal parts of the ocean seem particularly sensitive to small thermohaline changes in IPSL-
CM6A-LR. Unfortunately, it is virtually impossible to verify whether the model correctly reproduces
internal variability in the ocean deeper than 2000m, due to lack of continuous observations at these depths.

Figure II.12: As in figure II.10 and II.11 but for the analysis where all the input data is divided by the
intermember standard deviation.
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Figure II.13: As in figure II.12 but for salinity.

The fingerprint for normalized salinity (figure II.13) clearly highlights the overall freshening inAABW
and abyssal waters, and salinification at intermediate and deep levels. The upper ocean doesn’t showmore
pronounced values than the deeper parts, unlike some regions for temperature. The time evolution of this
fingerprint in the ensemble shows a marked positive trend starting in the beginning of the simulations in
the ensemble mean, although associated with large intermember spread which decreases after 1880 and
over the historical-extended period. The cause of the positive trend in the early decades of the simulations
is unknown, but since this feature is absent when repeating the analysis in the upper 2000m only, its ori-
gin is in the deep ocean. It could be due to residual drift there, although the amplitude of the changes in
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the historical members below 2000m proved to be small - of the order of 0.01 pss over several centuries
(figure II.2) -, and not much affected by the dedrifting procedure. It is possible that the small drift in
salinity shown in figure II.2 for the global mean actually averages larger opposing signals. The resulting
detection times are spread out from 1860 to 2000-2020 for SNR>2 and SNR>3, evidence that the early
trends are large enough in some members to be detected while the large internal variability can hide de-
tection for 100+ years in others. The SNR>5 threshold starts to give slightly more consistent detection in
the ensemble, much later than the other two, although detection is still widely spread out in time, between
1970 and 2050, with a median around 2005.

There is thus much more uncertainty concerning the salinity fingerprint than for temperature, related
partly to the early positive trends which we cannot yet explain, associated with large intermember spread
in the detection times. For a fixed threshold of 5σ for signal detection, the median trend is detected about
20 years later for salinity than for temperature, and the tail of the distribution extends 50 years later in
time. This is coherent with the local ToE approach where we also found overall earlier emergence of the
temperature signals compared to salinity, and less parts of the ocean emerged by the mid-21st century for
salinity. These two approaches are thus complementary, the pattern-based method giving a time when the
global fingerprint can be detected, and the local ToE method pointing to which regions more specifically
show a detectable change.

Note another approach to be tested would be to define a joint temperature-salinity fingerprint, as done
by e.g. Pierce et al. [2012] for their detection and attribution study (with a different method). This allowed
them to detect larger signals than with the separate temperature or salinity fingerprints.

4.2.3 Sensitivity to the trends definition

Based on the same signal time series (pseudo-PCs) for normalized zonal mean temperature (figure
II.12), we now test two other ways to compute the signal trends and their impact on detection times. Let’s
refer to method 1 as the one we have previously been applying, i.e. trends are calculated for increasing
periods of time, starting with the 10-year period 1850-1859 and incremented by one year until we reach
the period 1850-2059. The detection times calculated with method 1 are reproduced again in red in figure
II.14. The signal time series don’t increase linearly in time, especially over the 1850-2000 period with
barely any change at the end of the 19th century, while the noise decreases as the period considered for
trend calculations increases. We can thus see that whether a signal has been detected or not at a given year
can depend on how much time has passed since the beginning of trend calculation, and on the amplitude
of the signal.

We test whether there are large differences or not by applying a similar method but starting the trend
calculation in 1950 (method 2, blue distributions in figure II.14). Indeed, starting trend calculations in
1850 to detect signals in the ocean is of course delusional when applied to actual observations. The model
and large ensemble framework is simply a way to test when we could have detected a change if we had
a "perfect/complete" observational system going all the way back to the preindustrial era - provided the
model faithfully reproduces the ocean response to forced changes, which is questionable. Furthermore,
when looking at the detection of climate change signal trends in a large ensemble, past studies have also
proposed to compute the signal with a moving L-year trend window (e.g. Rodgers et al. [2015] with L
= 30 years), to see when a multi-decadal trend could be detected. We test this method by computing
30-year trends on our signal time series, from 1850 to 2059 (i.e. the first signal value will be the trend
over 1850-1879, for year 1879; the second value for the trend over 1851-1880, etc..). Since it is now a
fixed window moving in time, there is no dependence on the start date of the analysis. We don’t further
test the sensitivity to the window length here. A period of 30 years usually corresponds to the interval on
which values are averaged to define climate indicators where the impact of internal variability has been
largely removed. The detection times for this method 3 are plotted in purple in figure II.14.

Method 2 (blue distributions) has its first signal values in 1959 by definition. We can see that for
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SNR>2 and SNR>3, more than half of the ensemble already detects a change in the 10-year trend cal-
culated over 1950-1959. This is coherent with the results of the 30-year trends, that express a median
detection time around 1950 and an 80-year intermember spread for SNR>2. This distribution is shifted
about 10 years later for SNR>3, with slightly shorter spread (70 years). For SNR>5, methods 2 and 3
(blue and purple) show aligned distributions of detection times. Compared to method 1 presented earlier
and shown in red here, these results are systematically about 10-15 years later, hence a more conservative
estimate explained by more contamination by internal variability since the trend periods are shorter than
in method 1. But overall, these 3 methods give very consistent results with one another.

Figure II.14: Detection times of the zonal mean temperature fingerprint for the normalized analysis
(figure II.12), with three different methods for the calculation of the signal trends. (Red) As described
before, trends are calculated from the signal time series (pseudo-PCs), starting from 1850 and increasing
in period length. (Blue) As red, but the trend calculation starts in 1950. (Purple) Moving 30-year trends
are calculated from the same signal time series.

4.2.4 A thought experiment: what application for the Argo observing system?

To toy with this thought a little bit further, I wanted to see if I could answer the following question:
if we started our "observations" (in the model world, i.e. the start date of the trend computations) around
the beginning of the Argo era, and over the ocean area covered by Argo (i.e. roughly about 0-2000m,
60ºS-60ºN) when could these fingerprints of temperature and salinity change be detected? To answer this
simply, I now run the analysis with the fingerprints defined from 0 to 2000m, 60ºS to 60ºN, and start the
trend calculation in 2005.

Detection times are presented in figure II.15 for the normalized and non-normalized changes. By
2021, both the normalized and non-normalized fingerprints of zonal mean temperature change in the
upper 2000m can be detected in the full ensemble (already by 2014 for the normalized analysis), showing
how fast the temperature signal is in the 21st century. For the salinity fingerprint, the detection is successful
for SNR>2 in 75% of the ensemble by 2021 in the normalized analysis, but for greater thresholds there is
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still no detection by 2059. Note that for the upper 2000m, the evolution of the fingerprint is not associated
anymore with a positive trend as soon as the beginning of the historical period (as seen in figure II.13).
Instead, the PC and pseudo-PCs show barely any evolution until the late 20th century followed by a sharp
increase, and with much more intermember variability than temperature (not shown). Less variability is
associated with the detection times of the non-normalized salinity fingerprint, with detection of the full
ensemble by 2040 for SNR>2.

If we consider that the model’s variability and response to anthropogenic forcings is realistic, we can,
today, already detect the zonal mean fingerprint of temperature change in this realization with "observa-
tions" of the upper 2000m ocean over the 2005-2021 period. For salinity however, it would take 10-20
more years.

A natural perspective to this example is to search for these fingerprints in actual observations of the
ocean. Data is available before 2005 but these products often tend to fill missing data with climatological
values, giving conservative estimates of potential changes. How the observations would project onto
these model-based fingerprints is yet unknown.

Figure II.15: Detection times of the zonal mean temperature and salinity fingerprints defined over 0-
2000m, 60ºS-60ºN, for the normalized ("reduced") and non-normalized analysis with 2005 as the start
year for the trends calculation.

4.3 Vertically-integrated fingerprint

The detection analysis is now applied to vertically-integrated ocean heat and salt contents and briefly
discussed (figures II.16 and II.17). The yearly data is also bilinearly interpolated here on a regular 1ºx1º
horizontal grid, and the EOF analysis is weighted by the gridpoint area.

The non-normalized fingerprints (figure II.16, first and third rows) show similar patterns as the ensem-
ble mean anomaly presented for the local approach in figure II.9, and the normalized fingerprints (second
and fourth rows) similar patterns as the SNR in figure II.9, except the sign of the change is now taken
into account. By normalizing the initial data, one feature that stands out is the subpolar North Atlantic,
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Figure II.16: Vertically-integrated ocean heat and salt content fingerprints (left) and associated signal
time series (right, projection of individual members onto the fingerprint). The EOF analysis is weighted
by the gridpoint area. The data is normalized (divided by the time-mean intermember standard deviation)
prior to running the EOF analysis in the second and fourth rows.
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which originally displayed the largest change over the globe for both OHC and OSC, and now has a much
more weaker change relative to its large local internal variations. Note that normalizing the data with the
piControl standard deviation gives the same results (not shown).

The evolution of all four fingerprints show similarities with that of globalmean SST: amarked increase
starting in the early decades of the 20th century, a pause between 1960-1980, and a much stronger increase
afterwards. The non-normalized OSC presents much more intermember variability in the signal time
series than the normalizedOSC, but there doesn’t seem to bemuch difference for OHC, and the reasons are
unclear. A possible explanation resides in the unconstrained nature of salinity compared to temperature:
ocean salinity is forced by air-sea interactions and mixed by the ocean circulation, but it does not feedback
on the air-sea fluxes like temperature does. This could - partly - explain the larger intermember variability
in the evolution of salinity compared to temperature.

Figure II.17: Detection times of the vertically-integrated ocean heat and salt content fingerprints, for
the normalized ("reduced") and non-normalized analysis data. Red distributions indicate when the anal-
ysis uses the intermember noise (same in the zonal mean framework), and blue distributions when the
piControl noise is used instead.
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The detection times for these four analyses are shown in figure II.17. The start year for the trends
computation is 1850. The results for the SNR>2, SNR>3 and SNR>5 thresholds are shown but we will
mainly comment on the SNR>5 detection times for brevity. Detection of the ocean heat content fingerprint
is found in the ensemble between 1960 and 2000, with a median around 1985. This corresponds to
what was found for the normalized zonal mean temperature fingerprint (figure II.12). However, for the
normalized ocean heat content fingerprint, this distribution is shifted by about 20 years later in time
(omitting the outlier member in 1960). This suggests the SNR increases faster in the non-normalized case,
where the fingerprint is naturally dominated by the largest changes. For ocean salt content, the opposite
occurs: detection is found earlier in the normalized case, by about 30 years (between 1980-2015 with a
median in 2005, compared to 2015-2050 with a median in 2035). There is now much more intermember
coherence in the detection of these salinity fingerprints than found in zonal means (reduced intermember
spread), with a similar median detection time in the normalized case but much earlier detection for the
last member (2015 vs. 2050, see figure II.13).

Overall, it seems that these vertically-integrated fingerprints reveal mostly the upper ocean signal (as
seen by the expression of volcanic eruptions in the signal time series of OHC and by the early 20th century
signal), but with less internal variability, a mark of the integrated signal over several levels. It would be
interesting to compare the detection timing of the SST and SSS fingerprint. For SST, it would probably
be close to what was found for the non-normalized zonal mean temperature fingerprint (figures II.10 and
II.11), dominated by the first levels of the ocean and detected between 2000 and 2030 for SNR>5.

We also computed the detection analysis with the piControl noise as described in the methods sec-
tion: the 2000-year piControl is projected onto the fingerprint, giving an estimate of the amplitude of the
fingerprint in an unforced simulation in which it would a priori be present only by chance. This gives us
a 2000-year noise time series oscillating around zero, on which linear trends are computed on all possi-
ble L-year segments shifted by 10 years. The noise N is then the standard deviation of this distribution
of trends for each increasing L-year period. The distributions of detection times computed with the pi-
Control noise (blue in figure II.17) are aligned with those computed with the intermember noise (red)
in almost all cases, with a shift in their respective medians of maximum ten years across analyses and
threshold. This further supports the fact that the unforced interannual variability as extracted from a long
piControl experiment is well estimated by the 30-member spread in the large ensemble.

Compared to the local ToE approach (figure II.9), the pattern-based method allows earlier detection
of the climate change signal, although the intermember spread is still large for the SNR>2 threshold. The
two approaches don’t target the same questions and are in fact complementary. With the pattern-based
method, we aim to investigate whether the global pattern of change has been detected, whereas in the local
method, we can distinguish the time scales of signal detection between different regions and identify "hot
spots" of climate change signal emergence.

4.4 Application to the volumetric Temperature-Salinity framework

We now move forward to another analysis framework: the volumetric distribution of the ocean in
temperature-salinity (T-S) space. This type of quantification is not new in physical oceanography and
has been used in past studies to make a volumetric census of the world ocean water-masses in bivariate
discrete classes of temperature and salinity, and discuss their origin (e.g. Worthington [1981]). It is a way
to represent the entire volume of the ocean on a plane, and is essentially a 2-dimensional histogram. This
kind of representation has been applied to study, among else, the thermohaline circulation and investigate
the different processes of water-mass formation [Zika et al., 2012, Döös et al., 2012, Groeskamp et al.,
2014, Hieronymus et al., 2014, Evans et al., 2014, 2018]. In more recent years, Zika et al. [2021] used
this volumetric census with Argo data at two different time periods to diagnose the excess heat entering
the ocean in response to long-term climate change, as opposed to changes in the circulation redistributing
the background temperature. Indeed, the addition and mixing of heat in the ocean is reflected in the
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volumetric T-S distribution by the creation of new T-S classes (or bins). The pure advection in space of a
water parcel of volume V and of given T-S characteristics will not change the T-S values of that volume
of water, and thus will not be reflected as a change in the volumetric T-S distribution.

Here, we are also interested in how this volumetric distribution evolves in time under increasing
anthropogenic forcings. That is, how the water-masses evolve in T-S space and in time, and whether and
when we can detect these changes, still in the framework of the IPSL-CM6A-LR ensemble.

The T-S "binning" has been performedwith the xhistogramPython package 2 on the historical-extended
and piControl dedrifted annual outputs. The ocean model of IPSL-CM6A-LR, uses a variable volume
formulation, which means the vertical grid has time-varying levels (the variation in grid-cell thickness is
several orders of magnitude smaller than the thickness itself). Consequently, we took the precaution to
use the time-evolving grid-cell thickness output (thkcello) at each time step in the weights information
(along with grid-cell area), although the time dependence doesn’t seem to impact the distributions (not
shown). The bin resolution was chosen at 0.25ºC for temperature and 0.025 g.kg-1 for salinity following
Evans et al. [2014] (note that we use Conservative Temperature and Absolute Salinity). This is a good
compromise, for exploratory work, between a large enough resolution to resolve changes in temperature
and salinity between most bins, and the time it takes for the binning code to run.

Figure II.18: Temperature-Salinity volumetric distribution in the ensemble mean for the global, Atlantic,
Pacific and Indian oceans (note semi-enclosed seas are not included in the basin histograms). (Top) Mean
volume (shown in logarithmic scale) over the historical-extended period. (Bottom) Anomaly in [2040-
2059] relative to [1850-1899].

The mean global volume for the IPSL-CM6A-LR historical-extended ensemble mean is shown in
figure II.18 (upper left panel) along with its change in [2040-2059] relative to [1850-1899] (lower left
panel). The ocean volume per bin can vary by several orders of magnitude. Indeed, the majority of the
ocean volume is distributed along "branches" that all converge towards a small number of bins containing
large amounts of ocean water, around -1ºC to 3ºC and 34.8 g.kg-1. On the opposite, numerous bins are
occupied by smaller amounts of water, especially at the surface and in the low to mid-latitudes where
the water is warmest and spans a wide salinity range. As the climate warms, ocean waters are globally
warmed while salinity changes are various. As a result, the volumetric distribution shows dipoles of
change (bottom panels in figure II.18): volumes of water move from one T-S class to another, and the
distribution, overall, expands. One marked example that visually stands out is the warming of surface
tropical waters, which overall gain a couple of degrees Celcius, from the 27-29ºC range moving to the

2. https://xhistogram.readthedocs.io
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30-32ºC range (blue-red dipole in figure II.18). The warming of the Arctic is also well made out (below-
0ºC waters at low salinities <34 g.kg-1). Other parts of the ocean are more difficult to distinguish in
the dominant branches of ocean volume. The largest changes in volume magnitude are collocated with
the largest quantities of mean volume. Of course, this distribution can mix water-masses of similar T-S
characteristics coming from two very different parts of the world, geographically speaking. We show the
T-S distributions of the 3 main ocean basins (Atlantic, Pacific, Indian) in figure II.18 as an example of
how water-masses are distributed and how they can overlap on one another in this framework.

We can see how changes analyzed uniquely at the grid point level (as in section 3) in this framework
are not satisfactory as 1) volume is a positive quantity 2) hence, when some bins are emptied, there is a
volume threshold value of 0 which cannot be surpassed 3) some T-S bins are emptied over time, others
are filled, and others stand in-between. What we are interested in here is the T-S spatial pattern itself,
and not the local changes which cannot be analyzed similarly as intensive quantities. Thus, we will apply
the pattern-based method introduced in the former section to extract the dominant mode of long-term
variability in the thermohaline structure of the ocean and look for detectable changes. Here, we will
present results at global scale and for a few cases only so as to give a taste of the possible applications of
the detection method in this framework. Interesting perspectives would be to discretize the geographical
ocean in sub-basins as in Zika et al. [2021] before performing the analysis, to prevent water-masses of
very different geographical origins to be mixed together in single bins.

The fingerprint for global ocean volume (first EOF of the ensemble mean, 1850-2059) and associated
signal time series (projection of individual members onto the fingerprint) are shown in figure II.19. The
pattern is the same as the ensemble mean anomaly shown in figure II.18. Surprisingly, the time evolution
of this fingerprint (figure II.19, upper right panel) shows an increase almost from the start of the historical
period, probably too early to be a sign of human-induced climate change. This evolution is in fact rep-
resentative of the deep ocean, which encloses large quantities of water in very few T-S bins compared to
the number of bins covered by the global ocean. We prove that by showing the fingerprint of change for
the global ocean below 2000m only (figure II.19, lower panels). The analysis for the 0-2000m ocean will
be shown later. In the deep ocean, the change of volume in the T-S bins are several orders of magnitude
larger than for the bins covering the ocean surface. The signal time series for the deep ocean below 2000m
have the exact time evolution as those for the global ocean, meaning the global fingerprint is completely
dominated by the deeper ocean. In fact, this drift-like evolution is determined more precisely from the
change occurring in the coldest bins. Indeed, the analysis restricted to volumes of positive temperatures
only reveals a much more coherent evolution with a progressive increase, while the analysis applied only
to volumes of negative temperatures yields the time evolution of figure II.19 (not shown). These very
cold waters show the largest volume changes with a shift of the distribution towards fresher waters. This
is coherent with what looked like a residual drift in salinity when investigating the zonal mean normal-
ized salinity fingerprint (figure II.13). The potential residual drift seems to originate from the export of
AABW. This suggests this issue should be addressed before examining deep ocean changes in salinity
in this model, with a more efficient drift removed in salinity. Note that the analysis before removing any
drift in temperature and salinity yields a much steeper increase of the time evolution of the fingerprint (for
the global and deep ocean alike, not shown) until the late 20th century, proof that some drift was indeed
removed in the analysis presented here.

Even without a residual deep ocean drift, the global fingerprint of the changing volumetric distribu-
tion would emphasize the deep ocean because of the order of magnitude of ocean volume (and volume
change) in these bins. This residual drift prevents an accurate detection of actual change in the volumetric
distribution. To ignore it we can either do the analysis in the upper 2000m of the ocean where there is no
influence of the remaining drift, or do the analysis on the normalized volume. We will present these two
cases here and apply the detection analysis.

If we normalize the T-S volume prior to performing the EOF analysis (i.e. center and divide by the
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Figure II.19: Fingerprint and signal time series of the volumetric distribution of the ocean in T-S space.
Upper panels show the analysis for the global ocean volume, and lower panels for the volume below
2000m.

Figure II.20: Fingerprint and signal time series of the normalized volumetric distribution of the ocean
in T-S space, for the global ocean.
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ensemble mean interannual standard deviation for each bin), we obtain a volumetric T-S distribution
weighted by the order of magnitude of volume contained in each bin (figure II.20). Consequently, this
is somewhat equivalent to a T-S diagram of the ocean, without taking into account the ocean volume
as weights. The new normalized fingerprint (figure II.20) has similar patterns of change as the regular
fingerprint (figure II.19). Thus, a surface bin ends up having the sameweight as a deep ocean bin, although
these two bins don’t represent the same volume of water. The fingerprint is now more representative of
the surface signal since surface waters take so much space in this T-S framework. Here, we don’t mean
to imply this is a better way to look at changes in this T-S space, but explore the possibilities given the
current limitations. Note that normalizing by the piControl interannual standard deviation or intermember
standard deviation would make more sense in a regular geographical framework (as done for the zonal
means or vertically-integrated contents presented before), but because new T-S classes are created with
ongoing climate change (e.g for the warmer surface waters) and because these classes can slightly differ
between members, the piControl or intermember standard deviation would be zero in some classes, which
does not make sense to study the change.

Figure II.21: Fingerprint, signal time series and detection times of the normalized volumetric distribution
of the ocean in T-S space, for the global ocean below the maximum mixed layer depth. Purple and red
distributions stand for two different estimates of the noise, see text for details.

In an endeavor to remove some of the surface noisier signals and numerous T-S bins, we look at this
normalized fingerprint but for the global volume under the mixed layer depth, which was calculated from
the maximum MLD in the 2000-year piControl at each geographical grid point. The fingerprint now
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looks similar but with less T-S space occupied (figure II.21 compared to figure II.20). The evolution of
this fingerprint in time is also slightly smoother than for the global ocean volume, with less impact of
volcanic eruptions on the interannual time scale (the sudden drops following large volcanic eruptions are
smoothed out). This signal is detected between ∼2000 and 2025 in the large ensemble for SNR>5. This
timing is very coherent with the detection of the zonal mean temperature fingerprint (non-normalized),
representative of the upper ocean warming (figure II.11). Note that the analysis applied to the entire
ocean volume including the mixed layer actually shifts the SNR>5 distribution by about 20 years earlier
than without the mixed layer (not shown), since these surface points shift so much in T-S space over the
historical-extended simulations.

We also tested the third method to estimate the noise here from the large ensemble: we first calcu-
late, for the T-S volume, each member’s difference to the ensemble mean and concatenate in time these
30 fields. The resulting 3D (time, temperature, salinity) volume field is normalized similarly as the en-
semble mean (centered and divided by the ensemble mean standard deviation) and projected onto the
fingerprint. We obtain a 6300-year noise time series (pseudo-PC), on which we calculate the distribution
of increasing L-year trends (as we would for the piControl noise method presented earlier in this chapter).
This noise estimate yields almost identical detection time distributions (purple shading in figure II.21) as
those obtained from using the intermember standard deviation of the signal trends (red shading).

Figure II.22: Fingerprint, signal time series and detection times of the volumetric distribution of the
ocean in T-S space, for the global ocean in the upper 2000m and below the maximum mixed layer depth.
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We now apply the analysis without normalizing the volume, on the global ocean above 2000m depth
and below the mixed layer (figure II.22; note that removing the mixed layer volume does not change
the detection results). Now, the change in the T-S volumetric distribution is detected much later and
with wider intermember spread, with a median detection time around 2030 for SNR>5 and individual
members detected from 1980 to the very last years of the period. The alternative noise estimate (purple
shading, computed from each member’s difference to the mean, see explanation above) yields this time
slightly delayed distributions, with a median shifted by about 20 years later in time, meaning it is a more
conservative estimate when the volume is not normalized.

Overall, in this framework, it is easier to follow and detect changes coming from the upper layers of the
ocean, as these waters express the largest changes in temperature and salinity, and are thus displaced over
larger "distances" in T-S space. In this case, the "unweighted" T-S space (i.e. the normalized analysis)
provides an interesting tool to track the change in the thermohaline structure of surface ocean water-
masses. The deeper ocean on the other hand is compressed to fewer T-S classes. It is also prone to changes
in its thermohaline structure, but the distances covered in T-S space are much smaller, and the volume is
more subject to reorganization within the bins than creation of new bins. It makes it harder to detect these
changes: the detection is delayed to the 21st century and with much more internal variability modulating
the timing of detection. Furthermore, a possible residual drift in salinity found in the coldest waters is
"polluting" the global ocean fingerprint. A more adapted dedrifting procedure for salinity is needed to
fully explore the possibilities offered by this framework, along with more adapted bin resolution in the
deepest water-masses.
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5 Key points

• In this chapter, I aimed to investigate the emergence of anthropogenic ocean temperature and
salinity changes in the IPSL-CM6A-LR large ensemble of historical-extended simulations,
by testing different methods and frameworks.

• First, a local Time of Emergence approach similar to Chapter I was applied to zonal mean
temperature and salinity changes along regular pressure levels, and to vertically-integrated
heat and salt content changes. Second, a pattern-based method was applied to the same
variables, looking for when a global fingerprint of change could be detected. Finally, the
pattern-based method was tested on the evolution of the temperature-salinity volumetric
census of the global ocean.

• These different configurations allowed to test the sensitivity of signal detection when con-
sidering the influence of the upper, deeper or global ocean with different weights.

• While the local and pattern-based methods were different, the results were similar: over-
all, they point to an emergence/detection of the ocean warming patterns in all members of
the ensemble by the early 21st century, while the emergence of salinity changes at global
scale are delayed, with more internal variability masking the forced signal and less regions
individually emerging.

• When considering the patterns of locally-weighted signal to noise ratios, i.e. not just the
absolute change which benefits more to the upper ocean, the global warming pattern is
detected earlier. This is coherent with the local ToE approachwhich points to theAABWand
its northward spread in the abyssal ocean as the region emerging earliest, both in temperature
and salinity. This highlights the relevance of looking in the deep ocean interior for forced
change because the noise levels are very low, although it is also where the influence of initial
conditions is the largest.

• These results point to a particular sensitivity of the deep ocean in the model, which shows
very early emerging signals in the 20th century even in the least ventilated regions. The short
time scales on which the warming is found in these areas suggest the temperature anomalies
are not transmitted passively along the pre-existing ventilation routes of the ocean interior,
but probably testify of an internal reorganisation of the ventilation which seems to cause
rapid subsurface changes. This point will be more specifically addressed in Chapter IV with
dedicated simulations presented in Chapter III to test these hypotheses.

• Examining deep ocean changes needs to be done carefully as significant drift can exist. We
successfully removed the quasi-linear cooling drift in temperature, but a regional freshening
drift in salinity seems to have persisted. This point should be tackled before going further
in potential deep ocean salinity analyses.

• In agreement with what we found in Chapter I, the region associatedwith SAMWandAAIW
stands out with the largest SNR in the zonal mean temperature framework, especially in the
Indian sector, where the patterns penetrate almost to 2000m depth. This highlights these
water-masses as a preferred pathway for the uptake of anthropogenic heat.

• Using 30 macro-initialized historical members, we have seen that the intermember spread
is an excellent estimate of unforced interannual variability of the model when compared to
piControl. In addition, this estimate takes into account the impact of external forcings on
internal modes of variability which a piControl simulation does not.
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• All in all, the final interesting result is not necessarily a precise year of signal emergence,
as we have seen that there are many subjective criteria on which that depends, but rather
what these criteria reveal. One prominent aspect is how initial conditions can modulate the
detection of the forced signal, with a difference of several decades over the 20th century
between individual members. Indeed, although the climate change signal (the ensemble
mean) can be detected as early as the 1940s when considering the deep ocean low noise
level, it is slow and thus more exposed to intermember modulations that can be as large
as the temperature anomaly itself, delaying or enhancing the exceedance of a significance
threshold in individual members.

• The volumetric T-S framework is an interesting oceanographic tool to get a sense of the
water-masses distribution. However, it reduces the deep ocean to a very small number of
T-S classes, which makes it more difficult to track the changes occurring there. Upper ocean
water-masses on the other hand are spread out in T-S space, which makes it easier to un-
derstand their shifts. For a more in-depth investigation into deeper ocean changes in this
framework, finer resolution of T-S classes would be needed, and separating into a few geo-
graphical regions prior to computing the histogram would probably help better discriminate
the nature of the water-mass changes.
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1 Goal

In the first two chapters of this thesis, we diagnosed an externally-forced, multi-decadal change in
the ocean temperature and salinity simulated fields, in different analytical frameworks, that could be un-
ambiguously distinguished from internal variability starting in the second half of the 20th century, with
very region-dependent structures and timings of emergence. In this third part of the thesis, we will use
a more mechanistic approach to understand how these signals emerge. In the General Introduction, we
presented the potential drivers of thermohaline changes in the ocean: changes in surface heat, freshwater,
and momentum fluxes causing additional warming/freshening entering the ocean and/or causing circu-
lation changes redistributing pre-existing temperature and salinity gradients. A number of studies have
addressed the question of the relative role of these processes for the ocean heat storage in response to
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rising greenhouse gases, revealing important mechanisms at play. They were however conducted mostly
in idealized scenarios in terms of time scales of emissions and considering almost always CO2 as the only
external forcing.

Here, we are interested in unraveling the relative role and time scales of these drivers of human-
induced temperature and salinity emergence, on historical time scales of forcings (i.e. since the pre-
industrial era) and into the 21st century under realistic scenarios of emissions. Are all of the drivers
equally important to let temperature and salinity exceed their range of internal variability? How do they
interact? What are their relative role in setting the timing and location of emergence ? To tackle these
questions, we designed numerical experiments in which air-sea flux perturbations during the period 1850-
2100 are imposed together and separately on a stand-alone configuration of an ocean model. This allows
the investigation of the individual role of surface flux changes inmodifying ocean temperature and salinity.
Furthermore, to separate patterns of change due to the perturbed circulation from those due to passive
transport of heat and salt into the ocean, we implemented passive tracers of temperature and salinity
forced by identical surface flux perturbations as the corresponding oceanic properties. More details of
the experimental protocol are given in section 2.

This chapter has two purposes. First, to introduce and describe this experimental protocol which
will be the basis for the study presented in chapter IV of this thesis. Second, to document the mod-
elling work done in the hope that it can, at some point, be of use to others. I am not describing all
the technical details of the NEMO routines and configuration here, but rather trying to describe the
system, present the approach taken, discuss the choices that were made and validate the simulations.
For more details, the code of the configuration and a short technical documentation can be found here:
https://github.com/ysilvy/simus_orca1_fluxforced.

The modelling environment is set up by the IPSL "platform team", who provides technical guidance
in running the models. All simulations were run by myself on the French Jean Zay supercomputer held
at the IDRIS center (http://www.idris.fr/jean-zay/cpu/jean-zay-cpu-hw.html). The configuration was de-
velopped with tremendous help and support from Clément Rousset and Christian Ethé, and with regular
guidance from Gurvan Madec. My gratitude also goes to Juliette Mignot for introducing me to the gen-
eral modelling framework at IPSL, for her advice on the coupled model, and for her support all along this
long process.

2 Ocean model and experimental design

The ocean model
We use the ocean physics component (OPA) of the NEMOmodel version 3.6 [Madec et al., 2017] for our
experiments, as NEMO3.6 is the ocean – sea-ice – biogeochemical component of the IPSL-CM6A-LR
coupled model [Boucher et al., 2020], developed here at IPSL, which took part in the CMIP6 exercise.
The configuration used is the eORCA1 tripolar grid, with a nominal horizontal resolution of 1º (down to
1/3º latitudinal refinement at the equator) and 75 vertical levels with layer thicknesses varying from 1m
at the surface to 200m at the bottom. The vertical layers are time dependent, with a nonlinear evolving
free surface using the variable volume formulation. The equation of state is estimated with a polynomial
representation of TEOS-10 [Roquet et al., 2015]; the model prognostic fields are thus conservative tem-
perature and absolute salinity. The different schemes and parameterizations employed in the eORCA1
configuration and used in IPSL-CM6A-LR are described in Boucher et al. [2020] and all details can be
found in Madec et al. [2017]. The ocean model can be forced at its boundaries in a number of ways. The
most current ones include forcing with:

• bulk formulae: the user provides a number of key atmospheric variables and lets the model compute
the physical fluxes between the ocean and the atmosphere. The forcings are usually provided by
reanalysis products, such the Coordinated Ocean–Ice Reference Experiments (CORE, Large and
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Yeager [2009]) and the Japanese 55-year Reanalysis (JRA-55, Kobayashi et al. [2015]). In this
configuration, the forcings are provided at the ocean+sea-ice interface with the atmosphere, and
feedbacks of the model SST are allowed on the computed fluxes since bulk formulae need the SST.
• fixed fluxes: the user directly provides all the physical fluxes at the ocean interface. In this con-
figuration, there are no feedbacks of the ocean state on the flux forcings, unless a relaxation is
activated.
• a coupled atmospheric model, such as in the IPSL-CM6A-LR configuration: in this framework, the
ocean and atmospheric model feedback on each other by sending their respective surface variables
through a coupler which provides the corresponding fluxes on the oceanic and atmospheric grids.

Experimental design
This work is set within the simulated climate of the IPSL-CM6A-LR coupled model. For the purpose
of the CMIP6 exercise, 2000 years of pre-industrial control run were conducted (after a long spin-up),
along with 32 members of the historical experiment (1850-2014), extended to 2059 under the ssp245
scenario, and multiple scenarios for 2015-2100 with fewer members. In this study, we want to investigate
and isolate the mechanisms responsible for temperature and salinity emergence from natural variability in
the IPSL-CM6A-LR historical+ssp ensemble. In order to do that, we choose to reproduce the 1850-2100
full ocean response with the same surface forcings as in the coupled model, to then be able to isolate the
response to each forcing perturbation in different experiments.

Furthermore, as demonstrated in Chapters I and II, internal variability plays an important role in de-
termining the timing of emergence of the anthropogenic signal within members of a model ensemble.
Hence, we want our different numerical experiments to have a same reference in terms of phasing of
internal variability if we are to compare the temporal evolution of the patterns of change and their as-
sociated timing of emergence in each of the simulation. This means we want the background internal
variability of the surface fluxes to be similar in each experiment, which entails preventing retroactions
between the ocean and the surface fluxes, including when perturbations are applied. Thus, forcing the
ocean with fixed fluxes is a coherent choice for the objectives of these simulations (compared to an ocean
coupled to an atmospheric model or forced with bulk formulae, which enable a retroaction that we want to
avoid). As a co-benefit, running the ocean model in a stand-alone configuration is computationally much
less expensive in cpu and elapse time (and consequently less energy and CO2 emissions) than running a
coupled model. Still, these experiments have contributed to emit their fair share of CO2 (see Appendix
F).

We first set up an ocean-only CTL experiment forced with fluxes from a pre-industrial control simula-
tion (piControl, no external forcings) of the IPSL-CM6A-LR coupled model (see the simplified schematic
of the experiments in figure III.1). The goal is for this ocean-only CTL to inherit the mean climate and
internal variability of the coupled model piControl, to provide a background climate for the sensitivity
experiments. The piControl fluxes are thus imposed at high frequency (3-hourly) at the liquid ocean inter-
face (below the atmosphere and the sea-ice), during 251 years. The sea-ice component is excluded. We
go into more details over the forcing methodology in the next sections. We then run perturbation experi-
ments, forced with the same fluxes as CTL, plus a perturbation component (figure III.1). The perturbation
components are constructed from the monthly-mean anomalies (relative to 1850-1899) of the ensemble
mean of the IPSL-CM6A-LR historical+ssp245 experiments to obtain a good estimate of the externally-
forced signal over the 1850-2100 period (32 members over 1850-2059, 11 members over 2060-2100).
The ALL experiment has the perturbation on all fluxes (heat, freshwater+salt, wind stress). The HEAT,
STRESS and WATER experiments only have the perturbation component on respectively the heat fluxes,
wind stress, and freshwater+salt fluxes. The BUOY experiment has both the heat flux and the freshwa-
ter+salt flux perturbations. All experiments are thus aligned on the piControl internal variability, with
the perturbation (forced) components on top slowly taking effect. The ALL experiment is designed to
reproduce the historical+ssp245 forced response. It is initialized as any historical member from a parent

95



2. OCEAN MODEL AND EXPERIMENTAL DESIGN

piControl state, with its own internal variability. The sensitivity experiments decompose the response of
the ALL experiment while keeping identical phases of internal variability.

Figure III.1: Schematic of the simulations. Grey letters represent the "background" fluxes at 3-hourly
outputted from the piControl. Orange letters are the perturbation fluxes (anomalies) extracted from the
historical+ssp245 experiments of IPSL-CM6A-LR.

Configuring these experiments was undertaken in two main steps:

1. Setting up the CTL experiment from the piControl fluxes. This required enumerating all the com-
ponents needed to force the ocean from the coupled model, in order to reproduce as closely as
possible the piControl variability for 251 years, and adapt the code as to enable the flux forcing.
This step is described in section 3.

2. Setting up the ALL experiment by adding the perturbation components, and making sure the re-
sponse was similar to that of the historical+ssp large ensemble. This is described in section 4.

With these experiments, we thus aim to reproduce, with an ocean-only model, the unforced and forced
response of a coupled model. We also added two passive tracers in each of these experiments, described
in section 5.

Because the piControl of the IPSL-CM6A-LR published for CMIP6 did not have all needed high
frequency outputs, we also had to run before-hand another piControl simulation with the IPSL-CM6A-
LR coupled model to save the fluxes at the liquid ocean interface at 3-hourly frequency as well as other
components. The piControl is initialized from the same spin-up simulation used as restart state in the
piControl r1i1p1f1 published for CMIP6, but ran on a different machine, and saving fluxes at 3-hourly
at the atmosphere-ocean interface and ocean-ice interface. Our piControl ran for 401 years, but only the
fluxes from the last 251 years are used in the forced experiments.

The IPSL-CM6A-LR has a systematic quasi-linear drift in ocean global-mean temperature (see figure
III.2 and Mignot et al. [2021]), passed on to the CTL experiment, due to a negative incoming heat flux
(see heat budget in figure III.7). In the analysis of the simulations (chapter IV), all outputted data is thus
dedrifted before any computation (see chapter II for the methods).

Our protocol closely resembles that of the ocean-only Flux-Anomaly-Forced Model Intercomparison
Project (FAFMIP, Gregory et al. [2016], Todd et al. [2020]). Our CTL simulation corresponds to their
faf-passiveheat simulation, ALL to faf-all, HEAT to faf-heat, etc. However, significant differences exist
since we don’t aim at answering the same questions. First, the (monthly) perturbation component used in
FAFMIP (available here: fafmip.org) has a seasonal cycle but no interannual variation. It is constructed
from idealized simulations at a time when CO2 concentration has doubled in the atmosphere. Each ex-
periment is run for 70 years. Consequently, they immediately impose constant strong anomalies and are
not interested in the transient ocean response to human-induced radiative forcing but more in long-term
patterns of change. Second, they use different initial conditions depending on the ocean model used. For
most ocean models (including NEMO3.4), they perform a spin-up of several thousand years to equilibrate
the ocean, integrated with a prescribed climatology, varying air-sea fluxes or bulk formulae, including a
relaxation term both in SST and in SSS towards climatological values. After spin-up, the faf-passiveheat
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Figure III.2: Drift in global mean ocean temperature in the IPSL-CM6A-LR piControl r1i1p1f1 (black),
the reference coupled simulation for the protocol (red) and the forced CTL experiment (dashed blue).

(i.e. control experiment) is performed by first diagnosing 70 years of high-frequency surface buoyancy
and momentum fluxes (including restoration terms) under the same climatological conditions, and then
re-running 70 years by prescribing those saved fluxes without any restoration. The only exception is
HadOM3 which directly used fluxes from the 70-year control experiment (after spin-up) of its parent
coupled model HadCM3 to produce the faf-passiveheat simulation. This is similar to what we do here,
with our parent experiment being the IPSL-CM6A-LR piControl. Third, since the FAFMIP protocol is
not meant to be model-specific, the perturbation fluxes are not decomposed precisely (e.g. solar vs. non-
solar heat flux, E-P vs. runoffs, no salt flux). Since we are working with only one ocean model and its
parent coupled model from which the fluxes and their perturbation components are extracted, we can be
more precise in how we force the ocean and add more forcing components (see next sections).

3 Setting up the CTL experiment with fixed fluxes: an odyssey

In this section, I present how to set up the ocean-only CTL simulation (Figure III.1) from the outputs of
a coupled piControl. To understand how the ocean model is forced, I present more generally the physical
fluxes exchanged at the ocean boundaries in NEMO3.6, in the eORCA1 configuration, and indicate which
variables are needed to force the NEMO3.6 ocean at the liquid-ocean interface (i.e. on the oceanic grid,
under sea-ice). Synthetic schematics are shown in figures III.3 and III.4. Understanding what fluxes were
needed to force the ocean was an essential step of the work, as well as verifying whether the freshwater
and heat budgets closed, which was an indicator of the consistency of the code. Orders of magnitude of
the fluxes are shown, their variability, and the associated budgets. Since we force the ocean with the fluxes
from a coupled piControl with the same oceanmodel, the oceanic global budgets should be quasi-identical
in piControl and ocean-only CTL. The only difference is in global ocean area, as the coupled configuration
comprises closed seas which are masked in the ocean-only setup. Thus the globally-averaged surface
fluxes have slightly different values in piControl and CTL.

The reference configuration is ORCA1_LIM3_PISCES (as in IPSL-CM6A-LR) but removing the sea
ice (LIM3) and the biogeochemistry (PISCES) components. All the modified fortran routines to include
in MY_SRC and the namelist_cfg (which includes the parameters for the modified configuration) can be
found here: https://github.com/ysilvy/simus_orca1_fluxforced as well as a technical documentation (in
French).
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Figure III.3: Freshwater (blue), heat (orange) and salt (grey) fluxes entering the liquid ocean in the
eORCA1 configuration.
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Figure III.4: Schematic of the code components modified to force the ocean.

3.1 Freshwater fluxes

The ocean receives and loses water from liquid and solid precipitation, evaporation, sea ice melting
and freezing, river runoffs, iceberg melting and iceshelf melting. Under-iceshelf cavities are closed in
the configuration of the ocean used here and there is no dynamical interaction between the ocean and the
icesheets. Note this is one of the main limitations of climate models in projecting possible future changes
in the ocean since melting contributions from the Antarctic and Greenland icesheets are expected to
play a significant and increasing role during the 21st century [Golledge et al., 2019], but development is
underway in NEMO to open interactive under-iceshelf cavities.

Instead, in the current version of the model, the mass of water contained in the icesheets is conserved,
and all excess precipitation falling on the icesheets eventually returns to the ocean through different melt-
ing terms. In the Southern Hemisphere, 50% of the mass goes into iceshelf melting along the coast, and
50% into iceberg melting along a climatological map. In the Northern Hemisphere, all the mass goes
into a calving term uniformly distributed along the coast. The freshwater flux from rivers, icebergs and
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Figure III.5: From Madec et al. [2017], their figure 7.1. Schematic of the iceshelf representation used
in the forced and coupled experiments. The black line is the shape of the cavity, the grey shading is the
masked area (land, iceshelf and closed iceshelf cavity), the purple shading is the location of the prescribed
iceshelf melt input.

iceshelf melt are geographically distributed according to a prescribed map and vertically distributed until
a prescribed depth. Note the vertical distribution of these freshwater fluxes is done inside the code, the
model outputs are the 2-dimensional unchanged fields. Table III.1 presents how these terms are grouped
and defined in the model.

Table III.1: Freshwater flux terms at the ocean interface in NEMO3.6

Short name Signification Unit
emp Evaporation - Precipitation - Calving (> 0 upward) kg.m-2.s-1

runoffs River runoffs + iceberg melting (> 0 into ocean) = friver + iceberg kg.m-2.s-1

iceshelf Iceshelf melting (> 0 into ocean) kg.m-2.s-1

The net amount of water entering the ocean liquid interface is given by -emp + runoffs + iceshelf
(figure III.3). For a given time period ∆t, the global ocean volume change (in m3) should verify:

∆V =
∆t

ρ0
∗
∑
x,y

((-emp(x,y,t)+runoffs(x,y,t)+iceshelf(x,y,t))*areacello(x,y))
t

(III.1)

Where ρ0=1026 kg.m-3 is the ocean volumic mass of reference, areacello is the ocean grid cell area,
and x and y are the horizontal coordinates. All three terms emp, runoffs and iceshelf outputted from the
piControl are needed to force the ocean. Averaged over the ocean area (see figures III.6 and III.7), the
contribution from iceshelf melt and icebergs are very small (41 mSv, mean over the entire simulation; 1
mSv = 103 m3.s-1) with very low variability, compared to the much larger terms competing against each
other, namely emp (1718 mSv in CTL) and friver (1636 mSv). Summing all these terms, the net incoming
freshwater flux for the simulation period is close to zero (∼1 mSv, equivalent to a total volume change of
∼9086 km3 of water over the simulation).

To check the closure of the freshwater budget over the period 1850-2100, the left hand term and right
hand term in equation III.1 are computed separately (figure III.7). ∆V is computed as the difference in
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Figure III.6: Evolution of the globally-averaged freshwater fluxes in the piControl and CTL experiments
(annual means).

global ocean volume V between the last and first days of the simulation. To compute accurate budgets, this
global scalar V was outputted at daily frequency, as monthly values can introduce large errors especially
with such small quantities. In the piControl we even outputted at 3hourly frequency. The right hand term
in equation III.1 is computed from annually-averaged freshwater fluxes. The ocean freshwater budget
closes almost perfectly in piControl and CTL. The difference of 0.002 or 0.016 mSv between the two
terms is probably explained by precision errors introduced during the data analysis, and a larger error in
CTL due to daily scalar values compared to 3hourly values for the piControl. piControl and CTL have
different globally averaged values in the fluxes as the area in piControl is larger due to the presence of
closed seas, which are masked in the ocean-only configuration. This doesn’t however affect the values
read locally in the CTL.

3.2 Heat fluxes

The ocean exchanges heat at its upper boundary with the atmosphere and sea-ice components, from
shortwave radiation (not used to melt sea-ice), long-wave radiation and all other non-radiative fluxes
(sensible and latent heat from evaporation, precipitation and ice thermodynamics). It also receives heat
from river runoffs (sensible heat), iceberg melting in the Southern Hemisphere (sensible+latent heat;
melting is considered at SST), calving in the Northern Hemisphere (latent heat; melting is considered
at 0ºC) and iceshelf melting (sensible+latent heat; melting considered at -1.9ºC). As for the freshwater
fluxes, the heat fluxes associated to runoffs and iceshelf melting are distributed on the vertical inside the
code. Finally, there is also a constant, spatially-varying geothermal heating at the bottom of the ocean
[Goutorbe et al., 2011]. These terms are synthetized in table III.2 together with notations used in the
model.

The total heat input into the ocean is qt + hflx_rnf + hflx_isf + hfgeou (figure III.7). For a given time
period ∆t, the global ocean heat content change (in Joules) should verify:

∆OHC = ∆t ∗
∑
x,y

((qt(x,y,t)+hflx_rnf(x,y,t)+hflx_isf(x,y,t)+hfgeou(x,y))*areacello(x,y))
t

(III.2)

WithOHC(t) = ρ0 ∗cp∗
∑

Vocean
θ(t)∗dV ; cp ≈ 3981.K-1.kg-1 the ocean specific heat; θ the ocean
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Figure III.7: Heat (orange), freshwater (blue) and salt (grey) budgets in the piControl (top) and CTL
(bottom). The ocean area in the piControl is slightly larger due to closed seas included in the coupled
simulation and masked in the CTL, which explains the small differences in globally-averaged surface
fluxes.

conservative temperature with grid cell volume dV .

The model needs to read qt, qsr, hflx_rnf and hfgeou to force the ocean (hfgeou is a constant field).
hflx_isf is reconstructed online from the freshwater flux term (iceshelf, see table III.1) and the freezing
point temperature. The shortwave radiation qsr needs to be specified separately as it is vertically dis-
tributed in the top hundred meters of the ocean depending on the chlorophyll concentration field (see
subsection 3.5.2 on chlorophyll prescription).

Globally-averaged, solar (qsr) and non-solar (qns) heat fluxes are very large and variable terms of
opposite signs (figure III.7) that almost compensate to yield the net downward heat flux qt (=-0.55 W.m-2

averaged over the simulation length). The runoffs sensible heat flux (hflx_rnf) and iceshelf heat flux
(hflx_isf) have much weaker interannual variability (see figure III.8) and mean values of 0.39W.m-2 and -
0.040W.m-2 respectively. The net incoming heat flux at the ocean interface sums up to -0.13W.m-2 during
the 251 years, illustrating the disequilibrium found in the long piControl (figure III.2). By evaluating the
left and right-hand side terms of the heat budget (equation III.2) separately, we find a perfect closure of
the budget, with an error of 0.002 W.m-2 both in the piControl and CTL. By exploring heat budgets in the
coupled model, we found that although the ocean-only component has a closed heat budget, the sea-ice
model does not [Mignot et al., 2021]. The ocean+sea-ice system thus doesn’t perfectly conserve heat.
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Table III.2: Heat flux terms at the ocean interface in NEMO3.6

Short name Signification Unit
qt Net downward heat flux = qns + qsr W.m-2

qsr Downward shortwave flux W.m-2

qns Downward non solar heat flux (includes hflx_icb and hflx_cal) W.m-2

hflx_rnf Sensible heat flux from river and iceberg runoffs (at SST) W.m-2

hflx_icb SH iceberg latent heat loss (<0), included in qns W.m-2

hflx_cal NH calving latent heat loss (<0), included in qns W.m-2

hflx_isf Heat flux from iceshelf melting (Sensible+latent) W.m-2

hfgeou Geothermal heat flux W.m-2

Figure III.8: Evolution of the globally-averaged heat fluxes in the piControl and CTL experiments (an-
nual means).

3.3 Salt flux

When the ocean is coupled to a sea-ice model, there is a salt flux exchanged between the two com-
ponents, as the ice salinity is different from zero (e.g. when ice melts, there is a downward flux of both
freshwater and salt).

Table III.3: Salt flux at the ocean/sea-ice interface in NEMO3.6

Short name Signification Unit
sfx Downward salt flux into sea water g.m-2.s-1

This salt flux sfx is thus needed to correctly reproduce the piControl with the ocean-only configuration.
For a given time period ∆t, the global ocean salt content change (in g of salt) should verify:

102



CHAPTER III. CONFIGURATION OF THE SIMULATIONS

∆SC = ∆t ∗
∑
x,y

(sfx(x,y,t)*areacello(x,y))
t

(III.3)

With SC(t) = ρ0 ∗
∑

Vocean
S(x,y,z,t) ∗ dV ; S the ocean absolute salinity (in g.kg-1) with grid cell

volume dV .

The globally-averaged salt flux oscillates around zero during the entire simulation with a very large in-
terannual variability (figure III.9). It has amean value of 1.7*10-9 g.m-2.s-1 (equivalent to 619 kg.s-1integrated
over the ocean surface, or to a total of 4.9*1012 kg of salt exchanged) over the simulation period. Eval-
uating the left-hand term in equation III.3 separately (see figure III.7), we find an equivalent flux in salt
content change equal to 1.6 *10-9 g.m-2.s-1 in the piControl and 3.1*10-9 g.m-2.s-1 in the CTL. These
numbers correspond to very small and variable quantities and are thus very sensitive to the computation
method (e.g. frequency of the global scalar outputs).

Figure III.9: Evolution of the globally-averaged salt flux in the piControl and CTL experiments (annual
means).

3.4 Wind stress

Wind stress is prescribed to the ocean via its zonal (utau) and meridional (vtau) components (table
III.4). The model needs to read both terms to force the ocean.

Table III.4: Wind stress components at the ocean interface in NEMO3.6

Short name Signification Unit
utau Surface downward x stress N.m-2

vtau Surface downward y stress N.m-2

All the above-mentioned fluxes (heat, freshwater, salt, wind stress) are outputted from the piControl
at 3-hourly frequency and provided to the forced experiments without time interpolation.
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3.5 Other components

3.5.1 Vertical mixing

The parameterization of ocean vertical mixing depends on sea ice concentration and thickness in the
IPSL-CM6A-LR configuration, in particular the mixing length scale. Thus, we read both fields (sea ice
fraction and thickness) from the piControl to keep the CTL experiment as close to piControl as possible.

Sensitivity tests were conducted to find at what frequency these sea-ice fields should be read. We
found that providing the information with monthly means conducted to immediate differences in the first
month of the CTL experiment compared to the piControl. We thus chose to read them at 3hourly similarly
to the previous fields.

3.5.2 Chlorophyll field

The shortwave flux penetrates in the top layers of the ocean. The penetration of that flux is modulated
by the concentration of total chlorophyll in the ocean, the only biogeochemical component that has an
effect on the ocean physics in NEMO. When the biogeochemistry model (PISCES, Aumont et al. [2015])
is activated (which is the case in the coupled piControl experiment), the chlorophyll concentration is
directly read online. When PISCES is deactivated (which is the case for our forced experimental setup),
the solar radiation vertical profile in the ocean is defined through 3 wavebands (RGB) and depends on a
read chlorophyll field.

The pre-existing options in the code for the prescribed chlorophyll field include (2D figures in Ap-
pendix C):

• imposing a constant and uniform chlorophyll field (=0.05 mg.m-3): parameter nn_chldta=0, figure
C.3;

• reading a 2D surface file and imposing the same values in the subsurface than in the surface:
nn_chldta=1, figure C.4,

• or reading a 2D file that is then vertically interpolated to reconstruct a more realistic chlorophyll
profile in the top layers: nn_chldta=2.

The 2D file can either be a climatology (figure C.2) or a time-varying field (figure C.1).

We first used the third option (nn_chldta=2, as it was supposedly an improvement from nn_chldta=1),
reading the surface chlorophyll field from the piControl (outputted from PISCES at monthly frequency)
but it didn’t give satisfying results: the SST in CTL diverged too quickly away from the piControl (see
figures III.10 and C.1). A fourth option (parameter nn_chldta=3) was thus implemented to read the 3D
field in our simulations. Indeed, we have found through a series of first sensitivity tests that to best
reproduce the piControl, the full 3D chlorophyll field needs to be read. The temperature was found to be
very sensitive to the different options, as they have different effects on solar penetration, see figure III.10
and figures C.1-C.4.

Hence, in our final CTL simulation, we read the 3D time-dependent chlorophyll data from the piCon-
trol (at monthly frequency).

Note that, a posteriori, by running an additional sensitivity test, we found that in the case where we
impose only the surface time-dependent chlorophyll field from PISCES without activating the vertical
reconstruction (nn_chldta=1), the results were very similar to imposing the 3D field in the first year (fig-
ures III.10 and C.4). This was surprising as the vertical interpolation (nn_chldta=2) was developped
specifically to better represent the vertical profile of chlorophyll. This option should thus probably be
investigated as there seems to be a problem with this representation, both when reading a time-dependant
field or a climatology. We don’t know if the good results obtained for nn_chldta=1 hold for a longer sim-
ulation, but in the future it is useful to know that the surface field alone seems to be as good as the 3D
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Figure III.10: Monthly global mean SST the first year of the simulation, for the: coupled piControl
(black), CTL with the 3D chlorophyll read from the piControl (red), CTL with the 2D chlorophyll read
from the piControl and interpolated vertically (blue), CTL with a surface climatological chlorophyll field
read and interpolated vertically (purple), CTL with the 2D chlorophyll read from the piControl and the
same values imposed in the subsurface (grey), and CTL with a constant and uniform chlorophyll value
(yellow).

field (with much lighter storage demand), as long as the vertical interpolation is not activated.

3.5.3 Temperature below freezing point

Because of the ocean-only configuration (no sea-ice) with a flux formulation and no restoring term
on the SST, it is possible for the temperature to locally fall below freezing point in polar regions, in all
the ocean-only simulations including CTL. We implemented part of the solution proposed by Todd et al.
[2020] in our experiments, namely we let the temperature evolve without any changes so as to conserve
heat in the model. However, as to not create any un-physical convection events, if the temperature falls
below freezing, in the computation of the equation of state and of the Brünt-Vaisala frequency, we replace
the temperature by the freezing point temperature so that the model still sees a physical density. In that
configuration, temperature can still fall below freezing point (in the ALL simulation it can reach below
-7ºC in polar areas because of the negative heat flux perturbation especially in the Arctic, see section 4).
This represents only very small areas of the ocean and doesn’t directly affect the circulation because of
the modification to the equation of state, but heat transport can still be affected. We thus tested several
cases for the treatment of the freezing point to confirm this choice (see Appendix C).

3.6 Diagnostics and validation

The forcing frequency of the CTL experiment is at 3 hours with the fluxes from piControl. This
frequency was chosen for the physics in CTL to remain very close to the piControl (see below). The
coupling frequency in the coupled model between the ocean and atmosphere is 1.5 hours [Boucher et al.,
2020], so small errors are still introduced in the CTL all along the simulation and can be amplified due
to non-linearities of the system. Furthermore, we are also introducing errors by reading the monthly
chlorophyll field (instead of an interactive chlorophyll) and by reading the sea-ice fields at lower frequency
than the coupling frequency for the vertical mixing parameterization. Here, we present several diagnostics
to test and validate our CTL experiment against the reference coupled piControl in the context of this study.
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Figure III.11: Intermonitoring of 1D variables (annual means) for the coupled piControl (black) and
the flux-forced CTL (red). The values in the bottom right corner correspond to the Pearson correlation
coefficient (no unit) and to the root mean square error (in the unit of each variable) between the two time
series.

Several 1D variables are presented in figure III.11 for the piControl (black) and the CTL experiment
(red). Global ocean heat, volume and salt are almost perfectly conserved between piControl and CTL
(see the budgets in Figure III.7) as illustrated by the respective superimposed time series in global mean
conservative temperature, salinity and total volume. In the surface and bottom waters, temperature and
salinity in the CTL reproduce the piControl variability and values, with small differences in the peak
values at the surface (the root mean square error is an order of magnitude weaker than the interannual
variability). Overall there is no drift away from the piControl even after 250 years of simulation in these
variables. However, there is some small readjustment slowly appearing in the intermediate layers, with
warmer and saltier waters at 500m-1000m and colder and fresher at 2000m. The differences are never-
theless very small at the end of the simulation (rmse about the same order of magnitude than interannual
variability). In terms of large scale circulation proxies, we show the maximum (in absolute value to
account for the sign of the overturning) in the global meridional streamfunction for the deacon (above
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2000m, 30°S-80°S) and deep (below 2000m, 30°S-80°S) cells in the Southern Ocean, and the maximum
in Atlantic meridional streamfunction (below 500m, 10°N-60°N). The similarity between the 2 experi-
ments is striking during the entire length of the simulations, both in terms of magnitude and of variability,
especially for the Southern Ocean cells where the two curves are almost perfectly superimposed (rmse
2 orders of magnitude weaker than interannual variability). The AMOC time series is also very well re-
produced, even though some extremes are not perfectly replicated in terms of amplitude (rmse one order
of magnitude smaller than interannual variability). The global mixed layer depth presents an rmse of
0.37m between CTL and piControl, with differences present very early on in the simulation but that don’t
increase in time.

We now look at the difference in 2D-fields for sea surface temperature (figure III.12), salinity (figure
III.13) and mixed layer depth (figure III.14) at different periods of the simulations. The main differences
in SST are localised in the subpolar North Atlantic with a warm patch surrounded by cooling centered
on the maximum differences of mixed layer depth, which corresponds to a deep convection zone and to
the sea-ice margins, which is a region of complex physical processes and exchanges between the ocean,
atmosphere and sea-ice. It is also where slightly below freezing temperatures locally occur in the CTL
(not shown) which can explain the cool/warm dipoles since any heat loss is compensated by a heat gain
somewhere else as the heat is globally conserved in the CTL as in the piControl (figure III.7 and figure
III.11). These discrepancies in the subpolar North Atlantic do not however seem to impact the rest of the
ocean and are even smaller by the end of the simulation (2090-2100) than at other time periods which
could indicate strong internal variability governing the differences. In other parts of the globe, we note a
slightly warmer Pacific in CTL compared to piControl and cooler Atlantic, although these patterns remain
small (<0.5ºC difference locally) during the entire experiment.

Figure III.12: Difference in SST between the coupled piControl and the flux-forced CTL at different
periods of the simulations (10-year means).

The largest SSS differences (figure III.13) are localised in the Arctic with very strong dipoles (>0.5
g.kg-1 difference) which are not constant in time and seem to stay well within the ice-covered region
without impacting other areas of the ocean where differences remain very small (<0.1 g.kg-1) without
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Figure III.13: Difference in SSS between the coupled piControl and the flux-forced CTL at different
periods of the simulations (10-year means).

Figure III.14: Difference in mixed layer depth between the coupled piControl and the flux-forced CTL
at different periods of the simulations (10-year means).
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increasing much in time.

The largest mixed layer depth differences (figure III.14, >20m difference) occur in regions of deep
convection in the subpolar North Atlantic and Southern Ocean close to Antarctica, although there is a lot
of variability in time in the latter.

Figure III.15: Difference in zonal mean temperature (left column) and salinity (right column) between
the coupled piControl and the flux-forced CTL at different periods of the simulations (10-year means).
Due to an unknown issue in the piControl outputs for salinity, a large difference appears at the surface around 40ºN,
which should be ignored.

The differences in zonal mean temperature and salinity (figure III.15) between the CTL and the refer-
ence piControl confirm that the largest errors (>0.5ºC and 0.1g.kg-1 difference) are located in the Arctic
and subpolar North Atlantic. The dipolar structure indicates vertical re-adjstment. There is some propa-
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gation at depth especially in the deep convection zone between 60-70ºN, but the differences don’t increase
in time after they are installed. This also confirms that the CTL stays very close to the piControl in all other
parts of the ocean, with very small differences between the two experiments (<0.05ºC and <0.01g.kg-1
outside the surface subtropical gyres). The errors seem to mostly propagate along the main ocean venti-
lation pathways except in the Antarctic Bottom Water (AABW) formation regions where the differences
remain small (or haven’t had enough time to propagate in the deeper ocean).

Overall, these results are very satisfying for the purpose of this study and allow us to validate our CTL
experiment, which will become our new reference for the analysis of the different experiments.

4 Adding the perturbation components

In the ALL experiment, we use the same configuration as CTL and add an anomalous component to
all surface fluxes needed to force the ocean (see table III.5). The anomalous component is constructed as
follows:

Q′(x,y,t) = Q(x,y,t)−Q(x,y,t)
t=1850−1899 (III.4)

with Q(x,y,t) = Q(x,y,t,i)
i the ensemble mean flux over all available members i of the IPSL-

CM6A-LR large ensemble. There are 32 members for most variables over the historical-extended period
1850-2059, and 11 members over 2060-2100, following the ssp245 scenario from 2015.

Table III.5: NEMO and equivalent CMIP6 short names for the heat, freshwater and wind stress fluxes
read in the forced experiments

Name NEMO Corresponding CMIP6 Unit Comment
qt hfds W.m-2

qsr rsntds W.m-2

hflx_rnf hfrunoffds W.m-2 In the published CMIP6 outputs of IPSL-
CM6A-LR, hfrunoffds is not included in
hfds (hfds=qt), unlike the budgets in Griffies
et al. [2016]

emp wfo+friver+ficeberg kg.m-2.s-1 In the published outputs of IPSL-CM6A-
LR, wfo (=water flux into sea water) is of
opposite sign of what it should be and is thus
positive upward (=E-P-R)

runoffs friver + ficeberg kg.m-2.s-1

iceshelf flandice kg.m-2.s-1 In Emon CMIP6 outputs
sfx sfdsi g.m-2.s-1 sfdsi is specified in kg.m-2.s-1 in the CMIP6

outputs, however it is outputted in g.m-2.s-1
in IPSL-CM6A-LR since sfx is in g.m-2.s-1
in the code

utau tauuo N.m-2

vtau tauvo N.m-2

Here, we present the orders of magnitude, temporal evolution and spatial patterns of the flux anoma-
lies.
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4.1 Perturbations budgets

Table III.6 summarizes the orders of magnitude of the flux perturbations compared to the correspond-
ing mean values in CTL.

Table III.6: Globally-averaged heat, freshwater and salt fluxes. Mean values over 1850-2100 for the
perturbation components (left column) and the fluxes in CTL imposed from piControl (right). The mean
values of the anomalies are also presented for 1950-2100 to show the evolution in time.

Anomalies 1850-2100 Anomalies 1950-2100 CTL 1850-2100
qt 0.712 W.m-2 1.129 W.m-2 -0.546 W.m-2

qsr -0.411 W.m-2 -0.659 W.m-2 172.114 W.m-2

qns 1.123 W.m-2 1.788 W.m-2 -172.661 W.m-2

hflx_rnf 0.038 W.m-2 0.061 W.m-2 0.386 W.m-2

hflx_isf -0.003 W.m-2 -0.005 W.m-2 -0.040 W.m-2

qt+hflx_rnf+hflx_isf 0.747 W.m-2 1.186 W.m-2 -0.2 W.m-2

hfgeou 0 0 0.066 W.m-2

emp 91.37 mSv 148.13 mSv 1717.61 mSv
runoffs 92.14 mSv 148.78 mSv 1677.41 mSv
iceshelf 2.94 mSv 4.68 mSv 41.35 mSv
-emp+runoffs+iceshelf 3.71 mSv 5.33 mSv 1.14 mSv
sfx 14 326 kg.s-1 21 243 kg.s-1 622 kg.s-1

Figure III.16: Evolution of the globally-averaged freshwater flux anomalies as computed from the IPSL-
CM6A-LR ensemble mean anomalies relative to 1850-1899.

The evolution of global mean freshwater flux anomalies (figure III.16) is a balance between two op-
posing terms increasing very rapidly and at the same rate (emp and runoffs; both increasing to reach about
300 mSv in 2100), with an additional much smaller contribution from iceshelf melting (reaching about 10
mSv in 2100). The latter is however very significant in the total balance since the two large terms almost
balance each other out to yield an order of magnitude similar to the iceshelf term, as in the freshwater
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flux budget in CTL (figure III.7 and table III.6). The iceberg melt (included in runoffs) is equal to the
iceshelf melt term by definition. Each freshwater flux anomaly has a lower globally-averaged value than
its CTL counterpart. After summation there is a net positive input of water in the ocean by the freshwater
flux perturbations. Note that the interannual standard deviation of this total flux is larger than its mean
(figure III.16).

The increase in global mean surface heat flux anomaly (qt’) is dominated by the increase in non-solar
heat flux term (qns’) and damped by the decrease in solar heat flux (qsr’), see table III.6 and figure III.17.
There is a clear signature of the impact of volcanic eruptions in the qsr’ and qt’ terms. The anomalous
component hflx_rnf’ is more than one order of magnitude smaller than qt’, and hflx_isf’ 2 orders of
magnitude smaller. Still, there is a significant increase in hflx_rnf’ owing to the large increase in river
runoffs (figure III.16), but only a small decrease in hflx_isf’ (reconstructed from iceshelf’).

Figure III.17: Evolution of the globally-averaged heat flux anomalies as computed from the IPSL-
CM6A-LR ensemble mean anomalies relative to 1850-1899.

Globally integrated, the salt flux anomaly has a small positive trend with a much higher interannual
variability (table III.6 and figure III.18), hiding marked spatial patterns of opposite signs (not shown).

Figure III.18: Evolution of the globally-averaged salt flux anomaly as computed from the IPSL-CM6A-
LR ensemble mean anomalies relative to 1850-1899.
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4.2 Anomalies spatial patterns

Here, we present the spatial patterns of the anomalies averaged in the last 20 years of the period: 2081-
2100 (figure III.19). These patterns largely agree with those of the FAFMIP anomalies [Gregory et al.,
2016] which are constructed from a multi-model mean of 1%CO2 idealized experiments and reproduced
in figure III.20 for comparison purposes. This similarity gives confidence in the response of the IPSL-
CM6A-LR model to external forcings relatively to other coupled models in terms of surface fluxes.

Figure III.19: Total heat flux, freshwater flux, and wind stress perturbations averaged over 2081-2100,
as computed from the ensemble mean anomaly of IPSL-CM6A-LR historical+ssp245.

Figure III.20: FAFMIP perturbations (data downloaded from http://www.fafmip.org).
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4.3 The ALL experiment: diagnostics and validation with the IPSL-CM6A-LR large
ensemble

The goal for the ALL experiment is to simulate a similar response to the IPSL-CM6A-LR histor-
ical+ssp245 ensemble since it is forced with all the flux anomalies from these experiments. Errors are
however inevitably introduced for several reasons. First, we impose the anomalous components at monthly
frequencies without restoration. Thus, any small arising difference can amplify and will not be corrected.
This is what happens with below-freezing temperatures in the Arctic, helped by the absence of the sea-ice
model (see section 3.5.3). Second, the absence of the sea-ice model also prevents the correct parame-
terization of vertical mixing under sea-ice covered areas. We kept the same configuration as in the CTL
experiment (section 3.5.1), i.e. we read ice fraction and thickness from the piControl to parameterize
vertical mixing, which means different mixing rates than in a situation where sea-ice is increasingly melt-
ing (anthropogenic response). Indeed, even though we could have provided the ice information from the
IPSL-CM6A-LR historical+ssp245 ensemble for the vertical mixing of the ALL experiment, we cannot
provide this information to the HEAT,WATER, STRESS and BUOY experiments since they are idealized
cases with no reference for sea ice. The only variables which we wish to differ between these experiments
are the anomalous surface fluxes. Since all other components should remain identical, as to better com-
pare the experiments and test their linear additivity, we have decided to use only the information of sea-ice
from the piControl in every experiment. Third, we have the exact same problemwith the chlorophyll field,
which certainly changes under anthropogenic forcing, while we do not wish to change that component
either in the perturbed experiments.

Figure III.21: Evolution of global mean temperature (top left), salinity (bottom left), SST (top right) and
SSS (bottom right) for the IPSL-CM6A-LR ensemble (grey), piControl (black), CTL (dotted red) and
ALL (blue).

Nevertheless, the global response and patterns of change of the ALL experiment very closely resemble
that of the IPSL-CM6A-LR historical+ssp245 ensemble. This is illustrated by several global diagnostics
(figures III.21 and III.22) showing that the ALL experiment follows the response and stays within the
range of the large ensemble during the entire simulation (apart from a few peaks in interannual vari-
ability). It acts as an individual member, with its own initial state and internal variability phased on the
coupled piControl (and thus on the ocean-only CTL as well) because of the 3-hourly flux forcing, with the
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additional response to external forcings especially marked by long-term increasing anthropogenic emis-
sions. Because of the flux-forced ocean-only configuration, there is no feedback to the atmosphere when
adding a perturbation, thus all our experiments are aligned with the piControl internal variability and can
be compared appropriately in time.

Figure III.22: Evolution of global ocean volume (left) and global mean mixed layer depth (right) for the
IPSL-CM6A-LR ensemble (grey), piControl (black), CTL (dotted red) and ALL (blue).

We also compare the ALL experiment to the ensemble mean response for the zonal mean tempera-
ture and salinity anomalies in the mid-21st century (figures III.23 and III.24). The response of the ALL
experiment in both temperature and salinity is strikingly similar to the response of the IPSL-CM6A-LR
ensemble mean, validating the coherence of this experiment (Pearson correlation coefficient in global
zonal mean of 0.88 for salinity and 0.92 for temperature).

Figure III.23: Zonal mean temperature anomaly in 2040-2059 relative to 1850-1899, for the IPSL-
CM6A-LR ensemble mean (top) compared to the ALL experiment (bottom). Stippling indicates when
the anomaly is lower than the standard deviation (in absolute value) of the 2000-year piControl published
for CMIP6.

The only notable discrepancy is seen for the SST anomaly in the Arctic (figure III.25) where surface
temperatures fall below the freezing point in the ALL experiment (due to the absence of the sea-ice com-
ponent), creating negative anomalies unlike in the IPSL-CM6A-LR historical+ssp245 response where
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Figure III.24: Zonal mean salinity anomaly in 2040-2059 relative to 1850-1899, for the IPSL-CM6A-LR
ensemble mean (top) compared to the ALL experiment (bottom). Stippling indicates when the anomaly
is lower than the standard deviation (in absolute value) of the 2000-year piControl published for CMIP6.

there is a small warming. We ran different sensitivity experiments to the treatment of the temperatures
below freezing in our forced experiments (presented in Appendix C) and concluded that overall, letting
the temperature fall freely below the freezing point (while constraining the equation of state and Brünt-
Vaisala frequency) gave the best response in the CTL and ALL experiments relatively to our objective
(i.e. gave the closest response to the piControl and to the large ensemble respectively). These negative
anomalies are only located in the Arctic surface layers and don’t seem to impact the rest of the ocean, as
illustrated by the previous figures.

Figure III.25: SST (top) and SSS (right) anomalies in 2040-2059 relative to 1850-1899, for the IPSL-
CM6A-LR ensemble mean (right) compared to the ALL experiment (left).

The SSS anomaly patterns are well reproduced in the ALL experiment apart from the Arctic freshen-
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ing spreading too much West, North of the Bering Strait compared to the large ensemble.

We note the Arctic is the region of the World where we have the most difficulties reproducing the
response of the coupled model, both in the CTL and in the ALL experiments, due to the absence of a
sea-ice model in our simulations. This work is thus not designed to study the mechanisms at play in the
Arctic Ocean in the IPSL-CM6A-LR model, and any result in this region should be interpreted carefully.

In all other regions, we have managed to reproduce very satisfactorily the IPSL-CM6A-LR large
ensemble responsewith an ocean-onlymodel and can coherently decompose the individual flux anomalies
to investigate the different physical mechanisms within this framework.

5 Passive tracers

Two passive tracers are implemented using the TOP component in NEMO3.6 (Tracers in the Ocean
Paradigm). Here, we define them conceptually and quickly present their implementation in the code. The
definition of these tracers is largely based on the one first introduced by Banks et al. [2002] and later more
explicitly by Banks and Gregory [2006], before being more widely applied by several other studies (see
the General Introduction).

Let us write a simplified evolution of the ocean temperature θ:

∂θ

∂t
= Q−∇.(uθ), (III.5)

with Q the net downward heat flux at the ocean surface (let’s note that "downward" is to be interpreted
as "toward the liquid ocean"); and u a fictional velocity field representing all processes associated with
ocean circulation (resolved and parameterized). By decomposing each variable into a stationary and an
anomalous component (e.g. θ = θ + θ′), we have:

∂θ′

∂t
= Q′ −∇.(uθ′)−∇.(u′θ′)−∇.(u′θ). (III.6)

By considering that the stationary components can represent the CTL mean state and the anomalous
components the evolution of the perturbed state in each of our simulations, we can interpret each of these
terms as follows: Q’ represents the total heat flux anomaly (qns’+qsr’+hflx_rnf’+hflx_isf’),∇.(uθ′) is the
transport of the anomalous heat θ′ by the CTL circulation u, ∇.(u′θ) is the transport of the pre-existing
heat in CTL θ by the changing circulation u′ in the new experiment, and the non-linear term ∇.(u′θ′) is
the transport of the anomalous heat by the changing circulation. The first term in the right-hand side of
equation III.6 is commonly referred to as "passive heat" as it forces excess heat into the ocean without any
change to the dynamics, and the last term as "redistributed heat" as it accounts for temperature anomaly
due to anomalous currents redistributing the mean temperature field. The non-linear second-order term is
often neglected. To properly separate the effect of anomalous heat directly transported into the ocean and
the effect of redistribution, the following decomposition is proposed: θ′ = θ′A + θ′R with θA the "added"
or "excess" heat initialized at 0 and θR the redistributed heat initialized at θ in each of the simulations.
The evolution of θ′A and θ′R can be written as follows:

∂θ′A
∂t

= Q′ −∇.(uθ′A)−∇.(u′θ′A)

∂θ′R
∂t

= −∇.(uθ′R)−∇.(u′θ′R)−∇.(u′θ)
(III.7)

θ′A is forced only by the heat flux anomaly Q’ and transported in the ocean by the total circulation
u + u′, while θ′R is forced by the redistribution term ∇.(u′θ) and transported by the total circulation as
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well. Consequently, we can see that if Q’=0 (no additional heat), θ′A = 0 (since it is initialized at 0) and
if u′ = 0 (the circulation remains constant), θ′R=0.

Here, we note PAT (Passive Anomaly Tracer, such as in Banks et al. [2002]) = θ′A. In our simula-
tions, PAT is expressed in ºC, forced with the perturbation heat flux components (qns’, qsr’, hflx_rnf’ and
hflx_isf’) and advected by the model circulation. All the forcing terms are applied to the tracer trend in
the same way as for temperature, i.e. qns’ is applied in the first level of the ocean; qsr’ is applied on the
vertical with the same absorption coefficient calculated in the model physics; hflx_rnf’ and hflx_isf’ are
also applied vertically. Even though the perturbation components are applied to the model physics only
in ALL, HEAT and BUOY, we read these perturbations to force PAT the same way in all the experiments.
PAT is the passive additional heat, that is, it does not affect the equation of state, it has the same source in
all experiments, and is transported in the ocean by the circulation of the different experiments. The only
difference in PAT between the 6 experiments will be the non-linear term∇.(u′θ′A). The "passive heat" as
characterized in Gregory et al. [2016], Todd et al. [2020] and Couldrey et al. [2021] corresponds to PAT
in the CTL experiment (i.e. the excess heat transported into the ocean by the background circulation).

Similarly, the Passive Anomaly Salinity (PAS) tracer is implemented and forced with the anomalous
freshwater flux components (emp’, runoffs’, iceshelf’) and anomalous salt flux (sfx’) in every simulation.
However, PAS is trickier to implement than PAT because of the variable volume formulation. In the model
physics, only the salt flux is applied in the salinity trend. The effect of the freshwater fluxes (Evaporation-
Precipitation-Runoffs-Iceshelf) is applied directly in the volume trend, and salinity is then affected by
the concentration/dilution effect in each layer: adding more water in a layer means decreasing the salt
concentration. The same concentration/dilution effect by the freshwater fluxes applies to PAS. However,
we only want PAS to be affected by the anomalous components emp’, runoffs’ and iceshelf’. Moreover, in
some experiments (CTL, HEAT, STRESS), the freshwater and salt flux perturbations are not applied to
the model physics while it is the case in other simulations (ALL, WATER, BUOY). Thus, we also apply
freshwater fluxes in the PAS trend (similarly as for salinity in the fixed z-levels formulation) to correct for
what is present or not in the physics. That is:

— We remove from the PAS trend the effect of the piControl fluxes (emp, runoffs, iceshelf, without
the anomalies) to balance the concentration/dilution effect

— If freshwater flux anomalies are not activated in the physics (CTL, HEAT and STRESS experi-
ments), we add the anomalies in the PAS trend

— Otherwise, the anomalies (present in the volume trend in the model physics) will have an effect on
PAS through the concentration/dilution effect

As in the physics, emp is applied on the first ocean level, and runoffs and iceshelf are vertically distributed.
See the code here (trcsms_my_trc.F90): https://github.com/ysilvy/simus_orca1_fluxforced/tree/main/MY_SRC.

PAS is initialized to the ocean mean salinity (34.7 g.kg-1) because the trend formulation needs to see
a value consistent with salinity, and this value is removed in all post-processing analyses to obtain an
anomaly.
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6 Key points

• In this chapter, I described the numerical framework developed for the analysis of chapter
IV.

• This framework aims to decompose a number of physical mechanisms driving temperature
and salinity changes in the ocean interior, in the context of the IPSL-CM6A-LR simulations
of human-induced global warming.

• First, we reproduced a pre-industrial control experiment of the IPSL-CM6A-LR, using an
ocean-only configuration of the NEMO3.6 model with a fixed-flux forcing.

• Then, in a sister simulation, we added perturbation components to the surface fluxes that
isolate the externally-forced signal, and were able to replicate the ocean’s response of the
IPSL-CM6A-LR historical+ssp ensemble.

• Sensitivity experiments were conducted, applying the perturbation components individually
to decompose the ocean’s response to separate surface forcings.

• This framework provides an interesting way to separate relatively well - or at least as cleanly
as possible in this modelling framework - the internal variability from the externally-forced
signal in ocean-only simulations.

• Passive tracers were implemented to separate the effect of the excess heat and freshwater
from the redistribution of pre-existing heat and salt by the changing circulation.
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1 Foreword

In Chapter II, we saw that IPSL-CM6A-LR presents spatially-varying time scales of emergence for
temperature and salinity changes. Using a novel numerical framework described in Chapter III, we will
explore in this present chapter the physical mechanisms associatedwith these time scales. Many directions
were offered when analyzing these simulations, and many possibilities still remain. I have chosen to focus
first on processes and time scales of ocean heat storage. This analysis is presented below as a paper that
we plan to submit to the Journal of Climate. It results from a collaboration including input from my
PhD advisors Jean-Baptiste Sallée and Eric Guilyardi as well as from Clément Rousset, Juliette Mignot,
Christian Ethé and Gurvan Madec. The Supplemental Material to this manuscript is in Appendix D.
This paper aims to qualitatively validate the long-term response obtained in our ocean-only experiments
against the patterns found by previous studies under more idealized forcing or nearing equilibrium, and
to exploit the novelty of the framework to investigate the transient response at regional scale.

Next, I present a few perspectives for a study focused on salinity changes. Salinity is forced by an
overall signal of water-cycle amplification: its passive component is organized into positive and nega-
tive anomalies over regions climatologically associated with waters saltier and fresher than the global
mean, respectively. The transient response of ocean interior salinity, its increasing contrast, mechanisms
and time scales are still largely unknown. This second section aims to give a few prospects to fill this
knowledge gap.

2 Paper: What causes anthropogenic ocean warming to emerge from
internal variability in a global climate model?
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What causes anthropogenic ocean warming to emerge from internal variability
in a global climate model?

1. Introduction
Global ocean warming is a key indicator of human-

induced climate change, accounting for 91% of the ob-
served energy increase in the climate system between 1971
and 2018 (IPCC 2021). Multi-decadal increase in global
ocean heat content results from a net global air-sea heat
flux into the ocean. Ocean heat content change has, how-
ever, not been uniformed over the global ocean, with some
regions experiencing rapid heat content increase while oth-
ers have experienced no change, or a slight decrease in the
past 50 years (Fox-Kemper et al. 2021). Processes shaping
this regional distribution of heat content change control
local ocean temperature change relevant for impacts on
ecosystems and societies, and control timescales at which
climate change signals penetrate into the ocean.
Spatial patterns of heat content change are caused by a

combination of (i) air-sea heat flux perturbation causing
surface temperature anomalies, which are then transported
into the ocean interior by the ocean circulation; and (ii)
changes in ocean circulation redistributing temperature in-
ternally in the ocean. Various methodologies have been
proposed to decompose temperature change into these two
processes, assuming that (i) is a purely passive process
where surface temperature anomalies are advected by the
climatological mean circulation; and that (ii) is a purely
redistributive process where circulation variability trans-
ports the climatological mean temperature tracer (Banks
and Gregory 2006; Xie and Vallis 2012; Winton et al.
2013; Marshall et al. 2015; Armour et al. 2016; Gregory
et al. 2016; Garuba and Klinger 2016; Zanna et al. 2019b;
Bronselaer and Zanna 2020). The relative contribution of
passive versus redistributive processes on ocean tempera-
ture change varies largely with the timescales considered.
At decadal timescale, redistribution dominates temperature
variability in response to large internally-generated varia-
tions in the ocean circulation (Zika et al. 2021; Rathore
et al. 2020). On longer timescales, as the surface heat flux
forcing accumulates in response to climate change, pas-
sive storage of heat becomes larger (Bronselaer and Zanna
2020). This is particularly clear in regions of large sub-
duction such as the Southern Ocean and the North Atlantic
basins, where passive heat accumulates in ventilated water-
masses, with some modulation in response to forced ocean
circulation change (Piecuch et al. 2017; Zanna et al. 2019b;
Bronselaer and Zanna 2020).
At multi-decadal timescales in the Southern Ocean, sur-

face heat excess associated to climate change enters the
ocean at the southern flank of the Antarctic Circumpolar

Current (ACC), before being passively transported north-
ward and subducted in the ocean interior along the ven-
tilation pathways of Subantarctic Mode and Antarctic In-
termediate Waters (SAMW, AAIW) (Marshall et al. 2015;
Frölicher et al. 2015; Gregory et al. 2016; Armour et al.
2016; Liu et al. 2018; Dias et al. 2020; Couldrey et al.
2021). The redistribution signal is, in comparison, weaker
and associated with intensifying and poleward-shifting
westerly winds, driving increased northward Ekman trans-
port and consequently increased heat subduction and stor-
age at mid-latitudes (Fyfe et al. 2007; Liu et al. 2018; Shi
et al. 2020).
In contrast, the North Atlantic basin is associated with

a larger redistribution signal, even at long timescales, due
to a slowdown in the Atlantic Meridional Overturning Cir-
culation (AMOC), which itself is largely caused by an
increasing heat flux (Mikolajewicz and Voss 2000; Gre-
gory et al. 2016; Garuba and Klinger 2018; Todd et al.
2020). The slowdown of the AMOC weakens the pole-
ward heat transport, causing a redistributive cooling in the
subpolar North Atlantic, feeding back on the surface heat
flux and increasing the initial heat uptake by the ocean,
which further weakens the AMOC. This creates a positive
loop clearly identified in coupled models with a prescribed
heat flux perturbation (Gregory et al. 2016; Todd et al.
2020). In parallel to this redistributive cooling, positive
heat flux perturbation causes heat to passively accumulate
and to be transferred at depth by deep convection in the sub-
polar North Atlantic (Xie and Vallis 2012; Winton et al.
2013; Marshall et al. 2015; Gregory et al. 2016; Garuba
and Klinger 2016, 2018; Bronselaer and Zanna 2020; Todd
et al. 2020; Dias et al. 2020;Williams et al. 2021; Couldrey
et al. 2021).
Most studies that investigated temperature change in the

framework of passive vs. redistribution have focused on
the long-term multi-decadal response to idealized forc-
ings. For instance, to isolate the passive and redistributive
components, Banks and Gregory (2006), Xie and Vallis
(2012), Marshall et al. (2015), Armour et al. (2016), Gre-
gory et al. (2016), Garuba and Klinger (2016, 2018), Todd
et al. (2020), Dias et al. (2020), Couldrey et al. (2021) have
investigated century-scale response of the ocean by in-
troducing passive temperature tracers in idealized climate
change experimentswhereCO2 forcing is instantly doubled
or quadrupled, orwhereCO2 forcing grows at 1%or 2%per
year. Others, have proposed to compare the century-scale
response of the ocean in experiments in which currents
are fixed to climatological values to experiments where
currents evolve freely under a 1% CO2 per year scenario
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(Winton et al. 2013; Bronselaer and Zanna 2020). One
study proposed a reconstruction of passive heat storage
from a representation of climatological transport processes
passively advecting observed SST anomalies (Zanna et al.
2019b). Another reconstructed the passive component of
temperature change in observations of the 20th century and
model projections, using the relation diagnosed between
anthropogenic carbon and passive heat in idealized sim-
ulations and applying it to observations of anthropogenic
carbon (Bronselaer and Zanna 2020). Another decompo-
sition that has been proposed on the long-term response
to radiative forcing scenarios aimed to trace total changes
in temperature to separate contributions from individual
air-sea flux perturbations: changes in the surface heat flux,
freshwater flux and wind stress, which can all cause cir-
culation changes and consequently redistribution (Mikola-
jewicz and Voss 2000; Fyfe et al. 2007; Armour et al. 2016;
Gregory et al. 2016; Liu et al. 2018; Garuba and Klinger
2018; Shi et al. 2020; Todd et al. 2020; Dias et al. 2020;
Couldrey et al. 2021).
Today, it remains unclear how these pas-

sive/redistributive processes and their relative time
scales compete with each other and with internal variabil-
ity in the transient response to realistic historical forcings
(CO2 and other forcings) and 21st century scenario. In
this study, we are interested in what processes cause
not only heat storage at the end of the 21st century
(i.e. the long-term response) but also which processes
cause temperature changes to emerge from local internal
variability in the ocean interior, which can occur much
earlier than 2100 in climate models (Silvy et al. 2020). We
will use the notion of Time of Emergence (ToE) of climate
signals (e.g. Hawkins and Sutton (2012)), that is, the time
when a signal (e.g. a temperature change) last exceeds and
remains above a significance threshold representing the
internal variability noise envelope, and apply this notion
to ocean interior changes.
We will explore whether the emergence of the subsur-

face temperature anomalies relies on the rate of increased
surface heat fluxmodulated by the time scales of the unper-
turbed ocean circulation; or on circulation changes them-
selves, which can fundamentally change the way water-
masses are ventilated in some regions and re-organize
the temperature distribution. The influence of circula-
tion changes acting on the transport of excess heat into
the ocean will also be explored, with a non-negligible role
found in some regions and on different time scales.
We investigate themechanisms of ocean heat storage and

their time scales in response to increasing anthropogenic
forcings in the framework of the coupled model IPSL-
CM6A-LR large ensemble of historical simulations and
ssp245 scenario. In section 2 we present the ensemble
and its long-term changes in temperature and ocean heat
content with their emergence from internal variability. In
section 3 we introduce a modelling framework designed to

decompose these changes with a set of sensitivity experi-
ments with an ocean-only model. We present the results of
these experiments, with a focus on the long-term changes
in section 4, confirming the validity of our results with past
studies, and investigate the more regional and temporal as-
pects in section 5 focusing on a few important ventilation
pathways. The approach and the general results of this
study are finally summarized and discussed in section 6.

2. Long-term changes in the IPSL-CM6A-LR large en-
semble

a. Model and data

IPSL-CM6A-LR (Boucher et al. 2020) is the coupled
model developed by the Institut Pierre-Simon Laplace
modelling center for the 6th phase of the Coupled Model
Intercomparison Project (CMIP6, Eyring et al. (2016)).
It is composed of the LMDZ6A-LR atmospheric model
(Hourdin et al. 2020), the ORCHIDEE land surface model
(Krinner et al. 2005) version 2.0 and the NEMO3.6 ocean
model (Madec et al. 2017). The atmospheric compo-
nent has a horizontal resolution of 2.5ºx1.3º on a regular
latitude-longitude grid and 79 vertical layers, while the
ocean component uses the eORCA1 tripolar grid with a
nominal horizontal resolution of 1º refined to 1/3º at the
equator, with 75 vertical levels with varying thicknesses.
The ocean physics component of NEMO3.6 is coupled to
the LIM3 sea-ice model (Rousset et al. 2015) and to the
PISCES-v2 biogeochemical model (Aumont et al. 2015).
The oceanic equation of state is estimated with a polyno-
mial representation of TEOS-10 (Roquet et al. 2015); the
model prognostic fields are thus conservative temperature
and absolute salinity. All results are presented for con-
servative temperature, but for simplicity we will simply
use the generic term "temperature" in the remainder of the
paper.
An ensemble of extended historical simulations was per-

formed with the IPSL-CM6A-LR model (see Bonnet et al.
(2021a) for the presentation of the ensemble), following
the CMIP6 protocol for the historical period 1850-2014
and extended to 2059 following the ssp245 scenario - apart
from the ozone field which was kept constant to its 2014
values due to missing forcings at the time when the ex-
tensions were performed. The ensemble has 32 mem-
bers, initialized at different branch points of a long pre-
industrial control experiment (piControl) performed for
CMIP6, spaced 20 to 40 years apart so that the ensem-
ble samples the phases of the low-frequency variability
present in the model (see Boucher et al. (2020) or Jiang
et al. (2021) for a description of this long-term variabil-
ity). In the extended period (2015-2059), some files were
missing for member r2i1p1f1 and r16i1p1f1, so we only
considered the other 30 members for the analysis on the
entire period.
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The piControl in IPSL-CM6A-LR (ran for 2000 years:
1850-3849) has a quasi-linear cooling drift in global mean
ocean temperature (corresponding to a heat flux of about
-0.13 W m-2), particularly marked below 2000m, origi-
nating from a mean net surface heat loss (Mignot et al.
2021). This drift is propagated in the historical simula-
tions and strongly influences the temperature evolution of
the deep ocean, temporarily masking the warming signals,
thus detrimental to the goals of this study. Removing this
drift in ocean temperature outputs is necessary before an-
alyzing any long-term changes. We fitted a 2nd order poly-
nomial to the 2000-year piControl annual means at every
grid point. Fitting over the longest possible period allows
to isolate the drift without mistakenly picking low modes
of internal variability (such as the bi-centennial mode in
the North Atlantic present in the model, Jiang et al. (2021))
(Gupta et al. 2013). We remove the corresponding 210-
year period of this quadratic fit from every member, that is,
on each member’s respective period of the piControl, and
add the same mean state back to each member. This mean
state is defined as themean of the piControl calculated over
the period where the historical-extended simulations were
performed, i.e. 1870-2680. This mean state is added so
as to keep full physical values of temperature as opposed
to anomalies after removing the drift. Note that with this
procedure, all 30 members are also ensured to have exactly
the same mean state, and they only differ by their different
phasing of internal variability set by the initial conditions
from the piControl.
Large ensembles are useful tools to isolate the forced

response from internal variability of the climate system,
by averaging across multiple members sampling the uncer-
tainty in internal variability (e.g. Deser et al. (2020)).
Internal variability can thus be estimated by the inter-
member spread (usually measured by its standard devia-
tion), a measure that varies over time, as opposed to esti-
mating the internal interannual variability from a piControl
which is fixed in time. One advantage of estimating a time-
dependent internal variability stems from the fact that it can
be impacted in future scenarios compared to the late 19th
century, which is particularly true in the IPSL-CM6A-LR
large ensemble where the spread is reduced (Bonnet et al.
2021a), highlighting an influence of anthropogenic exter-
nal forcings on internal modes of variability.

b. Patterns of temperature and heat content changes

Here, we present the ensemble mean change in
vertically-integrated ocean heat content (OHC) and zonal
mean temperature (Figure 1a,b), with the corresponding
signal-to-noise ratio (SNR, Figure 1c,d). The ’signal’ is
here defined as the ensemble mean, and the ’noise’ as the
intermember standard deviation. The Time of Emergence
(ToE) is also calculated for each of the 30 members as
the time when the SNR becomes definitively greater than

a chosen significance threshold (i.e. the time when the
forced signal can be unambiguously distinguished from
internal variability). Each member’s SNR is calculated as
the anomaly relative to 1850-1899 (the signal) divided by
the intermember standard deviation (the noise). The en-
semble median ToE is presented (Figure 1e,f) for a SNR
threshold of 3.
Panels 1a and 1b show a broad-scale warming in the

ensemble mean by the mid-21st century, particularly pro-
nounced in the subpolar North Atlantic and at the northern
bounds of the ACC. The subsurface maximum warming
penetrates deepest in the Southern Hemisphere subtropi-
cal gyres and in the Arctic (down to about 1000m). In
addition, a weaker but significant warming signal (greater
than twice the intermember noise) penetrates along the
Antarctic Bottom Water (AABW) formation region and
ventilation pathway (Figure 2). On the opposite, a sub-
surface (below 1000m) cooling is apparent in the deep
convection region of the Greenland Sea between 65ºN and
80ºN (Figure 1b), but it is weaker than internal variability
for vertically-integrated OHC (Figure 1a) as the subsur-
face cooling is mixed with upper-ocean warming. An-
other cooling region appears around 55-60ºS mainly in
the Southern Pacific sector and also slightly in the South-
ern Atlantic (Figure 1a; Supplemental Material Figure 1).
These cooling regions are associated with deep cooling
of very old water-masses in the model (water-masses that
have not been ventilated after 200 years of simulation; Fig-
ure 2). The overall regional patterns of OHC change are
consistent with the multi-model mean CMIP5 and CMIP6
projected changes (Fox-Kemper et al. 2021)
Regions with the largest warming signal are not always

those with the highest SNR. For instance, the warming
in the tropical Atlantic stands out with a very large SNR
exceeding 10 for vertically-averaged OHC (Figure 1c), be-
cause although the signal of change is not the largest, it
is very large relative to the very weak noise of the region,
particularly at depth (Figure 1d and Supplemental Material
Figure 2 for the basin zonal means). Similarly, the weak
warming in the AABW (Figure 1b) is in fact relatively pro-
nounced in the subsurface when compared to the region’s
low internal variability (Figure 1d). The largest pattern of
maximum SNR (>10) is located in the subtropical South-
ern Ocean along the ventilation pathway of SAMW and
AAIW, reaching almost 2000m depth.
For a threshold of 3 for the SNR, a large portion of the

Atlantic as well as the Southern Ocean band around 40-
50ºS emerges between the late 20th century and the early
21st century. A narrow band along the North Pacific coasts
and the Bering strait also sees an early emergence of its
warming pattern, as well as the Eastern tropical Indian
Ocean due to weak internal variability there (Figure 1e).
The zonal mean view (Figure 1f) highlights the AABW
in the deep and abyssal ocean as the most sensitive water-
masses, with a warming signal emerging earlier than the
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Fig. 1. IPSL-CM6A-LR ensemble mean anomaly relative to [1850-1899] (a,b) and signal to noise ratio (c,d) averaged between 2040-2059
(last 20 years of the historical-extended period) for ocean heat content (a,c) and zonal mean temperature anomaly (b,d). Ensemble median time of
emergence (e,f) for a SNR>3 (grey shading indicates the signal has not emerged in the large ensemble for the chosen threshold; thick black line
indicates year 2020). Stipples in panels a. and b. indicate where the anomaly is below twice the inter-member standard deviation.

1980s, although it is also where the intermember spread in
ToE is the largest (>100 years for the full ensemble spread;
see Supplemental Material Figure 2). This is a sign that in
this region, internal variability acts to modulate the slowly-
increasing forced signal over the 20th and possibly delay or
advance its emergence in individual realizations. A larger
SNR threshold could be better suited to more coherently
detect the forced signal in the full ensemble, with smaller
spread. This point will be further discussed in section
5. Near the surface, the strong warming in subtropical
modewaters emerges before 2020 in both hemispheres, and
early emergence before year 2000 is found at around 45ºS

at 1000m depth (consistent with Silvy et al. (2020)). The
emerging pattern before 2020 between 45-60ºNpenetrating
down to 2000m (Figure 1f) is located in the Greenland and
Irminger Seas (Figure 1e), where deep convection occurs
in the IPSL-CM6A-LR model (Boucher et al. 2020; Jiang
et al. 2021). Regions of no emerging signal (i.e. where the
SNR has not exceeded 3 before 2059) include the poorly
ventilated lower Circumpolar Deep Water (CDW) where a
slight cooling or delayed warming is identified, the surface
waters near the Antarctic coast, and the deep ocean north
of 40ºN.
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Fig. 2. Zonal mean Age tracer in the CTL experiment averaged over the last 20 years [2081-2100] (colors) and potential density (white contours,
kg.m-3). The Age passive tracer is initialized at 0 at the start of the simulation and incremented by one year every simulated year everywhere outside
of the mixed layer. The four regions considered for the temporal analysis are drawn in green, corresponding broadly to the range of Antarctic Bottom
Waters (AABW), Subantarctic Mode and Antarctic Intermediate Waters (SAMW/AAIW), North Atlantic Subtropical Mode Waters (NASTMW)
and North Atlantic Deep Waters (NADW).

We are now interested in deciphering which processes
cause these different patterns of change and their time
scales of emergence from internal variability in the large
ensemble, and start with the description of ocean-only sim-
ulations, which we specifically designed to address this
question.

3. Experimental design

We use the ocean physics component (OPA) of the
NEMO3.6 model (Madec et al. 2017), which is the ocean
component of the IPSL-CM6A-LR coupled model (there-
after referred to as IPSL-CM6) presented above, under the
same eORCA1 configuration, without the sea-ice model
and the biogeochemical model. The goal of the modelling
experiments is to reproduce the ocean response of the his-
torical+ssp245 simulations in the IPSL-CM6 model (over
the period 1850-2100), and decompose that response into
separate processes. Namely, we target the contributions
from individual surface flux changes on the one hand, and
the contributions from the passive transport of added heat
and the redistribution of pre-existing heat by the changing
ocean transport processes on the other hand. Since the
protocol is closely related to the ocean-only FAFMIP pro-
tocol (Todd et al. 2020), we try to use similar terms, when
relevant, to describe our experimental design.

a. Numerical experiments

We first set up a control experiment (CTL, see Figure
3) with the ocean-only model, forced at the ocean
interface with the fluxes from the piControl experiment
of the IPSL-CM6 model. The CTL is initialized from
the piControl initial state, which itself starts after a
multi-century spin-up of the coupled model. The surface
fluxes from the piControl are outputted on the oceanic
grid at 3-hourly frequency (at the ocean-atmosphere and
ocean-sea ice interface), twice the coupling frequency.
They are prescribed to the ocean-only model with no
restoring: the ocean model is therefore forced with fixed
fluxes. The high frequency of the forcings enables our
CTL experiment to reproduce the internal variability and
mean state of the coupled piControl very well with no
deviation during the 251 years of simulations (see key
validation diagnostics in Supplemental Material Figure 3).
All the components of the surface fluxes are derived from
the coupled model so that the oceanic heat and freshwater
budgets close, as in the coupled model. Components of
the heat flux, freshwater flux, salt flux and wind stress used
to force the NEMO3.6 model are detailed in Appendix
A, as well as other necessary fields to more faithfully
reproduce the piControl.

We then set up the ALL experiment, which is configured
exactly like the CTL, except that we now add a perturba-
tion component to each surface flux (heat, freshwater, salt,
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Fig. 3. Schematic of the fixed-flux forced ocean experiments

wind stress) to reproduce the externally-forced response
in the historical+ssp245 simulations. The perturbations
for each flux component are taken as the ensemble mean
anomaly relative to 1850-1899 from the IPSL-CM6 his-
torical-extended simulations for the period 1850-2059 and
ssp245 scenario simulations for the rest of the 21st cen-
tury (2060-2100, 11 members), at monthly frequency. By
averaging across members, these perturbations isolate the
forced historical+ssp245 response in IPSL-CM6. Maps of
the surface flux perturbations are shown in Supplemental
Material Figure 4 averaged over the last 20 years (2081-
2100). The ALL experiment thus has the internal variabil-
ity of the CTL experiment (inherited from the piControl
3-hourly surface fluxes) and the time-dependent forced re-
sponse from the historical+ssp245 simulations (inherited
from the monthly perturbations over 1850-2100). ALL
thus acts as any historical+ssp245 member, with its own
initial conditions from a piControl state, and reproduces
the response of the ensemble, which is within the ensem-
ble spread (see Figure 5, 7-9 and Supplemental Material
Figure 3).
Sensitivity experiments are in turn conducted with the

same configuration (Figure 3), applying the perturbations
on the surface heat fluxes only (HEAT), freshwater and
associated salt fluxes (WATER), both buoyancy fluxes
together (BUOY), and wind stress components (STRESS)
respectively. These experiments allow for the total ocean
response to be decomposed in separate contributions from
individual surface fluxes, within the hypothesis of linear
additivity of the components (e.g. hypothesis that ocean
temperature changes in ALL is the sum of temperature
changes in HEAT, WATER and STRESS (or BUOY and
STRESS)). The validity of the linear additivity and its
limits are addressed in the results sections.

As indicated above, all ocean-only experiments have
similar internal variability because of the 3-hourly fixed

fluxes from the piControl, so that they are directly compa-
rable. All anomalies in the analysis are computed relative
to the CTL on the same period of time, filtering out a
majority of the internal variability. We note that since
this internal variability is inherited from a piControl sim-
ulation, it isn’t affected by the external forcings’ eventual
impact on modes of variability, unlike what occurs in the
scenarios of the 21st century, illustrated by a reduced inter-
member spread in the large ensemble on some variables of
the climate system (Bonnet et al. 2021a).
All the experiments also inherit the cooling drift present

in the piControl. As for the temperature field in the
historical-extended simulations, the drift is removed from
the experiments i.e. the corresponding period of the 2000-
year quadratic fit on the 3D temperature field is subtracted
and theCTLmean state is added back to all the simulations.

Because there is no sea-ice component in the flux-forced
experiments, temperature can locally fall below the freez-
ing point in polar regions. We implement a treatment to
the equation of state in these regions, so that there is no
impact of below-freezing temperatures on the dynamics.
This point is discussed in Appendix A.
One of the main differences of our protocol with the

ocean-only FAFMIP design (Todd et al. 2020) is in the sur-
face perturbations we impose: FAFMIP provides monthly
anomalies with no interannual variations, extracted from
a multi-model mean in CMIP5 1pctCO2 experiments at
a time when CO2 concentration in the atmosphere has
doubled. They are interested in the equilibrium response.
Here, we impose on an ocean-only model the perturbations
extracted from the historical+ssp245 transient simulations
in the IPSL-CM6 ensemble (which has the same ocean
configuration as the stand-alone ocean component). This
enables us to reproduce the response of these transient
coupled simulations, with realistic historical and future
external forcings. Furthermore, because we are conduct-
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ing a single-model study, we can apply the perturbations
with more degrees of precision (e.g. on each component of
the surface fluxes, separating into those that need special
treatments such as vertical distribution, see Appendix A).

b. Passive tracer and decomposition of temperature
changes

A simple analytical framework is presented in Appendix
B to decompose the evolution of the temperature anomaly
𝑇 ′ in the ocean-only perturbed experiments relative to the
CTL experiment. Briefly, 𝑇 ′ is forced at the surface by the
anomalous surface heat flux 𝑄 ′ and advected and mixed
by the circulation in the perturbed experiment; but it also
has a forcing term coming from the perturbed circulation
acting on the CTL temperature. To virtually decompose
these two effects, we introduce a passive temperature tracer
as in Banks et al. (2002), Banks and Gregory (2006) and
other subsequent studies. This passive "added heat" tracer
𝑇 ′
𝑎 is initialized at zero, forced at the surface by the same
anomalous heat flux 𝑄 ′ as 𝑇 ′, and advected by the circula-
tion (CTL + perturbed components). Thus, integrated over
the global ocean, 𝑇 ′

𝑎 amounts to the same storage of heat
as 𝑇 ′, but their local patterns can differ. The "redistributed
heat" is diagnosed in the post-processing by 𝑇 ′

𝑟 = 𝑇 ′−𝑇 ′
𝑎

and represents the effect of the perturbed circulation redis-
tributing the background temperature.
𝑇 ′
𝑎 is implemented similarly in each experiment (forced

by 𝑄 ′ and advected passively by the circulation specific
to the experiment), so that 𝑇 ′

𝑎 between the perturbed
experiments and CTL differs only by the effect of the
perturbed circulation acting on the added heat (see
Appendix B). We refer to this component as the non-linear
added heat, diagnosed by 𝑇 ′

𝑎 −𝑇 ′
𝑎 |𝐶𝑇𝐿 .

To summarize, in the experiments where an anomalous
surface heat flux is imposed (ALL, HEAT, BUOY), we
can decompose the total temperature change T’ (diagnosed
from the output prognostic temperature field) into:

• An added heat component, diagnosed from
𝑇 ′
𝑎 calculated online, further decomposed into

– A passive heat component, diagnosed from
𝑇 ′
𝑎 in CTL: 𝑇 ′

𝑎 |𝐶𝑇𝐿

– The effect of the perturbed circulation on the
added heat (what we refer to as the non-linear
added heat component), diagnosed from
𝑇 ′
𝑎 −𝑇 ′

𝑎 |𝐶𝑇𝐿

• A redistributed heat component, diagnosed from
𝑇 ′−𝑇 ′

𝑎

so that:

Total︸︷︷︸
𝑇′

= Added︸ ︷︷ ︸
𝑇′
𝑎

+Redistributed︸          ︷︷          ︸
𝑇′−𝑇′

𝑎

= Passive︸  ︷︷  ︸
𝑇′
𝑎 |𝐶𝑇𝐿

+Non-linear added︸                ︷︷                ︸
𝑇′
𝑎 −𝑇′

𝑎 |𝐶𝑇𝐿

+Redistributed︸          ︷︷          ︸
𝑇′−𝑇′

𝑎

(1)

4. Decomposition of the long-term changes in the
ocean-only experiments
Here, we present the decomposition of the long-term

ocean warming patterns into contributions from individ-
ual surface flux perturbations (Figure 4 and Supplemental
Material Figure 5 for the basin zonal means) and into con-
tributions from the added and redistributed components
in the ALL experiment, as described above (Figure 5, see
Supplemental Material Figure 6 for the decomposition in
the HEAT experiment). We show the anomaly averaged in
the last 20 years of the simulations compared to CTL, so as
to maximize the signal magnitude and to compare it with
previous studies that used strong idealized forcings. We
highlight here the main features that are common to past
studies, to set this work in the light of past efforts, before
adding new aspects in the next section.
First, we note that the ALL experiment reproduces

faithfully the response of the IPSL-CM6 ensemble
(Figures 1a,b and 4a,b), which fulfills its primary purpose.
The anomalies in basin zonal means and calculated on the
same time period (2040-2059) for both the IPSL-CM6
ensemble mean and the ALL experiment are shown in
Supplemental Material Figure 1, as well as their difference
relative to the ensemble spread, and further validate the
consistence of the ALL experiment.

The heat flux perturbation explains the overall warming
of the ocean as well as its main patterns, as illustrated by
the HEAT and ALL experiments (Figure 4). Yet, some
regional differences stand out, particularly in the North
Atlantic and in the Southern Ocean, evidence for a non-
negligible role played by other flux perturbations in setting
the total warming patterns.
In the Southern Ocean, the wind stress perturbation

alone (Figure 4g,h) causes a redistributive warming
around 40-60ºS mostly pronounced in the Atlantic and
Western Pacific Ocean, penetrating deeply in the ocean
and surrounded by cooling patterns at lower and higher
latitudes. These results are consistent with previous
studies, which explained this warming pattern by the
increased northward Ekman transport in response to the
poleward and intensifying westerly winds and consistent
with an intensification of the wind-driven upper cell
(Figure 6b), acting to transport and subduct more heat
north of the ACC (Fyfe et al. 2007; Armour et al.
2016; Gregory et al. 2016; Liu et al. 2018; Garuba and
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Fig. 4. Ocean heat content and zonal mean temperature anomaly in the ocean-only experiments, for the period [2081-2100] relative to the CTL
experiment on the same period. Stipples indicate where the anomaly is below twice the interannual standard deviation of the CTL.

Klinger 2018; Todd et al. 2020; Shi et al. 2020). The
northward Ekman pumping and ventilation can also be

shifted to slightly higher latitudes in response to the
wind stress perturbation (Waugh et al. 2019), creating the
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dipole pattern in the Indian ocean (Figure 4g, cooling
at 20-30ºS and warming at 40-50ºS). In southern high
latitudes, the freshwater flux perturbation alone causes an
intense redistributive cooling in the surface layers and a
redistributive warming below from 500m to the bottom,
especially intensified south of 60ºS (Figure 4e and f).
This dipole has been explained by increased precipitation
at high latitudes in the Southern Ocean, acting to stratify
the surface layer, reducing vertical mixing between the
upper and deep layers, decreasing the supply of cold newly
formed waters into the deep and abyssal layers which
causes a redistributive subsurface warming and surface
cooling (Gregory et al. 2016; Armour et al. 2016; Todd
et al. 2020). This is consistent with the decrease of more
than 8 Sv in the Southern Ocean deep overturning cell
found at the end of the WATER experiment (Figure 6c),
also found by Todd et al. (2020) with model-dependent
rates. On the opposite, the wind stress perturbation acts to
strengthen the deep overturning cell (with a peak of 4 Sv
in 2060, Figure 6c), cooling the waters in the subsurface
southern high latitudes and along the export pathway of
AABW (Figure 4). We will explore the temporal response
of these regional features in more details in section 5.

More globally, there is a widespread surface cooling
in the WATER experiment (Figure 4f), also found by
e.g. Gregory et al. (2016), on top of a global subsurface
warming. This cooling is consistent with increased
stratification caused by the surface freshening in the
subpolar Southern Ocean, as mentioned above, since
surface waters are colder. Inversely, at mid-latitudes
where the water-column is thermally stable, the surface
cooling could be caused by an increase in evaporation over
precipitation (Supplemental Material Figure 4), acting to
de-stratify the water column, enhancing vertical mixing,
thus cooling surface waters and warming the subsurface.

In the North Atlantic, the wind stress perturbation
is about 4-5 times smaller than in the Southern Ocean
(Supplemental Material Figure 4) and causes only small
changes compared to internal variability, such as the
warming south of Greenland (Figure 4g). We note there is
no consensus between models in response to the FAFMIP
wind stress perturbation in this region in Todd et al.
(2020). The freshwater flux perturbation causes a much
more significant warming than wind stress perturbation in
the North Atlantic basin (greater than internal variability),
particularly intensified at 45-50ºN, counteracting the
subsurface cooling in HEAT at these latitudes (Figure 4e
vs. 4c), and a cooling in the Nordic Seas that propagates
on the entire water column (Figure 4f). This dipole is
also present in the multi-model mean of Gregory et al.
(2016) in their faf-water experiment, although the cooling
spreads south of Greenland reaching 45ºN. The response to
faf-water in Todd et al. (2020) (their Figure 13) reveals that

the response patterns in the North Atlantic are very model
dependent. The North Atlantic is also found to be the
region of largest inter-model spread in total redistributed
heat, possibly related to the spread in the magnitude of
AMOCweakening (Todd et al. 2020; Couldrey et al. 2021).

As the climate system is inherently non-linear, some
non-linearities arise from the interactions between the
different surface perturbations. These are presented in
Figure C1 and discussed in Appendix C. Overall, the
largest non-linearities are found in subpolar areas where
there are intense and different ventilation changes between
the experiments. Caution should be considered when
decomposing the total response in these areas, in that
the sum of individual forcings is not exactly equal to the
all-forcing response, although the decomposition is still
relevant to investigate the potential different mechanisms
and their respective time scales.

The passivewarming component (𝑇 ′
𝑎 |𝐶𝑇𝐿 , Figure 5c and

d) follows the shape of themain ocean ventilation pathways
(see shading of the sea-water age tracer in Figure 2), that is
we see some intense warming (>2ºC) along the subtropical
gyres and along deep convection regions in the subpolar
North Atlantic and Nordic Seas. Weaker but significant
passive warming (compared to internal variability) is also
exported down the AABW pathway. However, circulation
changes in the ALL experiment act to decrease the pen-
etration of the added heat in the subsurface (Figure 5h,
non-linear added heat term, 𝑇 ′

𝑎 |𝐴𝐿𝐿 −𝑇 ′
𝑎 |𝐶𝑇𝐿): because

of the upper ocean stratification, the added heat 𝑇 ′
𝑎 |𝐴𝐿𝐿 is

partly trapped at the surface compared to 𝑇 ′
𝑎 |𝐶𝑇𝐿 .

Although the passive component sets the main patterns
of total warming, redistributed warming plays a key role
in setting some more regional features. First, we note that
the main patterns of redistributed change come from the
heat flux perturbation (Supplemental Material Figure 6),
meaning that the total HEAT patterns shown in Figure 4c
and d arise from a mix of these two processes. A notable
regional exception is the redistributive cooling pattern in
the subtropical gyres (Figure 5f), particularly intense in
the North Atlantic and southern Indian subtropical gyres
around 30ºS (Figure 5e and see basin zonal means in Sup-
plemental Material Figure 5). This redistributive cooling
is set by all three flux perturbations (WATER, STRESS and
the redistribution in HEAT) and counteracts a strong pas-
sive warming in the subtropical gyres. This passive warm-
ing is also particularly intensified in theNorthAtlantic gyre
and southern Indian gyre, two important regions for ocean
ventilation by subduction of newly-formed Mode Waters
(Hanawa and Talley 2001; Morrison et al. 2022).
As in previous work, we find some redistributive warm-

ing at low latitudes, in the Atlantic and Pacific basins (Fig-
ure 5e). Some studies have attributed this to an anomalous
positive equatorward heat transport, considering both the
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Fig. 5. Ocean heat content and zonal mean temperature anomaly in the ALL experiment for the period [2081-2100] relative to the CTL
experiment. (a,b) total change, (c,d) passive component, (e,f) redistributed component and (g,h) non-linear part of the added component (i.e.
perturbed transport acting on added heat). Stipples indicate where the plotted field is below twice the interannual standard deviation of the CTL.
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AMOC weakening and the increased northward Ekman
transport in the SouthernOcean (Xie andVallis 2012;Win-
ton et al. 2013; Gregory et al. 2016; Garuba and Klinger
2018; Hu et al. 2020; Bronselaer and Zanna 2020; Todd
et al. 2020;Dias et al. 2020;Couldrey et al. 2021). However
it seems that this vertically-integrated redistributive warm-
ing arises from warming at different levels in the water
column (Figure 5f, no stipples in the tropical region under
500m, meaning the warming is greater than internal vari-
ability), coherent with the emerging patterns of the large
ensemble (Figure 1d and f), with a potential important role
for the abyssal redistributive warming.
In the North Atlantic, there is a strong passive warming

component extending from the subtropical gyre to the
Nordic Seas (Figure 5c), due to the positive surface heat
flux perturbation (Supplemental Material Figure 4), partly
compensated by a redistributive cooling in line with the
AMOC weakening (Figure 6a) and particularly intense
in the subsurface (Figure 5f), consistent with previous
studies (Xie and Vallis 2012; Winton et al. 2013; Marshall
et al. 2015; Gregory et al. 2016; Garuba and Klinger
2016, 2018; Todd et al. 2020; Bronselaer and Zanna 2020;
Williams et al. 2021; Couldrey et al. 2021).

The overall agreement in the decomposition of the total
temperature response to increasing anthropogenic forcings
with previous findings under different or more idealized
setups validates the coherence of our ocean-only experi-
ments.

5. Temporal response in the main ocean ventilation
pathways
We now aim to explore the processes and the time scales

which drive anthropogenic heat storage in the ocean inte-
rior. We thus proceed to investigate the temporal response
of the contributions discussed above, in four significant
regions for ocean ventilation. We have seen the important
role played by the North Atlantic and Southern Ocean in
setting ocean heat uptake patterns, not surprising consid-
ering their prominence for the global ocean overturning
circulation.
First, we will focus below on upper ocean ventilation

(upper two green boxes in Figure 2), associated with
the subduction of Mode and Intermediate Waters feed-
ing the subtropical gyres. We look at the region enti-
tled "SAMW/AAIW" in the Southern Ocean (standing for
Subantarctic ModeWaters and Antarctic IntermediateWa-
ters), in a zonal average framework. These water-masses
feed the upper limb of the Southern Ocean upper cell,
subducting surface properties and change along their way
(Morrison et al. 2022). In the North Atlantic, we look at
the North Atlantic Subtropical Mode Waters (NASTMW),
also known as Eighteen DegreeWaters (Talley and Raymer

Fig. 6. Time series of circulation anomalies. (a) AMOC (maxi-
mum of the Atlantic meridional streamfunction between 10ºN and 60ºN,
below 500m. (b) Southern Ocean upper cell (maximum of the global
meridional streamfunction between 30ºS and 60ºS above 2000m. (c)
Southern Ocean deep cell (minimum of the global meridional stream-
function between 30ºS and 80ºS below 2000m. We take the minimum
as the deep cell turns anticlockwise, so has a negative sign. A posi-
tive anomaly thus means a decrease in the deep cell, so the y axis is
reversed.) In the ocean-only simulations (colored lines) the anomalies
are relative to the CTL experiment, with a 5-year running mean applied
for visual purposes. The anomalies in the large ensemble (orange shad-
ing) are expressed relative to 1850-1899. The grey shading represents
2𝜎𝑖𝑛𝑡𝑒𝑟𝑚𝑒𝑚𝑏𝑒𝑟 .

1982). These two regions are very well-ventilated in the
model, as seen by the Sea-Water Age tracer (Figure 2).
Next, we will focus on the export pathways associated

with the formation of Antarctic Bottom Waters (AABW)
and North Atlantic Deep Waters (NADW) (see the lower
two green boxes in Figure 2). AABW and NADW are
the two most prominent water-masses found in the ocean
(Johnson 2008), feeding the lower limbs of theMOC. They
flow equatorward from their formation region, occupy-
ing the abyssal and deep layers respectively, before being
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mixed with surrounding overlying water-masses or trans-
ported upwards by wind-induced upwelling (Marshall and
Speer 2012). Note that we adopt an Eulerian view, with
fixed geographical regions, to investigate how these clima-
tologically well-ventilated areas of the ocean are affected
in their heat storage response by different types of change,
along with the time scales of emergence of these forced
signals from internal variability. We leave a more specific
water-mass tracking framework for potential future work.

a. Upper ocean ventilation

We present the evolution of temperature anomaly av-
eraged in the SAMW/AAIW and NASTMW regions in
Figure 7. The total warming is shown by the dark red
curve representing the ALL experiment and by the orange
spread representing the large ensemble. TheALL response
in the SAMW/AAIW region is well within the spread of the
large ensemble and has a similar evolution as the ensem-
ble mean. This warming signal in SAMW/AAIW, starting
early in the 20th century, is dominated by added heat (dark
red dotted line). It is slightly damped by a small redis-
tributive cooling (difference between the dotted and solid
dark red lines). This redistributive cooling stems in the
most part from the redistribution caused by the heat flux
perturbation (difference between the dotted and solid light
red lines), consistent with increased surface stratification
preventing the downward spread of heat. Wind stress and
freshwater perturbations redistribute heat in such away that
wind stress tends to warm SAMW/AAIW, while freshwa-
ter tends to cool them (consistent with Figure 4), almost
compensating each other. But, we see here that, while their
impact on temperature is significant (same order of mag-
nitude as the heat flux) at the end of the 21st century, they
start showing an influence on temperature decades after
the heat flux perturbation does (Figure 7a).
The total warming significantly emerges at the turn

of the century. As displayed by the spread in the large
ensemble, the higher the SNR, the more coherent the
ToE in the large ensemble is (i.e. the inter-member
spread is smaller). This occurs because the warming in
the 20th century is slow and subject to modulations by
internal variability which can delay the emergence by
several decades between members. When the warming
signal picks up the pace at the turn of the century, the
modulations by internal variability are too weak to slow
down the forced signal as it did in the 20th century, and the
emergence depends much less on the SNR threshold. All
members emerge within maximum 35 years of each other
for SNR>5 (1980 to 2015) and within two decades for
SNR>7 (by 2020). Passive warming emerges earlier than
the total response (black triangle, identical for the added
component in the other simulations, not shown to lighten
the figure) by about 10-15 years for SNR>7, illustrating
the effect of the redistribution component in slightly

delaying the emergence of the total signal. The passive
warming, as well as the response in HEAT and BUOY,
still emerge within the large ensemble ToE distribution,
which indicates the effect of the redistributive processes
on signal emergence are of the same order of magnitude as
the uncertainty of internal variability on the emergence of
the forced signal. The cooling in the WATER experiment
and warming in STRESS both emerge in the 21st century
but outside of the large ensemble distribution and with
larger gaps between SNR thresholds because of the slower
timing of the response.

On the North Atlantic side, the NASTMW region is also
dominated by passive warming until the early 21st century.
Redistributive cooling (difference between dotted and solid
dark red lines) starts to counteract the passive signal in the
2010s and increases in the 21st century. The redistribution
component is consistent with a heat-flux driven stratifica-
tion tending to decrease ventilation in this region in the
early 21st century (not shown), and might be related to the
concurrent AMOC weakening (Figure 6a) reducing north-
ward heat transport. In contrast to SAMW/AAIW, the
temperature change implied by freshwater and wind stress
perturbations is much smaller than the change due to the
heat flux perturbation. There is nevertheless a weak cool-
ing due to both these perturbations at the end of the 21st
century. When combined with heat flux changes, the fresh-
water flux contribution appears however negligible since in
the BUOY experiment (buoyancy flux perturbations com-
bined) the warming is superimposed on the response in
HEAT.
The response of the non-linear added heat component

(𝑇 ′
𝑎 |𝐴𝐿𝐿 −𝑇 ′

𝑎 |𝐶𝑇𝐿) and its timing are coherent with the
decreased ventilation in the region (increase Age tracer,
not shown), consistent with the increased surface heat flux
stratifying the upper ocean, trapping the excess heat near
the surface instead of the deeper heat transport in CTL (see
also Figure 5h and Supplementary Figure 7).
Similarly to the SAMW/AAIW region, the large en-

semble spread in ToE of the NASTMW warming reduces
considerably between a SNR threshold of 2 and 5. The
forced signal in the large ensemble has unambiguously
emerged for the full distribution by 2020-2030 for a
SNR>7. The emergence of the temperature signal is
dictated by the heat flux perturbation, which is slightly
delayed by redistribution, as indicated by the 10-year
difference in ToE between the passive warming and the
total warming (black triangle vs. dark red dot for SNR>5
and SNR>7). In contrast, the cooling caused by the
wind stress or freshwater perturbations alone are barely
significant compared to internal variability during the
entire simulation (no emergence for SNR>5), but wind
stress perturbations cause the ALL simulation to diverge
from the BUOY simulation in the early 21st century,
postponing the emergence of the warming by about 10
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Fig. 7. Temperature anomalies (a,b) and corresponding ToE at different thresholds (c,d) in the SAMW/AAIW (left) and NASTMW (right)
regions. The orange shading is the envelope of the large ensemble (LE). Each colored line/circle represents an ocean-only experiment (see legend).
Anomalies in the experiments are expressed relative to the CTL at each time step to remove the maximum effects of internal variability, and
expressed relative to 1850-1899 in the LE. The dotted lines in (a,b) are 𝑇′

𝑎 , representing the added heat in CTL (or passive heat; black), ALL (dark
red) and HEAT (light red). The difference between 𝑇′

𝑎 in the perturbed experiments and CTL corresponds to the non-linear added heat (the effect
of the perturbed transport acting on the added heat). The ToE is shown only for 𝑇′

𝑎 |𝐶𝑇𝐿 for visual purposes (black triangle). The grey shading in
(a,b) is ±2𝜎𝑖𝑛𝑡𝑒𝑟𝑚𝑒𝑚𝑏𝑒𝑟 in the LE temperature, meaning when a temperature anomaly line crosses that threshold for the last time corresponds to
the ToE for SNR>2 (we propagate the 𝜎𝑖𝑛𝑡𝑒𝑟𝑚𝑒𝑚𝑏𝑒𝑟 value in 2059 in the last 41 years for signal detection in the ocean-only experiments). The
distribution of ToE in the LE is shown both by the orange box plots (whiskers represent the 5th and 95th percentiles of the distribution, outliers are
represented by orange crosses) and by the orange shaded violin plots.

years.

Overall, both regions present a similar temporal
response in total warming, with an early signal starting
around 1920, a slow increase until the late 20th century and
a stronger warming trend during the 21st century, coherent
with the temporal evolution of global mean near-surface
air temperature in the model and in observations (Bonnet
et al. 2021b), and with global mean SST in the model
(Supplementary Figure 3). By the early 21st century, the
warming of these Mode Waters is already outside the
range of internal variability, with an emergence about
10 years earlier for the Southern Hemisphere compared
to the North Atlantic. Redistribution plays a larger role
in damping the magnitude of the warming brought by
the transport of added heat in the North Atlantic (54%
of the added heat in 2100) compared to the Southern
Ocean (10%). However, the impact of redistribution
occurs earlier in the Southern Ocean, because of the extra
heat input which weakens the ventilation of the region.

There are opposite effects of the wind stress changes in
these two regions, which act to bring more warming in
the Southern Ocean versus cooling in the North Atlantic,
with an accelerating/slowing effect of about 10 years of
the warming and its emergence from internal variability
when comparing the all-forcing simulation (ALL) to the
simulation without wind stress perturbations (BUOY). In
both regions, a SNR of 2 still causes a large spread in the
emergence of the large ensemble warming, which is much
reduced for a larger threshold.

b. Deep water formation and their export pathways

We now move to the regions associated with the export
of AABW and NADW, presented in Figure 8.
Unlike what occurs in the previous two regions, the

AABW warming is due to contributions both from excess
heat entering the ocean (𝑇 ′

𝑎 |𝐴𝐿𝐿 , dark red dotted line),
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Fig. 8. (a,b,c,d) Same as Figure 7 but for AABW and NADW. (e,f) Age tracer in the ocean-only experiments. The grey dotted line represents the
values of no ventilation.

passively transported, and to redistributive processes (dif-
ference between dark red solid and dotted lines). The
redistributive warming is coherent with a weakening of the
deep cell (Figure 6c) in response to an increase in both
the surface freshwater and heat fluxes at southern high lat-
itudes (Supplemental Material Figure 8). The deep cell
weakening is indeed associated with a decrease in the ven-
tilation of the region (Figure 8e), which prevents newly-
formed cold waters at the surface from being mixed with
the underlying layers, leading to subsurface warming and
surface cooling (see Figure 4f). In the 21st century, the re-
distributive warming is primarily driven by the increased
surface freshwater flux into the ocean (which contributes
more to the buoyancy flux anomaly than the heat flux per-
turbation in this region, Supplementary Material Figure

8), competing with a redistributive cooling caused by wind
stress changes. In contrast to heat and freshwater pertur-
bations, wind stress perturbations result in an increase of
the deep cell strength (Figures 6c and 8a,e). These cir-
culation changes in the 21st century are coherent with the
evolution of the mixed layer depth (MLD) south of 60ºS
(Figure 9a). Indeed, they feature an abrupt shutdown of
deep convection in the WATER and BUOY experiments at
the end of the 20th century that is sustained in the rest of the
simulations in response to the increased surface freshwater
flux. This shutdown is compensated by a MLD deepen-
ing in response to the surface wind stress increase (Figure
9a). As a result of the competing effects between buoy-
ancy fluxes and wind stress, the shoaling of theMLD in the
ALL experiment does not show abrupt change but is more
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gradual throughout the 21st century (consistent with the
response of the large ensemble, Figure 9a). In summary,
AABWwarming results from a combination of added heat
at the surface that is transported as part of the deep cell
circulation, and reduction of strength of the deep cell. The
deep cell slowing itself is caused by a balance of buoyancy
fluxes that tend to push towards a rapid shut down of the
circulation, and wind stress change that counterbalances
this effect by reinforcing the circulation thereby avoiding a
rapid shut down.
Changes in theAABWactually start early in the 20th cen-

tury, as indicated by very early ToE (around 1940) when
using a SNR threshold of 2. But this early emergence
is actually explained by a noise envelope of temperature
variations in the AABW export region that is very small
so that a minor change in the circulation - on top of the
passive warming slowly entering the ocean - leads to a
temperature change that exceeds this noise, even though
the circulation change might be small or temporary, and
before the clear shutdown in deep convection occurs. The
very large spread in the intermember ToE (almost one cen-
turywide for SNR>2) is a clear indication that the threshold
of 2, combined with the slow warming of the 20th century,
is too small to detect emergence of this early signal in all
members of the ensemble in this water-mass. Even for
SNR>5, the spread of the intermember ToE is large, and it
is really only with a threshold of 7 combined with the more
rapid forced warming that emergence is unambiguously
detected in all members (i.e. small spread in the inter-
member ToE). This highlights the difficulty to isolate the
forced signal in this region before the early decades of the
21st century, because of potentially sensitive mechanisms
to the different phases of internal variability expressed in
the individual members of the large ensemble which mod-
ulate the water-mass change signal (e.g. Abrahamsen et al.
(2019); Silvano et al. (2020)). With SNR>7, the forced
signal robustly emerges in the full ensemble by 2040, a
timing consistent with the large changes in the circulation
associated with the reduction in deep convection and de-
crease of the deep cell. In this case, the warming in the
BUOY experiment emerges outside of the large ensemble
distribution, about 40 years before the warming in ALL
because in ALL the effects of buoyancy forcing are coun-
terbalanced by the redistributive cooling associated with
wind stress perturbations.
We here only discussed AABW changes very close

to their sources around the Antarctic continent. But
the model shows that AABW warming is transmitted
along the export pathway of AABW further northward in
the abyssal ocean, and even spread over the entire deep
2000-4000m ocean at global scale (Supplemental Material
Figure 9). The timing of circulation from the AABW
formation regions to its upward mixing in the 2000-4000m
layer is arguably longer than our simulation (e.g. DeVries
and Primeau (2011); Figure 2). It is therefore surprising

to see abyssal warming spreading in the wider ocean at
timescales from a few decades to a century. Our analysis
presented in Supplementary Material Figure 9 shows that
it is changes in circulation and deep ocean stratification
that actually allow for a rapid spread of the climate signal
in the deep ocean, with almost no contribution from the
added heat passively transported at the century timescale.

The NADW region is much more ventilated than its
Southern Hemisphere counterpart (AABW), as seen in the
age tracer (Figures 2 and 8e,f), yet the warming signal
emerges much later - or not at all depending on the SNR
threshold - because of much larger internal variability but
also because of warming signals starting later on than for
AABW.Strong and rapid passive heat (𝑇 ′

𝑎 |𝐶𝑇𝐿) arises start-
ing in the 2000s and emerges after a few decades. The
excess heat in the ALL simulation (𝑇 ′

𝑎 |𝐴𝐿𝐿) is damped
by almost half by 2100 compared to 𝑇 ′

𝑎 |𝐶𝑇𝐿 , because of
circulation changes in response to the heat flux perturba-
tion (𝑇 ′

𝑎 |𝐴𝐿𝐿 ≈ 𝑇 ′
𝑎 |𝐻𝐸𝐴𝑇 ). These changes are consistent

with AMOC weakening (Figure 6c), entirely driven by the
heat flux perturbation (see Supplemental Material Figure
8 for the time evolution of the surface heat flux in the
subpolar North Atlantic). This is coherent with the large
reduction of deep convection in the subpolar North At-
lantic as a response to heat flux perturbation (Figure 9a
and see Supplemental Material Figure 10 for more spe-
cific time series showing a shutdown of deep convection
in the Labrador Sea and decrease in the Greenland Sea).
This leads to a decrease in the overall ventilation of the
region (Figure 8f), preventing added heat from penetrating
as deeply as in the CTL. All of these processes are consis-
tent in terms of timing, starting in the early 21st century.
Circulation changes also explain the large redistributive
cooling in HEAT (𝑇 ′

𝑎 |𝐻𝐸𝐴𝑇 compared to HEAT in Figure
8b), entirely balancing the added heat component, so that
the temperature anomaly in HEAT stays around zero for
the entire period (Figure 8b). The wind stress perturba-
tion has almost no effect in this region, however, as for
the AABW, the freshwater flux perturbation causes a re-
distributive warming of almost the same intensity as the
ALL warming at the end of the 21st century. Nevertheless
the warming in response to the freshwater flux experi-
ment cannot be explained by AMOC, MLD or ventilation
changes as these remain very close to the CTL. Changes in
the air-sea freshwater flux in this region are actually small
compared to interannual variations of the heat flux in the
context of their respective influence on buoyancy fluxes
(Supplemental Figure 8).
In the large ensemble, the spread in the temperature

anomaly is very large throughout the simulation. It only
starts to narrow towards the end of the historical-extended
period, with no emergence of the ensemble for SNR>7, the
signal being still too weak compared to internal variations.
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Fig. 9. Mixed layer depth (annual maximum) in the Southern Ocean south of 60ºS (a) and subpolar North Atlantic (b), in the large ensemble
(orange shading) and in the ocean-only experiments (colored lines, with a 10-year running mean applied for visual purposes). The MLD is defined
as the depth at which there is a 0.03 kg.m-3 difference in potential density relative to 10m. See Supplemental Material Figure 10 for the geographical
delimitation of the subpolar North Atlantic, and for the time series in more specific deep convection regions.

6. Summary and Discussion

In this study, we introduced a new numerical framework
to investigate the timescales of passive and redistributive
processes and the role of individual surface flux perturba-
tions on ocean temperature changes in response to climate
change. With an ocean-only model forced with fixed
fluxes, we proposed a set of experiments to examine the
response of the ocean to the externally-forced signal of
the IPSL-CM6A-LR large ensemble of historical+ssp245
simulations. We force the model with climate change in-
duced variations in all the buoyancy and wind stress fluxes
together, as well as by isolating changes of individual
fluxes, in an endeavour to disentangle and understand their
respective role. A passive temperature tracer, forced with
the heat flux perturbation, was implemented to isolate the
signal and timescales of anthropogenically-added heat
spreading passively in the ocean interior. This numerical
framework is particularly adapted to isolate the emergence
of externally-forced signals relative to internal variability,
as all the ocean-only experiments are forced with the
same background variability at 3-hourly frequency from a
coupled unforced piControl.

Compared to previous studies that investigated these
mechanisms under long-term radiative forcing, we focus
on the transient response to climate change and on the
timescales necessary for the forced signals to emerge from
background internal variability. We highlight that the
contribution of the passive and redistributive components
to the emergence of the total warming signal from internal
variability can be quite different from their contribution to

the amplitude of the warming at the end of the 21st century.

In the Mode Waters of the mid-latitude Southern
Ocean and North Atlantic (SAMW/AAIW, NASTMW),
circulation changes produce a redistributive cooling which
is small in the Southern Hemisphere but significant
in the North Atlantic by the end of the century. This
redistributive cooling delays the emergence of the total
warming signal by about 10 years, which is already
distinguishable from internal variability by the early 21st
century. While the redistributive cooling in the Mode
Waters of the North Atlantic has a significant impact on
the intensity of their total warming, it is relatively slow
to establish so that circulation changes only have a very
minor role on the emergence of the warming.

In contrast to the upper ocean, circulation changes
play a key role in warming the deep and abyssal waters
of the subpolar Southern Ocean. Indeed, warming in
this region results from a combination of added heat that
is exported by the deep cell, and deep cell weakening
warming the ocean by reducing cold water influx. The two
are important and have similar timescales over the 20th
century, but redistribution takes the upper hand over the
21st century, as it gets increasingly difficult to passively
export the excess heat with the deep cell weakening. The
warming induced by circulation changes is driven by a
combination of buoyancy flux changes that increase the
stratification, therefore shoaling the MLD and reducing
ventilation of the deep ocean by cold water, which is coun-
terbalanced by wind stress changes that tend to increase
deep convection and ventilation. Overall, all fluxes are
important in setting AABW warming: buoyancy fluxes
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impact both added heat (mostly heat flux) and redistributed
heat (mostly freshwater flux); and the wind stress impacts
redistribution. The emergence is significantly delayed by
thewind stress perturbation starting in the late 20th century.

While the redistribution component is important for the
deep Southern Ocean warming signal to emerge before
the added heat alone, the deep North Atlantic waters
are cooled by the redistribution component in response
to AMOC weakening, significantly counteracting the
increasing passive warming in the 21st century. This is
explained by an AMOC weakening driven by the heat flux
perturbation in the 21st century, consistent with a decrease
in deep convection found in all convective areas of the
subpolar North Atlantic. As a result of these counteracting
processes, the residual warming emerges decades later
than in the Southern Ocean, or does not emerge with high
significance thresholds, unlike its Southern Hemisphere
counterpart. The fact that the forced signals (passive
warming and AMOC weakening) do not significantly
increase before the 21st century in the North Atlantic is
consistent with a) large internal variability of the region
and b) large aerosol radiative cooling in the Northern
Hemisphere in the 20th century, temporarily offsetting
the greenhouse gas (GHG) radiative warming (Naik et al.
2021). Scenario ssp245 is associated with reduced aerosol
forcing into the 21st century, while GHGs continue to
increase (Gidden et al. 2019), so that GHG forcing is not
counterbalanced anymore by the aerosol cooling effect.
This is consistent with the AMOC temporal evolution,
showing only small changes over the 20th century and
decreasing rapidly in the 21st century in this model
(Figure 6a) once the heat flux over the North Atlantic
starts to increase (Supplemental Figure 8). Such AMOC
response is similar to the CMIP5 and CMIP6 multi-model
mean (Shi et al. 2018; Menary et al. 2020; Hassan et al.
2021). The impact of aerosols on heat fluxes in the
North Atlantic has potential implications for detection
and attribution studies of ocean interior changes, delaying
the detectability of the observed changes in the North
Atlantic, while the Southern Ocean observed warming
has already been attributed to anthropogenic forcings, in
the SAMW/AAIW but also at greater depths (Swart et al.
2018; Hobbs et al. 2021).

While the decrease in subpolar Southern Ocean deep
convection in climatemodels in response to increasingCO2
forcing is nowwell established (Gregory 2000; deLavergne
et al. 2014; Heuzé et al. 2020), how can we trust the
timescales of the processes responsible for this deep con-
vection shutdown uncovered here when such climate mod-
els don’t accurately reproduce the observed processes of
AABW formation (Heuzé et al. 2013; Heuzé 2021) nor
include the amplified Antarctic iceshelf glacial melt con-
tribution, which can significantly impact the ventilation

(Lago and England 2019)? Indeed, an accurate repre-
sentation of shelf processes is missing from global climate
models, and although in the case of IPSL-CM6A-LR, there
might be some densewater formed on the shelf, its export to
the deep ocean is uncertain, and most of the bottom waters
are formed by deep convection in the Weddell Sea, under
sea-ice (Heuzé 2021; Mohrmann et al. 2021). As open-
ocean deep convection controls the renewal of AABW and
overturning circulation in the model world, decreases in
this deep convection in response to increased freshwater
and heat fluxes might thus lead to too rapid subsurface
changes. The influence of the buoyancy fluxes here may
be overestimated compared to the perturbation from the
winds, that might act to delay the emergence. However,
the iceshelf melt, which is not an interactive feature in this
and other CMIP models, is expected to amplify the surface
freshening and stratification, decrease AABW formation
and progressively warm the subsurface and abyssal ocean
waters, which can in turn create a positive feedback on the
basal melt (Fogwill et al. 2015; Silvano et al. 2018; Bron-
selaer et al. 2018; Lago and England 2019). This might
tend to move the emergence forward.
In turn, The North Atlantic has been shown to be the

most model-dependent region in the response to increased
CO2 forcing and its decomposition into different flux per-
turbations (Todd et al. 2020; Couldrey et al. 2021). Large
sources of heat uptake uncertainties across models have
been identified in the spread of surface fluxes and ocean
model formulations (Huber and Zanna 2017; Couldrey
et al. 2021), leading to large uncertainties in projections of
ocean circulation changes (Huber and Zanna 2017; Zanna
et al. 2019a; Bronselaer and Zanna 2020).
The different processes discussed in the paper thus

make sense for our understanding of future changes,
however, the timescales and amplitude on which they
occur in the real world, especially in the deeper areas of
the ocean, are largely unknown, and remain a large object
of uncertainty.

Here, we decompose the response to different drivers
of change without allowing any feedbacks between the
ocean and other components, as we use an ocean-only
model with no sea-ice and fixed fluxes. We do this in
an endeavour to decouple the components as much as
possible and concentrate on the response of the individual
flux perturbations actually received by the ocean during
the historical+ssp245 period in the coupled model. The
balance of processes highlighted here may be different
when perturbing an ocean coupled to a sea-ice model,
which allows feedbacks on the air-sea fluxes (Dias et al.
2021). Subpolar areas are also where the strongest
non-linearities between perturbation fluxes occur, and
where, in the absence of a sea-ice model, the temperature
can fall below freezing point, even though we changed the
equation of state so that it doesn’t affect the circulation.
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These points show the limitation of these experiments
in rigorously decomposing physical drivers of change in
ice-covered and convective regions, although they bring
an understanding of the response to separate processes.

Finally, the sensitivity of ocean warming timescales to
initial conditions (large spread in ToE for SNR>2) uncov-
ered here in the large ensemble suggests that a multi-large
ensemble analysis would be a promising approach to iden-
tify whether these features are robust across models that
have different representations of internal variability, and
whether the sensitivity to initial conditions holds in the
same regions. This could help better quantify the uncer-
tainties in timescales of climate signal emergence in the
ocean interior.

APPENDIX A

Forcing NEMO3.6 with fixed fluxes

a. Forcing terms from the piControl

To force NEMO3.6 with fixed fluxes, the ocean model
needs to read the heat, freshwater, salt fluxes and wind
stress components indicated in bold in Table A1. Heat
fluxes include all radiative and turbulent fluxes exchanged
with the atmosphere and the sea-ice, as well as the sensible
and latent heat received or lost from river runoffs, iceberg
melt and iceshelf melt. The total heat flux entering the
ocean is qt + hflx_rnf + hflx_isf + hfgeou. hfgeou is
constant in time, and hflx_isf is reconstructed online from
the prescribed associated freshwater flux (iceshelf). The
global heat budget closes, with an error of only 10-3
W.m-2, with the same terms as the coupled model (Mignot
et al. 2021). All terms are 2D fields, but hflx_rnf and
hflx_isf are distributed along the vertical until a prescribed
depth. The solar heat flux qsr is also read separately as it
penetrates into the first hundred meters of the ocean, and
is absorbed following an exponential decrease with depth
and depends on the chlorophyll field prescribed to the
model (see below). Freshwater fluxes include evaporation,
precipitation, sea-ice formation and melt, river runoffs,
iceberg melt and iceshelf melt. Runoffs (including iceberg
melt) and iceshelf melt are distributed on the vertical
similarly as their associated heat flux. The total freshwater
flux into the ocean is -emp + runoffs + iceshelf. The
salt flux only comes from exchanges with the sea-ice
(it is a real salt flux, as sea-ice melt has a non-zero salinity).

In addition to these surface fluxes, the sea-ice fraction
and thickness from the piControl are also read at 3-hourly
frequency for the vertical mixing parameterization.
Furthermore, in the coupled model the penetration of the
shortwave heat flux into the first layers of the ocean in the
piControl is modulated by the chlorophyll concentration

calculated in the ocean biogeochemical model (PISCES,
Aumont et al. (2015)). Only the ocean physics component
is used in our experiments, PISCES is deactivated as it
was estimated not necessary, and for computation time
reasons. The 3D chlorophyll field outputted from PISCES
in the piControl is thus read at monthly frequency to
best reproduce the shortwave absorption in the ocean
and consequently the temperature field. Indeed, large
differences compared to the piControl were found as
soon as the first year of the simulation when imposing a
constant and uniform chlorophyll field instead of the 3D
PISCES field.

Time series of a few diagnostic variables in piControl
and in the ocean-only CTL experiment are shown in Sup-
plemental Material Figure 3.

b. Perturbations

The perturbations constructed from the IPSL-CM6A-
LR historical+ssp245 ensemble mean anomaly are applied
on each forcing term shown in bold in table A1. The
corresponding CMIP6 terms for IPSL-CM6A-LR are also
given in table A1. We show in Supplemental Material
Figure 4 the maps of the heat flux, freshwater flux and
wind stress perturbations for the last 20 years (2081-
2100), which are qualitatively similar to the FAFMIP
perturbations (http://fafmip.org). Note because we are
using a single ocean model and forcing with outputs of a
coupled model with the same ocean model, we can apply
the perturbations much more precisely (i.e the vertical
distribution of some fluxes, as mentioned above).

The heat flux perturbation is applied similarly on the
passive temperature as it is on the model prognostic tem-
perature: same vertical penetration of the solar heat flux on
the vertical, as well as the vertical distribution for runoffs
and iceshelf melt.

c. Temperature below freezing point

Because of the ocean-only configuration (no sea-ice)
with a flux formulation and no restoring term on the SST,
it is possible for the temperature to locally fall below the
freezing point in polar regions in all the simulations includ-
ing CTL. Sensitivity tests were conducted on the treatment
of the prognostic temperature by e.g. imposing a relax-
ation to the freezing-point when temperature fell below it,
but that meant adding heat in the system, leading in CTL
to too much drift away from the parent piControl simu-
lation even in regional diagnostics, and in ALL to drift
away from the large ensemble envelope, overall losing the
goals set in the protocol and benefits brought by the flux-
forced experiments. Instead, to circumvent this potential
problem, we implemented part of the solution proposed
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Table A1. Freshwater, heat, salt flux and wind stress terms at the ocean interface in NEMO3.6. The bold terms indicate the fluxes needed to force
the ocean from the coupled model outputs in a fixed-flux configuration. The corresponding CMIP6 terms are given in the right column.

Short name Signification Unit CMIP6 equivalent
emp Evaporation-Precipitation, includes sea-ice formation and melt, and calving in the NH kg m-2 s-1 -(wfo+friver+ficeberg)
runoffs River runoffs + iceberg melting (> 0 into ocean) = friver + iceberg kg m-2 s-1 friver+ficeberg
iceshelf Iceshelf melting (> 0 into ocean) kg m-2 s-1 flandice
qt Net downward heat flux = qns + qsr W m-2 hfds
qsr Downward shortwave flux W m-2 rsntds
qns Downward non solar heat flux (includes hflx_icb and hflx_cal) W m-2 nshfls
hflx_rnf Sensible heat flux from river and iceberg runoffs (at SST) W m-2 hfrunoffds
hflx_icb SH iceberg latent heat loss (<0), included in qns W m-2

hflx_cal NH calving latent heat loss (<0), included in qns W m-2

hflx_isf Heat flux from iceshelf melting (Sensible+latent) W m-2

hfgeou Geothermal heat flux (constant in time) W m-2

sfx Downward salt flux into sea water g m-2 s-1 sfdsi
utau Surface downward x stress N m-2 tauuo
vtau Surface downward y stress N m-2 tauvo

by Todd et al. (2020) in our experiments: we let the tem-
perature evolve without any changes as to conserve heat
in the model, while in order not to create any un-physical
convection events, if the temperature falls below freezing,
we replace the temperature by the freezing point temper-
ature in the computation of the equation of state and of
the Brünt-Vaisala frequency. This procedure ensures that
the circulation is not affected by an unrealistic density. In
that configuration, temperature can still fall below freez-
ing point, affecting heat transport, especially the Arctic
ocean, where the heat flux perturbation is locally negative.
However, these negative anomalies are concentrated at the
surface and don’t affect vertically-integrated OHC or other
parts of the ocean.

APPENDIX B

Passive tracer and decomposition of temperature
changes

To write a simplified equation of the evolution of the
prognostic temperature in the model, we use a similar ter-
minology as Gregory et al. (2016) and Couldrey et al.
(2021): the convergence of temperature by the fully-
resolved velocity and by all parameterized transport pro-
cesses is symbolized by the transport operatorΦ, acting on
the temperature T, so that:

𝜕𝑇

𝜕𝑡
=𝑄 +Φ(𝑇) (B1)

with Q the net heat flux at the ocean boundaries (see Ap-
pendix A for the details of the heat flux components in

NEMO3.6). We can now decompose the temperature, sur-
face heat flux and transport processes into a CTL (un-
perturbed) component, and a perturbed component rela-
tive to the CTL, so that 𝑇 = 𝑇𝐶𝑇𝐿 +𝑇 ′, Φ = Φ𝐶𝑇𝐿 +Φ′,
𝑄 = 𝑄𝐶𝑇𝐿 +𝑄 ′ and the evolution of the temperature
anomaly T’ follows:

𝜕𝑇 ′

𝜕𝑡
=𝑄 ′+Φ𝐶𝑇𝐿 (𝑇 ′) +Φ′(𝑇 ′) +Φ′(𝑇𝐶𝑇𝐿) (B2)

The temperature change T’ arises from two sources, that
is from the anomalous surface heat flux Q’ (the "added
heat") and from changes in the transport processes acting
on the unperturbed temperature field (Φ′(𝑇𝐶𝑇𝐿) the "re-
distributed heat"). If 𝑄 ′ = 0 and Φ′ = 0 then there is no
temperature change.
To decompose the total temperature changes into contri-

butions from the passive uptake of added heat and the
redistribution of pre-existing heat, we follow the now
commonly-adopted approach first introduced by Banks
et al. (2002) and Banks and Gregory (2006), that con-
sists in implementing a passive temperature tracer repre-
senting the transport of added heat in the ocean without
changing the density. This Passive Anomaly Temperature
(PAT), or 𝑇 ′

𝑎 (for added heat) is initialized to 0, forced at
the surface by the anomalous heat flux Q’ (similarly as T’,
see Appendix A) and transported in the ocean by the full
circulation Φ = Φ𝐶𝑇𝐿 +Φ′:

𝜕𝑇 ′
𝑎

𝜕𝑡
=𝑄 ′+Φ𝐶𝑇𝐿 (𝑇 ′

𝑎) +Φ′(𝑇 ′
𝑎) (B3)

The redistributed temperature change is then diagnosed by
𝑇 ′
𝑟 = 𝑇 ′ −𝑇 ′

𝑎. Since there is no feedback on the surface
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fluxes, all the excess heat Q’ that enters the ocean acts to
change the global ocean heat content, that is, over a period
of time Δ𝑡,∬

𝑄 ′Δ𝑡𝑑𝐴 =
𝜌0𝑐𝑝

Δ𝑡

∭
𝑇 ′𝑑𝑉 =

𝜌0𝑐𝑝

Δ𝑡

∭
𝑇 ′
𝑎𝑑𝑉 =

Δ𝑂𝐻𝐶

Δ𝑡
(B4)

with dA a surface grid cell area and dV a grid cell volume.
The redistribution component doesn’t add any extra heat to
the global ocean:

𝜌0𝑐𝑝

Δ𝑡

∭
𝑇 ′
𝑟 𝑑𝑉 = 0 (B5)

but it can change the temperature regionally. We note 𝑇 ′
𝑎

can be negative locally since Q’ has both signs.
𝑇 ′
𝑎 is implemented in all the ocean-only simulations. In

CTL, Φ′ = 0 by definition, so Φ′(𝑇 ′
𝑎) = 0 and 𝑇 ′

𝑎 in CTL
is the added heat passively transported by the unperturbed
circulation, corresponding to the passive tracer diagnosed
in faf-passiveheat in the FAFMIP protocol (Gregory et al.
2016; Todd et al. 2020; Couldrey et al. 2021). It can
also be compared to the temperature change in climate
change simulations where the circulation is maintained
at climatological values (Winton et al. 2013; Bronselaer
and Zanna 2020). Consequently, we can decompose the
evolution of the added heat 𝑇 ′

𝑎 in the ALL experiment into:

𝜕𝑇 ′
𝑎

𝜕𝑡

����
𝐴𝐿𝐿

≈ 𝜕𝑇 ′
𝑎

𝜕𝑡

����
𝐶𝑇𝐿

+Φ′ |𝐴𝐿𝐿 (𝑇 ′
𝑎 |𝐴𝐿𝐿) (B6)

The difference among the different 𝑇 ′
𝑎 (in-between

experiments) allows to diagnose the effect of the perturbed
circulation on the added heat, that is approximately the
2nd-order term Φ′(𝑇 ′

𝑎).

APPENDIX C

Non-linear additivity of the ocean-only experiments
The non-linear interactions between the different surface

perturbations are presented in Figure C1 by comparing the
response to the all-forcing experiment to the sum of the
responses to individual forcings. More specifically, we
compare first BUOY to the sum of HEAT andWATER and
then ALL to the sum of BUOY and STRESS, and again
ALL to the sum of HEAT, WATER and STRESS. Signifi-
cant non-linearities arisemainly in subpolar regions, where
there are intense ventilation changes in the experiments
and where the forced changes are large. In the subpolar
North Atlantic, the non additivity is caused by non-linear
interactions between the two buoyancy flux perturbations
(right panels in Figure C1), while in the Southern Ocean
non-linearities are dominated by interactions between the
buoyancy flux and the wind stress perturbations (middle

panels), and to a smaller degree by interactions between
the buoyancy flux perturbations themselves. These re-
gions have also been identified as the most difficult to
reproduce the exact same convection events in the CTL
compared to the coupled piControl (not shown), as these
are very sensitive mechanisms to the surface fluxes, and
the 3-hourly forcing (twice the coupling frequency in the
coupled model) is still insufficient for these types of events.
We note that overall the evolution of the CTL temperature
doesn’t diverge in time from the piControl (see Supple-
mental Material Figure 3) and validates the aims set for
our scientific questions.
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3 Perspectives: the role of ocean circulation changes in eroding the
fingerprint of water-cycle amplification on salinity

Onmulti-decadal time scales, observations of sea surface and upper ocean salinity have shown a clear
amplification of climatological patterns [Durack and Wijffels, 2010, Skliris et al., 2014, Cheng et al.,
2020], in response to an intensification of the hydrological cycle which is much more difficult to infer
from direct observations of precipitation and evaporation (see the General Introduction).

At global scale, the surface warming of the ocean was found to play a significant role, after the water
cycle amplification, in driving the surface salinity pattern amplification because of its stabilizing effect,
decreasing mixing with the ocean interior and between fresh and salty regions [Durack et al., 2012, Zika
et al., 2018].

On the other hand, ocean circulation and mixing can locally damp the E-P signal. This is true for
internally-generated circulation variability on interannual to decadal time scales [Vinogradova and Ponte,
2017], but also for forced multi-decadal circulation changes. Indeed, by comparing active and passive
salinity tracers under an idealized scenario in which CO2 increases at 2%/year, Banks et al. [2002] showed
that in the Southern Ocean, the active salinity field responded to perturbations in surface freshwater fluxes
but also to forced changes in the circulation. This was confirmed in another modelling study proposed
by Shi et al. [2020], who forced the ocean with buoyancy fluxes and wind stress perturbations separately
from an abruptly quadrupled CO2 scenario. They found that increasing westerly winds over the Southern
Ocean caused an increase in surface salinity driven by intensified Ekman upwelling of salty waters and
northward advection, substantially offsetting the freshening in response to buoyancy forcings.

Unlike the substantial scientific literature that looked at processes of anthropogenic heat uptake, the
physical processes causing ocean interior salinity changes at global scale have received much less atten-
tion. Furthermore, how the balance of forcings responds and evolves in the transient response to climate
change is still to be investigated. In this section, I will show preliminary results for an on-going study fo-
cused on salinity, in the same framework as presented earlier, that is, the IPSL-CM6A-LR large ensemble
of historical-extended simulations and the numerical simulations developed during this PhD. First, I will
display the salinity counterparts of figures 4 and 5 of the manuscript presented in section IV.2: the long-
term salinity response to individual surface flux perturbations, and the decomposition into passive and
redistributive components. Then, I will propose to look at the global scale salinity contrast as introduced
by Cheng et al. [2020] to identify how the salinity anomalies amplify the climatological mean field, and
which processes act to intensify or dampen the effect of the water cycle. To conclude, a few other ideas
will be briefly discussed, and we leave further work on this study to the coming months.

Long-term response

The vertically-integrated salt content anomalies and zonal mean salinity anomalies in 2081-2100 of
each ocean-only experiment (relative to the same period in CTL) are presented in figure IV.1. Similarly
as for temperature, we can decompose total salinity changes S’ in the ALL/WATER/BUOY experiments
using the Passive Anomaly Salinity (PAS; Banks et al. [2002]) tracer that we implemented (here denoted
S′a for added salt/freshwater). Note the added component takes both positive and negative signs, compared
to the added heat which is predominantly positive. The decomposition is made in the following way:

Total︸︷︷︸
S′

= Added︸ ︷︷ ︸
S′
a

+Redistributed︸ ︷︷ ︸
S′ − S′

a

= Passive︸ ︷︷ ︸
S′
a|CTL

+Non-linear added︸ ︷︷ ︸
S′
a − S′

a|CTL

+Redistributed︸ ︷︷ ︸
S′ − S′

a

(IV.1)
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The decomposition in the ALL experiment is presented in figure IV.2 for years 2081-2100. We here
discuss the main features of these two figures.

The experiment forced with the freshwater flux perturbation alone (WATER, figure IV.1e) features an
overall amplification pattern of the climatological salinity field, with fresher high latitudes and saltier mid-
latitudes. However, there are differences with the pure passive component (S′a in CTL, figure IV.2c,d),
showing that circulation changes in the WATER experiment itself tend to rearrange the signal of pattern
amplification. Moreover, there are strong zonal asymmetries in the Northern Hemisphere, with large
salinification in the entire North Atlantic basin and small freshening in the North Pacific mid-latitudes.
Other than the stronger E-P perturbation in the North Atlantic basin (figure D.4), the outflow from the
Mediterranean Sea, which is also getting saltier due to a decrease in the net freshwater flux, can explain
this asymmetry with the North Pacific. These differences across basins generate mixed up patterns in the
global zonal mean (see the zonal means per basin in figures E.1 and E.2 in appendix E).

The circulation changes driven by the heat flux and wind stress perturbations are important to set the
total salinity change patterns in some regions. For instance, in the North Atlantic, the strong salinification
in the WATER experiment (both in the subtropical and subpolar gyres) is offset by significant freshening
in response to the heat flux perturbation in the subpolar gyre and to a lesser degree in the subtropical
gyre. This heat-flux driven redistributed freshening is consistent with the redistributed cooling in the
same region highlighted in the former section, and explained by a slow down in the AMOC (figure 6 in
the heat storage manuscript), causing less northward transport of warm and salty water. Other common
features of redistribution can be found between temperature and salinity, such as the temperature and
salinity increase in the tropical Atlantic caused by the heat flux perturbation (figure IV.1c and D.6e), or
the local patterns in the Southern Hemisphere induced by the wind perturbation, with increases in the
southwestern Pacific and Atlantic basins, and the cooling/freshening around 30ºS in the Indian basin.

The salinity changes induced by circulation changes caused by the freshwater flux perturbation itself
are non-negligible, with the most prominent features found at high latitudes (figure E.3e,f), very much
resembling the freshwater-induced redistributed heat component (figure 5e,f in the previous section): a
dipole of increasing salinity in the subpolar North Atlantic and freshening in the Nordic Seas, and overall
salinification in the southern high latitudes, spreading at depth.

Circulation changes also act on the added component by damping the patterns of the passive tracer in
the CTL (figure IV.2e,g vs. g,h). As we saw previously for heat, circulation changes are overall dominated
by the buoyancy flux perturbations, acting to stratify the ocean and decrease the deep overturning cell and
the AMOC. This causes a decrease in the ventilation at depth and thus less downward spread of the passive
tracer.

The results from Shi et al. [2020] are consistent with these experiments, with a surface freshening in
the subpolar Southern Ocean induced by the buoyancy perturbation (figure IV.1h) partly compensated by
the increased salinity found in STRESS (figure IV.1j).

The AABW ventilation pathway is again identified as an important region for all components in re-
sponse to forced changes, notably in STRESS and in the passive and redistributed components that show
clear changes spreading northward and at depth (figures IV.1j and IV.2d,f). The passive component shows
a freshening on the entire water-column in response to the increased freshwater flux at southern high lat-
itudes (figure D.4). Indeed the CTL circulation is efficient for the ventilation of tracers in this region.
However, when the overturning decreases in response to increased buoyancy fluxes, as seen in the pre-
vious section, the passive tracer is not ventilated as efficiently, creating the positive anomaly seen in the
non-linear component (figure IV.2h, S′a|ALL − S′a|CTL). A similar mechanism applies in the deep con-
vection regions of the North Atlantic, but with opposite signs. This is coherent with what we found for
the passive temperature tracer.
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Figure IV.1: Vertically-integrated salt content anomaly (left) and zonal mean salinity anomaly (right)
in the ocean-only perturbed experiments relative to CTL, averaged over [2081-2100]. Stipples indicate
when the anomaly is below twice the interannual standard deviation of the CTL.
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Figure IV.2: Vertically-integrated salt content anomaly (left) and zonal mean salinity anomaly (right) in
theALL experiment relative to CTL, for the total, passive, redistributed and non-linear added components,
averaged over [2081-2100]. Stipples indicate when the anomaly is below twice the interannual standard
deviation of the CTL.
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Salinity contrast

The regional approach adopted in section IV.2 could be partially applied to salinity as well, but the
upper ocean boxes can mix up opposing signals (freshening/salinification) and averaging across these
structures is not what we are interested in. Other regions aremore appropriate such as the export of AABW
and will be investigated in future work. Instead, here we propose to adopt a more global approach and
diagnose the evolution of the salinity pattern amplification, and its partial elimination by forced circulation
changes. Different pattern amplification indices have been proposed to capture this global aspect. Here,
we compute the Salinity Contrast (SC) metric as defined by Cheng et al. [2020]. This metric can be
computed for the SSS only or for the 3D salinity field over a chosen depth. From a climatological salinity
field, a global median salinity Sclim is defined over the chosen ocean volume, as well as the regions where
salinity is greater than Sclim (Vhigh) and lower than Sclim (Vlow). The salinity contrast is then computed at
each time step as the difference in volume-weighted salinity between high salinity (Vhigh) and low salinity
(Vlow) regions, that is:

SC =

∫∫∫
Vhigh

S(x,y,z,t)dV∫∫∫
Vhigh

dV
−

∫∫∫
Vlow

S(x,y,z,t)dV∫∫∫
Vlow

dV
(IV.2)

We downloaded the latest time series of salinity contrast computed from the observation-based IAP
gridded dataset of Cheng et al. [2020], at the surface (SC0) and in the upper 2000m (SC2000), available
for the period 1960-2020. Sclim, Vhigh and Vlow are defined over 1960-2020 and the data is given relative
to the 2008-2018 baseline. The annual mean values are plotted in figure IV.3 (black line) along with the
lowess-filtered time series with a span width of 240 months (grey line). The observed SC0 and SC2000
show a clear increase from the 1970s, with interannual variations modulating this general positive trend.
We note there can be some differences among gridded salinity products before the 2000s, as displayed
in Figure 11 in Cheng et al. [2020]. We reproduce these two indices in the IPSL-CM6A-LR large en-
semble, choosing the same period 1960-2020 from the ensemble mean to define the climatological field,
and compute SC0 and SC2000 in individual members, shown with the same 2008-2018 baseline. The
observed time series lie within the spread of the ensemble. The ensemble mean SC0 anomalous values
and trend fit well those of the observed SC0. For SC2000 however the observed trend is larger than the
ensemble mean’s, but the observed time series is within the ensemble distribution. Member r1i1p1f1 is
displayed here as an example and shows that depending on the initial conditions, the observed trend is
one possible realization. In the large ensemble, SC0 continues to increase in the remainder of the 21st
century simulations. On the other hand, SC2000 in the ensemble mean stabilizes around 2010 and barely
changes afterward.

Because we have simulations that go back in time, and because we designed ocean-only experiments
to specifically separate internal variability from forced signals, we now compute the SC0 and SC2000
indices in the ocean-only experiments, using the mean CTL experiment as the climatological state, so
that the climatology is defined under unforced conditions. We then plot the anomaly in the perturbed
experiments relative to the CTL. Note this is equivalent to computing SC0 from the salinity anomaly
relative to CTL. We apply the same procedure with the passive salinity tracers. We also compute SC0 in
the large ensemble, this time using 1850-1899 from the ensemble mean as the climatological state, and
the SC anomaly is plotted relative to this same period. The resulting time series are shown in figure IV.4.

SC0 in the ALL experiment increases and evolves within the spread of the large ensemble, centered
on the ensemble mean until about 2000 and greater thereafter. It starts to increase in the early decades of
the 20th century, pauses from 1950 to 1980 and starts to increase more rapidly after the 1980s, mirroring
the signal of global mean surface temperature increase. This global increase results from the freshwater
flux perturbation (WATER experiment), acting to intensify the SSS contrast at a larger rate than in ALL in
the 21st century. SC0 in the WATER experiment can itself be decomposed into an added salty/freshwater
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Figure IV.3: Salinity contrast at the surface (SCO, left) and in the upper 2000m (SC2000), computed in
the large ensemble as in Cheng et al. [2020]. The observed salinity contrast time series were downloaded
from Lijing Cheng’s website: http://159.226.119.60/cheng/. The baseline is 2008-2018.

component (dotted blue line) responsible for almost 100% of the total signal until the late 20th century
(SC0 in ALL), and a negative redistributed component (difference between the dotted and solid blue lines)
which increases over the 21st century, showing that circulation changes induced by the freshwater flux
perturbation itself are acting to weaken the "salty gets saltier, fresh gets fresher" fingerprint. Changes
in the circulation caused by the wind stress perturbation are also acting to decrease SC0 (STRESS, or
difference between BUOY and ALL), and the heat flux perturbation slightly increases SC0 in the second
half of the 21st century. The impact of all these circulation changes only arise during the 21st century.

Figure IV.4: Salinity contrast at the surface (left) and in the upper 2000m (right), computed in the large
ensemble and in the ocean-only experiments. The climatological high and low salinity areas are compute
from the CTL mean state for the ocean-onyl experiments, and from the ensemble mean 1850-1899 mean
state for the large ensemble.

Over the upper 2000m, a different picture emerges. The freshwater flux perturbation alone still causes
a significant increase in SC2000 (larger than the ensemble in the 21st century), with a greater contribution
from the added component, partially offset by the circulation changes in WATER (solid and dotted blue
lines). However, the total SC2000 in ALL follows the increase of the ensemble mean until the 1970s,
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pauses until the 2030s and then proceeds to progressively decline in the remainder of the simulation, a
feature that seems to slightly move away from the response of the the large ensemble. This slower evolu-
tion of SC2000 in the ALL experiment and subsequent decline is explained by changes in the circulation
induced predominantly by the heat flux perturbation (causing a slow decrease in the 20th century and a
more rapid decline in the 21st century) and secondarily to the wind stress perturbation, starting to take
effect around 2025. Changes in the circulation are thus very efficient at counteracting the increase in
salinity contrast driven by the freshwater flux when considering the entire ocean in the upper 2000 m.

One notable feature is that we don’t quite find the result of Zika et al. [2018], i.e. that the heat flux
perturbation plays an important role in setting the SSS pattern amplification. Here, the effect of the heat
flux is only slightly significant by 2100. One explanation is that they apply an idealized, much stronger
radiative forcing, in which the salinity field might respond more quickly to the increased heat flux. An-
other explanation is that we don’t use exactly the same metric. Indeed, the salinity contrast as proposed by
Cheng et al. [2020] and applied here doesn’t necessarily translate an exact pattern amplification: for exam-
ple, a salinity increase in only high-salinity regions (such as the North Atlantic) could lead to increasing
SC, even if the low-salinity regions keep their initial values, or only slightly change in either direction.
Other indices have been constructed. Zika et al. [2018] use a water-mass transformation framework to
construct their amplification index. Durack et al. [2012] use a regression between basin zonal mean SSS
changes and climatological basin zonal mean SSS anomaly, to construct theirs. We could also apply these
indices to our freshwater flux perturbation (the freshwater flux contrast computed similarly as SC indeed
increases; not shown).

Other possibilities going forward include using pattern-based methods as in chapter II. The spatial
fingerprint looked for could be the pattern of the passive salinity tracer, translating only the integrated
signal from the freshwater flux forcing. However, these diagnostics don’t help to really understand how
the pattern amplification is weakened by circulation changes regionally. Thus, a more regional approach
could be an interesting perspective. Fixed boxes cannot always be a good tool, as for the case of salinity,
the forced signal implies dipoles of change, like in the SAMW/AAIW region. Tracking water-mass char-
acteristic dynamically could be an interesting regional approach. For instance, the freshening of AAIW
have been found to reflect the increased precipitations at southern high latitudes by the "pure freshening"
process [Bindoff and Mcdougall, 1994, 2000, Banks and Bindoff, 2003, Lyu et al., 2020]. Seeing how
these characteristics change when compared to the freshwater-only forced experiment could give more
explicit indications as to the processes at play in weakening the fingerprint of the intensified hydrological
cycle.
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CHAPTER IV. DECOMPOSING MECHANISMS OF TEMPERATURE AND SALINITY CHANGES AND THEIR
EMERGENCE FROM INTERNAL VARIABILITY

4 Key points

• In this chapter, I applied the numerical configuration presented in Chapter III to investigate
the mechanisms causing thermohaline changes in the ocean to emerge from background
internal variability, in the framework of the IPSL-CM6A-LR large ensemble.

• We first focused on temperature signals. We showed that in the long-term (by the end of
the 21st century), our decomposition into individual surface flux forcings and into passive
and redistributive components reproduces the main features found in previous studies that
investigated these questions in the long-term response to more idealized forcings.

• We proposed a new analysis, looking at the balance of mechanisms in the transient response
to climate change, focusing on geographical regions of the ocean associated with important
ventilation pathways.

• In the mid-latitude Mode Waters of the Southern Ocean and North Atlantic, we find that
although there is a large redistributive cooling in the North Atlantic induced by the heat flux
perturbation by the late 21st century, the passive warming is the most important mechanism
at the time when the total temperature change emerges from internal variability.

• In the open subpolar Southern Ocean, where AABW are formed and exported, there is pas-
sive uptake and transport of excess heat from the surface to the abyss, but this process is
weakened by the decreasing overturning cell, induced by increasing buoyancy fluxes caus-
ing surface stratification. Instead, the increased stratification isolates the warmer subsurface
waters, which increasingly gain heat. In the 20th century, both passive and redistributive ef-
fects are of equal importance, but in the 21st century, the passive uptake of heat does not
keep increasing, and the redistributive warming takes the lead, with some delay from the
surface winds, acting instead to destratify the water column.

• In the subpolar North Atlantic, where NADW are formed and exported, there is no signal
before the 1980s. The passive uptake of excess heat starts in the early 21st century, but is
almost entirely balanced by a redistributive cooling caused by AMOC weakening due to the
heat flux perturbation. The small total warming by the late 21st century is found to be caused
by circulation changes induced by the freshwater flux perturbation.

• Overall, these numerical experiments highlighted a number of physical mechanisms acting
on a range of timescales during the transient response to anthropogenic climate change.

• We then presented some perspective work on the response of ocean salinity. We show that
the passive tracer is a clear response to the hydrological cycle amplification, but that circu-
lation changes act to weaken these patterns. We proposed a salinity contrast diagnostic at
global scale, and more work is needed to investigate the balance of mechanisms at regional
scale to understand the evolution of the total response.
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Conclusion and discussion

Main results

Many aspects of the climate system are currently seeing long-term changes, unprecedented in their
rates over many centuries to thousands of years [IPCC, 2021b]. As a result, every inhabited region over
land is already affected by climate change. The ocean is not spared and has already experienced drastic
changes in its physical and biochemical properties. The thermohaline structure of the ocean has been par-
ticularly affected: observations of the upper ocean since the mid-20th century show an unabated warming,
and large-scale salinity changes coherent with an intensification of the hydrological cycle. There is still a
lot we don’t know about how temperature and salinity naturally vary in the ocean in the absence of human
forcings, and much to be discovered about the deeper parts of the ocean, below 2000mwhere observations
are still sparse today, and where long-term, global scale changes are missing from observational records.

To try and understand the responsibility of human activities in long-term oceanic changes and their
projections, we can dive, with precautions, into the modelling world. By comparing simulations of the
climate system since 1850 with and without anthropogenic forcings, we can map when, in different re-
gions of the ocean, changes in temperature and salinity (and other variables) become greater than natural
variations that would occur in the absence of human influence on the climate system. In other words,
we can look when a deviation from background conditions occurs, for different variables and different
regions of the ocean and on which time scales. We can investigate how these changes are manifested, and
find out what their origin and driving physical processes could be.

This is what we have tried to broadly address in this thesis, with a variety of methods and frame-
works. In an ensemble of climate models, we have extracted the dominant, externally-forced patterns of
temperature and salinity changes found across models along surfaces of equal density. Accounting for the
fact that models don’t form their water-masses at the same densities as observed in the ocean, we found
similar features and amplitude of multi-decadal changes in this density space. This framework focuses
on upper ocean changes, under the mixed layer, essentially zooming in on thermocline, mode and inter-
mediate waters of the global ocean. We revealed that changes in these water-masses were expected to
emerge from natural climate variability between the last decades of the 20th century and the first decades
of the 21st century for the ensemble median, with earlier emergence in the Southern Hemisphere than
in the Northern Hemisphere. In particular, the cooling and freshening of the Subantarctic Mode Wa-
ters (SAMW) when looked in density space, that is observed in the southern Indian and Pacific basins
(20ºS-40ºS), emerges decades earlier than the cooling and freshening of the northern Pacific subtropical
mode waters (10ºN-30ºN). The Atlantic basin was found to present a different structure, with cooling
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and freshening in the southern mid-latitudes but much weaker model agreement as to the emergence of
this signal, and warming and salinification in the North Atlantic subtropical mode waters (20ºN-40ºN)
emerging before 2020. The North Pacific subpolar gyre (40ºN-60ºN) shows warming and salinification,
emerging in the 2010s-2020s. All these changes occur between 100-500m, sometimes reaching 1000m
depth. Weaker but significant warming and salinification is also found across models and basins prop-
agating deeper in the water column, between the 27.5 and 28 kg.m-3 γa (approximated neutral density)
isopycnals in the upwelling sector of the Southern Hemisphere. These patterns emerge at the turn of the
century in the multi-model median but are associated with larger inter-model spread than at mid-latitudes.
In these water-masses, we find earlier emergence around 1500-2000m depth than in the upper ocean, and
a northward extent of the emerging patterns at different latitudes across basins.

The hemispheric symmetry in the patterns of change in the Pacific and Indian basins are consistent
with the single model study by Banks and Bindoff [2003], who found similar patterns along density
surfaces in a climate change scenario, a feature that could not be explained by internal variability alone.
They attributed the Indo-Pacific zonal mean changes mainly to surface warming causing a displacement
of isopycnals in the water column, where vertical gradients of salinity and temperature vary regionally.
This is also coherent with the broad-scale subduction of surface warming causing the observed changes,
hypothesized by Durack and Wijffels [2010].

A second approach of this thesis consisted in shifting from the multi-model view to a single-model
initial condition large ensemble, to 1) explore the time scales of temperature and salinity emergence in this
model and better identify the role of different initial conditions of climate variability in modulating the
emergence of the forced response; 2) investigate the mechanistic origin of these changes in the transient
response to climate change, with the development of a numerical framework to attribute these changes to
separate physical drivers. While themulti-model approach is a powerful tool to extract themost prominent
information across models while limiting individual biases, focusing on a single model allows to dig into
possible drivers of change and test hypotheses with numerical experiments.

The response of the IPSL-CM6A-LR large ensemble was tested against the multi-model mean in the
density framework, revealing similar patterns of change and time scales of emergence, with a few regional
differences in amplitude of change and in the density where these changes take place. Most significantly,
the subtropical North Atlantic in the large ensemble exhibits an opposite sign of change than in the multi-
model mean, and the subtropical freshening in the southern Pacific is almost absent. We then adopted
a "regular" depth coordinate, more appropriate than γa to explore changes equally in the entire water
column, including the vast deep and abyssal ocean. This also enables us to investigate changes in the
temperature and salinity variables separately, and consider their total, effective change.

The largest changes in temperature and salinity are found in the first 1000m of the ocean, but the
low noise levels of the deeper ocean reveal significant signal-to-noise ratios at depth, including in poorly-
ventilated regions. The pathway generally associatedwith the export of AABW is the first to see detectable
change, with the forced signal (estimated by the mean across 30 members) emerging in the mid-20th cen-
tury for both temperature and salinity. This region is also associated with a century-wide spread between
members, underlining that initial conditions play a significant role in determining when temperature and
salinity definitively exceed the bounds of their unforced regime in these bottom waters. In other parts of
the ocean and even at global scale, higher SNRs and earlier emergence is found for temperature than for
salinity. In the upper ocean, the regional patterns of emerging temperature are coherent with the early
emergence found in density space, globally organised around the main pathways of gyre and overturning
circulation, with deeper penetration of high SNRs in the Southern Ocean mid-latitudes. The time scales
of the upper ocean warming at global scale reflect that of the global mean surface temperature signal,
with an early warming in the 20th century that is detectable in some but not all members, while the larger,
more rapid change of the late 20th - early 21st century is detected in all members, within around a couple
of decades of one another. The global pattern of temperature change in the zonal mean is detected earlier
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when weighting by the local noise than when considering the signal alone, another evidence that the deep
ocean in this model is particularly sensitive to climate change signals.

The reasons for these regional emerging patterns in the IPSL-CM6A-LR model were searched for
by designing ocean-only experiments to reproduce the ocean response of the historical+ssp period, as
forced by all surface flux perturbations (heat, freshwater, winds) of the coupled model during this period,
or imposed separately. This novel numerical configuration allowed to properly investigate the balance of
large-scale mechanisms in the transient response to climate change, while attempting to effectively sepa-
rate internal variability from the forced response. The surface perturbations cause warming in almost all
regions of the ocean, either by the direct input of excess heat flux into the ocean, or by the redistribution
of internal ocean heat by circulation changes in response to these perturbations. To explain the different
emerging patterns of temperature change in the coupled model, we found that the emergence of the up-
per ocean warming was generally driven by the passive uptake and storage of excess heat by the ocean
circulation, with a minor role for circulation changes at the time when these signals emerge; while in the
deeper ocean, circulation changes played an important role. Indeed, in the open subpolar Southern Ocean
where AABW are generally formed in the model and exported, although the winds act to increase verti-
cal mixing, destratify the water column and thus cool subsurface water-masses, increased freshwater and
heat fluxes strongly stratify the surface (pre-dominantly from the surface freshening) and reduce vertical
mixing, blocking the warmer subsurface layer from releasing its heat. It is the latter drivers, on top of the
surface heat flux anomalies penetrating in the ocean as temperature anomalies, that are responsible for
the an early (mid-20th century) rise of the forced temperature signal in the large ensemble, which is partly
offset by the wind forcing later in the 20th century and continuing in the 21st century. In the subpolar
North Atlantic, the decreasing overturning circulation cools the subsurface, almost completely counter-
acting the storage of excess heat. The residual warming in the ensemble is found to be mainly due to
redistribution by the freshwater flux perturbation. The emergence of the total warming in the deep waters
of the subpolar North Atlantic is found several decades after the subpolar Southern Ocean; and about
10 years later for the mid-latitude upper ocean warming of the North Atlantic compared to its Southern
Ocean counterpart. This asymmetry is consistent with the hemispheric asymmetry in the ocean’s stor-
age of anthropogenic heat that has been linked to GHG forcing being partly counterbalanced by aerosol
forcing in the 20th century in the Northern Hemisphere [Shi et al., 2018, Menary et al., 2020].

Overall, these results suggest the ocean is particularly sensitive to human-induced climate change,
with its thermohaline structure already modified beyond the level of natural variations in large parts of
its interior water-masses. This sensitivity is due to a balance of diverse processes that varies regionally.
If climate model projections can be trusted for the future of the deep ocean, which can be questioned
(see below), this could mean that the sparse observed changes already collected in the deep and abyssal
changes could already be of anthropogenic origin. The prospect of deep Argo floats provides hope to
obtain greater temporal and spatial sampling of the ocean below 2000m than is currently possible, with
the perspective to solve interannual variations at these depths.

Implications for our cross-cutting questions

In the General Introduction, we laid out three questions that have constituted the scientific motivations
of my thesis. Without claiming to provide straight answers, we will now try to discuss these points here
based on the knowledge developed in this thesis.

What is the balance of mechanisms that makes the region associated with SAMW and AAIW such
a key place for the detection of thermohaline changes of anthropogenic origin?

Across the studies presented in this thesis, we found using independent approaches that the Mode
and Intermediate waters of the Southern Ocean stood out as one of the earliest emerging regions, with a
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warming signal emerging from internal variability by the late decades of the 20th century. This confirms
the results of several other studies that have independently found over the years significant multi-decadal
changes in these water-masses in observations [Bindoff and Church, 1992, Johnson and Orsi, 1997, Wong
et al., 1999, 2001, Bindoff andMcdougall, 2000, Aoki et al., 2005, Gille, 2008, Durack andWijffels, 2010,
Helm et al., 2010] and coupled models [Banks et al., 2000, Downes et al., 2010, Sallée et al., 2013, Lyu
et al., 2020], indicating a warming in SAMW and freshening in AAIW along pressure surfaces, or a cool-
ing and freshening along deepening isopycnals. They point the origin of these changes to global surface
warming associated with increased precipitation - evaporation in the source region of AAIW, expressed
as warm and fresh surface anomalies, with a secondary role for changes in the winds acting to increase the
downward Ekman pumping. These anomalies penetrate in the interior along the ventilation pathways of
SAMW/AAIW, i.e. they are subducted below the deep winter mixed layer and exported equatorwards into
the subtropical gyres. This highlights the sensitivity of these water-masses to thermodynamic changes,
integrating long-term changes as they are formed and homogenized on large volumes, with detectable
climate change signals before the 21st century.

Separating the air-sea fluxes into individual components, we found that the warming signal propagated
deeper when the perturbation of the wind stress was included, corroborating earlier studies that found
that the effects of the poleward and intensifying westerly winds, increasing the northward transport and
subduction of heat, was a secondary but important ingredient of the amplitude of the warming in the
long-term or equilibrium response [Fyfe et al., 2007, Liu et al., 2018, Shi et al., 2020]. However, in the
transient response, changes in the wind stress start to affect subsurface temperature changes only from the
1980s, when the warming is already large enough to exceed internal variability thresholds. The dominant
warming mechanism in the Southern Ocean mid-latitudes is found to be the uptake of excess heat at
about 60ºS where old deep water upwells, and is transported northward and subducted by the background
meridional overturning circulation (MOC). This is true in the transient response, and it is by this very
effective process that the upper ocean is warmed in the 20th century onwards. Circulation changes play a
secondary role, with an enhancement of the warming by the winds in the 21st century, almost completely
compensated by a cooling due to increased freshwater fluxes. The residual redistribution effect is found
to be caused by the heat flux perturbation itself, slightly offsetting the passive warming by increasing
the stratification, reducing the overall ventilation of the region and preventing the heat from reaching as
deeply as the passive process. The realism of the time scales found in our modelling study depends on
the balance between the different perturbation components, their amplitude, and the representation of the
overturning circulation, which, as we have seen here, controls most of the warming processes [Armour
et al., 2016].

To sum up, SAMW/AAIW are a hot spot of anthropogenic warming with particularly high signal-
to-noise ratios compared to other water-masses of the upper ocean. The importance for heat storage of
these Southern Hemisphere water-masses compared to their Northern Hemisphere counterpart is due to
a combination of aspects:

• They are formed over large volumes of water, which means they integrate the varying atmospheric
conditions at their formation site; they are thus well-positioned to capture long-term trends in air-sea
fluxes while removing the higher frequencies of natural variations.
• The residual-mean MOC of the Southern Ocean upwells old waters that haven’t seen atmospheric
conditions in decades to centuries; they surface at the southern flank of the ACC, where the atmo-
sphere has warmed more rapidly than the ocean surface waters. This creates a very large uptake
of heat that, instead of being stored locally, is transported northward by the upper branch of the
residual-mean MOC to be stored in the SAMW that subduct north of the ACC. Thus, not only do
these water-masses gain heat by local warming sources, but they capture the majority of the heat
taken up at higher latitudes because of the background circulation.
• The northward convergence of heat in the SAMW is partially increased by the intensifying westerly
winds in response to ozone and GHG forcings, starting in the late 20th century.

158



CONCLUSION AND DISCUSSION

• Another notable difference with the Northern Hemisphere stemming from radiative forcings is the
weaker effect of aerosol radiative cooling in the Southern Hemisphere, that possibly temporarily
offsets the GHG-induced warming in the Northern Hemisphere, delaying the uptake of heat. This
could further possibly explain why there are hemispheric asymmetries in the detection of ocean
warming.

We have not addressed a variety of processes which are important for the upper ocean circulation,
the subduction and ventilation of SAMW and AAIW, and the evolution of upper ocean warming. For
instance, the horizontal resolution of global climate models (∼1º) does not allow for finer processes to
be resolved, such as the role of eddies in inducing advection and isopycnal mixing, which are instead
parameterized and can be important for the net residual meridional overturning and for the ventilation of
water-masses without net mass transport [Gent and Mcwilliams, 1990, Speer et al., 2000, Sallée et al.,
2010, Abernathey and Ferreira, 2015]. Furthermore, we have adopted a zonal mean view, as is often
done because it is a useful tool, but is also a simplification of Southern Ocean dynamics. Indeed, the
subduction of SAMW and AAIW varies longitudinally, and is found in localized hot spots constrained
by the bathymetry, with circumpolar variations of SAMW and AAIW characteristics [Sallée et al., 2010,
Jones et al., 2016a]. Adopting a 3D framework would enable to see whether these hot spots are displaced,
and whether that relates to the amount of warming that is found in the interior. Finally, while we have
talked about SAMW and AAIW, we have not formally delineated them with dynamic criteria, such as
the minimum in potential vorticity for SAMW and the salinity minimum for AAIW (e.g. Downes et al.
[2010], Sallée et al. [2013], Hobbs et al. [2021], Roy et al. [2021]), as these properties can evolve in time
in response to climate change. Such delimitation of water-masses can inform on the evolution of their
volume, ventilation time and thermohaline properties.

What can we learn from climate models about deep and abyssal changes and their timing?

We have found thermohaline changes at depth in climate model simulations, emerging from internal
variability sometimes earlier than in the upper ocean. These changes were found on density surfaces
(warming and salinification) in the range of CDW, and on depth surfaces in the pathways associated with
the export of AABW (warming and freshening), as well as in the weakly-ventilated shadow zones of the
ocean interior (e.g. DeVries and Primeau [2011], Holzer et al. [2021] and see figure V.1), especially in
the Pacific and Indian basins around 2000-4000m depth, with rapid and already emerged changes in both
temperature and salinity. These changes are coherent with a small propagation of the surface warming
at depth, along with a much larger warming due to the reorganization of the circulation in response to
surface buoyancy fluxes at high latitudes, acting to decouple the surface from the deeper layers. It is
interesting to see that, in contradiction with the idea that deep convection is a conduit to export surface
warming downward, and that shutting down deep convection will possibly decrease the rate of heat uptake
in climate models [Heuzé et al., 2015], we find that the warming in AABW by 2100 is mostly caused by
the fact that deep convection shuts down and subsurface heat is trapped, with only a minor role for the
excess heat passively transported by the decreased circulation. The fact that rapid changes are also found
in areas of the ocean where it takes over 1200 years for these water-masses to get ventilated (figure V.1)
is particularly fascinating at first sight, and suggests that some water-masses are getting geographically
reorganized by transport and mixing processes.

Studying deep ocean properties in climate models can be tricky. We have shown that persistent drift
can be present, largely impacting the mean state of the deep and abyssal ocean and its long-term changes,
and should thus be removed when looking at trends. For salinity, we have seen that there is a persisting
drift in some areas even after a careful dedrifting procedure, whichmight be an indication that the shape of
the true drift in salinity might be more complex at local scale than a second order polynomial. This drift in
temperature and salinity might affect the evaluation of climate models and their intercomparison. Indeed,
thermohaline properties in the model are often compared to observations, averaged over a common period
of time; however, the mean state in these variables drifts in the model. Furthermore, in some intercom-
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Figure V.1: Zonal mean Age tracer indicating time since surface contact, after over 2500 years of piCon-
trol run in the IPSL-CM6A-LR. White contours indicate climatological potential density.

parison studies looking at bottom waters and their formation processes (e.g. Heuzé [2021], Mohrmann
et al. [2021]), only one member is used, but we have found that these water-masses and their associated
processes are particularly sensitive to initial conditions (also corroborated by de Lavergne et al. [2014]),
which casts doubts on the relevance of taking into account a single member when looking at processes
such as deep convection in a limited time period.

To what extent can thermohaline changes in the deep and abyssal ocean be trusted in climate mod-
els? The bottom water-masses of the ocean and their near-surface formation site at high latitude are
very weakly stratified compared to the rest of the ocean (Levitus and Boyer [1994], also see figure V.1).
Because density gradients are weak in these parts of the ocean, it is not surprising that an anomalous
and continuous buoyancy supply, even small in amplitude, can radically change the structure and charac-
teristics of deep and bottom waters. For instance, the non-renewal of cold AABW or their export with
modified characteristics is a coherent factor of rapid thermohaline structural changes in the bottom layers
of the ocean. However, some high-latitude processes, where deep and bottom water-masses are formed,
are not represented in climate models, or not well represented. For instance, climate models tend to
form their bottom waters by open-ocean deep convection, while we know that in the real ocean it forms
through dense water formation on the Antarctic continental shelf, which then overflows and sinks along
the continental slope towards the abyss [Heuzé et al., 2013, Heuzé, 2021]. In addition, we expect the in-
creasing glacial melt from the Antarctic ice shelves, which is not represented in the current generation of
climate models, to have a large impact on the formation and export of AABW [Lago and England, 2019].
These important limitations of climate models hinder going too far in the interpretation of future change
projected in AABW. However, investigating processes at play in AABW changes in climate models, and
knowing about the main limitations in the representation of these water-masses, allow us to speculate on
the direction of future changes. While AABW formation processes are arguably unrealistic in climate
models, increases in stratification would also reduce formation of dense shelf water in continental shelf,
and have therefore similar consequences than what is projected in climate models when forming AABW
by deep convection. Similarly, increasing iceshelf meltwater as a response to climate change goes in the
same direction as the increased freshwater flux already simulated in climate models, with possibly similar
but larger effects, as basal melt implies large surface freshening. In summary, despite important limita-
tions in the representation of bottom waters in climate models, current process-understanding tends to
tell us that the direction of temperature changes projected by those models is robust.

To what extent can we trust time scales of change in deep water properties presented here? Even
though we can provide some understanding with the processes already represented in the models, it is
difficult to predict what will be - and already are - the time scales of such changes in the real world. The
balance of complex processes driving these changes determines their timing. We know that models con-
vect too much [Heuzé, 2021], which means that a decrease in deep convection in these models potentially
drives too rapid warming in the bottom waters, with important consequences for climate sensitivity [Gjer-
mundsen et al., 2021]. On the other hand, glacial melt is not included, which would possibly enhance the
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warming response at depth, and its rapidity [Lago and England, 2019]. Furthermore, the time scale of this
warming across models probably depends on the representation of deep convection in each model, and the
timing of its decrease or complete shutdown. For example, IPSL-CM6A-LR has been found to not form
any open-water polynias even before large climate signals have penetrated in the ocean (although only one
member was investigated) [Mohrmann et al., 2021]. In models that do form open-water polynias (such
as ACCESS-OM2, Dias et al. [2021]), the timing of the response may vary according to the frequency of
such events, and their decrease with time. Moreover, we have seen that the timing of the bottom warming
among a single model is extremely constrained by the initial conditions (large inter-model spread in the
emergence of the warming signal). Finally, the IPSL-CM6A-LR model seems particularly sensitive to
changes in these deep and abyssal regions, with early and significant warming in the ensemble mean. This
can be explained by the low variability envelope (noise) found at depth which leads very easily to emerg-
ing signals. The realism of this noise estimate is unknown in observations, but it would be interesting to
investigate whether this is a robust feature of climate models, by looking at other large ensembles, after
having carefully removed any residual drift. The sensitivity of different processes under global warming
to initial conditions in other large ensembles would be a particularly compelling point to address in future
studies, as they largely control the thermal transient response of the deep ocean.

What does emergence mean in different methodological frameworks, how do they compare and
what do we learn from them?

We have considered temperature and salinity changes in the ocean in different frameworks: in basin
zonal mean along pressure and density levels, vertically-integrated, and in the T-S volumetric space. They
all indicated long-term changes, with a different side view. Due to the thermohaline structure of the ocean,
which is very stratified in the upper ocean and weakly stratified at depth, the "binning" methods chosen
(density and T-S space) ended up zooming on upper ocean changes, leaving the largest volumes of the
ocean to reside in just a few bins. Better bin resolution or adapted density definition could help better
distinguishing these deeper parts. In a different way, vertically-integrated variables also favor the upper-
ocean, since it is where the largest changes are found, in absolute values. Consequently, it is really with
a zonal mean framework along pressure surfaces that we were able to uncover the spatial distribution of
emerging signals in the deeper ocean. While this averaging method may be mixing different signals in
the upper ocean, as seen for salinity changes at least in the IPSL-CM6A-LR model, it seems to reveal
coherent changes in the deeper parts. Because of the very low simulated interannual variability in the
deep and abyssal ocean, we detect particularly early emergence at local scales, confirmed by the earlier
detection of the global fingerprint of the temperature SNR compared to absolute temperature values.

We did not find earlier signals along density surfaces compared to pressure surfaces within a same
region and model. Zonally averaging along isopycnal surfaces may pick up more physically-consistent
water-masses and changes than on pressure surfaces. But on multi-decadal time scales, decomposing
thermohaline changes into isopycnal heave (vertical movements of isopycnals) and spice (changes along
isopycnals) cannot be explained as a dynamic / thermodynamic (or adiabatic vs. diabatic) mechanistic
decomposition, as the dominant signal is a downward displacement of density surfaces in the water-
column in response to global warming. As discussed, there are however mechanistic reasons to look
at these changes along both density and pressure surfaces, such as the idealized ventilation processes
introduced by Bindoff and Mcdougall [1994], that have been useful to attribute early signs of ocean
interior change in the observations to changes in air-sea fluxes that were not observable.

Beyond trying to find the best estimate of time of emergence or detection, what I learned throughout
this thesis, is that the range of existing methodologies highlights what is probably more important to our
understanding: the key physical processes acting on time scales of emergence. Indeed, the diagnostics
of time of emergence or detection include many uncertainties, from the estimate of internal variability
to the sensitivity to initial conditions, but also methodological uncertainties related to detection defini-
tions and threshold criteria. We have seen that when the signal is slowly increasing, such as the 20th

161



CONCLUSION AND DISCUSSION

century warming, there is a large sensitivity to initial conditions, even in the "best" places to look for
anthropogenic change (such as SAMW/AAIW). Hence, although the forced signal might be extractable
and detected early within a large ensemble (the ensemble mean), what is most interesting might not be
that this forced signal emerged in 1950, 1955 or 1957, but what processes influence the emergence, the
range over which individual members cross the same threshold, and how that compares across regions
of the ocean. Individual members act as one possible realization of the climate; the observations are
the actual only realization; they have both the forced signal, and the modulations by internal variability,
but we don’t know the "initial conditions" for the observations. Consequently, we can discuss a range
of possible emergence and the sensitivity to internal variations in different regions or points in time. In
some regions, the temperature and salinity changes have already been detected in the observations, but
observations don’t go back very far in time, so it is interesting to revisit these changes in models to know
if they could have been detected earlier than on the observable period. This informs us on the ocean’s
sensitivity to changes in the climate system beyond what we observe. In other regions, changes are not
yet detected, and the emergence diagnostics can provide a guess with a range of possible times when they
may start to be detected. Better quantifying the uncertainties related to these ranges - model-to-model
differences, internal variability, or scenario -, is important to understand what we can learn from these
models.

Perspectives

In this section, I briefly present a few avenues for future work that have sparked my interest, before
trying to conclude on the notion of emergence. Other perspectives for future work have been presented
in the conclusion section of some chapters. For example, early work was presented in Chapter IV on the
mechanisms of salinity contrast amplification and the role of ocean circulation in damping it.

Characterising forced changes in the ocean water-masses

We have largely (mis?)used the term "water-mass" in this thesis to designate broad areas of the ocean
but we have never actually defined them based on dynamic characteristics or looked at their long-term
changes. In Chapter I, we tried to inter-compare regional long-term changes in climate models by adapt-
ing the regions we looked at in each model, but this largely relied on an ad-hoc approach, and would
benefit from more quantitative criteria. Indeed, water-masses can be displaced geographically, and their
density and volume can also change in response to climate change, so neither fixed boxes along density
or pressure surfaces are a good fit to actually follow their evolution (formation rate, volume, T-S char-
acteristics, etc..). This was not the question that we aimed to tackle, but could be an interesting avenue:
more appropriately track water-masses in time and investigate how their characteristics respond to climate
change, whether they grow or completely disappear in response to different forcings [Downes et al., 2009,
2010, Sallée et al., 2013, Hobbs et al., 2021, Roy et al., 2021]. Furthermore, it is a promising approach
for intercomparison analyses based on different models and observations, as water-masses across models
are not always found at the same depth or density levels.

Attribution to different radiative forcings: experimenting with DAMIP

In the analysis of the IPSL-CM6A-LR response to climate change (Chapter II) and in the numerical
framework presented in Chapters III and IV, we focused on the historical and ssp245 radiative forcings
that included all anthropogenic external factors, largely because we had the large ensemble of members
which was an essential tool to extract the forced response. However, to test the role of individual anthro-
pogenic forcings and the hypotheses made on the delay of warming emergence in the North Atlantic com-
pared to Southern Ocean because of anthropogenic aerosol cooling, it would be an interesting prospect
to explore the DAMIP (Detection and Attribution Model Intercomparison Project) experiments that have
run in response to individual forcings. Similar ocean-only experiments could then be run in response to
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these individual forcings, although the forced component from the surface fluxes would not be as refined
because of the smaller number of members than the historical-extended ensemble.

Quantifying different sources of uncertainty: towards a multi-large ensemble analysis

Diving into the analysis of a large ensemble of historical-extended simulations allowed to quantify
the uncertainty and the sensitivity of the model’s response to different initial conditions in internal phases
of variability. The uncertainty of the ToE of ocean warming due to initial climate conditions was found
to be large everywhere in the ocean in the 20th century, with some regions persisting longer than others.
I am really curious to find out how these features hold in other large ensembles, and how this uncertainty
compares to model-to-model uncertainty. A multi-large ensemble analysis seems like a promising avenue
to better quantify the different sources of uncertainty associated with ocean interior changes, which has
for now been mostly done for surface variable projections (e.g. Kumar and Ganguly [2018], Maher et al.
[2020], Deser et al. [2020], Lehner et al. [2020]) or ocean potential ecosystem stressors [Frölicher et al.,
2016], essentially applying the framework proposed by Hawkins and Sutton [2009], revisited to include
better estimates of internal variability uncertainty with the use of large ensembles. Many other questions
could be addressed in a multi-large ensemble analysis. For example, we have seen in the IPSL model that
with 30 members, the historical ensemble spread replicated the interannual variability from the piControl.
Is that true in other models? How many members are needed to isolate and detect anthropogenic changes
across models? The CMIP6 archive, which now comprises several models with over 30 historical mem-
bers, along with the dedicated simulations of Single Model Initial condition Large Ensembles (SMILEs),
provides a large basis for such analyses.

Epilogue: some thoughts on the concept of Time of Emergence

ToE has received particular attention in the past decade for its implications for marine ecosystems
[Bindoff et al., 2019]. The ToE for potential ecosystem stressors (temperature, pH, NPP, oxygen, etc...)
gives indications at local scales on the exceedance of environmental thresholds than can be important for
ecosystem habitats. Marine organisms are exposed to potential radical shifts in their environment. Their
vulnerability to these shifts depends on their individual level of tolerance to variations in environment
variables, and the velocity of the associated changes. Whether different organisms are vulnerable to such
local hazards, and whether they are able to migrate are important considerations for their adaption to
climate change.

These questions are also relevant for extreme events which have potentially large impacts on marine
life: with every additional fraction of global warming, marine heat waves become more frequent and
more intense [Bindoff et al., 2019]. Extreme events are another way to look at the emergence of long-
term signals: instead of focusing on the evolution of mean state variables, the focus is put on the tail of
the distribution.

ToE can be a way to grow our understanding of the impact of climate change. But beyond a precise
time of emergent change, considering the evolution of signal to noise ratios is also a way to explore the
different time scales of the processes at play in response to climate change, with potential impacts at
different SNR levels. We have seen that some processes can be very efficient in causing an early but
small rise in SNR, while others can take longer to occur but will cause more abrupt changes and thus
larger amplitudes of SNR. Looking at emergent change can inform us on which mechanisms are capable
of modifying the climate state, on which time scales, and where in the climate system. Considering a
variety of variables highlights different ways climate signals are expressed.

One fundamental limitation of the ToE or SNR approach in climate models is that even if they can
reproduce observed trends in physical changes, there is still much we don’t know about internal variability
in the real world, at interannual but also decadal tomulti-decadal time scales. Constraining this knowledge
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with long-enough observations is a way towards providing targeted information on whether observed
trends emerge from the seasonal, interannual or decadal cycle. Repeated transects in the ocean have
already provided knowledge on the emergence of 25-year trends from interannual variability [Auger et al.,
2021]. Paleoclimate observations have also been useful to putmulti-decadal observed trends from satellite
measurements in the context of centennial-scale variability [Jones et al., 2016b].

Finally, I have found when telling the main story of this PhD to friends and family, that perhaps, ToE
studies also have a "societal utility" in the message they convey in communicating with the general public:
climate change has already affected the most remote and hidden places of the ocean, away from human life
and from human exploration. These changes will continue to increase and have important consequences
for us, such as sea level rise. But we have the power to limit the amplitude of such impacts, if we make
the right choices as a society, and if we make them now.
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Supplementary Figure 1 Observed and simulated salinity changes analyzed on density 

surfaces between 1950 and 2008, shown in PSS-78/50 years (as in Figure 1 of the paper, in 

original density coordinate). (a) From Durack & Wijffels (2010)1 observation-based 

analysis. Stipples show where the trend is not significant at the 90% confidence level. Black 

rectangles indicate the regions in which the trend is averaged for the computation of Figure 

1c. (b) From the multi-model mean historical experiments. Stipples show the areas where 

less than 60% of models agree on the sign of the change.  
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Supplementary Figure 2 Estimated and simulated salinity changes analyzed on density 

surfaces between 1950 and 2017. (a) From the EN4 observation-based analysis. Black 

rectangles indicate the regions in which the trend is averaged for the computation of Figure 

1c (same coordinates as those used for the Durack & Wijffels 2010 dataset). (b) From the 

multi-model mean historical (1950-2005) + RCP8.5 (2006-2017) experiments. Stipples 

show the areas where less than 60% of models agree on the sign of the change.  
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Supplementary Figure 3 Simulated salinity changes analyzed on density surfaces between 

1950 and 2008, shown in PSS-78/50 years, for the 11 model ensemble means. The dark grey 

area at the surface corresponds to the ocean surface above the bowl. 
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Supplementary Figure 4 Anthropogenic salinity change along density surfaces for the 11 

model ensemble means, at the end of the 21st century (RCP8.5[2080-2100] - time average 

historicalNat). Black boxes represent where the regional time of emergence computation was 

done in each model for Figure 4 and Supplementary Figures 6, 8, 10, 11, 12 and 13. They also 

indicate where the 1950-2008 trends were calculated for the analysis of Figure 1c.  
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Supplementary Figure 5 25-75% inter-model range for the time of emergence of the 

anthropogenic salinity change, calculated for an ensemble of 11 models. Light grey regions 

mean no emergence of the 75th percentile of the distribution, while stippled regions show where 

the models don’t agree on the sign of the signal (see Methods). The dark grey area at the surface 

corresponds to the ocean surface above the bowl. 
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Supplementary Figure 6 Distribution of times of emergence. As in Figure 4 but as a function 

of time. Calculated from the anthropogenic (red) and pure CO2 (blue, from the 1pctCO2 

experiment) signal for 9 regions of interest: the Southern Ocean subpolar range, the Southern 

Hemisphere subtropical range, the Northern Hemisphere subtropical range and the subpolar 

North Pacific. Boxes indicate 1st quartile, median and 3rd quartile. 
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Supplementary Figure 7 Difference in Global Surface Air Temperature (GSAT) between the 

RCP8.5 and RCP4.5 scenario, as a function of time (a) and RCP8.5 warming (GSAT anomaly 

- b). Difference of years between the RCP4.5 and RCP8.5 scenarios at different levels of 

warming (c). Computed with the same model distribution as the rest of the study, with only 2 

simulations missing out of 35 due to the absence of RCP4.5 data. 

At a +2°C warming, there is only a 0.2°C – panel b - (or 8 years, panel c) difference between 

the two scenarios (for the multi-model mean, and the maximum of the distribution stays under 

0.5ºC or 12 years). This value is smaller than the typical width of the boxplots in Figure 4 (or 

Supplementary Figure 6). Yet, our results show that the median signal emerges before 2020 

(Figure 3a) and that by a +2°C warming, the majority of the inter-model distributions across 

regions have emerged (Figure 4). This means that the climate signal in most simulations and 

regions emerges before there is a significant difference in warming scenarios. We can therefore 

argue that a slower warming scenario will only potentially affect the later/warmer part of the 

distributions, which in most regions consists of a few (or even no) outliers, with the exception 

of the southern subtropical Atlantic where half of the distribution emerges after a +2°C 

warming. Thus, a slower warming scenario would simply delay the emergence of that part of 

the distribution.  
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Supplementary Figure 8 Distribution of Global Surface Air Temperature at emergence. 

Calculated from the anthropogenic (red) and pure CO2 (blue, from the 1pctCO2 experiment) 

signal for 9 regions of interest: the Southern Ocean subpolar range, the Southern Hemisphere 

subtropical range, the Northern Hemisphere subtropical range and the subpolar North Pacific. 

Boxes indicate 1st quartile, median and 3rd quartile. Red boxes are as in Figure 4. 
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Supplementary Figure 9 Multi-model mean difference between a doubling of CO2 

concentrations in the 1pctCO2 experiment, and the last 20 years of the piControl.  

 

 

 
Supplementary Table 1 CMIP52 models and number of members used in the ToE calculations 
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Supplementary Discussion 

 
Sensitivity of ToE to noise definition 

We chose a signal-to-noise ratio exceedance threshold of two, corresponding to a 95% 

confidence interval for the signal emergence. We tested how the ToE was affected for a 

threshold of one standard deviation instead (a less conservative choice, corresponding to a 67% 

confidence interval), as also discussed by e.g. Hawkins & Sutton (2012)3, Lyu et al. (2014)4, 

Rodgers et al. (2015)5. The regional anthropogenic ToE distributions are shown in 

Supplementary Figure 10 when using both one (light red) and two (dark red) standard 

deviations as the variability threshold. As expected, we find earlier times of emergence 

(corresponding to a weaker warming), with a shift in the distributions of about 10-20 years for 

the medians according to the regions (0.25-0.75ºC). Although this shift is not negligible, it 

doesn’t change our understanding of the narrative, as one method is simply more conservative 

than the other. Displaying both methods allows for a larger distribution of probabilities, i.e. a 

larger spectrum of possible times of emergence in the real ocean.  

The other sensitivity test was conducted by choosing the pre-industrial control (PiControl) 

instead of the historicalNat experiment in the definition of signal and noise of the anthropogenic 

ToE. As historicalNat includes external natural forcings and PiControl does not, a first guess 

resulting from using PiControl instead of historicalNat in ToE definition would be to obtain 

earlier times of emergence. However, the results are almost not changed by this choice (see 

Supplementary Figure 11), and overall, the distributions are well aligned, and this choice plays 

a secondary role in ToE sensitivity. This is in fact consistent with the use of the interannual 

noise, which is similar between the historicalNat and PiControl experiments. At decadal to 

multidecadal timescales, the noise levels might not be so close (possibly larger for historicalNat 

with the influence of strong volcanic eruptions during certain decades). 
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Supplementary Figure 10 Distribution of Global Surface Air Temperature at emergence. 

Calculated from the anthropogenic signal with 1 S/N as the ToE threshold (light red, 67% 

confidence interval) and 2 (dark red, as in Figure 4 of the paper, 95% confidence interval). 
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Supplementary Figure 11 Distribution of Global Surface Air Temperature at emergence. 

Calculated from the anthropogenic signal using historicalNat in the definition of signal and 

noise (red, as in Figure 4 of the paper) and piControl instead (turquoise, see Methods). 
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Relative contributions of signal and noise to the ToE spread 

We now investigate the relative importance of signal and background noise in controlling the 

ToE spread within models and regions. 

We first consider the inter-model spread within each region (Supplementary Figure 12) and 

find there are two possible opposite configurations of ToE/noise relationship across 

realizations. The first configuration is the absence of any discernible linear fit between the noise 

and ToE (e.g. Southern Subtropical Atlantic, Northern Subtropical Pacific). In the second 

configuration (e.g. Northern subtropical Atlantic, subpolar Southern Pacific), the noise explains 

the ToE at the 1st order (linear fit), and the signal explains it at the 2nd order (dispersion around 

the fit). The background noise being equal for all members of the same model in each region, 

the spread in ToE within several members of one model lies in the different initial conditions 

of the signal, thus exhibiting the role of internal variability of the climate system (e.g. opposite 

phases of an oscillation).  

We now wish to answer the following question: is the spatial pattern of the noise controlling 

the ToE? To address that question, we compare ToE across regions, by considering the 

ToE/noise relationship separately for each model (Supplementary Figure 13). If the noise level 

controlled the ToE spread across regions within a model, then there would be a clear linear fit 

between the two. However, we find that except for a few models where there is indeed a 

discernable fit (e.g. FGOALS-g2, MIROC-ESM, MIROC-ESM-CHEM), ToE is not a clear 

function of the background noise level, i.e. the regions with the highest noise don’t necessarily 

have the latest ToE. 

We conclude that overall it is not (or not only) the background noise threshold (1 or 2 

interannual standard deviations, i.e. the “bounds” of natural variability over a long time series) 

that predominantly explains the spread in the time of emergence but the signal, i.e. either the 

strength of the forced response, or the decadal to multi-decadal variability of the signal itself 

representing different phases of internal (unforced) or naturally-forced variability (no 

smoothing was applied on the annual values of the signal in this study). This is well illustrated 

by the fact that different members of the same model can have ToE differences of more than 

20 years in the same region while having the same background noise level, which means the 

ToE is controlled by the different phases of internal variability of the signal (Supplementary 

Figure 14 – signal and noise time series). 

Thus, uncertainties associated to inter-model spread of ToE may be reduced in the future by 

possible model improvements, but part of the spread won’t be able to be narrowed due to 
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different representations of internal variability that modulates the response to anthropogenic 

forcing. 

 

 
Supplementary Figure 12 Time of Emergence as a function of “noise” (i.e. the standard 

deviation of the historicalNat experiment), distribution of the models per region. 

 
Supplementary Figure 13 Time of Emergence as a function of “noise” (i.e. the standard 

deviation of the historicalNat experiment), distribution of the regions per model. 
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Supplementary Figure 14 Evolution of the anthropogenic salinity change signal in the Pacific 

southern subtropical region, for every model and member used in this study. The light grey area 

encompasses the interval plus or minus one standard deviation of the historicalNat ensemble 

mean, while the dark grey area encompasses plus or minus twice the standard deviation (i.e. the 

noise bounds).  
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Appendix

B
Ocean drift in the IPSL-CM6A-LR model:
test points

Figure B.1: Map of the test points shown below.
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Figure B.2: Temperature (left) and salinity (right) for a grid point in the North Atlantic ocean (see map
in figure B.1), at the surface (top), 500m (middle) and 3000m (bottom).
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APPENDIX B. OCEAN DRIFT IN THE IPSL-CM6A-LR MODEL: TEST POINTS

Figure B.3: Temperature (left) and salinity (right) for a grid point in the South Atlantic ocean (see map
in figure B.1), at the surface (top), 500m (middle) and 3000m (bottom).
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Figure B.4: Temperature (left) and salinity (right) for a grid point in the North Pacific ocean (see map in
figure B.1), at the surface (top), 500m (middle) and 3000m (bottom).
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APPENDIX B. OCEAN DRIFT IN THE IPSL-CM6A-LR MODEL: TEST POINTS

Figure B.5: Temperature (left) and salinity (right) for a grid point in the South Pacific ocean (see map in
figure B.1), at the surface (top), 500m (middle) and 3000m (bottom).
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Figure B.6: Temperature (left) and salinity (right) for a grid point in the Indian ocean (see map in figure
B.1), at the surface (top), 500m (middle) and 3000m (bottom).
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C
Numerical configuration: sensitivity

1 Prescribed chlorophyll field

Here we show the difference in SST in the first year of simulation between CTL and piControl for
different options of the prescribed chlorophyll field (see chapter III):

• nn_chldta=2: the surface chlorophyll from piControl is read and vertically interpolated (figure C.1)
• nn_chldta=2: the surface chlorophyll from an observed climatology is read and vertically interpo-
lated (figure C.2)
• nn_chldta=0: the surface chlorophyll is imposed at the constant and uniform value of 0.05 mg.m-3

(figure C.3)
• nn_chldta=1: the surface chlorophyll from piControl is read (no vertical interpolation, figure C.4)
• nn_chldta=3: the full 3D chlorophyll from piControl is read (left column in figures C.1-C.4)

Figure C.1: Difference in SST in the 1st year between: (1st column) piControl and CTL when reading the
3D chlorophyll field from piControl; (2nd column) piControl and CTL when reading the 2D chlorophyll
field from piControl vertically interpolated; (3rd column) the two CTL experiments mentioned above.

197



2. TEMPERATURE BELOW FREEZING POINT IN OCEAN-ONLY SIMULATIONS

Figure C.2: Difference in SST in the 1st year between: (1st column) piControl and CTL when reading the
3D chlorophyll field from piControl; (2nd column) piControl and CTL when reading the 2D chlorophyll
field from an observed climatology; (3rd column) the two CTL experiments mentioned above.

Figure C.3: Difference in SST in the 1st year between: (1st column) piControl and CTL when reading
the 3D chlorophyll field from piControl; (2nd column) piControl and CTL when reading a constant and
uniform chlorophyll field; (3rd column) the two CTL experiments mentioned above.

Figure C.4: Difference in SST in the 1st year between: (1st column) piControl and CTL when reading the
3D chlorophyll field from piControl; (2nd column) piControl and CTL when reading the 2D chlorophyll
field from piControl without activating the vertical interpolation; (3rd column) the two CTL experiments
mentioned above.

2 Temperature below freezing point in ocean-only simulations

Here we discuss two alternatives to the treatment of the freezing-point temperature tested on the entire
251 years for both CTL and ALL:
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APPENDIX C. NUMERICAL CONFIGURATION: SENSITIVITY

1. At each time step, the temperature is relaxed to the freezing point temperature in the mixed layer
when it falls below freezing, with a 30-day relaxation period. This is equivalent to adding a pos-
itive heat flux in the ocean locally, thus not conserving heat in CTL relatively to piControl nor in
ALL relatively to the historical+ssp245 ensemble. The question is to know whether this heat flux
becomes large in time and if it has an impact on the rest of the ocean.

2. At each time step, we block the temperature to the freezing point temperature in the mixed layer
when it falls below freezing, and we remove the equivalent heat flux in the non-solar heat flux qns
distributed over the entire ocean surface, i.e. at each time step and every grid point: qns(x,y,t) =
qns(x,y,t) - qfrz(t)/S with qfrz the equivalent heat flux added by blocking the temperature to the
freezing point over the mixed layer, integrated vertically and horizontally, and S the ocean area.
This redistribution of the added heat flux allows for the global conservation of heat relatively to the
coupled experiments.

In the second option, over 150 years, the globally-averaged heat flux added and redistributed in qns
due to temperatures falling below the freezing point is qfrz=0.06 W.m-2 in CTL compared to the net
incoming heat flux -0.14 W.m-2 and rises to qfrz=0.12 W.m-2 compared to the total -0.13 W.m-2 over
the entire simulation (251 years). In ALL, qfrz=0.12 W.m-2 over the first 150 years compared to the net
incoming heat flux 0.015 W.m-2. Over the entire simulation, it rises to qfrz=0.16 W.m-2 compared to a
total 0.61 W.m-2. This additional heat flux is thus globally non-negligible in both simulations and rises
over time. Although the second option conserves heat, it implies a global cooling in the first layers of the
ocean because of the redistribution of qfrz in qns, and a warming at depth to compensate for this surface
cooling. This is shown in figures C.5, C.6 and C.7. The global SST cooling in the ALL experiment in
this configuration is such that it leaves the range of the large ensemble (figure C.7, right). In CTL, the
temperature drifts away from the piControl with the treatment of the freezing point in almost all layers of
the ocean.

On the opposite, the first option (imposing a relaxation to the freezing point without any redistribution)
induces a better SST anomaly pattern compared with the large ensemble (figure C.8) but a warming
everywhere in the ocean in CTL and in ALL since heat is added, which makes the temperature in CTL
drift away from piControl as well, much more than the "original" CTL experiment where temperature
evolves freely (figure C.9). This additional heat flux amounts to 0.074 W.m-2 in CTL and 0.11 W.m-2 in
ALL over the entire simulation (less than in the other option since here we relax instead of blocking the
temperature), which is non-negligeable compared to qt=0.16 W.m-2 in ALL. This relaxation makes the
temperature in ALL warm faster and earlier than when letting the temperature evolve freely (i.e. when
respecting the heat budget). This might have consequences on the kind of analyses we are interested in,
e.g. the timing of departure of a warming signal from background climate variability.

To verify that the heat transport is not affected by the temperature below freezing and to better com-
pare the freely-evolving case with the relaxation case, we show in figure C.10 the evolution of averaged
temperature and salinity at different depths in the North Atlantic (in close contact with the ice-covered
region where temperatures fall below freezing) and in a region farther away from the Arctic (the subtrop-
ical Southern Ocean, figure C.11). The differences in-between the two cases of the ALL experiment are
not very large, confirming that the heat transport doesn’t seem much affected by the temperatures below
freezing. The freely-evolving case however is found to be better at reproducing the piControl than the
relaxation test in the CTL experiment, even for salinity which seems to drift away from the piControl
because of the temperature relaxation even in the subtropical Southern Ocean.

In summary, apart from better reproducing the SST anomaly pattern in the Arctic in the ALL exper-
iment, preventing the temperature from falling (or falling too much) below the freezing point does not
have other advantages. Letting the temperature evolve freely is found overall to not impact the response
to anthropogenic climate change in other regions and to be better at reproducing the temporal evolution
of the piControl, which ensures minimal drift from our reference simulation. We thus chose to run all the
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Figure C.5: Intermonitoring of 1D variables for the coupled piControl (black), the flux-forced CTL (red)
and the ALL experiment (purple), compared with the CTL and ALL when blocking the temperature
when it falls below the freezing point and redistributing the equivalent heat flux over the ocean area in
the non-solar heat flux (blue and grey respectively).

experiments without any treatment of the temperature below freezing other than in the equation of state.
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APPENDIX C. NUMERICAL CONFIGURATION: SENSITIVITY

FigureC.6: SST difference in the CTL experiment from the coupled piControl, when temperature evolves
freely (left), is relaxed to the freezing point when it falls below (middle), and is prevented from falling
below the freezing point by blocking it and redistributing the associated heat flux over the ocean area
(right).

Figure C.7: Global mean temperature (left) and SST (right) for the IPSL-CM6A-LR ensemble (grey),
piControl (black), CTL (dotted red), ALL (blue), ALL with relaxation to freezing point temperature (yel-
low) and ALL with blocking of the temperature to the freezing point and redistribution of the associated
heat flux (dotted purple).

Figure C.8: SST anomaly in 2040-2059 relative to 1850-1899 in ALL when temperature evolves freely
(top left), in the IPSL-CM6A-LR historical-EXT ensemble mean (top right), in ALL when the tempera-
ture below freezing point is relaxed to the freezing point (bottom left) and in ALL when temperature is
blocked to the freezing point and the associated heat flux is redistributed over the ocean surface (bottom
right).
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2. TEMPERATURE BELOW FREEZING POINT IN OCEAN-ONLY SIMULATIONS
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Figure C.9: Intermonitoring of 1D variables for the coupled piControl (black), the flux-forced CTL (red)
and the ALL experiment (purple), compared with the CTL and ALL when relaxing the temperature when
it falls below the freezing point to the freezing point temperature (blue and grey respectively).
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Figure C.10: Evolution of temperature and salinity in the North Atlantic (30N-60N) in the piControl
(black), CTL and ALL when temperature evolves freely (red and purple), and in CTL and ALL when the
temperature below freezing point is relaxed to the freezing point (blue and grey).

Figure C.11: Evolution of temperature and salinity in the Southern Ocean (30S-50S) top 1000m, in the
piControl (black), CTL and ALL when temperature evolves freely (red and purple), and in CTL and ALL
when the temperature below freezing point is relaxed to the freezing point (blue and grey).
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Appendix

D
Supplementary Material to the second paper

Supplemental Material Figure 1

Figure D.1: Zonal mean temperature anomaly per basin in the IPSL-CM6A-LR ensemble mean (upper
panels) and in the ALL experiment (lower panels), in 2040-2059 relative to 1850-1899. Their difference
is shown in the lower panels (ALL-IPSLCM6), with stipples indicating where the difference is lower than
twice the intermember standard deviation.
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Supplemental Material Figure 2

Figure D.2: Zonal mean temperature signal to noise ratio per basin in the ensemble mean averaged over
2040-2059 (upper panels). Ensemble median Time of Emergence when the SNR exceeds 3 and remains
above it (middle panels). Grey regions indicate where the median has not emerged. The thick black
contour indicates year 2020. (lower panels) Associated intermember spread (the spread is the difference
between the maximum ToE and mimum ToE in the ensemble). Grey regions mean the maximum ToE is
not defined (no emergence before 2059).
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APPENDIX D. SUPPLEMENTARY MATERIAL TO THE SECOND PAPER

Supplemental Material Figure 3

Figure D.3: Time series of global mean ocean temperature, salinity, SST, SSS, and indices of the AMOC
and Southern Ocean deep overturning cell in the coupled piControl (blue), ocean-only CTL (dotted black),
ocean-only ALL (dark red) and large ensemble (grey).
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Supplemental Material Figure 4

Figure D.4: Perturbation surfaces fluxes averaged in [2081-2100], computed as the ensemble mean
anomaly relative to [1850-1899]. Heat flux (qt’+hflx_rnf’), freshwater flux (-emp’+runoffs’+iceshelf’),
zonal wind stress (utau’) and meridional wind stress (vtau’).
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APPENDIX D. SUPPLEMENTARY MATERIAL TO THE SECOND PAPER

Supplemental Material Figure 5

Figure D.5: Basin zonal mean temperature anomalies in each ocean-only experiment averaged in [2081-
2100] relative to the same period in the CTL. Stipples indicated where the anomaly is lower than twice
the interannual standard deviation of the CTL experiment.
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Supplemental Material Figure 6

Figure D.6: Same as Figure 4 in the paper but for the HEAT experiment: ocean heat content and zonal
mean temperature anomaly averaged in [2081-2100] relative to the CTL. (a,b) total change (c,d) passive
component (e,f) redistributive component (g,f) non-linear added heat component (see text for the defi-
nition of these components). Stippled indicated where the anomaly is lower than twice the interannual
standard deviation of the CTL experiment.
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APPENDIX D. SUPPLEMENTARY MATERIAL TO THE SECOND PAPER

Supplemental Material Figure 7

Figure D.7: As in Figure 4 of the paper but showing the global and basin zonal mean anomalies aver-
aged in [2081-2100] in the ALL experiment relative to CTL. Total change (first row), passive component
(second row), redistributed component (third row) and non-linear added heat component (fourth row).

Supplemental Material Figure 8

Figure D.8: Freshwater flux (blue) and heat flux (red) contributions to the surface buoyancy flux anomaly
in the subpolar Southern Ocean (left) and North Atlantic (right), in the perturbed experiments. The
anomaly is computed relative to 1850-1899, and a 5-year running mean is applied for visual purposes.
The shadings indicate twice the interannual standard deviation of the freshwater (blue) and heat flux (red)
contributions in the CTL experiment, an estimate of the internal variability.
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Supplemental Material Figure 9

Figure D.9: As in Figures 7 and 8 of the paper, but for the abyssal and deep waters, defined as boxes in
global zonal mean between 40ºS and 40ºN below 4000m (abyss) and between 2000m and 4000m (deep).
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Supplemental Material Figure 10

Figure D.10: As in Figure 9 of the paper, mixed layer depth (annual maximum), but with a more regional
focus. Left column shows the MLD in the Greenland and Labrador Seas, as defined in the upper left
panel (directly on the ORCA1 grid) showing the MLD in the CTL experiment. Right column shows the
MLD in the Weddell Sea as defined in the upper right panel (directly on the ORCA1 grid), and in East
Antarctica (latitude-longitude range given in the subplot title). These regions were chosen as hot spots of
deep convection in the CTL.
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Appendix

E
Supplementary salinity figures

Figure E.1: Basin zonal mean salinity anomaly in the ALL experiment relative to CTL, for the total,
passive, redistributed and non-linear added components, averaged over [2081-2100]. Stipples indicate
where the anomaly is below twice the interannual standard deviation of the CTL.
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Figure E.2: Basin zonal mean salinity anomaly in the ocean-only perturbed experiments relative to CTL,
averaged over [2081-2100]. Stipples indicate where the anomaly is below twice the interannual standard
deviation of the CTL.
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APPENDIX E. SUPPLEMENTARY SALINITY FIGURES

Figure E.3: Same as figure IV.2 but for the WATER experiment. Vertically-integrated salt content
anomaly (left) and zonal mean salinity anomaly (right) in the WATER experiment relative to CTL, for
the total, passive, redistributed and non-linear added components, averaged over [2081-2100]. Stipples
indicate when the anomaly is below twice the interannual standard deviation of the CTL.
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Appendix

F
Towards a low-carbon research at LOCEAN

One central object of this scientific work has been the ongoing climate change we are currently living,
caused by human activities. Scientists and particularly the climate science community have played a key
role in warning society about the risks of continually emitting greenhouse gases in the atmosphere. This
same community still plays an important role in delivering the latest, up-to-date evaluation of climate
change science and key climate projections, specifically in the successive IPCC reports. However, how
the climate science and academic community in general has practised its research activities in the past
decades has not been neutral for the climate system and has been been particularly carbon intensive. This,
and the fact that greenhouse gas emissions have not stopped increasing after 30 years of IPCC reports,
raise many questions concerning the responsibility of climate scientists in the climate crisis, questions
that go beyond the point of this paragraph. Nonetheless, I have had the chance to work in a lab where
this aspect has been collectively questioned and acted upon during my time here. A working group was
constituted a few weeks after my arrival at the lab, so I was lucky to be able to join the discussions very
early on and contribute to the efforts that took place here, and that served as an experiment for other labs to
follow in their own way. The low-carbon transition at the lab level is now organized at the national scale,
and constitutes a new topic of research, addressed by the organization Labos1.5 1. In this Appendix, I
briefly present a few orders of magnitude of the carbon footprint associated with my PhD work, before
presenting an overview of the experience that took place at LOCEAN.

1 Carbon footprint of the main activities of this thesis

Here, the goal is not to present a detailed carbon footprint that could be attributed to my PhD, but to
give the orders of magnitude of the main emitting sectors in which I had some personal lever.

Train and air travel

Mycarbon footprint from travelling is presented in table F.1. It is computed from https://monpetitcarbone.
fr. The footprint from air travel can be multiplied by at least 2 (large uncertainties on this factor remain)
when taking into account the indirect effects of contrails on the radiative forcing. My travelling footprint
is dominated by my flying trips, especially from the transatlantic flight. If I had taken the train to EGU
2019 instead of flying, I would have emitted 40 kgCO2e, 5.8 times less than flying (in France, because
of the low carbon content of electricity, the plane/train ratio is larger). At that time, booking European
trains from the CNRS platform was not possible. Furthermore, flying still costs less than taking the train.

1. https://labos1point5.org
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1. CARBON FOOTPRINT OF THE MAIN ACTIVITIES OF THIS THESIS

This is an example where a systemic and structural change is necessary. I will of course try to never fly
again within European borders because it does not make sense anymore to me (+ avoiding as much as
possible long-haul flights, which goes without saying). But this is my personal will. If taking the train
was made easier and cheaper for everyone, it would provoke reductions in emissions beyond individual
small steps. Beyond that, I also believe scientific conferences need to re-think their format. It saddens me
that it took a global pandemic for these organizations to realize it was possible to do things differently and
more inclusively. I won’t expand on these points, nor on the inequalities behind flying because there is a
lot to say, but I will point to a few papers that have already started addressing these issues (e.g. Ong et al.
[2014], Le Quéré et al. [2015], Janisch and Hilty [2017], Kalmus [2019], Wynes et al. [2019], Burtscher
et al. [2020], Klöwer et al. [2020], Glausiusz [2021]).

Table F.1: Carbon footprint from travels

Trip Duration Itinerary Transport Emissions
Winter school 1 week Paris-Brest-Paris Train 4 kgCO2e
EGU 2019 1 week Paris-Vienna-Paris Plane 231 kgCO2e
Visit 1 day Paris-Reading-Paris Train 18 kgCO2e
CMIP6 workshop 2 days Paris-Bordeaux-Paris Train 4 kgCO2e
OSM 2020 1 month Paris-LA; Chicago-Paris Plane 1320 kgCO2e
TOTAL 1577 kgCO2e
TOTAL with contrails x 2 3128 kgCO2e

Numerical simulations

Between running the coupled model, the ocean-only model and the many (many many many) tests it
took to get the numerical configuration developed in this thesis right, it took about a million cpu hours.
A good order of magnitude for the energy usage of an hour of cpu time is 30Wh (storage included,
representing about 10% of that figure) 2. The carbon content of electricity in France is roughly 100
gCO2e/kWh. One cpu hour thus emits 3gCO2e. Consequently, for one million hours, the carbon footprint
of my numerical simulations amounts to 3 tCO2e.

When considering a factor of 2 for indirect effects of flying, we can see that the carbon footprints from
travelling and from numerical modelling are almost equal. The footprint of numerical simulations (and
more broadly of any electricity usage) strongly depends on the carbon content of electricity. The same
simulations in Germany where coal is still strongly burnt for electricity production would have a footprint
multiplied by about 4.

Other sectors

Personnal computer A laptop was bought at the beginning of the thesis (13” MacBook Pro): 160
kgCO2e 3.

Commuting I take the subway to work (RER), which amounts to 14 kgCO2e per year (in a normal
COVID-free year).

2. Internal document: https://intranet.locean-ipsl.upmc.fr/mediawiki/index.php/Calcul_au_sens_des_centres_nationaux,
_et_incluant_les_espaces_de_stockage_et_leur_utilisation

3. Base carbone ADEME : https://data.ademe.fr/datasets/base-carbone(r)
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APPENDIX F. TOWARDS A LOW-CARBON RESEARCH AT LOCEAN

Meals Lunches enter the scope of the professional footprint. I have a vegetarian diet with very small
amounts of dairy. ADEME gives 0.5 kgCO2e per vegetarian meal (on average, a meal is 2 kgCO2e across
all diets, 7.2 kgCO2e when it is beef-dominant). For a year, the carbon footprint of my work lunches
amounts to about 118 kgCO2e per year. For three years: 354 kgCO2e.

Lab functioning In the scope of my professional carbon footprint, should be included the footprint of
lab functioning (energy use, building, etc..) divided by the number of people in the lab. This part is
dominated by the building. This is not something I have a personal lever on, but amounts to about 0.5
tCO2e per year.

2 Towards a low-carbon research at LOCEAN: an overview of the
collective experience

This text is a collaborative contribution. Its first origin goes back to a Twitter thread written with
J-B. Sallée, to share our experience with the Twitter academic community after the lab vote of September
2020 4. It was then extended and completed by other members of the Climactions community at LOCEAN.

Through its research activities, LOCEAN has been contributing for years to the results that feed the
IPCC reports, showing that climate change is a reality whose impacts are felt more and more strongly,
here and elsewhere. The recent heat waves andMediterranean flash floods are shattering evidence, among
others, that France is not spared from the impacts of climate change, and that these impacts are perceptible,
severe and intensifying.

Faced with this fact, France has committed, alongside 194 countries through the Paris Agreement in
2015, to reduce its greenhouse gas (GHG) emissions in order to keep global warming well below 2ºC.
This is reflected in the "National Low-Carbon Strategy" (SNBC, Stratégie Nationale Bas Carbone) by
carbon budgets set for a period of five years, broken down into objectives for all sectors of activity and
to be carried out by all: citizens, local communities, companies. LOCEAN has about 190 employees,
equivalent to a medium-sized company, one of the scales of action of the SNBC. How can it contribute
to the general effort?

A chronological account (October 2018-September 2020)

In October 2018, following the release of the IPCC 1.5 Special Report, the climate walks, and the nu-
merous corridor discussions, the "climactions" group was born at LOCEAN, aiming to gather individual
initiatives into collective actions. A first estimate of the carbon footprint of the lab emanated from this
group in early 2019: in 2018, LOCEAN staff emitted on average 9.5 tCO2e/person (professional footprint
only). This figure should be compared to the national average which was 11.2 tCO2e/person in 2018, and
which included both personal and professional activities. In the case of LOCEAN, half of these emissions
are due to traveling (conferences, meetings, field work, etc.), with air travel accounting for 97% of this
share.

The second half of the footprint is divided between oceanographic cruises, numerical modelling and
lab functioning (equipment, purchases, heating, meals, etc.). The two largest sectors of emissions are re-
lated to specific activities at LOCEAN: ocean observations, and collaborations / capacity building in the
South, one of our research supervising institutions being IRD (Institut pour la Recherche et le Développe-
ment).

This GHG assessment and its analysis are an essential step to identify the main emission sectors in
order to reduce them. This scientific-based approach, with a quantification phase, has led to many formal

4. In French: https://twitter.com/YonaSilvy/status/1314492809416712193?s=20 and in English: https://twitter.com/jb_
sallee/status/1315906614420017152?s=20
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2. TOWARDS A LOW-CARBON RESEARCH AT LOCEAN: AN OVERVIEW OF THE COLLECTIVE
EXPERIENCE

(seminars, laboratory councils, management committees, general assemblies of the lab or IPSL, etc.) and
informal exchanges. This gave the opportunity to all the lab staff to think about and understand the topic
during the year 2019.

In November 2019, the climactions group, supported financially by the lab, organized a two-day work
retreat to develop proposals and a roadmap for reducing the LOCEAN carbon footprint. The twenty or
so people who participated came back with 19 concrete propositions around 3 main themes:

• Systematically quantify our carbon footprint
• Reduce the footprint of our travels in a fair way, by reconsidering our practises
• Engage in a larger-scale reflection on the other sectors with our research institutions, funding agen-
cies, (very) large infrastructures, partner labs and institutes on a national scale

Following new exchange times to share these reflections with all the staff of the lab, it appeared use-
ful to organize a consultation of the lab on the reduction of the lab carbon footprint. An independent
representative group was formed for the purpose, with links to the laboratory council. During the first
semester of 2020, this groups of 7 people stimulated discussions within the lab teams and groups of per-
sonnel, which allowed to survey the staff and assess people’s readiness to accept these propositions. They
also engaged in numerous exchanges and discussions with the management committee and climactions.

At the beginning of summer 2020, a list of actions to be carried out emerged, including:

• The implementation, as soon as 2021, of measures to better monitor the lab’s carbon footprint,
with the obligation for each staff member to track his or her travel footprint on a dedicated tool (in
compliance with data protection rules)
• To hold a vote on 3 measures:

1. The lab’s commitment on the principle to reduce our emissions on a trajectory compatible
with the Paris Agreement, i.e. -50% by 2030

2. To ban air travel for any journey that can be made in less than 5 hours by train (thus reinforcing
the national travel directive in the public service which will be implemented in 2021)

3. The introduction of an annual individual carbon quota on travels. This individual quota would
decrease over time and allow a reduction of half of the travel-related GHG emissions by 2030.
Several exemptions are provided for, such as field work, teaching, and long trips (>30 days).
Early careers (PhDs, post-docs), also benefit from a non-quota journey every 2 years. A
"carbon reserve" makes it possible to save unused quotas for future use, within a limited
amount

Once these measures were validated by the laboratory council and the management committee, com-
munication and information work was carried by the management (seminar) and the climaction group
(informational and exchange website 5, seminar 6, production/posting of infographics concerning the is-
sues at stake in the vote 7) in preparation for the vote on 28-29 September 2020. A message from the
laboratory council was drafted in order to draw the attention of the staff to the seriousness of the process
that led to this vote.

The results of the vote (75% turnout, and over 80% of the votes in favor of the measures) provide
a clear picture, on the basis of which the implementation of restrictive measures 2. and 3. should be
possible by early 2021 under decent conditions. The turnout is particularly high compared to general lab
elections.

5. https://colibris-wiki.org/empreinteClocean/?PagePrincipale
6. Video and slides available here: https://colibris-wiki.org/empreinteClocean/?TexteVote
7. See figure F.1 and https://colibris-wiki.org/empreinteClocean/?ElementsBilanCarboneLOCEAN
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Feedback and originality of the approach

The adoption of GHG reductionmeasures at the lab level is only one step in a long process that has not,
to date, delivered any actual emission reductions. Nevertheless, it is an important step that has required
overcoming many obstacles and making important choices for the future. Among important elements that
contributed to this first successes, we can mention:

• Permanently looking for an open, broad and sincere internal dialogue, inclusive of all categories of
staff, especially young people on fixed-term contracts
• The collective attachment to collegial deliberation processes, in particular through the role of the
laboratory council
• The willingness of the management to support the bottom-up approach
• The long-term commitment (2 years) of a dozen or so staff members within a larger group who
frequently lent a hand
• The importance and diversity of personal motivations to reduce our emissions: a need for coherence
in the face of the climate situation and the messages that our community delivers on this subject; the
desire/need to live an ecological transformation in concrete terms; the potential for co-benefits for
the collective functioning; the desire/need to slow down the pace at which our professional lives are
conducted, due in particular to a large number of short trips; the conviction that the transformation
of practises within the higher education and research system can produce ripple effects outside of
its spectrum, ...
• Choosing to make the reduction process an experiment with, in particular, an annual meeting point
(lab council) from 2022 onwards which will make it possible to assess the effectiveness of the
measures in place, the difficulties they might cause, and ways to solve them / limit the negative
impacts
• Choosing measures whose administrative implementation must not place an additional burden on
our already overburdened administrative team
• The existence of a larger ecosystem of laboratories committed to transforming their practises, at
IPSL, at the national scale and beyond

Among the decisive choices made, it is worth noting the choice to adopt binding measures while pro-
tecting the core of the lab’s activities (due to the exemptions retained from the carbon quota mechanism).
The debate on the nature of the measures to be put in place, incentives vs. constraints, sparked numerous,
sometimes "lively" discussions. Despite the individual dimension of the constraints retained at LOCEAN,
our binding approach has the advantage of setting up a common framework for the collective transforma-
tion of practises, which makes it possible to explicitly integrate equity issues (including by integrating
exemptions such as the out-of-quota trip every two years for early careers). This is an important difference
from a "carbon tax" type of incentive approach, which puts the burden of reducing on staff members who
do not have the means to pay the tax.

Starting in 2021, LOCEAN’s very frequent travellers will see some of their trips restricted, in partic-
ular short trips to participate in meetings, conferences.... The lab is aware of the fact that these trips have
in the past contributed to the scientific dynamism of the entire lab. Being part of the pioneers implies
taking a risk. However, this risk seems to us limited considering the possible optimization of some trips
and especially the rapid generalization of videoconferencing. On this last point, the lab has for a long
time had a voluntarist policy on the provision of good equipment. This effort will of course be pursued
as well as the participation in the development and the diffusion of a virtual communication culture.

In a professional environment where there is a general consensus on the seriousness of climate change,
LOCEAN’s initiative allows to experiment with the quota/rationing approach, which could be one of the
tools to drive transformations on a larger scale in the future.

The share of the lab’s footprint that is not linked to travel will not be forgotten. It is already the subject
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EXPERIENCE

of reflections and actions, but most often raises the need for dialogue or coordination on a larger scale than
LOCEAN alone, for example on the issue of observations at sea or numerical computing. In this respect,
it seems important to us that other labs, supported by their funding agencies, commit to quantifying and
reducing their carbon emissions. The deployment on October 15th 2020 of the "GHG1.5" tool 8 dedicated
to calculating the carbon footprint of laboratories should greatly contribute to this in the near future.

8. https://labos1point5.org/ges-1point5
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Emergence des changements de température et de salinité dans l’océan intérieur en
réponse au changement climatique : échelles de temps et mécanismes

Résumé :Le changement climatique d’origine humaine impacte déjà toutes les régions habitées de la planète.
90% de l’excès de chaleur associé aux activités humaines a été absorbé par l’océan depuis les années 1970,
atténuant en grande partie le réchauffement atmosphérique, mais impactant fortement les sociétés humaines
et la vie marine. Dans cette thèse, j’explore à l’aide d’ensembles de modèles de climat et de simulations
numériques dédiées, où et quand les changements de température et de salinité dans l’océan intérieur devien-
nent assez grands pour être différenciés de la variabilité interne, ainsi que les mécanismes physiques associés.
Nous trouvons ainsi que le signal climatique dans les masses d’eau de l’océan supérieur émerge entre la fin du
XXème et les premières décennies duXXIème siècle. Les eauxmodales desmoyennes latitudes de l’hémisphère
Sud émergent plus tôt que leurs homologues de l’hémisphère Nord. Le réchauffement associé à ces échelles
de temps est principalement du à une absorption de chaleur transportée passivement dans l’océan intérieur.
Dans les profondeurs de l’océan, les changements de circulation jouent un rôle plus important aux échelles
de temps d’émergence du signal climatique. Le gain de flottabilité en surface dans les régions subpolaires
provoque un ralentissement de la circulation méridienne de retournement. Cela réchauffe les eaux intérieures
et abyssales de l’Océan Austral dès le milieu du XXème, venant s’ajouter au faible transport passif de chaleur,
alors que cela le contre dans les profondeurs de l’Atlantique Nord et retarde l’émergence. Bien que les modèles
de climat passent à côté de certains aspects importants de la réponse océanique au changement climatique, ils
permettent d’apporter des éléments sur l’équilibre de processus en jeu, et suggèrent que l’influence humaine
impacte déjà de grandes parties de l’océan.

Mots clés : Changements thermohalins, émergence, signal anthropique, océan intérieur, modélisation

Emergence of temperature and salinity changes in the ocean interior in response to
climate change: time scales and mechanisms

Abstract :Human-induced climate change is already affecting every inhabited region of the planet. Yet, over
90% of the excess heat associated with human activities has been absorbed by the ocean since the 1970s,
which acts to largely damp atmospheric warming, but has large impacts on human societies and marine life.
In this thesis, I explore when and where thermohaline changes in the ocean interior become large enough to
be unambiguously set apart from internal variability and investigate their associated physical drivers, using
ensembles of climate models and dedicated numerical experiments. We find that the climate signal in the up-
per ocean water-masses emerges between the late 20th century and the first decades of the 21st. The Southern
Hemisphere mid-latitude Mode Waters emerge before their Northern Hemisphere counterparts. The asso-
ciated warming at these timescales is mostly caused by the uptake of heat from the atmosphere, passively
transported into the ocean interior. In the deeper parts of the ocean, circulation changes play a more impor-
tant role in the emergence timescales of the climate signals. Increased buoyancy gain at the surface in the
subpolar areas cause a slowdown in the meridional overturning circulation. This warms the subsurface and
abyssal waters in the Southern Ocean as soon as the mid-20th century, adding up to the weaker passive uptake
of heat, but counteracts it in the deep North Atlantic over the 21st, delaying the emergence. Although climate
models miss some important aspects of the ocean response to climate change, they allow to shed light on
the balance of processes at play, and suggest anthropogenic influence has already spread to large parts of the
ocean.

Keywords : Thermohaline changes, emergence, anthropogenic signal, ocean interior, modelling


	Abstract
	Acknowledgments
	Scientific life and other contributions during the PhD
	Contents
	List of Figures
	List of Tables
	Acronyms
	General Introduction
	On the importance of studying the ocean to understand Earth's climate
	The thermohaline structure of the ocean is changing
	Are these changes significant compared to climate variability and are they human-induced?
	What physical mechanisms are causing thermohaline changes in the ocean?
	Scientific problem and aim of this thesis

	Emergence of density-compensated forced changes in the ocean in a multi-model analysis
	Introduction
	Paper: Human-induced changes to the global ocean water-masses and their time of emergence
	Extension to the IPSL-CM6A-LR large ensemble
	Caveats and discussion
	Key points

	Detecting forced ocean changes in the IPSL-CM6A-LR large ensemble
	Introduction
	Model and drift removal
	Local approach: time of emergence
	Pattern-based approach: detection times
	Key points

	Configuration of the simulations
	Goal
	Ocean model and experimental design
	Setting up the CTL experiment with fixed fluxes: an odyssey
	Adding the perturbation components
	Passive tracers
	Key points

	Decomposing mechanisms of temperature and salinity changes and their emergence from internal variability
	Foreword
	Paper: What causes anthropogenic ocean warming to emerge from internal variability in a global climate model?
	Perspectives: the role of ocean circulation changes in eroding the fingerprint of water-cycle amplification on salinity
	Key points

	Conclusion and discussion
	Appendices
	Supplementary Material to the first paper
	Ocean drift in the IPSL-CM6A-LR model: test points
	Numerical configuration: sensitivity
	Prescribed chlorophyll field
	Temperature below freezing point in ocean-only simulations

	Supplementary Material to the second paper
	Supplementary salinity figures
	Towards a low-carbon research at LOCEAN
	Carbon footprint of the main activities of this thesis
	Towards a low-carbon research at LOCEAN: an overview of the collective experience

	Bibliography

